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Chapter 1
Introduction

Global climate change and its impact are issues concerned gravely by the interna-
tional community. Under the background of climate change, extreme weather and
climate events such as heat waves, droughts, and floods have occurred more and
more frequently worldwide, and the impacts of climate change on the human living
environment and the development of society and economy have become increas-
ingly significant. Since the United Nations Conference on Environment and Devel-
opment in 1992, climate change has become the focus of global environmental issues
and international political activities. In the past 20 years, the international scientific
community has launched several large international research projects such as the
World Climate Research Program (WCRP), the International Geosphere-Biosphere
Programme (IGBP), the International Human Dimensions Programme on Global
Environmental Change (IHDP), the DIVERSITAS projects, and the Global Water
System Project (GWSP). The core of these programs is global climate change, espe-
cially for the change in physical, chemical, and biological synthesis processes from
the interannual, decadal to century time scales and its predictability, as well as the
impacts of climate change on the human environment and adaptation policy. In
China, the “Twelfth Five-Year Plan for National Economic and Social Development”
approved by the 4th Session of the 11th National People’s Congress in 2011 clarified
the goals and tasks of China’s economic and social development during the “Twelfth
Five-Year Plan” period, in which climate change response as an important content
was formally incorporated into the medium- and long-term planning of national
economic and social development.

Southeast Asia and its adjacent regions (SAARs) are located in the core of the
Asian monsoon system and in the centers of interactions of the Asian monsoon
with El Niño–Southern Oscillation (ENSO), the Pacific and Indian Oceans, as well
as the Northern and Southern Hemispheres. The SAAR is one of the regions that
experiences most pronounced climate change, and is most adversely affected by
global climate change. It consists of seas, land, and a group of islands, and its
climate is determined by various atmospheric activities on a range of temporal and
spatial scales with frequent severe weather and climate events such as typhoons,

© Science Press and Springer Nature Singapore Pte Ltd. 2021
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2 1 Introduction

heavy rains, droughts, and floods. Meanwhile, the SAAR is characterized by a
large amount of latent heat release and is an important heat source of the global
atmospheric circulation. The climate change in the SAAR drives the variations of
global atmospheric circulation (Webster and Yang 1992), which exerts profound
impacts on regional and global weather and climate (Neale and Slingo 2003).

Located to the north of Southeast Asia, China has experienced an increase in the
frequency and intensity of extreme weather and climate events under the background
of climate change (Herring et al. 2014). Increases in extreme weather and climate
events such as heavy rain andflooddisasters, typhoons, droughts, and heatwaves have
led to unprecedented negative consequences for economic and social development
and the safety of human lives and properties. Global and regional climate changes
have exerted significant effects onChina’s economic and social development, amajor
challenge for sustainable development. Previous studies have also shown that the
climate change in the SAAR can directly influence China’s weather and climate.
Therefore, systematical studies of the characteristics and physical mechanisms of
the climate change and a better understanding of the climate predictability in the
SAAR are not only of great significance to local social and economic development,
but also crucial to improved forecast weather and climate in China.

Previous studies of the SAAR climate variability and changes have been mainly
focused on winter and summer seasons, with much less attention to spring, the
important transitional season from winter to summer. On the one hand, the trop-
ical monsoon, which obtains its maximum intensity in summer, grows rapidly in
Southeast Asia during spring, and ENSO events also develop or terminate in (late)
spring. The persistent sea surface temperature (SST) anomalies in the tropical Indian
Ocean in spring exert a prominent impact on the climate anomalies in the following
summer. The tropical and subtropical land surface alsowarms rapidly and the convec-
tive activity over the South China Sea (SCS) warm pool, and the Maritime Conti-
nent (MC) grows abruptly in April and May. Moreover, the high-latitude weather
systems in the high latitudes often cause significant influences on Southeast Asia
in spring. On the other hand, monsoon, ENSO, Indian Ocean SST, land surface
processes, and mid-high latitude systems are highly interactive, importantly deter-
mining the surface climate anomalies in tropical Asia and surrounding regions in
spring and the following summer. Moreover, the western Pacific, the SCS, Southeast
Asia, the Qinghai–Tibet Plateau, and the eastern Indian Ocean are the regions signifi-
cantly sensitive to these ocean–land–atmosphere interactions. Therefore, a profound
understanding of the characteristics and mechanisms of climate change in spring and
summer in the SAAR under the background of global climate change is undoubtedly
important for climate change adaptation in China, Southeast Asia, and other places
of the world, improving the ability of climate prediction and the overall capacity of
disaster prevention and reduction and promoting the sustainable social development.
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This book comprises the following four parts:

(1) The SAAR climate and its transition between spring and summer under
the background of global climate change and impacts on southern China.
The SAAR links the Indian Ocean and the western Pacific, and is directly adja-
cent to the regions of South Asian monsoon, East Asian monsoon, and Australian
monsoon. Again, it is located in the center of interaction between the East Asian and
the Indian monsoon systems and is one of the most active areas of convective heating
in Asia. The onset and the intensity of the SCS monsoon directly control the precipi-
tation, droughts, and floods in eastern China. Under the background of global climate
change, the changes in large-scale circulation related to tropicalmonsoons andmarine
thermal background lead to changes in the SAAR climate and further influence the
variability of climate in southern China and even the whole country. Spring is a very
important season in seasonal transition, and the climate variability in springtime has
a significant impact on the climate in the following summer. The SAARs are sensi-
tive areas for ocean–land–atmosphere interaction during spring and the transition
between spring and summer. Compared with winter and summer seasons, there have
beenmuch fewer studies on climate change in spring.Under the background of global
warming, the SAAR spring climate shows new characteristics, and the key factors
that affect the drought and flood disasters in southern China may also change. These
changes have increased the difficulty and uncertainty of the prediction of drought
and flood disasters, which urgently requires further studies to better understanding
the new characteristics and their underlying mechanisms. That is, it is imperative to
explore the features, precursors, and mechanisms of the variability and change of
the SAAR climate in spring and summer seasons under the global climate change
background.

(2) Impacts of ocean–land–atmosphere interaction over the Tibetan Plateau
(TP), Southeast Asia, and the Indian–Pacific regions on the climate in South-
east Asia and China. Southeast Asia is characterized by complex topography and
land–sea distribution, including the water domains and islands of the MC where
ocean–land–atmosphere interaction is particularly active. The TP, the “roof of the
world” adjacent to Southeast Asia, is a major heat source for the establishment,
development, and maintenance of the Asian summer monsoon (Yanai and Wu
2006). It also influences the variability of atmospheric circulation and precipita-
tion in the SAAR on interannual and interdecadal time scales; and the SST anoma-
lies in the Indo-Pacific region, the dipole oscillations of SST in the equatorial
Indian Ocean, and the SST anomalies in the SCS all exert significant effects on
Asian monsoon climate. However, it should also be noted that the TP, the East Asian
continent, the tropical ocean, and the Asian monsoon are closely interrelated and
can be viewed as a complexly integrated “system”. The ocean–land–atmosphere
interactions in these areas are specifically important to the climate variability during
springtime and the transition between spring and summer, but the physical charac-
teristics and the related dynamic processes, as well as the significance of their role



4 1 Introduction

in understanding and predicting climate variability, are still unclear. Therefore, this
monograph is aimed at expanding our understanding of the ocean–land–atmosphere
interaction among Southeast Asia, the Indo-Pacific region, the East Asian continent,
and the TP on multiple time scales, together with their effects on the global climate,
especially during the spring and summer seasons.

(3) Attribution of SAAR climate change and its uncertainty, feedback of SAAR
climate change on the global climate, and connection between regional and
global climate changes. As part of the SAAR, the Indo-Pacific warm pool is the
largest heat reservoir in the world, and the subtle changes in this area can lead to an
abnormal climate in adjacent regions and even over the globe. As well known, the
changes in the western Pacific warm pool are closely linked to ENSO and its vari-
ability. The SCS is located on the western edge of the tropical Pacific Ocean, known
as “small warm pool,” along with the Gulf of Mexico which has become one of the
hot spots of climate research in the Americas. The thermodynamic and dynamic vari-
ability of the SCS is the key to the onset and evolution of the East Asian monsoon,
as the Indian Ocean processes determine the onset and intensity of the southwest
monsoon, partially through the Somali jet. The exchanges of water and other phys-
ical properties among the western Pacific, the SCS, and the Indian Ocean via the
Indonesian through flow and other ocean currents affect the onset and evolution
of both the East Asian monsoon and the South Asian monsoon, thereby causing
abnormal climate in other regions. By applying a climate feedback-response anal-
ysis method (Cai and Lu 2009; Lu and Cai 2009), the climate change in the SAAR
is systematically attributed to various physical processes, and the different contri-
butions of these physical processes are quantified. In addition, previous studies are
mostly concentrated on the impact of global climate change on regional climate, but
the feedback of SAARclimate change on the global climate is seldomaddressed. This
monograph is intended to fill this gap and demonstrate the impact of climate change
in Southeast Asia on the climate of South Asia, East Asia, Africa, and even North
America. The results discussed are helpful for enhancing our understanding of the
link between regional and global climate changes and arousing more attentions of
the international community on SAAR climate change.

(4) Predictability of atmospheric circulation and precipitation in the SAAR on
subseasonal-to-seasonal time scales. The weather and climate in Southeast Asia are
affected by remote atmospheric circulation systems on the one hand, but exert signifi-
cant influences on theweather and climate in adjacent and remote regions on the other
hand. Therefore, the capability of Southeast Asian weather and climate prediction
is not only influential on local social and economic development but also essential
to the weather and climate prediction in China and other regions. Currently, two
major approaches are generally adopted in operational climate prediction: the tradi-
tional statistical method and the dynamic prediction method based on the climate
system models. With the continuous improvement of high-performance computers
and climate system models, the accuracy of the dynamic prediction method has
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been constantly improved, e.g., on subseasonal-to-seasonal time scales. Although
climate system models can demonstrate their advantages, they also exhibit obvious
deficiencies. Therefore, how to extract useful information from model simulations
for climate prediction and how to further improve the capabilities of prediction by
climate system models are important issues in the areas of climate prediction and
model development.

It is worth noticing that most of the contents of this monograph are based on the
latest findings from research supported by the National Key Research Program of
China under project “Characteristics and mechanisms of climate variability in spring
and summer inSoutheastAsia and its adjacent regions under the backgroundof global
change and its feedback on global climate.”With the latest observation and reanalysis
data, state-of-the-art numerical models, and advanced climate dynamic diagnostic
methods, the variability and change of SAAR climate in spring and the spring–
summer transition period were studied systematically, and a series of new features of
the physics and dynamics of SAAR climate were presented. It is anticipated that this
book will serve as a starting point of relevant studies and attract more attention to
the research of SAAR climate to further enhance our understanding of the long-term
change and improve the capacity of prediction of the regional weather and climate.

The publication of this bookwas supported by theNationalKeyResearch Program
of China (2014CB953900), the National Natural Science Foundation of China
(Grants 41690123, 41690120, 91637208, 41975080, 41975074, and 41805050),
and the innovation team of “Ocean–Land–Atmosphere Interaction and Its Global
Effects” from the Southern Marine Science and Engineering Guangdong Laboratory
(Zhuhai).

This book was mainly completed by Song Yang (Sun Yat-sen University),
Renguang Wu (Zhejiang University), Maoqiu Jian (Sun Yat-sen University), Jian
Huang (Guangzhou Institute of Tropical and Marine Meteorology, China Meteoro-
logical Administration), Xiaoming Hu (Sun Yat-sen University), Ziqian Wang (Sun
Yat-sen University), and Xingwen Jiang (Chengdu Institute of Plateau Meteorology,
China Meteorological Administration).

A list of the names of contributing authors for individual chapters of this book is
provided below:

Chapter 1 (this chapter) Song Yang;
Chapter 2 Maoqiu Jian, Zhiping Wen, Ailan Lin, Dejun Gu, Yunting Qiao, and

Chao He;
Chapter 3 RenguangWu, Jiangyu Mao, Guanghua Chen, LiangWu, andWenting

Hu, Xi Cao;
Chapter 4 Jian Huang, Qian Li, Zhigang Wei, and Jiangnan Li;
Chapter 5 Ziqian Wang, Wei Wei, Song Yang, and Mengmeng Lu;
Chapter 6 Xiaoming Hu, Yana Li, Song Yang, Ping Huang, Ming Cai, Junwen

Chen, Wenshi Lin, and Jun Ying;
Chapter 7 Song Yang, Bian He, Chundi Hu, Zhenning Li, Shan He, and Kaiqiang

Deng;
Chapter 8 Xingwen Jiang, Song Yang, Xiangwen Liu, Tuantuan Zhang, and

Shaorou Dong.
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Chapter 2
Characteristics of the Spring–Summer
Atmospheric Circulation Transition Over
the South China Sea and Its Surrounding
Regions and Their Responses to Global
Warming

TheSouthChinaSea (SCS) connects the IndianOcean and thePacificOcean. It is also
a key region where the East Asian monsoon system and the Indian monsoon system
interact with each other, and it is a direct source of moisture for the subtropical
monsoon system of East Asia. The onset and intensity of SCS summer monsoon
(SCSSM) have great influences on precipitation, which may lead to droughts and
floods in southern China in summer. In the context of global warming, the changes
in the tropical monsoons on large scale and the marine thermal environment may
lead to climate change in the SCS and its surrounding areas, which could exert a
significant impact on the climate in southern China.

The transition season usually begins in mid-spring and ends in early summer
for the circulation system from a winter pattern to a summer pattern in the Asian
monsoon region. In the spring–summer transition stage, the SCS and its surrounding
areas are highly sensitive to global air–sea and air–land interactions. Compared
with the research on winter and summer seasons, there have been fewer studies
on climatic characteristics of spring–summer circulation transition (hereafter, the
transition), their variation in the region, and their impact on the summer climate in
eastern China. In the context of global warming, the transition over the SCS and its
surrounding areas may have some new characters, and the key factors for these new
changes and the mechanisms behind them are worth investigating. These changes
aggravate the difficulty and uncertainty of drought and flood prediction in southern
China. We urgently need to study and understand the physical mechanisms behind
the present and future climate changes during spring–summer. Therefore, it is of
great significance to study the characteristics and mechanisms of the transition over
the SCS and its surrounding areas, and their influences on the climate in southern
China under global warming.

In this chapter, the characteristics and physical processes of spring–summer
atmospheric circulation transition (hereafter, the transition) over the SCS and its
surrounding areas are presented using historical observation data and reanalysis
outputs. The effects of tropical intraseasonal oscillation on the onset of the SCSSM
are discussed. Precursory signals of sea surface temperature (SST) controlling the

© Science Press and Springer Nature Singapore Pte Ltd. 2021
S. Yang et al., Climate Change in Southeast Asia and Surrounding Areas,
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early and late onsets of the SCSSM are also analyzed. Finally, the responses of the
transition to greenhouse gas (GHG) forcing in Southeast Asia and its surrounding
areas, and the large-scale subtropical anticyclones are studied using themodel outputs
from the Coupled Model Intercomparison Project Phase 5 (CMIP5).

2.1 Characteristics of the Transition Over the SCS and Its
Surrounding Regions

The spring–summer transition has always been an important issue for both the
academic research community and operational forecasting centers. Yeh et al. (1958)
first revealed abrupt changes of the upper atmospheric circulation in themid- and high
latitudes of the Northern Hemisphere in June and October, respectively. Murakami
and Nakazawa (1985) investigated the long period of transition from the Southern
Hemisphere summer monsoon to Northern Hemisphere summer monsoon, and
confirmed the northwardmigration of lowoutgoing longwave radiation (OLR) during
the transition period. Xie and Sun (1991) emphasized the difference between the tran-
sition characteristics of the atmospheric circulation over the Eastern and Western
Hemispheres. They considered that the main transition feature of the atmospheric
circulation over theEasternHemisphere is the establishment of the summermonsoon,
which is characterized by three successive phases: moisture slowly increasing, mois-
ture rapidly increasing, and the well-established summer monsoon. Yasunari (1991)
found that the interannual variability of the air–ocean–land coupled system over
the tropical Pacific and the Asian monsoon regions shows a quasi-biennial nature
with the change of sign during the boreal spring to summer, and the concept of “the
monsoon year” was proposed as a climate year for the interannual anomalies over
the tropics. He et al. (1996) analyzed the seasonal transition features of the Asian
summer monsoon (ASM) establishment, and indicated that the transition begins as
early as April, followed by abrupt changes in May to June, and the ASM is fully
established in June.

The onset of summer monsoon has been considered as an important compo-
nent of the transition over the monsoon regions. Its mechanism and influence on
summer climate have drawn great concerns of researchers domestically and interna-
tionally. The transition may have immediate impacts on the summertime occurrence
of droughts and floods over Asia (Nitta 1987; Huang 1992; Lau and Yang 1997).
An earlier transition may result in an earlier outbreak of southwesterly winds in the
low latitudes and more moisture transportation to East Asia, which is conducive to
increasing summer precipitation. Therefore, studies on the characteristics of the tran-
sition are important for accurate prediction of summer precipitation over East Asia.

In previous studies on the transition, the focus was often on regional summer
monsoon. In reality, the onset of summer monsoon occurs in stepwise phases and
in different regions (Wang and Lin 2002). The transition has not been adequately
understood because of regional distinctions in the summer monsoon regions. In
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this respect, several questions we attempt to answer in this chapter are as follows.
How to define the spring–summer atmospheric circulation transition? What are the
characteristics of the transition? What are the factors responsible for the transition?

2.1.1 Characteristics of the Transition

(1) Identification of the Transition

In January, a lower-level anticyclone prevails over the Asian monsoon area; mean-
while, the cold air fromMongolia and Siberia moves southward along eastern China
into the SCS area, and changes to easterlies over the northern Indian Ocean. In July,
the lower-level atmospheric circulation in the Asian monsoon area changes from
anticyclonic to cyclonic, with a strong westerly flow over the northern Indian Ocean.
In this respect, April–May–June (AMJ) can be considered as a transition season.

In Sect. 2.1, multivariate empirical orthogonal function (MV-EOF) analysis is
applied to 5-day running means of OLR and 850-hPa wind from AMJ. The domain
of analysis is (30°–150° E, 20° S–40° N) where the ASM is active. The mean state
is defined as the climatological AMJ mean, and is subtracted from the data before
performing the MV-EOF analysis.

The first MV-EOF mode (Fig. 2.1) shows that the active convections are located
over the Arabian Sea (AS), the Bay of Bengal (BOB), and the SCS, while the convec-
tions are suppressed over the Arabian Peninsula and the southern Maritime Conti-
nent (MC). An anomalous anticyclonic circulation appears over the equatorial Indian
Ocean with cross-equatorial flow developing over Somali. The westerlies prevailing
in the northern Indian Ocean expand eastward to the SCS, and monsoon troughs
develop over the BOB and the SCS.

Figure 2.2 shows a scatter plot of variances explained by the first five modes of
the MV-EOF analysis. The first leading mode is statistically distinguishable from

Fig. 2.1 Spatial pattern of the leading MV-EOF mode of OLR (shading; W m−2) and 850-hPa
wind (vector; m s−1) during April–June of 1979–2010
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Fig. 2.2 Explained
variances of the first five
MV-EOF modes

the other four higher modes according to the rule given in North et al. (1982).
Furthermore, the spatial pattern of the first MV-EOF mode of OLR in Fig. 2.1 is
similar to the standard deviation of daily OLR for AMJ, especially for the areas of
active convections (not shown). The firstMV-EOFmode exhibits the transition of the
spring–summer atmospheric circulation on a large scale, and its principal component
(PC1) is thus useful for identifying the timing of the transition.

(2) Timing of the Transition

The corresponding PC1 shown in Fig. 2.3 is mostly negative in the early stage, and
turns positive in the later stage fromApril to June. The PC1 value in some of the years
rises sharply and changes sign from negative to positive only once, such as in 1989,
reflecting a stable transition of the atmospheric circulation from spring to summer.
However, in some years the PC1 fluctuates between negative and positive values,
such as in 1997, indicating possible impacts of internal atmospheric processes. To
identify the date of the transition, we use the following objective criteria.

The transition date is defined as thefirst day that satisfies the following two criteria:
(1) PC1 changes signs from negative to positive and remains positive for at least five
days; (2) in the subsequent 20 days (including the transition date), PC1 value must
be positive in for least 10 days.

Table 2.1 lists the dates and corresponding pentads of the transition for each year,
based on the above definition. The long-term mean transition date (pentad) is May
16 (Pentad 28). The earliest transition occurred on April 25 (Pentad 23) 2008, while
the latest was on June 4 (Pentad 31) 1979 and 1992. The maximum range is about
40 days (8 pentads). The long-termmean transition date is close to that of the SCSSM
onset.

Seen from the above analysis, the transition is characterized by strong convection
over theAS, theBOB, and the SCS, aswell as the establishment of 850-hPawesterlies
over the northern Indian Ocean. The transition is thus closely related to the onset of
the summer monsoon over the AS, the BOB, and the SCS.

Figure 2.4 shows the time series of the transition dates, the BOB summermonsoon
(BOBSM) onset dates, the SCSSM onset dates, and the Indian summer monsoon
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Fig. 2.3 PC1 of the first MV-EOF mode. Only the data from 1 April to 30 June are displayed for
each year

(ISM) onset dates. The correlation coefficients of the transition dates with the
BOBSM onset dates and the SCSSM onset dates are 0.41 and 0.42, respectively,
at the 95% confidence level; and the correlation coefficient between the transition
dates and the ISM onset dates is 0.51, at the 99% confidence level. On average, the
BOBSM onset is earlier than the transition, the SCSSM onset, and the ISM onset,
while the ISM onset is the latest. An interdecadal shift of the SCSSM onset date in
the early 1990s is observed. Before the early 1990s, the SCSSM onset is mostly later
than the transition date, but it is much closer to the transition date after the early
1990s. These results indicate that the transition, which is characterized by changes
in large-scale circulation and convection, is different from the onset of the regional
summer monsoon, albeit the two are well correlated.

(3) Evolution of Convection and Atmospheric Circulation during the Transition

To reveal the evolution of convection associated with the transition, we composite
the evolution of 10-day-mean OLR based on the transition dates (by centering on
the transition day). The transition day is denoted as day 0, while the “-” sign denotes
prior to the transition date. The time mean between days −30 and 30 is removed.

During days −30 to −21 (Fig. 2.5, top left panel), three maximum OLR centers
(which denote suppressed convection) appear over the AS, the BOB, and the SCS,
respectively. The minimum OLR centers (which represent strong convection) cover
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Table 2.1 Dates and pentads of the transition

Year Date Pentad Year (cont’d) Date (cont’d) Pentad (cont’d)

1979 6.4 31 1995 5.7 26

1980 5.16 28 1996 5.25 29

1981 5.17 28 1997 5.15 27

1982 5.16 28 1998 5.16 28

1983 6.2 31 1999 5.5 25

1984 5.22 29 2000 5.8 26

1985 5.17 28 2001 5.8 26

1986 5.16 28 2002 5.10 26

1987 5.30 30 2003 5.9 26

1988 5.15 27 2004 5.3 25

1989 5.13 27 2005 5.26 30

1990 5.8 26 2006 5.13 27

1991 5.26 30 2007 5.4 25

1992 6.4 31 2008 4.25 23

1993 5.25 29 2009 5.16 28

1994 5.19 28 2010 5.17 28

Average 5.16 28

Fig. 2.4 Time series of the spring–summer atmospheric circulation transition dates (gray bars),
the BOBSM onset dates (blue dots; 850-hPa zonal wind averaging over 90°–100° E, 5°–15° N;
Mao and Wu 2007), the SCSSM onset dates (black circles; 850-hPa zonal wind averaging over
110°–120° E, 5°–15° N; Kajikawa and Wang 2012), and the ISM onset dates (red crosses; 850-hPa
zonal wind averaging over 40°–80° E, 5°–15° N; Wang et al. 2009) for the period 1979–2010. The
long-term-mean transition date (May 16) is indicated by a black line. The correlation coefficients of
transition dates with BOBSM onset dates, with SCSSM onset dates, and with ISM onset dates are
0.41, 0.42, and 0.51, respectively. Symbols * and ** indicate the 95% and 99% confidence levels,
respectively
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Fig. 2.5 Composites of 10-day-mean OLR anomalies from days –30 to 29. Note that the timemean
between days –30 and 30 is removed. Shading interval is 5 W m−2

the MC. For the next 10 days (days −20 to −11, Fig. 2.5, middle left panel), the
maximumOLRcenters areweakened, so are theminimumOLRcenters over theMC,
while weak convection develops over the southwestern Indian Ocean and extends
northeastward. During the period from days −10 to −1 (Fig. 2.5, bottom left panel),
the northeastward convection arrives at the equatorial Indian Ocean. The OLR field
changes suddenly after the transition. The active convections are located over the
AS, the BOB, and the SCS, while the convections are suppressed over the MC. In
the ensuing days (Fig. 2.5, right panel), the three minimum OLR centers intensify,
reaching the maximum intensity at days 20–29. Meanwhile, the strong convection
over the AS and the SCS extends northward and eastward, respectively.

The characteristics of the wind field during the transition are manifested as the
changes of vertical shear of zonal wind. Following Webster and Yang (1992), we
calculate the area-mean vertical shear of zonal wind between 850 and 200 hPa in
the region of (40°–110° E, 0°–20° N), and show its evolution during the transition
in Fig. 2.6. This region has westerly vertical shear before the transition and reverses
to easterly vertical shear after the transition, which is conducive to the development
of convection. Thus, the convection and vertical shear of zonal wind change notably
during the transition, and their transition times are consistent with each other.
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Fig. 2.6 Time series of
area-mean vertical shear of
zonal wind (U850 minus
U200; m s−1) over
(40°–110° E, 0°–20° N)

2.1.2 Physical Processes of the Transition

To better understand the physical processes associated with the transition, we define
the transition pentad as Pentad 0 and regroup the time series of 224 pentad data
(seven pentads centered at the transition pentad each year, for a total of 32 years). An
MV-EOF analysis is then reapplied to the 224 pentads of OLR and 850-hPa wind.
Figures 2.7 and 2.8 show the spatial patterns and principal components of the first
and second MV-EOF modes, respectively. The first MV-EOF mode explains 14.9%
of the total variance, and the second MV-EOF mode accounts for 10.3% of the total

Fig. 2.7 Spatial patterns of a the first and b the second MV-EOF modes of the 224 pentads (seven
pentads centered at the transition pentad × 32 years) OLR (shading; W m−2) and 850-hPa wind
(vector; m s−1). The boxes in a denote the Arabian Sea region (65°–75° E, 7.5°–17.5° N), the
Bay of Bengal region (80°–100° E, 10°–20° N), and the South China Sea region (112.5°–122.5° E,
7.5°–17.5° N), respectively. The box in b indicates the South China Sea region only
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Fig. 2.8 a PC1 and b PC2 of the MV-EOF modes in Fig. 2.7. Only the data from the seven pentads
centered at the onset are displayed for each year

variance. Compared with the daily MV-EOF modes shown in Fig. 2.1, the pentad
modes depict similar spatial patterns, except for a weaker OLR center over the SCS.

Table 2.2 presents the correlation coefficients of PC1 and PC2 with OLR in the
AS region (65°–75° E, 7.5°–17.5° N), the BOB region (80°–100° E, 10°–20° N), and
the SCS region (112.5°–122.5° E, 7.5°–17.5° N), respectively.We can see that PC1 is
highly correlated with the OLR in the three key regions. The correlation coefficients
are as high as 0.78, 0.86, and 0.54, respectively, and are all significant at the 99%
confidence level. In contrast, PC2 has a weak correlation with the OLR in the three
key regions. The correlation coefficient between PC2 and OLR in the SCS region
only reaches 0.52, comparable to that of PC1with OLR in the same region. The other
two have weak correlations. Therefore, the first MV-EOF mode is indicative of the
evolution of the convection over the AS and the BOB during the transition, while
both the first and second MV-EOF modes are needed to explain the convection over
the SCS.

Table 2.2 Correlation
coefficients of PC1 and PC2
with OLR in the three regions
shown in Fig. 2.7a. OLR is
multiplied by −1

OLR-AS OLR-BOB OLR-SCS

PC1 0.78** 0.86** 0.54**

PC2 −0.27 0.09 0.52**

**Indicates the correlation is confident at the 99% level. AS: the
Arabian Sea; BOB: the Bay of Bengal; and SCS: the South China
Sea
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(1) Large-Scale Circulation Transition Mode and Its Evolution

Let us define the first MV-EOF mode, shown in Figs. 2.7a and 2.8a, as large-scale
circulation transition mode. To examine the evolution of the OLR in the three key
regions before, during, and after the transition stage, we follow the method in Wu
and Chou (2012) by calculating the lagged regression of the OLR of each grid box
against PC1.

The evolution of OLR consists of three stages (Fig. 2.9). (a) Gestational stage
(Pentads −10 to −7). At Pentad −10, the convection occurs over the southern tip of
the Indian subcontinent, the Indochinese Peninsula, and the African continent. Then,
the convection over the southern tip of the Indian subcontinent strengthens and
moves eastward to the southeast of the BOB, merging with the convection over the
Indochinese Peninsula. The convection over the African continent develops locally.
(b) Developing stage (Pentads −6 to −3). From Pentads −6 to −3, weak convection
appears over the SCS and then strengthens locally, as well as the convection over the
southeast of the BOB. Meanwhile, the convection over the African continent moves
eastward to the western equatorial Indian Ocean. (c) Booming stage (Pentads −2
to +1). At Pentad −2, the convection over the southeast of the BOB flares up and
extends eastward to the southern SCS, and the convection over the western Indian

Fig. 2.9 Lagged regression of OLR (W m−2) against PC1. Negative lag denotes the latter lags the
former. Stippling indicates the 95% confidence level
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Ocean moves northward to the southeastern AS. From Pentads −1 to 0, the convec-
tion over the BOB flares up and extends westward, merging with the convection over
the AS. Strong convections cover a large area from the BOB to the AS. By Pentad
0, the OLR centers over the AS, the BOB, and the SCS develop into their maxima,
with the centers over the northern Indian Ocean being stronger than the one over
the SCS. At Pentad +1, the convections are separated by the Indochinese Peninsula
into two parts and weakened, and the western convection advances northward.

(a) Gestational Stage

WarmSSThas amajor effect on the development of convection. The necessary condi-
tion for deep convection can be achieved by SST greater than 28 °C in combination
with some other factors (Fu et al. 1994). Wu et al. (2012) found that a warm pool
(SST > 30.5 °C) often occurs in the eastern part of the central BOB before the forma-
tion of the BOBmonsoon vortex. To investigate the relationship between convection
and warm SST during the gestational stage, we show pentad-mean evolution of SST
from Pentads −10 to −7 prior to the transition (Fig. 2.10, left panels). We can see
that a warm pool (SST > 29 °C) exists over the Indian Ocean, where SST is the
highest near the equator and decreases toward higher latitudes. As time progresses,
the area of the warm SST expands and moves slightly northward, which is conducive
to the formation of convection over the southern Indian subcontinent (Fig. 2.9, left
panels). Figure 2.10 (right panels) shows the differences of SST between consecutive
pentads. SST increases in the northern tropical Indian Ocean and decreases in the
southern tropical Indian Ocean, which coincides with the northward movement of
the Sun during the spring–summer seasons. From Pentads −9 to −7, the increasing
SST in the BOB is conducive to the development of convection in this area (Fig. 2.9).
Moreover, the SST in the SCS warms up significantly at Pentad −7, which may play
an important role in maintaining the convective activities in subsequent pentads.
Therefore, warm SST is the main factor for the formation of convection during the
gestational stage.

(b) Developing Stage

Figure 2.11 shows the lagged regressions of SST against PC1 from Pentad −6 to
−3. There is a significant positive correlation between convection and SST in the
SCS and SST in the ocean east of the Philippines (the boxes shown in Fig. 2.11).
Anomalous heating due to warm SST anomalies (SSTAs) in the SCS and in the ocean
east of the Philippines induces the cyclonic wind anomalies over the BOB and the
SCS via a Rossby wave-type response (Gill 1980), which leads to the development
of convection in this area (Fig. 2.9).

(c) Booming Stage

High correlations between convection and SST are observed during the gestational
stage and the developing stage, but not in the booming stage when the relationship
between convection and SST is weakened. Figure 2.12 shows the lagged regressions
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Fig. 2.10 Pentad means of (left) SST (°C) and (right) difference between consecutive pentads.
Results are 32-year composites. Stippling indicates the difference is significant at the 95%
confidence level

of SST against PC1 from Pentads −2 to +1. Cold SSTAs appear in the western
equatorial Indian Ocean and extend northeastward, while warm SSTAs appear in the
subtropical Northwest Pacific. At Pentad +1, significant cold SSTAs emerge in the
southern AS and southern BOB, while the changes of SSTAs in the SCS slow down.
This suggests that no striking warming occurs in the southern AS, the southern BOB,
and the southern SCS during the booming stage. Deep convection is active regardless
of low SST, which indicates that the SSTAs are not a forcing for the transition, but
are a response to deep convection development during the booming stage.

Liu et al. (2014a, b) showed that the sensible heat flux is important for atmospheric
circulation. The sensible heat flux from the sea surface can generate available poten-
tial energy (APE) efficiently in a region where heating and temperature are positively
correlated. It can act as a trigger to release positive convective APE (CAPE) in the
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Fig. 2.11 Lagged regressions of SST (°C) against PC1 (Pentads −6 to −3). Negative lag denotes
the latter lags the former. Stippling indicates the 95% confidence level

Fig. 2.12 Lagged regressions of SST (°C) against PC1 (Pentads −2 to +1). Negative lag denotes
the latter lags the former. Stippling indicates the 95% confidence level
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Fig. 2.13 Lagged regressions of sensible heat flux (W m−2) against PC1 (Pentads −2 to +1).
Upward is positive. Negative lag denotes the latter lags the former. Stippling indicates the 95%
confidence level

atmospheric column by elevating a moist air parcel to the level of free convection
(LFC) from the underlying surface in the boundary layer. To better understand the
influence of sensible heat flux, the lagged regressions of sensible heat flux against
PC1 from Pentads −2 to +1 are shown in Fig. 2.13. From Pentads −2 to 0, positive
sensible heat flux increases over the SCS, inducing the development of convection.
Meanwhile, the positive sensible heat flux is enhanced over the eastern BOB,but is
weakened over the western BOB, leading to the convection only over the eastern
BOB. At Pentad −2, the sensible heat flux center is located around (60° E, 0°) and it
moves northeastward to the southeastern AS at Pentad 0, which corresponds to the
movement of the convection over the AS shown in Fig. 2.9. After the transition, the
positive sensible heat flux is clearly decreased over the SCS, the eastern BOB, and
the eastern AS. Moreover, strong negative sensible heat flux occurs over the western
BOB and the western AS.

Reversal of the large-scale meridional temperature gradient in the upper tropo-
sphere is another important factor contributing to the transition. A warm center
occupies the upper troposphere at 300 hPa over the Asian continent during the tran-
sition (not shown). Figure 2.14 shows the lagged regressions of 300-hPa temperature
and geopotential height against PC1 from Pentads −2 to +1. At Pentad −2, a warm
center is located over northeastern China and extends southwestward to the northern
Indian subcontinent. An anticyclonic circulation prevails over the northern Arabian
Peninsula and northeasternChina.At Pentad−1, awarmcentermoveswestward over
the Tibetan Plateau. In contrast, the high-pressure region located over the northern
Arabian Peninsula is connected with the high-pressure area in northeastern China,
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Fig. 2.14 Lagged regressions of 300-hPa temperature (shading; K) and geopotential height
(contour; gpm) against PC1 (Pentads −2 to +1). Negative lag denotes the latter lagging the former.
Stippling indicates the 95% confidence level

and the warm zone is continuously strengthened, whichmakes the high-pressure area
coincide with the warm zone, and forms a stable warm South Asian high (SAH) over
the Tibetan Plateau. Warming over the northern parts of the AS and the BOB makes
it easier to form the summer pattern of temperature field in the upper troposphere
with warm air in the north and cold air in the south, which induces strong easterly
(westerly) at the upper (lower) level, over the AS, the BOB, and the SCS. Such strong
easterly vertical shear strengthens the ascending motion, which is favorable to the
development of convection over the AS and the BOB.

(2) Intraseasonal Oscillation Mode and Its Relationship to the Transition

Let us define the second MV-EOF mode as intraseasonal oscillation (ISO) mode,
and investigate the evolution of ISO during the transition. Figure 2.15 displays the
lagged correlation coefficients of OLR in the regions with PC1 and PC2 as shown in
Fig. 2.7. The lagged correlation coefficients between PC1 and OLR over the AS and
BOB peak at the transition pentad, while the lagged correlation coefficient between
PC1 and OLR over the SCS reaches its maximum one pentad after the transition.
Compared with PC1, the lagged correlation coefficients of PC2 with OLR in the
three key regions show clear periodic fluctuations, indicating a possible connection
of the transition and the propagation of the ISO with a period of eight pentads. The
lagged correlation coefficient between PC2 and OLR over the AS reaches a local
maximum at Pentads −3 and +5, with the largest correlation coefficient at Pentad +
5. The lagged correlation coefficient between PC2 and OLR over the BOB reaches
a local maximum at Pentads −2 and +6, with the largest correlation coefficient at
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Fig. 2.15 Lagged correlation coefficients of OLR in the regions shown in Fig. 2.7 with PC1 (blue
line) and PC2 (red line). Negative lag denotes the latter lags the former. The dashed lines indicate
the 95% confidence level

Pentad −2. The lagged correlation coefficient between PC2 and OLR over the SCS
reaches a local maximum at Pentads 0 and+9, with the largest correlation coefficient
at Pentad 0. The three largest correlation coefficients are all at the 95% confidential
level.

There are two propagation processes of convection during the transition
(Fig. 2.16). During the first propagation process (Pentads −6 to +1), the wet phase
first appears over thewestern equatorial IndianOcean (Pentad−6), and then advances
eastward to the southern BOB, connecting to the convection over the western Pacific
(Pentads −5 to −3). At Pentad −2, enhanced convection covers most of the BOB,
indicating the BOBSM onset. At Pentad −1, the convection over the BOB becomes
weaker, while the convection over the SCS is enhanced and peaks at Pentad 0, corre-
sponding to theSCSSMonset. Besides, a dry phase occurs over thewestern equatorial
Indian Ocean at Pentad −2 and follows the pathway of the previous wet phase to
move eastward, covering most of the equatorial Indian Ocean at Pentad 0. During
the second propagation process (Pentads +2 to +9), a wet phase appears over the
western equatorial Indian Ocean once more, strengthens and expands northeastward
to the southeastern AS at Pentad +5, indicating the ISM onset. After this onset,
the enhanced convection continues to move northeastward and reaches the northern
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Fig. 2.16 Lagged regressions of OLR (W m−2) against PC2. Shadings indicate wet phase, and
dashed contours indicate dry phase. Negative lag denotes the latter lagging the former. Stippling
indicates the 95% confidence level

Indian subcontinent at Pentad +6; it then gradually disappears. The first and second
propagation processes have different pathways, and the convection intensity during
the first propagation process is stronger than that during the second one.

To investigate the change in the large-scale circulation associated with the ISO
during the transition, we show the lagged regressions of 850-hPa velocity potential
and divergent wind against PC2 (Fig. 2.17). During the first propagation process
(Pentads −6 to +1), a large-scale lower-level convergence center is located over
the western equatorial Indian Ocean at Pentad −5, and propagates eastward along
the equator to the eastern equatorial Indian Ocean at Pentad −4, covering most of
the northern Indian Ocean. The intensity of the convergence center peaks at Pentad
−3 with its center over the MC. At Pentad −2, the convergence center moves to
the western Pacific Ocean; the Indochinese Peninsula and the BOB are under the
influence of lower-level convergence, corresponding to the onset of BOBSM. At
the transition pentad, the convergence center moves off the western Pacific Ocean,

Fig. 2.17 Lagged regressions of 850-hPa velocity potential (shading; 106 m2 s−1) and divergent
wind (vector; m s−1) against PC2. Shadings indicate convergnce, and dashed contours indicate
divergence. Negative lag denotes the latter lagging the former
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and a large-scale lower-level divergence covers most of the northern Indian Ocean,
the MC, and the SCS. There exist different changes during the second propagation
process (Pentads +2 to +9) compared to the first process. The convergence center
first appears over the western equatorial Indian Ocean during the second propagation
process (Pentad+3), and then propagates northeastward from the western equatorial
Indian Ocean to the northern Indian subcontinent at Pentad+5, corresponding to the
onset of the ISM. Furthermore, a convergence center also appears over the MC. At
Pentad +6, the intensities of the two convergence centers reach their maxima. This
result suggests that the arrival of the eastward-propagating large-scale convective
system over the BOB and the SCS during the first propagation process plays an
important role in inducing the onsets of the BOBSM and SCSSM, while the arrival
of the northeastward-propagating large-scale convective system over the AS during
the second propagation process has a greater influence on the onset of the ISM.

Figures 2.15, 2.16, and 2.17 show that the lagged correlation coefficient of OLR
over the SCS with PC1 strengthens and the lagged correlation coefficient with PC2
peaks at Pentad 0. As a result, the SCS is under the influence of lower-level south-
westerly divergence wind. At Pentad −2, the lagged correlation coefficient of OLR
over the BOB with PC2 reaches its maximum and the lagged correlation coefficient
with PC1 strengthens. The BOB is covered by large-scale lower-level convergence.
At Pentad +5, the relationship between OLR over the southeastern AS and PC2 is
most significant, while the relationship between OLR over the Indian subcontinent
and PC1 is the strongest (not shown). Lower-level convergence covers the AS and the
Indian subcontinent, with its center over the southeastern AS. As shown in Table 2.1,
the long-term-mean transition pentad is Pentad 28 (May 16–20), therefore, convec-
tion is enhanced at Pentad 28 (Pentad 0) over the SCS, at Pentad 26 (Pentad−2) over
the BOB, and at Pentad 33 (Pentad +5) over the AS. These timings are close to the
onset dates of the summer monsoon in the three key regions, respectively, and the
superposition characteristics of the two modes are similar to the booming features
of the summer monsoon in each region.

In conclusion, the staged onsets of the ASM components, i.e., SCSSM, BOBSM,
and ISM, are under the combined influence of both large-scale circulation transition
mode and ISO mode.

2.2 Interannual Variation of Net Heat Flux Over the Indian
Ocean and the Western Pacific Ocean During
the Transition

To investigate the maximum regions of the interannual variation of net heat flux over
the India Ocean and the western Pacific Ocean, we analyze the standard deviation
of the net heat flux in March, April, May, and June, respectively, during 1985–2009
(Fig. 2.18).
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Fig. 2.18 Standard deviation of net heat flux (W m−2) in a March, b April, c May, and d June

The maximum center of standard deviation in Fig. 2.18 indicates strong inter-
annual variation. In March and April, the maximum center is located over the SCS
and Kuroshio area (Fig. 2.18a, b). In May and June, the distribution of the standard
deviation is a bit more scattered. However, we can still identify the maximum center
over the tropical region (Fig. 2.18c and d). From Fig. 2.18a–d, the maximum center
of the net heat flux is generally confined within the region (30°–160° E, 30° S–30°
N) over the Indian Ocean and the western Pacific Ocean.

The net heat flux is the total effect of latent heat flux, sensible heat flux, longwave
radiation, and shortwave radiation. The first three flux terms are positive when they
are upward, while the shortwave radiation and the net heat flux are positive when
they are downward. To find out the most important component of the net heat flux,
an EOF analysis is applied to the pentad data of the climatological mean heat fluxes
to reveal the major characteristics of the transition. Figure 2.19 shows the EOF1
and PC1 of the climatology of the net heat flux, latent heat flux, sensible heat flux,
shortwave radiation, and longwave radiation during Pentad 1 (January 1–5) to Pentad
42 (July 25–29).

The percentage variances of the first EOFmode of the net heat flux, latent heat flux,
sensible heat flux, shortwave radiation, and longwave radiation are 93.8%, 82.58%,
92.74%, 90.98%, and 78.04%, respectively. In the EOF1 of the net heat flux, the
zero contour is almost along the equator with the positive value in the Southern
Hemisphere and negative value in the Northern Hemisphere. For the corresponding
PC1, it is positive before Pentad 18, but is negative after Pentad 19. The positive-
to-negative transition time of the net heat flux is around Pentad 19 (Fig. 2.19f). The
first EOF patterns of latent heat flux and sensible heat flux are similar. In Fig. 2.19b,
the positive values of latent heat flux are mainly in the Northern Hemisphere with
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Fig. 2.19 EOF1 and PC1 of the climatology of the net heat flux (a; qnet), latent heat flux (b; lh),
sensible heat flux (c; sh), shortwave radiation (d; sw), and longwave radiation (e; lw) during Pentads
1 to 42
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the maximum center over the SCS and Kuroshio area, while the negative values
are mainly in the Southern Hemisphere, which is similar to the EOF1 of the net
heat flux (Fig. 2.19a). Furthermore, the transition time of latent heat flux is also at
Pentad 19, the same as that of the net heat flux, indicating the important contribution
of latent heat flux to the variation of the net heat flux. In Fig. 2.19c, the positive
center of sensible heat flux is also located over the SCS and Kuroshio area; however,
the absolute value in the Southern Hemisphere is very small. The distribution of
shortwave radiation is also similar to that of the net heat flux: there are obvious
negative values over the SCS and Kuroshio area, and positive values in the Southern
Hemisphere (Fig. 2.19d). Both the PC1s of sensible heat flux and shortwave radiation
show decreasing trends. In Fig. 2.19e, the most outstanding positive center is located
over the northern Indian Ocean. The corresponding PC1 shows a small increasing
trend and then a decreasing trend (Fig. 2.19j). Comparing Fig. 2.19a–j, both latent
heat flux and shortwave radiation are highly consistent with the net heat flux for both
spatial distribution (EOF1) and the principal component (PC1). In other words, the
transition of the net heat flux is mainly contributed by the variation of latent heat flux
and shortwave radiation.

To examine the transition time in each year, the EOF analysis is applied to the
pentad data of the net heat flux for each year individually from 1985 to 2009. The PC1
is used to determine the pentad of the transition time of the net heat flux. Because
there are 25 years, we cannot show the results for all individual years. We select
1985, 1986, and 1988 to represent moderate year, early year, and late year of the
transition. Figure 2.20 shows the EOF1s and PC1s in 1985, 1986, and 1988.

The percentage variances are 71.63%, 73.57%, and 68.01% in 1985, 1986, and
1988, respectively. Figure 2.20a–c show they all have similar patterns. All the EOF1s
show negative values in the Northern Hemisphere but positive values in the Southern
Hemisphere. The EOF1s for the other years are also similar to those of the years
1985, 1986, and 1988 (not shown). The positive center is located near the Kuroshio
area. The PC1s show apparent decreasing trends. The approximate transition of PC1
from positive to negative occurs around Pentad 19. After the transition time, the net
heat flux becomes positive in the Northern Hemisphere but negative in the Southern
Hemisphere.

Similarly, we define the transition time based on the PC1 for each year. The
definition is given as follows: when the PC1 of the net heat flux becomes negative
and lasts for more than four pentads, the first pentad of the negative values of PC1 is
the transition time (T1) for each year. We call it the spring–summer transition time.
Thus, the transition times of 1985, 1986, and 1988 were Pentad 19, Pentad 17, and
Pentad 20, respectively. The time series of the transition time during 1985–2009 is
shown in Fig. 2.21.

The average transition time was Pentad 18.48 during 1985–2009, which is close
to the transition time for the climatological mean of the net heat flux. The early years,
defined by the standardized value less than −1, include the years 1986, 2002, and
2005. The late years, defined by the standardized valuemore than 1, include the years
1988, 1993, 1996, and 1999.
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Fig. 2.20 EOF1s (left) and PC1s (right) of the pentad data of the net heat flux in 1985, 1986, and
1988

2.3 Impact of Intraseasonal Oscillation on SCSSM Onset

The onset of the ASM indicates the rapid strengthening of atmospheric energy and
water cycle (Wu et al. 2013). Monsoon onset and activity have important influences
on weather and climate in Asia, even globally. The East Asian summer monsoon
(EASM) starts over the SCS. The SCSSM onset is the basis for the northward move-
ment of the summer rain belt. So, the SCSSM onset is one of the important factors
for predicting the rainy season in China. Studies on the dynamics and interannual
variation of SCSSM onset have attracted a great deal of attention from domestic as
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Fig. 2.21 Time series of the spring–summer transition of the net heat flux (T1; pentads). The purple
and red lines represent the range of one times the standard deviation centered at the mean value

well as international researchers. Studies by Liu et al. (2002) and Wu et al. (2013)
showed the ASM break out first over the BOB, and an environment favorable for
summer monsoon onset is set up over the eastern BOB and the SCS. The Rossby
wave excited by monsoon precipitation over the BOB propagates eastward, resulting
in the onset of the SCSSM. Much has been studied regarding the impact of air–sea
interaction on SCSSM onset (Chen et al. 1999; Ding and Li 1999; Zhao et al. 2000).
It was shown that the SSTAs represent the El Niño (La Niña) pattern in the years
of early (late) onset of the SCSSM (Mao et al. 2000). Huang et al. (2005) indi-
cated that convection over the Philippines is enhanced during a warmer state in the
western tropical Pacific in spring, resulting in an early onset of SCSSM, and vice
versa. Besides the impact of the tropical Pacific, SCSSM onset also is related to the
SST in the Indian Ocean (Liang et al. 2006) and even in the Southern Ocean (Lin
et al. 2013a, b). Some techniques based on SST for short-term climate prediction
of SCSSM onset were established, which achieved certain good results (Zhou et al.
2002; Gu et al. 2011). However, the prediction based on SST in the spring showed
that the SCSSM onset date would be a little earlier than normal in 2014. But the
actual date was June 5, which was abnormally late. It is worth exploring why the
forecast error of SCSSM onset in some years was so big.

Atmospheric ISO is related to the SCSSM onset to a certain extent (Lin 1998).
The ISO developing and extending to the SCS from the eastern Philippines shows
great effects on the ISO over the SCS, and triggers the onset of SCSSM finally from
the view of 850-hPa low-frequency wind field distribution in 1998 (Mu and Li 2000).
Using multiyear data, Wen et al. (2006) indicated that when low-frequency convec-
tion over the southern Philippines develops and moves westward, low-frequency
convection over southern China moves southward, and low-frequency convection
over Kalimantan Island is active and moves northward during the period May 1–15,
and the SCSSM tends to start early. When the convections over the above regions
are inactive, the SCSSM tends to start late. The ISO moving eastward along the
equator, i.e., Madden–Julian Oscillation (MJO), is one of the dominant modes of
the tropical ISO. A great deal of analyses showed that the MJO impacts the weather
and climate not only in the tropics but also outside the tropics (e.g., Mo and Higgins
1998; Higgins and Shi 2001; Jones et al. 2004; Lorenz and Dennis 2006; Jeong et al.
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2008; Ding and Liang 2010; Jia et al. 2011; Zhang et al. 2011; Lü et al. 2012; Li et al.
2013a, b; Lin et al. 2013b, 2015; Hung et al. 2014). Composite analysis by Hendon
and Liebmann (1990) showed that the onset of the Australia summer monsoon corre-
sponds to MJO passing over northern Australia. Our results here show that both SST
in interannual and even interdecadal time scales and atmospheric ISO are impacting
factors to the SCSSM onset. However, there are a few references on whether or not
there is a physical relationship between MJO activity and SCSSM onset. Our objec-
tive here is to explore the possible impact of MJO activity on SCSSM onset and its
synergy with tropical SST signals using relatively long-term data.

The data used in this section include (i) dailymean atmospheric variables from the
National Center for Environmental Prediction/Department of Energy (NCEP/DOE)
Reanalysis 2 (Kanamitsu et al. 2002); (ii) daily mean OLR (Liebmann and Smith
1996) provided by the National Oceanic and Atmospheric Administration (NOAA);
and (iii) monthly extended reconstructed SST (ERSST.v2) from the NOAA (Smith
and Reynolds 2004). The period of these data is from 1979 to 2013 with a global
coverage at a resolution of 2.5° × 2.5° in (i) and (ii), and 2° × 2° in (iii). The
MJO index used in this section is the real-time multivariate MJO index advanced by
Wheeler and Hendon (2004).

The definition of SCSSM onset in Liang and Wu (2002) is considered to be more
reasonable among various definitions (Huang et al. 2008). For this definition, two
conditions need to be satisfied: one is the “zonal wind averaged over the SCS greater
than zero,” and the other is “westerlies over the SCS coming from the southern BOB
primarily.” The second condition avoids the situation that westerlies are brought
about by a southern branch of the westerly trough, but this condition is determined
by subject analysis. To facilitate automatic calculation, a new definition of SCSSM
onset was proposed by Lin et al. (2013a) based on the definition by Liang and Wu
(2002). The new definition is as follows: when both southwesterlies at 850 hPa and
easterlies at 200 hPa prevail continuously over the monitored domain of the SCS
(105°–120° E, 5°–20° N) for five days or longer, then the first day is defined as
SCSSM onset date (Lin et al. 2013a). The analysis by Lin et al. (2013a) showed that
the criterion that “200-hPa flow is easterlies over the SCS” achieves the same result
with the criterion of “westerlies over the SCS coming from the southern BOB” in
previous studies (Liang and Wu 2002). Both of the abovementioned criteria indicate
the retreat of the westerlies and the northward push of the tropical circulation. Here,
the definition of SCSSM onset by Lin et al. (2013a) is used. The date of SCSSM
onset in each year during 1979–2013 is given in Table 2.1. The mean date averaged
over the 35 years is May 16, which agrees with that using surface wind to define
the onset date by Wu et al. (2013). The standard deviation of the SCSSM onset date
is 11.5 days. According to 1.0 (1.5) times of standard deviation to select abnormal
(very abnormal) years, there are three late years (very late years) and three early
years (very early years), respectively.
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2.3.1 Relationship Between SCSSM Onset and MJO Activity

Figure 2.22 shows the phase space of MJO on the date of the SCSSM onset during
1979–2013. There are 31 years when MJO is active in phases 4, 5, 6, or 7 on the
onset date among the 35 years (about 89%), and the vast majority of MJO is strong
(strength greater than or equal to 1). There are very few years when MJO is active in
phase 8, 1, 2, or 3 on the onset date. MJO in phases 4 to 7 indicates that convection
is active over the MC and the western Pacific (hereinafter referred to as the western
Pacific phase), and MJO in phase 8 and phases 1 to 3 indicates convection is active
over Africa and the Indian Ocean (hereinafter referred to as the Indian Ocean phase).
It is necessary to declare that the probability of MJO in the western Pacific phase is
close to that in the Indian Ocean phase in AMJ in terms of statistics based on several-
decade data. It is documented that MJO activity is likely to impact on monsoon onset
date. MJO in the western Pacific phase (Indian Ocean phase) does (does not) favor
SCSSM onset.

Fig. 2.22 Phase space of MJO on the date of SCSSM onset during 1979–2013. The year is given
in red
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2.3.2 Physical Process Behind MJO Impact on SCSSM Onset

The primary atmospheric circulation variation characteristics around SCSSM onset
are discussed next. The western North Pacific subtropical high (WNPSH) in the
lower-level troposphere retreats eastward, the western ridge of the subtropical high
withdraws eastward from the SCS, tropical westerlies expand eastward, and west-
erlies prevail over the SCS (Fig. 2.23). The SAH in the upper-level troposphere is
established over the Indochinese Peninsula and northern SCS, and easterlies prevail
over most of the SCS region (central and southern parts) (Fig. 2.24). Then, the
question becomes whether or not the MJO activity influences the abovementioned
circulation variation.

The earliest and latest onset dates are April 17 and June 11, respectively. So, the
period from the fourth pentad in April to the second pentad in June is considered as
themonsoon onset period (56 days each year). Statistics show that there are 163, 152,
150, 154, 149, 152, 158, and 163 days in phases 1–8 of strong MJO, respectively,
during the monsoon onset period in the 35 years. Figure 2.25 shows the composite
fields of OLR and 850-hPa wind in the western Pacific phase and the Indian Ocean
phase for strong MJO during the monsoon onset period. Obviously, convection is
enhanced significantly over the Indian Ocean and is weakened over the western
Pacific in the Indian Ocean phase of MJO (Fig. 2.25a). On the contrary, convection
is enhanced significantly over the western Pacific and is weakened over the Indian
Ocean in the western Pacific phase of MJO (Fig. 2.25b). According to the theoretical
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Fig. 2.23 Composite 850-hPa wind (vector; units: m s−1) and zonal wind (contour; units: m s−1)
in three pentads, two pentads, and one pentad prior to SCSSM onset and in the onset pentad.
Yellow or purple shading indicates the 95% confidence level of zonal wind greater or less than the
climatological mean, respectively. Pentad 0 is the onset date of SCSSM
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Fig. 2.24 Same as Fig. 2.23, except for composite 200-hPa wind (vector; m s−1) and geopotential
height (contour; gpm)

a b

Fig. 2.25 Composite 850-hPa wind anomalies (vector; m s−1) and OLR anomalies (contour;
W m−2) for strong MJO in the Indian Ocean phase a and in the western Pacific phase b during the
SCSSM onset period (between Pentad 4 in April and Pentad 2 in June). Red (green) color indicates
stronger (weaker) convection with OLR anomalies less (greater) than −6 Wm−2 (6 W m−2). Only
the 850-hPa wind anomaly vectors exceeding the 95% confidence level are shown

model of Gill (1980) about atmosphere responses to equatorial heating (cooling), a
pair of anomalous cyclones (anticyclones) appears in the northwest and southwest of
the heating (cooling) because of Rossby wave responses, and anomalous easterlies
(westerlies) emerge near the equator east of the heating (cooling) source because
of Kelvin wave responses. Therefore, in the western Pacific phase of MJO there is
an anomalous cyclonic circulation over the SCS and western North Pacific (WNP),
which is located on the northwest side of the heating source because of the latent
heat released by convection. The cyclonic anomaly favors the retreat of theWNPSH.
In the Indian Ocean phase of MJO, the situation is basically the opposite. There is



34 2 Characteristics of the Spring–Summer Atmospheric Circulation …

a b

Fig. 2.26 Composite 200-hPa wind anomalies (vector; m s−1) and geopotential height anomalies
(contour; gpm) for strong MJO in the Indian Ocean phase a and in the western Pacific phase
b during the SCSSM onset period (between Pentad 4 in April and Pentad 2 in June). Red (green)
color indicates negative (positive) geopotential height anomalies exceeding the 95% confidence
level

an anticyclonic anomaly over the SCS and the WNP, which favors the enhancement
and elongation toward the west of the subtropical high over the WNP.

MJO activity is closely related to the SAH in the upper troposphere. It was shown
that the SAH appears over the SCS region in spring before it moves to the Tibetan
Plateau (Reiter and Gao 1982; Zhu et al. 1986; Chen et al. 1991; He et al. 2006; Liu
et al. 2009, 2012). From the viewpoint of dynamics, the convection over the southern
Philippines produces a negative vorticity source, and results in the establishment of
the SAH over the SCS region in spring (Liu et al. 1999, 2013).

In the western Pacific phase of MJO (Fig. 2.26b), the convection over the Philip-
pines and its nearby regions is also enhanced besides the enhanced convection over
the western equatorial Pacific. The convection over the Philippines and its nearby
regions, accompanied by anticyclonic circulation and positive geopotential height
anomaly over the region from South Asia to the northern SCS, favors the northwest-
ward movement from the western Pacific and enhancement for the SAH. Then, the
SAH is established over the Indochinese Peninsula and northern SCS. In the Indian
Ocean phase of MJO (Fig. 2.26a), the convection over the Philippines and its nearby
regions is also decreased, which brings cyclonic circulation and negative geopoten-
tial height anomaly over the region from South Asia to the northern SCS. These
conditions make it difficult to establish the SAH over the Indochinese Peninsula and
northern SCS.

The above analyses document that the primary physical process for the impact
of MJO on SCSSM is atmospheric response to heating source. When the MJO is in
the western Pacific phase, more latent heat is released from enhanced convection,
resulting in an anomalous cyclonic circulation in the low-level troposphere of the
tropical Pacific as a Rossby wave response. The anomalous cyclonic circulation
is favorable for the eastward retreat of the subtropical high, and is conducive to
the eastward expansion of tropical southwesterlies to the SCS. On the other hand,
the heating source over the Philippines and its vicinity promote the establishment
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of the SAH over the Indochinese Peninsula and northern SCS, and the wind in
the upper-level troposphere changes to the easterly over the SCS. The corporation
between lower and upper levels of the troposphere is conducive to the establishment
of SCSSM. When the MJO is in the Indian Ocean phase, the situation is basically
opposite, which is not conducive to the SCSSM onset.

2.3.3 Synergy Between MJO and Tropical SST

There exist significant correlations between SCSSM onset and the SST in both
western and central tropical Pacific (Fig. 2.27). Figure 2.28 shows that the onset date
of SCSSM varies inversely with the SSTA in the western tropical Pacific (130°–160°
E, 0°–15° N) but varies congruously with the SSTA in the central tropical Pacific
(180°–140° W, 5° S–5° N). Considering the opposite correlation signs of the two
regional SSTAs, we composite a tropical Pacific SST synthetic signal using the SST

Fig. 2.27 Distribution of correlation coefficient between SCSSM onset date and SSTAs in previous
winter. Shading indicates the 95% confidence level

Fig. 2.28 Standardized curves of SCSSM onset date (black), previous winter SSTAs in the western
tropical Pacific (blue dashed), central and eastern equatorial Pacific (green dashed), and synthetic
SST signal (red dashed)
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difference between the central tropical Pacific and the western tropical Pacific. We
can see that the onset date of SCSSM varies congruously with the SST synthetic
signal (red curve in Fig. 2.28). The correlation coefficient between them reaches
0.56, passing the 99.9% confidence level. We conclude that SSTAs in the tropical
Pacific are important factors for SCSSM onset.

By comparing the black solid curve and the red dashed curve in Fig. 2.28, we can
see the difference between the onset date and the synthetic SST signal can be quite
large and can even be out of phase in some years, despite a high correlation between
them.Here, the difference between the standardized value of the onset date of SCSSM
and the synthetic SST signal is used to determine whether or not the onset date is
consistent with the SST signal. When the absolute value of the difference between
the two standardized values is within 1 (up to or above 1), it is considered that the
onset date of SCSSM is consistent (inconsistent) with the synthetic SST signal. We
found that the SCSSM onset dates are consistent with the SST signal for 21 years and
are inconsistent for 14 years during the 35-year study period (Table 2.3). It is shown
that the forecast errors for 60% of the years are within one standard deviation (or
less than 12 days), but the forecast errors for 40% of the years are up to or above one
standard deviation (or more than 12 days). Among the 23 normal onset years, there
are 16 years when the onset dates are consistent with the SST signal. Four out of the
six early onset years are those whose onset dates are consistent with the SST signal,
and only one out of the six late onset years is that whose onset date is consistent
with the SST signal. This indicates that the forecast accuracy is higher (69%) for the
normal and early onset years, and is much lower (17%) for the late onset years when
using the synthetic SST signal.

Next, we examine the years when the onset date of SCSSM is inconsistent with
the synthetic SST signal, analyzing the characteristics of MJO activity during the
transition to find out whether or not the inconsistency between the onset and the SST
signal in these years was caused byMJO activity. The modulation effects of MJO are
grouped into five situations according to the year-by-year analysis (Table 2.4). We
can observe that most of the years (12 out of the 14 years in Table 2.3) in which the
onset dates are inconsistent with the SST signal are closely related to the presence
of various phases of the MJO activity. Of the six years of abnormal onset (over
1.5 times standard deviation in Fig. 2.28) in the past 35 years, four abnormal years
(1987, 1991, 1993, and 2009) are obviously modulated by the MJO. Regarding the
abnormal late onset case of 2014 mentioned at the beginning of Sect. 2.3, the MJO
activity in May is quite unusual. The MJO moves eastward from phase 8 to phase 1,
phase 2, and phase 3 during the first half of May. However, the MJO does not move
eastward into the western Pacific as usual; instead, it wanes and stays stagnant or
even retreats westward in the Indian Ocean and does not reinvigorate until the end
of May (not shown). Therefore, the characteristics of MJO activity are favorable for
a later SCSSM onset in 2014. Clearly, it is important to consider the modulation of
MJO to improve the prediction of SCSSM onset. The interseasonal MJO activity and
interannual SST variability jointly influence SCSSM onset. Of course, the year in
which the SCSSM onset date coincides with the SST signal is not entirely immune
from MJO activity.
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Table 2.3 Onset dates of SCSSM, consistency with the SST signal, MJO intensity, and phase on
onset date during 1979–2009

Year Sequence number of
onset date

Onset date Consistency with SST
signal

MJO intensity and
phase

1979 133 13 May Yes Strong, 5

1980 136 15 May Yes weak

1981 132 12 May Yes Strong, 3

1982 124* 4 May Yes weak

1983 148+ 28 May Yes Strong, 7

1984 118** 27 April Yes weak

1985 147+ 27 May No Strong, 4

1986 136 16 May Yes Strong, 6

1987 162++ 11 June No Strong, 5

1988 141 20 May Yes Strong, 5

1989 139 19 May No Strong, 5

1990 137 17 May Yes Strong, 4

1991 159++ 8 June No Strong, 5

1992 142 21 May No Strong, 8

1993 155++ 4 June No Strong, 4

1994 122* 2 May No Strong, 4

1995 135 15 May No Strong, 5

1996 126 5 May Yes Strong, 5

1997 141 21 May Yes Strong, 6

1998 140 20 May No Strong, 5

1999 118** 28 April Yes Strong, 7

2000 130 9 May No Strong, 7

2001 137 17 May No weak

2002 139 19 May Yes Strong, 7

2003 141 21 May Yes Strong, 7

2004 130 9 May Yes Strong, 4

2005 131 11 May No Strong, 5

2006 147+ 27 May No weak

2007 140 20 May Yes Strong, 7

2008 122 1 May Yes weak

2009 107** 17 April No Strong, 4

2010 141 21 May Yes weak

2011 126 6 May Yes Strong, 5

2012 132 11 May Yes weak

2013 133 13 May Yes Strong, 4

Note *, **, +, and ++ indicate early onset, very early onset, late onset, and very late onset,
respectively
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Table 2.4 Characteristics of SST signal and MJO activity for five situations of SCSSM onset

Situation SST signal anomaly SCSSM Onset MJO Years

First Negative Late MJO is basically in
the Indian Ocean
phase during the first
and second 10-day
period in May

1985, 1989, 2006

Second Positive Very late MJO is in the Indian
Ocean phase from the
end of the second
10-day period in May
to early June

1987, 1991, 1993

Third Positive Normal or early MJO activities in the
western Pacific during
the first 10-day in May

1994, 2005, 1995

Forth Negative Very early MJO is very strong
persistently in April
and moves into the
western Pacific in
mid-April

2009

Fifth Strong Positive Normal MJO moves into the
western Pacific in
mid-May and remains
strong

1992, 1998

2.4 Precursory Signals for SCSSM Onset

The SCSSM is an important part of the EASM. The onset of the EASM and the
beginning of the rainy season in China are marked by the onset of the SCSSM. Its
activities have an important impact not only on the Asian monsoon system, but also
on the circulation and weather in the Northern Hemisphere (Li and Zhang 1999).
Therefore, researchers have paid much attention to the attribution analysis of the
early and late onset of the SCS summer. The prediction of SCSSM onset has also
become one of the main concerns of scientific meetings on climate trends, as well as
of consultations on flood seasons in China.

In this section, we adopt the definition of the onset date of the SCSSM proposed
by Liang and Wu (2002). That is, the average zonal wind speed at 850 hPa over the
SCS is greater than zero (an indication that most part of theWNPSHmoves out of the
SCS), and the westerly wind in the SCS mainly comes from the south of the BOB.
When the above two conditions are met simultaneously for more than five days, and
a subsequent continuous interruption (the average zonal wind in the SCS area is less
than zero) is not longer than three times the number of days in the early southwest
monsoon, then the first day when these conditions are met, is the onset date of the
SCSSM.
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Observational studies indicate that the onset of SCSSMmaybe affected bySSTAs.
For example, the onset of the SCSSM in the El Niño year tends to be late. The onset
of SCSSM has significant interannual and interdecadal variations, and the physical
causes of evolution at different time scales can be different. We will analyze the
precursory signals in interannual and interdecadal variations of SST and possible
mechanisms.

In carrying out the analysis of this section, we used NCEP/NCAR reanalysis data
and the third edition of monthly extended reconstructed SST data (ERSST.v3) from
NOAA (Smith and Reynolds 2004).

2.4.1 Multi-time-scale Characteristics of SCSSM Onset Date

The average onset time of the SCSSM is May 18 for the study period from 1958 to
2016, with a standard deviation of about 10.5 days. Figure 2.29 shows the anomalous
onset dates of the SCSSM, the wavelet transform coefficient, and the total mean
wavelet power spectrum. The linear trend of the onset of the SCSSM is −0.1 days
per year, or aweak trend of early onset (Fig. 2.29a). Thewavelet coefficient before the
end of the 1980s shows a periodicity of 4-year to 7-year cycles, and most of which
pass the 90% confidence level; after the 1980s, it mainly shows the interdecadal

Fig. 2.29 The anomalous sequence (solid curve) and its trend (dashed line) (a; days) of SCSSM
onset date, wavelet transform coefficient (b), and averaged total wavelet power spectrum (c). In
(b), the light and dark shadings represent 90% and 95% confidence levels, respectively. The thick
and thin dashed lines in (c) are the 95% and 90% confidence level lines s, respectively. The Monte
Carlo method is used for the significance level test
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Fig. 2.30 Changes in SCSSM onset date on the interannual (dashed) and interdecadal (solid) time
scales

change of a period of 10–16 year, and all pass the 90% confidence level (Fig. 2.29b).
The averaged global wavelet power spectrum shows that there are two major periods
at 12.4 and 5.5 years, passing the significant level test of the α = 0.05 (Fig. 2.29c).

Figure 2.29c shows that the oscillation with an eight-year period is the weakest
among the periods of 5–12 years. Therefore, the time scale of eight years can be
regarded as the separation point of the interannual and interdecadal changes. We use
the Lanczos time filter to decompose the SCSSM date sequence into the interan-
nual and interdecadal components on the two time scales. The standard deviation
of the interannual component is 8.87 days, and the standard deviation of the inter-
decadal component is 4.76 days, which is slightly more than half of the former.
Therefore, the onset of SCSSM is dominated by interannual variability, but the inter-
decadal variability should not be ignored. A large amplitude of interannual variation
appears in the middle of the 1960s, 1980s, 1990s, and 2010s, and a large amplitude
of interdecadal change appears after the 1980s (Fig. 2.30), which is consistent with
the characteristics of interannual variation and interdecadal change in the wavelet
transform coefficient diagram.

2.4.2 Precursory SST Signals for Interannual Variation
and Interdecadal Change of SCSSM Onset

The correlation coefficients between the interannual variation of SCSSM onset date
and themeanSST in the earlywinter show that the regionswith significant correlation
are in the tropical Pacific and tropical IndiaOcean, or to bemoreprecisely, the central–
eastern equatorial Pacific (180°–80° W, 10° S–14° N, named region 1), the western
tropical Pacific (126°–144° E, 0°–14° N, named region 2), and the southwestern
India Ocean (58°–72° E, 16° S–0°, named region 3) (upper panel in Fig. 2.31).
The interannual variation of SCSSM onset is positively correlated with the SST in
regions 1 and 3, and negatively correlated with the SST in region 2. By averaging
the winter SSTs in these three regions, we can obtain three precursory signals of
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Fig. 2.31 Correlation coefficients between interannual variation of SCSSMonset date and previous
winter SST (upper), and between interdecadal changes of SCSSM onset date and averaged SST in
the previous year (bottom). Yellow and green shadings indicate the 90% confidence level; red and
blue shadings indicate the 95% confidence level

the interannual variability of SCSSM onset. Corresponding to regional numbers, the
correlation coefficients between SCSSM onset date and precursory signals in regions
1, 2, and 3 are 0.37,−0.3, and 0.3 on the interannual time scale, respectively, passing
the 95% confidence level.

The correlation coefficients between the interdecadal component of SCSSMonset
date and the mean SST in the previous year (from March to the following February)
show that there are three significantly correlated regions: the southeastern Pacific
(80°–124° W, 20° S–0°, named region 4), the southwestern India Ocean (26°–70°
E, 56°–36° S, named region 5), and the Northwest Pacific (120°–150° E, 8°–30° N,
named region 6). The interdecadal component of SCSSM onset date and the SSTs
in regions 4, 5, and 6 are significantly negatively correlated; and the largest corre-
lation coefficients in these three regions are −0.47, −0.46, and −0.39, respectively.
Therefore, the yearly mean SSTs fromMarch to the following February in the above
three regions are regarded as the precursory signals associated with the interdecadal
change of SCSSM onset. Corresponding to the regional numbers, the correlation
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coefficients between the interdecadal component of SCSSM onset and the precur-
sory signals 4, 5, and 6 are −0.37, −0.41, and −0.38, respectively, passing the 95%
confidence level.

There are two major regions with a significant correlation between SCSSM onset
date and the SST in the previous winter: the northwestern tropical Pacific (120°–152°
E, 2° S–20° N) and the equatorial Pacific (124°–178° W, 8° S–14° N) (not shown),
which is quite similar to what we found on the interannual time scale shown in the
upper panel of Fig. 2.31. The reason is that the year-to-year variation of SCSSM
onset date is predominantly on the interannual time scale.

More precursory signals are found by using multi-time-scale evolution sequences
according to themultiple time-scale characteristics of the time series itself, compared
with the traditional methods for finding precursory signals. Are these precursory
signals more reasonable? The answer is yes for two reasons. First, although the
variation of the SCSSM onset date is mainly predominantly on the interannual time
scale, the interdecadal component cannot be ignored. In contrast, the traditional
methods usually overlook the early signal of interdecadal change,which should not be
ignored, namely, precursory signals in regions 4, 5, and 6. Second, the decomposition
of different time scales avoids the interference among signals of different time scales,
and helps to obtain the right matching precursory signals. The precursory signal in
region 3 for the interannual variation is found after the interdecadal change has been
removed.

In summary, we have identified six precursory signals in SST, which affect the
onset of the SCSSM. They are thewinter averaged SST in the central–eastern tropical
Pacific (180°–80° W, 10° S–14° N), the northwestern tropical Pacific (126°–144°
E, 0°–14° N), the southwestern tropical India Ocean (58°–72° E, 16° S–0°), the
averaged SST from previous March to the following February in the southeastern
tropical Pacific (80°–116° W, 20° S–0°), the southwestern India Ocean (26°–70° E,
56°–36° S), and the Northwest Pacific (120°–150° E, 8°–30° N).

2.4.3 Asymmetry Between the Central–Eastern Equatorial
Pacific SSTA and SCSSM Onset

There is an asymmetry in the relationship between the central–eastern equatorial
Pacific SSTA and SCSSM onset. Next, we describe this asymmetry in more detail.
Based on a criterion of 0.75 times of the standard deviation of SCSSM onset date and
Fig. 2.29a, we find 10 anomalous early onsets of SCSSM for the period 1958–2014;
they are 1966, 1984, 1985, 1994, 1996, 1999, 2001, 2008, 2009, and 2011. We also
find 11 anomalous late onsets of SCSSM; they are 1959, 1960, 1963, 1968, 1973,
1975, 1982, 1987, 1991, 2005, and 2014. Our composite analysis shows that signif-
icant winter SSTAs occur mainly in the central–eastern equatorial Pacific and the
northwestern tropical Pacific, the southwestern subtropical Pacific, and the southern
India Ocean for anomalous early onset cases (Fig. 2.32, upper panel). However, for
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Fig. 2.32 Composite of previous winter SSTAs (K) for anomalous early and late SCSSM onsets.
The shading indicates the 90% confidence level

anomalous late onset cases, the significant SSTAs appear only in the northwestern
tropical Pacific, the southeastern subtropical Pacific, and the AS (Fig. 2.32, bottom
panel). These areas of significant SSTAs, however, are rather small.

Among the ten anomalous early onset cases of SCSSM, six cases had cold SSTAs
in the central–eastern Pacific in winter, i.e., 1985, 1996, 1999, 2008, 2009, and
2011. Composite analysis shows that the SSTAs in the tropical Pacific exhibit a
La Niña-like pattern in winter, and the response of the lower atmosphere to the
SSTAs in the tropical Pacific exhibits an anomalous cyclonic circulation over the
SCS and its vicinity (Fig. 2.33, upper panel), which is maintained until spring and
then intensified (Fig. 2.33, middle panel). In May, there are obvious anomalous
westerlies in the central and southern SCS, which corresponds to the early onset
of SCSSM (Fig. 2.33, bottom panel). The distributions of SST and atmospheric
circulation anomalies conform to the East Asia-Pacific teleconnection (Wang et al.
2000); thus, the lower SSTs in the central–eastern equatorial Pacific Ocean in winter
affect the early SCSSM onset via East Asia-Pacific teleconnection.
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Fig. 2.33 Composite SST (contour; K) and 850-hPa circulation anomalies caused by strong
negative anomalies in the central–eastern equatorial Pacific in December–February (upper panel),
March–April (middle panel), and May (bottom panel). Shading indicates the 90% confidence level

2.5 Responses of Subtropical Highs to Global Warming

With the increase of GHG concentration in the atmosphere due to anthropogenic
emission, global air temperature rises and the atmospheric circulation changes
accordingly. As an important large-scale atmospheric circulation system over the
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WNP, the WNPSH has a profound impact on the East Asian climate, especially
in summer. Abnormal activity of the WNPSH can lead to great floods or droughts
over large areas within East Asia. However, possible future change of the WNPSH
under global warming is not well understood. Here, the responses of the WNPSH
and the other subtropical anticyclones over the global subtropical oceans to the
ongoing global warming are investigated, and the mechanisms for these responses
are proposed (He and Zhou 2015; He et al. 2015, 2017). Given the possibility that
the rising trend of global geopotential height under global warming might mislead
the real-time monitoring of the WNPSH, new indices for measuring the WNPSH
under a warming climate are proposed (He et al. 2018).

2.5.1 Model, Data, and Method

Many factors contribute to the climate change at the decadal time scale and beyond,
including anthropogenic forcing (e.g., anthropogenicGHG, anthropogenic aerosols),
natural forcing (e.g., solar insolation, orbital precession), and internal variability of
the climate system (e.g., Pacific decadal oscillation, Atlantic multi-decadal oscil-
lation). The observational and reanalysis data are too short to extract the forced
response of the climate system from the internal variability, and the observational
data in earlier decades are subject to large uncertainty. Coordinated by the World
Climate Research Programme (WCRP), a large number of world modeling groups
performed the same experiments using different climate systemmodels, to investigate
the response of the climate to anthropogenic forcing. Using a large number of models
helps to suppress the internal variability of the climate system and random biases,
and to extract the response of the climate system to anthropogenic forcing. For this
study, we adopted a total of 33models (Table 2.5) participating in the CoupledModel
Intercomparison Project Phase 5 (CMIP5) for conducting the historical experiments,
and the Representative Concentration Pathway 4.5 (RCP4.5) and RCP8.5 experi-
ments to investigate the responses of the subtropical highs to global warming. The
NCEP/NCAR reanalysis data set (Kalnay et al. 1996) is used for model evaluation.

Table 2.5 List of 33 CMIP5 models

Names of the CMIP5 models used for analysis

ACCESS1.0 ACCESS1.3 BCC-CSM1.1 BNU-ESM CanESM2

CCSM4 CESM1-BGC CESM1-CAM5 CESM1-CAM5.1-FV2 CMCC-CM

CNRM-CM5 CSIRO-Mk3.6.0 FGOALS-g2 FGOALS-s2 GFDL-CM3

GFDL-ESM2G GISS-E2-H GISS-E2-R HadGEM2-AO HadGEM2-CC

HadGEM2-ES INM-CM4 IPSl-CM5A-LR IPSL-CM5A-MR IPSL-CM5B-LR

MIROC-ESM MIROC-ESM-CHEM MIROC5 MPI-ESM-LR MPI-ESM-MR

MRI-CGCM3 NorESM1-M NorESM1-ME
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The RCP4.5 is a mitigation pathway toward a radiative forcing of 4.5Wm−2 in the
year 2100, equivalent to 650 ppm CO2 concentration, and RCP8.5 is a business-as-
usual pathway toward a radiative forcing of 8.5 Wm−2 in the year 2100, equivalent
to 1370 ppm CO2 concentration (Vuuren et al. 2011). In this section, the late twenty-
first century outputs (referred to as the 21C) in RCP4.5 or RCP8.5 experiment are
compared with the late twentieth century outputs (referred to as the 20C) in the
historical experiment, and the multi-model ensemble of the difference between 21C
and 20C is considered as the GHG-forced response. The supplementary analysis
shows that the forced response of the WNPSH per degree of surface warming does
not depend on the choice of scenarios, so we mainly focus on the RCP8.5 scenario.
The statistical significance of the forced response relative to internal variability and
stochastic model bias is evaluated by the inter-model consistency, which is defined
as the percentage of models that agree in sign with the multi-model mean (MME).
According to Power et al. (2012), an inter-model consistency of 68% is approximately
equivalent to the 5% significance level based on Student’s t-test.

2.5.2 Response of the WNPSH to Global Warming

TheWNPSH is located in the lower to mid-troposphere, and its center tilts westward
with height. The WNPSH is usually measured by geopotential height (H), and an
anomalous high (low) geopotential height over the WNP is interpreted as anoma-
lously strong (weak) WNPSH. The operational metric for monitoring the WNPSH
is based on H at 500 hPa, and the 5880-m contour of H at 500 hPa is usually consid-
ered as the boundary of the WNPSH. As shown in Fig. 2.34a, the contour of H =
5880 m is located near the eastern coast of East Asia. The Chinese Meteorological
Administration defines the area index, intensity index, and western boundary index
for the WNPSH based on the contour of H = 5880 m, and these indices are adopted
in the real-time monitoring of WNPSH (Zhao 1999; Liu et al. 2014a, 2014b).

The WNPSH indices based on geopotential height can well describe the area,
intensity, and western boundary if there were no climate change. However, Yang
and Sun (2003) noted that the geopotential height is subject to a substantial long-
term increasing trend under the warming climate, but the strength of the anticyclone
circulation associated with the WNPSH does not show an enhancement. As consis-
tently shown by multiple reanalysis data sets, the anticyclone circulation in the lower
troposphere associated with WNPSH is weakened after the late 1970s, despite an
increase of the geopotential height itself (Huang et al. 2015). The decadal weakening
of WNPSH is consistent with the weakening of the EASM (Huang et al. 2015). At
500 hPa of the mid-troposphere, the contour of H = 5880 m expands westward
substantially associated with a systematic increase of geopotential height at 500 hPa,
but the anticyclone circulation associated with the WNPSH in the mid-troposphere
shows a moderate weakening trend (Wu and Wang 2015). Therefore, the WNPSH
in both lower and mid-troposphere was weakened in the past few decades, despite
the increase of geopotential height at 500 hPa.
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Fig. 2.34 The geopotential
height (m) and wind (m s−1)
at 500 hPa over the western
North Pacific in summer.
a The mean state for
1950–1999 in NCEP/NCAR
reanalysis data. b The mean
state for the 20C based on
the MME of the historical
experiments by the CMIP5
models. c The mean state for
the 21C based on the MME
of RCP8.5 experiments by
the CMIP5 models. The
regions with a precipitation
rate above 5 mm per day
north of 25° N are stippled.
The solid and dashed black
contours are the zero contour
for eddy geopotential height
and eddy stream function,
respectively. After He et al.
(2015)

The above results show that the metrics based on geopotential height are not
suitable for evaluating theWNPSH at decadal time scale and beyond. The theoretical
basis for this fact is based on the hypsometric equation (the integration form of the
hydrostatic equation) for the atmosphere. According to the hypsometric equation,

H(p)∞T ln(ps/p), (2.1)

which states that the geopotential height (H) for a specific pressure level p is deter-
mined by two factors: one is the surface pressure (ps) and the other is the averaged
temperature (T ) between the surface and the pressure level p. As globally averaged
ps is determined by the total mass of global atmosphere that is not impacted by global
warming, geopotential height (H) is proportional to temperature (T ) andwill increase
with T in a warming climate. However, the atmospheric circulation is determined by
the horizontal gradient ofH and has no relation to the absolute value ofH; therefore,
a uniform increase of H under global warming does not mean that high-pressure
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systems are enhanced and low-pressure systems are weakened. To obtain a robust
change of the atmospheric circulation associated with the WNPSH, it is necessary to
compare the changes inmultiple variables and be cautious in interpreting the increase
of geopotential height.

Wind is a direct measure of atmospheric circulation, but it is a vector and thus not
suitable for quantitatively assessing changes in atmospheric circulation. Some recent
works proposed to use eddy geopotential height (He) as a measure of the WNPSH
in a warming climate (Zhou et al. 2009; Huang et al. 2015; Wu and Wang 2015).
Focusing on the WNPSH, He is defined as the deviation of H from the synchronous
averaged H over the latitudes 0°–40° N. For comparison, eddy stream function (Se)
is also defined by subtracting the synchronous averaged stream function over 0°–
40° N. We compare changes in multiple variables associated with the atmospheric
circulation and changes in precipitation, to obtain a robust conclusion on the response
of the WNPSH to global warming.

The climatological geopotential height and wind at 500 hPa over the WNP in
summer from the observation and the MME of the coupled models are shown in
Fig. 2.34. Compared with the mean state for 1950–1999 in the reanalysis data, the
MME geopotential height of the 20C is lower, and the contour of H = 5880 m cannot
be identified since none of the grid points has anH value higher than 5880 m. But the
MME wind field for the 20C is consistent with the reanalysis result (Fig. 2.34a, b),
and all the individual models capture the anticyclone wind pattern associated with
the WNPSH (not shown). Therefore, the negative bias in the geopotential height
for the models does not mean the models cannot capture the WNPSH, since the
atmospheric circulation associated with the WNPSH is determined by the horizontal
gradient ofH, rather than by the absolute value ofH. If the boundary of the WNPSH
is measured by the zero contour of eddy geopotential height or eddy stream function,
the simulated WNPSH by the MME is very close to that of the reanalysis (contours
in Fig. 2.34a, b).

Compared with the 20C, the geopotential height rises substantially in the 21C
of the RCP8.5 experiments (Fig. 2.34c). Despite a negative bias of the mean state
geopotential height in the 20C of the historical simulations, the mean geopotential
height in the 21C based on the RCP8.5 experiments is systematically above 5900 m
south of 30° N. However, the zero contours for the eddy geopotential height and the
eddy stream function retreat eastward by about 10° in longitude instead of extending
westward. The subtropical rain belt over East Asia does not shift northwestward
following the westward shift of the contour of H = 5880 m, but its location remains
generally unchanged and it slightly expands eastward by about 10° in longitude,
consistent with the eastward retreat of the zero contours for the eddy geopotential
height and eddy stream function.

To demonstrate the response of the WNPSH under global warming, Fig. 2.35a
shows the difference of the geopotential height and wind between the 21C in the
RCP8.5 experiments and the 20C in the historical experiments. It is clear that the
change inwind is characterized by a cyclonicwind anomaly surrounding theWNPSH
center, suggesting the anticyclonic circulation associated withWNPSH is weakened.
In addition, the westerly wind on the northern flank ofWNPSH is substantially more
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Fig. 2.35 a MME-projected change of geopotential height (shading; m) and wind (vector; m s−1)
at 500 hPa in the 21C relative to those in the 20C. Blue (red) solid and dashed contours are the zero
contour for the eddy geopotential height and eddy stream function in the 20C (21C), respectively.
b Projected changes in the WNPSH index by the MME (blue bar) and the thin black whiskers show
the range of the 25th and 75th percentiles of individual models. The two WNPSH indices are the
regionally averaged eddy geopotential height (He; m, left y-axis) and eddy stream function (Se; m2

s−1, right y-axis) over the black box in (a). After He et al. (2015)

weakened compared to the reduction of the easterly wind on the southern flank of
WNPSH, making a major contribution to the weakened WNPSH. On the northern
flank of WNPSH, the increase of geopotential height is not spatially uniform but
features a meridional gradient, the magnitude of the rise inH increases with latitude,
suggesting themean state meridional gradient of geopotential height decreases under
globalwarming.Therefore, the projected change inwind is consistentwith the change
of geopotential height gradient.

To quantitatively evaluate the change of WNPSH, we describe the intensity of
WNPSH using the regionally averaged eddy geopotential height or eddy stream
function within the box shown in Fig. 2.35a. The changes in these two variables (or
indices) in 21C relative to 20C are shown in Fig. 2.35b. These two indices consistently
show that the WNPSH is weakened under global warming based on the coupled
models, and more than 75% of the individual models consistently show a tendency
toward weakened WNPSH, corroborating the significance of the MME-projected
change. The above results based on multiple variables suggest that the WNPSH at
500 hPa in the mid-troposphere is weakened under anthropogenic GHG forcing.

To investigate the mechanism for the weakened WNPSH under global warming,
Fig. 2.36 shows the latitude-height section of the change in the zonal wind and
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Fig. 2.36 Longitude-height section of the MME-projected changes in the zonal wind (a; shading,
m s−1) and temperature (b; shading, K) averaged over 120° E–180°. In (a), the black contour is the
ridgeline of the WNPSH defined as the interface between tropical easterly wind and mid-latitude
westerly wind in the 20C historical experiment. The MME-projected changes agreed by over 75%
of the individual models are filled with white crosses. In (b), the contours are the isotherms in the
20C historical experiment; the contour interval is 10 K with the negative contours dashed, and the
thick black contour is zero. After He et al. (2015)

temperature averaged within 120° E–180°. It is clear from that the weakened west-
erly wind on the northern flank of WNPSH is confined to the mid- to upper tropo-
sphere but insignificant in the lower troposphere (Fig. 2.36a). The amplitude of
warming is horizontally uniform on the southern flank of WNPSH, possibly due to
the mixing effect of equatorial waves. But the amplitude of warming shows a strong
meridional gradient on the northern flank of WNPSH, with stronger warming in
the higher latitudes, consistent with the so-called “polar amplification.” As the mean
state temperature decreaseswith latitude on the northern flank ofWNPSH, the change
in temperature suggests a weakened meridional temperature gradient (Fig. 2.36b).
According to the thermal wind relationship, this weakened meridional temperature
gradient can lead to the weakened westerly wind in the mid-troposphere.

The inter-model spread of the projected changes also supports the importance
of meridional temperature gradient on the northern flank of WNPSH. As shown
in Fig. 2.37, the models with a larger decrease of meridional temperature gradient
project a larger decrease of westerly wind on the northern flank of WNPSH, with an
inter-model correlation coefficient of 0.92.There is still a high inter-model correlation
coefficient of 0.75 if the four outliers on the lower-left corner of Fig. 2.37 are removed,
still significant at the 99% confidence level. The above findings based on MME and
the inter-model spread confirm that the weakened WNPSH in the mid-troposphere
under global warming is a result of the weakened meridional temperature gradient
on the northern flank of WNPSH, constrained by the thermal wind relationship.

Under the anthropogenic GHG forcing, the response of WNPSH in the lower
troposphere to global warming is different from that in the mid-troposphere. The
change in the 850-hPa wind does not show any cyclonic or anticyclonic anomaly
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Fig. 2.37 Scatter plot for the projected changes in the zonal wind (m s−1) on the northern flank
of WNPSH (y-axis) as a function of the change in the meridional temperature gradient (K; x-axis)
from the individual models. The zonal wind is averaged over (120° E–180°, 25°–40° N), and the
meridional temperature gradient is defined as the difference in the regionally averaged temperature
between (120° E–180°, 40°–50° N) and (120° E–180°, 15°–25° N). After He et al. (2015)

straddling the ridgeline of the WNPSH (Fig. 2.38), suggesting that the intensity of
WNPSH at 850 hPa is generally unchanged in theMME projection. The geopotential
height at 850 hPa also rises systematically, similar to that at 500 hPa. This again

Fig. 2.38 MME-projected changes in the geopotential height (shading; m) and wind (vectors) at
850 hPa. Stippling indicates the changes in wind agreed bymore than 70% of the individual models.
Blue and red contours are the zero contour of eddy geopotential height for the 20C and the 21C,
respectively. The difference in the regionally averaged zonal wind between the northern box (120°–
150° E, 25°–35° N) and the southern box (130°–150° E, 15°–20° N) is used to measure theWNPSH
intensity at 850 hPa, shown in Fig. 2.39
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Fig. 2.39 a Projected changes of WNPSH intensity (m s−1) at 850 hPa by the 33 models under
RCP8.5 (y-axis) versus those under RCP4.5 (x-axis). The alphabetical letters indicate the individual
models, and the black dot indicates the MME. b Projected changes in WNPSH intensity by the
multiple realizations of three typical models, including IPSL-CM5A-LR (W), MIROC5 (b), and
MPI-ESM-LR (c). After He and Zhou (2015)

suggests that it is not suitable to use geopotential height to measure the long-term
change of the WNPSH.

To assess the inter-model and inter-scenario uncertainty in the projected change
of the WNPSH at 850 hPa, the intensity of WNPSH at 850 hPa is measured by the
anticyclonic zonal wind shear over the WNP, i.e., the difference in the regionally
averaged zonal wind between the northern box and the southern box in Fig. 2.38.
Figure 2.39a shows the projected change in theWNPSH at 850 hPa among individual
models under the RCP4.5 and RCP8.5 scenarios. About 50% of the models project
an increase of WNPSH intensity, and about 50% of the models project a decrease
of WNPSH intensity, under either RCP4.5 or RCP8.5 scenario. The MME-projected
change in WNPSH intensity is near zero under both scenarios.

Since only one ensemble member is used for each model, the inter-model differ-
ences in Fig. 2.39a could originate from two possible sources, i.e., different responses
of different models to the same prescribed forcing, or the internal variability of
the air–sea coupled system. Given that multiple ensemble members are available
only for a few models, Fig. 2.39b shows the projected changes of WNPSH inten-
sity at 850 hPa by multiple ensemble members of three typical models in which
multiple ensemble members are available. These three models are IPSL-CM5A-
LR, MIROC5, and MPI-ESM-LR, which show unchanged, enhanced, and weak-
ened WNPSH intensity, respectively. It is evident that the diversity (or spread) is
small among different ensemble members of a given model, but the results are quite
different among different models (Fig. 2.39b). This suggests that the inter-model
diversity in Fig. 2.39a is mainly due to different responses of different models to the
same prescribed forcing, rather than due to internal variability of the system.
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To investigate why different models respond differently to the same prescribed
external forcing, inter-model regressions of the projected changes in SST, precipita-
tion, and tropospheric temperature (TT) onto the projected changes inWNPSH inten-
sity are shown in Fig. 2.40a and b. The models with an increase of 850-hPa WNPSH
intensity are usually associated with stronger warming in the tropical Indian Ocean
and weaker warming in the western tropical Pacific Ocean. The stronger warming in
the tropical IndianOcean is associatedwith a local positive precipitation anomaly and
a warm tropospheric temperature anomaly emanating from the tropical Indian Ocean
and extending into the Pacific Ocean (Fig. 2.40b), suggesting that the atmospheric
anomalies are forced by warm SSTA in the tropical Indian Ocean. Previous studies
revealed that warm (cold) SSTA in the tropical Indian Ocean favors an anomalous
strong (weak)WNPSH at 850 hPa (Wu et al. 2009; Xie et al. 2009; Zhou et al. 2009),
consistent with our results shown here that a stronger amplitude of SST warming
in the tropical Indian Ocean favors an increase of WNPSH intensity under global
warming, and vice versa.

To further quantify how the changes in 850-hPa WNPSH intensity are associated
with the change in tropical SST, Fig. 2.40c–e shows the inter-model relation between

Fig. 2.40 a Inter-model regression of projected changes in SST (shading; K) and 850-hPa wind
onto projected changes in the intensity of 850-hPa WNPSH index. b Inter-model regression of
projected changes in precipitation (shading; mm day−1) and tropospheric temperature (contour)
onto projected changes in the intensity of 850-hPa WNPSH index. Stippling in a and b indicates
that the regressed SST and precipitation, respectively, exceed the 95% confidence level based on
the Student’s t-test. c–f Scatter diagrams for the inter-model relationship between changes in the
intensity 850-hPa WNPSH (x-axis) and changes in the SST over key oceanic regions (y-axis). The
x-axis in c–f is the changes in averaged SST in the tropics (c), averaged SST in the tropical Indian
Ocean (d), averaged SST in the western tropical Pacific (e), and the zonal SST gradient between
tropical Indian Ocean and western tropical Pacific (f). Dots and least square regression line in blue
(red) are for the RCP4.5 (RCP8.5) scenario. After He and Zhou (2015)
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the changes in WNPSH intensity with the changes in SST in the entire tropics, the
tropical Indian Ocean, and the western tropical Pacific. None of the inter-model
correlation coefficients are significant for these three key regions under eitherRCP4.5
or RCP8.5 scenario (Fig. 2.40c–e). However, the change in WNPSH intensity is
significantly correlated with the change in zonal SST gradient between the tropical
IndianOcean andwestern tropical Pacific (Fig. 2.40f),with an inter-model correlation
coefficient of 0.42 under RCP4.5 and 0.53 under RCP8.5, above the 95% confidence
level. If the outlier model of CSIRO-Mk3.6.0 (represented as “L” in Fig. 2.40f) is
removed, the above correlation coefficients rise to 0.64 and 0.57, respectively, both
exceeding the 99% confidence level. These results further suggest that the change
in the low-level WNPSH is associated with the change in the zonal SST contrast
between the tropical Indian Ocean and the western tropical Pacific Ocean.

The modulation of the Indo-Pacific zonal SST gradient on WNPSH intensity
can be confirmed by the idealized experiments of Community Atmospheric Model
version 4 (CAM4). If CAM4 is forced by both positive SSTAs in the tropical Indian
Ocean and in the western tropical Pacific, with the SSTA in the tropical Indian Ocean
being stronger, the model results show that the WNPSH is enhanced. In the inter-
model regressed SSTA shown in Fig. 2.40a, positive SSTAs are seen from the BOB
to SCS and eastern tropical Pacific, but the response of the WNPSH is weak if the
SSTAs in these regions are used to force CAM4 (He and Zhou 2015). Therefore, the
stronger (weaker) warming of the tropical Indian Ocean relative to that of the western
tropical Pacific under a global warming background favors an enhanced (weakened)
WNPSH in the lower troposphere.

It is well established that the interannual variation of WNPSH has a profound
impact on the East Asian rainfall pattern, but it is still unclear how the changes in
WNPSH under global warming impact the changes in East Asian rainfall pattern.
Among the 33 models, the models that project a significantly enhanced (weakened)
WNPSH are referred to as P-type (N-type models), respectively, under the RCP4.5
and RCP8.5 scenarios (Table 2.6). The composite projected changes in precipitation
and 850-hPa wind over eastern China for the P-type and N-type models are shown
in Fig. 2.41. Under both RCP4.5 and RCP8.5 scenarios, the P-type models consis-

Table 2.6 List of the models with a significant increased (decreased) intensity of 850-hPaWNPSH
under RCP4.5 and RCP8.5 scenarios. The models with a significant increase (P-type) or decrease
(N-type) in WNPSH intensity under both RCP4.5 and RCP8.5 scenarios are marked in boldface

P-type N-type

RCP4.5 BNU-ESM, FGOALS-g2, HadGEM2-AO,
IPSL-CM5A-MR, MIROC-ESM,
MIROC-ESM-CHEM, MIROC5

CMCC-CM, inmcm4,
IPSL-CM5B-LR, MPI-ESM-LR

RCP8.5 FGOALS-g2, GISS-E2-H, GISS-E2-R,
HadGEM2-CC, IPSL-CM5A-MR,
MIROC-ESM, MIROC-ESM-CHEM,
MIROC5, NorESM1-M

CMCC-CM, inmcm4,
IPSL-CM5B-LR, MPI-ESM-LR
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Fig. 2.41 Composite changes in summer rainfall (shading; mm day−1) and 850-hPa wind (vectors;
m s−1) based on the models with a significant enhancement of 850-hPa WNPSH under RCP4.5
a and RCP8.5 c scenarios. b, d Same as (a, c), except for the composite of the models with a
significant reduction of 850-hPa WNPSH intensity. Stippling indicates all of the P-type (or N-type)
models agree in the sign of changes in the precipitation. After He and Zhou (2015)

tently project enhanced precipitation over the northern part of eastern China, associ-
ated with strengthened monsoon southerly wind, but the N-type models consistently
project enhanced precipitation over the southern part of eastern China, associated
with weakened monsoon southerly wind.

Based on the above analyses, theWNPSH is weakened in themid-troposphere but
shows great inter-model uncertainty in the lower troposphere under anthropogenic
GHG forcing. The weakenedWNPSH in the mid-troposphere results from the weak-
ened meridional temperature gradient constrained by the thermal wind relationship,
and the change in WNPSH in the lower troposphere depends on the changes in
the zonal SST gradient between the tropical Indian Ocean and tropical WNP. The
WNPSH tends to be enhanced (weakened) in the models with a stronger (weaker)
warming over the tropical Indian Ocean than that over the western tropical Pacific
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Ocean, which favors enhanced summer precipitation over the northern (southern)
part of eastern China. However, the MME of the changes in WNPSH in the lower
troposphere is nearly zero.

Although geopotential height is a widely used metric for theWNPSH, it is subject
to a systematic rising trend under a warming climate. Since atmospheric circulation
is determined by the horizontal gradient of geopotential height, not by its absolute
value, the strong rising trend of geopotential height may give rise to misleading
information if the WNPSH is measured by the magnitude of geopotential height in
a warming climate. Here, we propose an operational metric for the WNPSH based
on eddy geopotential height, to overcome the difficulties in real-time monitoring
of the WNPSH. We suggest that the operational metric for the intensity, area, and
western boundary indices of the WNPSH be defined by using eddy geopotential
height and the contour of He = 0 m, instead of using geopotential height and the
contour of H = 5880 m. Compared with the traditional operational metric based on
geopotential height, the newmetric based on eddy geopotential height shows a much
better performance under a warming climate (He et al. 2018).

2.5.3 Responses of Subtropical Anticyclones to Global
Warming

The subtropical oceans are controlled by large-scale anticyclonic circulations in
summer. As shown in Fig. 2.42a, there are five major subtropical anticyclones glob-
ally, including the North Pacific subtropical anticyclone (NPSA) and the North
Atlantic subtropical anticyclone (NASA) in the boreal summer, and the South
Pacific subtropical anticyclone (SPSA), the South Atlantic subtropical anticyclone
(SASA), and the South Indian Ocean subtropical anticyclone (SISA) during the
austral summer. The WNPSH is the western section of the NPSA. As consistently
shown by reanalysis data and model simulations, the anticyclonic vorticity spreads
over the entire subtropical oceans, but the subsidence and low-level divergence are
confined to the eastern part of the subtropical ocean (Fig. 2.42).

The projected changes in wind, relative vorticity, divergence at 925 hPa, and the
vertical velocity at 700 hPa are shown in Fig. 2.43. Over the North Pacific Ocean, the
projected change in wind is characterized by westerly wind anomaly south of 30° N,
easterly wind anomaly near 40° N, and southerly wind anomaly along the western
coast of North America (Fig. 2.43a). These wind anomalies constitute an anoma-
lous cyclone around the center of NPSA, suggesting that the anticyclone circulation
associated with NPSA is weakened under global warming. The projected change
in relative vorticity at 925 hPa is characterized by positive anomalies along 30° N
over the subtropical North Pacific Ocean, opposing the mean state negative relative
vorticity (Fig. 2.43b), consistent with the weakened anticyclonic circulation. The
projected changes in subsidence and low-level divergence are also opposite to their
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Fig. 2.42 Observed and simulated MMEmean state for the 20C, showing the boreal summer (JJA)
for the Northern Hemisphere and the austral summer (DJF) for the Southern Hemisphere. The
variables include a wind (m s−1) at 925 hPa, b relative vorticity (10−6 s−1) at 925 hPa, c divergence
(10−6 s−1) at 925 hPa, and d vertical velocity (10−2 Pa s−1) at 700 hPa. The wind in a and the
shading in b–d are based on the NCEP/NCAR reanalysis data, and the contours in b–d are based
on the MME of the simulations. After He et al. (2017)

mean states (Fig. 2.43c, d). All these results suggest that the intensity of NPSA is
weakened under global warming.

The projected change in thewind of the subtropicalNorthAtlantic is characterized
by an anomalous cyclonic curl off the western coast of Africa, and an anticyclone
anomaly in the central to thewestern part of the subtropicalNorthAtlanticOcean. The
projected changes in relative vorticity, divergence at 925 hPa, and vertical velocity at
700 hPa consistently show that the subsidence, anticyclone wind curl, and low-level
divergence are weakened at the southeastern part of the subtropical North Atlantic
Ocean, but enhanced over the northwestern part. These changes suggest that NASA
shifts northwestward under global warming, consistent with the finding of Shaw and
Voigt (2015). It is difficult to say, however, if NASA is enhanced or weakened based
on Fig. 2.43.

In the subtropical South Pacific during the austral summer, the projected changes
in relative vorticity, divergence, and vertical velocity consistently suggest that the
NPSA is weakened in the eastern part of the ocean but enhanced in the central part of
the ocean. These results suggest that the SPSAshiftswestward under globalwarming.
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Fig. 2.43 Differences between 21C of RCP8.5 experiments and 20C of the historical experiments,
for wind (m s−1) at 925 hPa (a), relative vorticity (10−6 s−1) at 925 hPa (b), divergence (10−6 s−1)
at 925 hPa (c), and vertical velocity (10−2 Pa s−1) at 700 hPa (d). The MME-projected changes
agreed by more than 70% of the individual models are indicated by shading in (a) and by stippling
in (b–d). Black and white contours in b–d are the characteristic contours for the boundary of the
subtropical anticyclones in the 20C and 21C, respectively, including the 6 × 10−6s−1 contour
for relative vorticity (−6 × 10−6s−1 for the Northern Hemisphere), the 1 × 10−6s−1 contour for
divergence, and the 2 × 10−2 Pa s−1 for vertical velocity. After He et al. (2017)

In the subtropical South Atlantic Ocean, the signs of the projected changes in rela-
tive vorticity, divergence, and vertical velocity are all opposite to their mean states,
suggesting that both SASA and SISA are weakened under global warming. Mean-
while, the projected changes in relative vorticity, divergence, and vertical velocity
consistently have the same sign as their mean states over a small area on the southern
tip of the subtropical anticyclone (near 40° S), suggesting a poleward shift of the
subtropical anticyclone over the Southern Hemisphere under global warming.

To quantitatively measure the intensity changes for the five subtropical anticy-
clones, we introduce an intensity index. According to the Stokes law of circula-
tion, the strength of the rotational flow along the boundary of a domain equals the
integrated vorticity within the domain, and the strength of the divergent flow out
of the boundary of a domain equals the integrated divergence within the domain.
The location and boundary for each subtropical anticyclone are identified over each
basin for the 20C and 21C, respectively, shown as the black (white) contours for
the 20C (21C) in Fig. 2.43b–d. Different domains are used for the 20C and 21C in
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a contour-following perspective, to extract the change of intensity of the subtrop-
ical anticyclones independent of their location changes. The characteristic contours
taken as the boundary of the subtropical anticyclones are the 6 × 10−6 s−1 contour
for relative vorticity (−6 × 10−6 s−1 contour in the Northern Hemisphere), the 1
× 10−6 s−1 contour for divergence, and the 2 × 10−2 Pa s−1 contour for vertical
velocity. The Vot925 index for the subtropical anticyclone over each basin is defined
as the integrated relative vorticity within the domain enclosed by the black (white)
contour in Fig. 2.43b for the 20C (21C) over each basin. The Div925 index for the
subtropical anticyclone over each basin is defined as the integrated divergence within
the domain enclosed by the black (white) contour in Fig. 2.43c for the 20C (21C)
over each basin. The W700 index is defined in a similar fashion.

The percentage changes in the intensity of the five subtropical anticyclones based
on the Vot925 index, the Div295 index, and the W700 index are shown in Fig. 2.44,
scaled and unscaled by the amplitude of global warming. These three indices consis-
tently show that the NPSA, SASA, and SISA are weakened, whereas NASA and

Fig. 2.44 Percentage (%) of intensity change for the five subtropical anticyclones, based on the
Vot925 index (a), Div925 index (b), and W700 index (c). d–f Same as (a–c), except the projected
changes are scaled by the amplitude of tropical warming (30° S–30° N; % K−1). The blue bars
indicate the MME, and the thin black whiskers indicate 30% and 70% percentiles of the individual
models, respectively. After He et al. (2017)
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SPSA are enhanced under global warming. The averaged intensities for the five
subtropical anticyclones are reduced based on all three indices. There is some uncer-
tainty for the SPSA, in which the change in the W700 index is inconsistent with the
changes in the Vot925 and Div925 indices. Among the five subtropical anticyclones,
the reduction of the NPSA intensity is the largest, reaching about 5% per degree of
the mean state warming.

To investigate the mechanism for the changes in the intensity of the subtropical
anticyclones, diagnoses are performed based on the thermodynamic equation of the
atmosphere. Since we only focus on the mean state, the temporal tendency terms can
be omitted. The resulting thermodynamic equation can be written as follows:

−V · ∇T + Sw + Q = 0 (2.2)

whereV, T, S,ω, andQ represent horizontal wind vector, temperature, static stability,
vertical velocity, and diabatic heating, respectively. Designating the climatology in
20C with a bar and the difference between 21C and 20C with a prime, the difference
between 21C under RCP8.5 and 20C is expressed by

−V′ • ∇ T̄ + S̄ω′ − V̄ • ∇T ′
m − V̄ • ∇T ′

e + S′
m ω̄ + S′

eω̄ − V′ • ∇T ′ + S′ω′ + Q′ + Res = 0 (2.3)

where the change in thermodynamic variables (T and S) are decomposed as the zonal
mean of change and the deviation from the zonal mean change, i.e., T ′ = T ′

m + T ′
e ,

S′ = S′
m + S′

e. Equation (2.3) consists of 10 terms, and the first two terms are
associated with changes in the atmospheric circulation.

To examine which terms balance the effect of changes in atmospheric circulation,
we show the patterns of the 10 terms in Eq. (2.3), based on the MME of CMIP5
models (Fig. 2.45). It is obvious that the change of atmospheric circulation is essen-
tially balanced by two terms associated with thermodynamics. The first term is the
advection of stratification change by the mean state circulation (S′

mω̄, referred to as
MASC following Ma et al. 2012). The second term is the nonuniform change of
diabatic heating (Q’).

The amplitude of warming in the upper troposphere is greater than that in the
lower troposphere in the tropics under a warming climate, due to moist adiabatic
adjustment (Knutson and Manabe 1995), giving rise to an increase of the mean
state static stability. The direct effect of the increased static stability is enhanced
adiabatic heating over the climatological subsidence region, even if the intensity of
descending motion is unchanged, as shown in Fig. 2.45e. According to Ma et al.
(2012), the enhanced adiabatic heating acts to reduce the intensity of the subsidence.
Meanwhile, the change in diabatic heating over the subtropical Northern Hemisphere
is characterized by a zonal wavenumber-one pattern, with enhanced Q’ over the
central–western subtropical Pacific and weakened Q’ over the subtropical Atlantic,
and Q’ is substantially weakened over the central subtropical South Pacific Ocean
(Fig. 2.45i).
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Fig. 2.45 Patterns for the vertical integration of each of the 10 terms in Eq. (2.3) (K day−1), as
diagnosed by the MME of the differences between the 21C in RCP8.5 experiments and the 20C in
the historical experiments. Stippling indicates the projected sign of change is agreed upon by more
than 70% of the models. After He et al. (2017)
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Two essential questions need to be answered to understand the mechanism. Why
is the change in diabatic heating characterized by a strong zonal asymmetry? Can the
change of the subtropical anticyclones be explained by MASC and/or by the change
in diabatic heating?

To answer the first question, the projected changes in latent heating and residual
heating are shown in Fig. 2.46a and b,where the residual heating is defined as the total
diabatic heatingminus the latent heating.By comparing the latent heating (Fig. 2.46a)
and the residual heating (Fig. 2.46b), it becomes apparent that the residual term is
negligible. Therefore, the change in latent heating should be similar to the change
in total diabatic heating in both magnitude and spatial pattern, by definition. This
suggests that the change in Q’ is mainly contributed by the latent heating associated
with changes in precipitation. In fact, the change in summer precipitation resembles
the latent heating (Fig. 2.46c), with a center for enhanced precipitation and enhanced
latent heating over the northwestern subtropical Pacific, conforming the “richest-
get-richer” mechanism (Zhang and Li 2017). The reduced precipitation over the
subtropical North Atlantic and South Pacific can be explained by the relatively weak
SST warming over these two basins. The projected change in SST (with zonal mean
removed) is characterized by a local minimum over the subtropical North Atlantic
and South Pacific (Fig. 2.46d), which well explains the reduction of precipitation

Fig. 2.46 MME-projected changes in latent heating (a; K day−1), residual heating (b; K day−1),
precipitation (c; mm day−1), and SST (d; K) of 21C with respect to 20C. The contemporary zonal
mean value is removed for SST before calculating its change. Stippling indicates the projected sign
of change is agreed upon by more than 70% of the models. After He et al. (2017)
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over these two ocean basins, conforming the “warmer-get-wetter, colder-get-drier”
mechanism (Xie et al. 2010).

To answer the second question, we look at the relative contributions of MASC
and change in diabatic heating (Q’) on the changes in the subtropical anticyclone
over each ocean basin. To proceed, a linear baroclinic model (LBM) is adopted
to examine the response of atmospheric circulation to prescribed heating. The 3-
dimensional anomalies of MASC and Q’ (whose vertical integrated patterns are
shown in Fig. 2.44) are prescribed to force the LBM. The LBM is integrated for
50 days to reach its equilibrium. The equilibrium responses of wind and relative
vorticity at 925 hPa are shown in Fig. 2.47a–c, and the quantitative change of the
intensity for the subtropical anticyclone is shown in Fig. 2.47d. Under the forcing
of MASC, the intensities of all five subtropical anticyclones are weakened. Under
the forcing of Q’, the NASA and SPSA are enhanced, the NPSA is weakened, and
the changes for the other two subtropical anticyclones are unclear. NPSA shows the
strongest tendency toward weakening because both MASC and Q’ act to weaken it.
Over the North Atlantic and the South Pacific, the effect of Q’ overwhelms MASC,
and the subtropical anticyclones over these two ocean basins are enhanced. The
SASA and SISA are weakened because MASC dominates over these two ocean
basins whereas the contribution from Q’ is small.

Fig. 2.47 Responses of wind and relative vorticity (10−6 s−1) at 925 hPa to MASC a and Q’
b simulated by the LBM. c The sum of the responses shown in (a) and (b). d The simulated
responses of the intensity of each subtropical anticyclone to the forcing of MASC and Q’ and their
sum. After He et al. (2017)
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In summary, the responses of the subtropical anticyclones to global warming
under anthropogenic GHG forcing are controlled by two factors: the enhanced static
stability of the troposphere and the change in diabatic heating. The enhanced static
stability of the tropical troposphere acts to induce stronger adiabatic heating over
the subsidence region, and it acts to weaken all five subtropical anticyclones. The
nonuniform change of diabatic heating is dominated by latent heating associatedwith
the nonuniform changes in precipitation. The diabatic heating is enhanced over the
northwestern subtropical Pacific possibly due to the “richest-get-richer” mechanism,
and it furtherweakens theNPSA.The amplitude of SSTwarming is characterizedby a
local minimum over the subtropical North Atlantic and the subtropical South Pacific,
which favors reduced local precipitation and latent heating and further enhances
the subtropical anticyclones over these two ocean basins. The combined effect of
increased static stability and the change in diabatic heating is the enhanced NASA
and SPSA and the weakened NPSA, SASA, and SISA, with the largest reduction in
the intensity of NPSA.

2.6 Response of SCSSM Onset to Global Warming

The SCSSM is one of the most important components of the EASM system. It
exhibits pronounced interannual and interdecadal variation. Global warming is an
indisputable fact, and it exerts remarkable impacts on the global climate system
and atmospheric circulation. Dong et al. (2016) studied the CMIP5-simulated ASM
onset, duration, and intensity in the current and future climates based on 26 CMIP5
models. Their results show that a majority of the models tend to suggest delayed
onset for the South Asian summer monsoon in the eastern tropical Indian Ocean and
Indochinese Peninsula and its nearby region under global warming, primarily due
to weakened tropical circulations and eastward shift of the Walker circulation. The
early onset over the AS and part of the Indian subcontinent in a number of the models
are related to an enhanced southwesterly flow in the region. Weak changes in the
other domains are from the offsetting results among the models, with some models
showing earlier onsets but others showing delayed onsets. There is a significant
discrepancy of the averaged onset dates among the models, and large uncertainty
exists in model-simulated changes in onset/retreat dates. Their study stresses the
importance of SST warming patterns over both tropical Pacific and Indian Oceans
in affecting the modeling results. However, as a component of the EASM system,
the SCSSM response to global warming is still not well understood in many respects
and is the focus of this section.
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Table 2.7 List of 22 CMIP5 models

BCC-CSM1.1 BCC-CSM1.1 M BNU-ESM CanESM2 CCSM4

CNRM-CM5 CSIRO-Mk3.6.0 FGOALS-g2 GFDL-CM3 GFDL-ESM2G

HadGEM2-CC INM-CM4 IPSl-CM5A-LR IPSL-CM5A-MR IPSL-CM5B-LR

MIROC5 MIROC-ESM MPI-ESM-LR MPI-ESM-MR MRI-CGCM3

MRI-ESM1 NorESM1-M

2.6.1 Models, Data, and Method

To analyze the response of SCSSM onset to global warming, we adopt a total of
22 CMIP5 models (Table 2.7). We use their historical experiments and RCP8.5
experiments (Taylor et al. 2012). Detailed descriptions of models and data are avail-
able at http://cmippcmdi.llnl.gov/cmip5/guide_to_cmip5.html. The late twenty-first
century (2050–2099) outputs of RCP8.5 experiments are compared with the late
twentieth century (1950–1999) outputs of historical experiments, and the multi-
model ensemble of the difference between RCP8.5 and historical experiments is
considered as the response to global warming. The ERA-40 reanalysis data for 1958–
2001 (Uppala 2002) provided by the European Centre for Medium-Range Weather
Forecasts (ECMWF) are adopted for a brief evaluation of the model results.

In the present study, starting from the definition of SCSSM onset by Lin et al.
(2013a),wefirst revise the criteria for the SCSSMonset as follows: based on the zonal
wind, when both 850-hPa westerlies and 250-hPa easterlies prevail simultaneously
and continuously over the domain of the SCS (110°–120° E, 5°–17.5° N) for five
days or longer, the first day is defined as SCSSM onset date.

2.6.2 SCSSM Onset in CMIP5 Historical Experiments

The SCSSM ismarked by the southwesterly and northeasterly prevailing at lower and
upper levels over the SCS, respectively. Figure 2.48 shows themodel-simulatedmean
seasonal evolutionof 850- and250-hPa zonalwinds (hereafter referred to asU850and
U250, respectively) over the SCSSM domain. The ERA-40 reanalysis data (marked
with “Obs”) show that U850 turns from easterly to westerly at Pentad 28 (May 16–
20) climatologically, while U250 changes from westerly to easterly at Pentad 24 in
spring. This seasonal evolution of zonal winds at low and upper levels from obser-
vations is mostly reproduced by MME average of the 22 CMIP5 models, although
there are differences in the timing of zonal wind reversal and the amplitude of zonal
wind itself. There are some discrepancies among these models. For example, some
models, including MRI-CGM3, MRI-ESM1, BCC-CSM1-1-M, CSIRO-MK3.6.0,
HADGEM2-CC, and IPSL-CM5B-LR have a large simulated amplitude of U850.

http://cmippcmdi.llnl.gov/cmip5/guide_to_cmip5.html
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Fig. 2.48 Climatological mean seasonal evolution of U850 (red curve) and U250 (blue curve)
(m s−1) from ERA-40 reanalysis (Obs), MME average, and 22 CMIP5 models. The x-axis is time
(Pentad; each calendar month is divided into six pentads, with five days a pentad, and the sixth
pentad covers the rest days from 3 to 6 days)

A fewmodels, including BCC-CSM1-1, IPSL-CM5A-MR, CSIRO-MK3.6.0, IPSL-
CM5A-LR,PSL-CM5B-LR,BNU-ESM, andMIROC5have a large simulated ampli-
tude of U250 before the reversal from westerly to easterly. MIROC-ESM presents
poor simulation of both U850 and U250 seasonal evolution. Therefore, this model is
removed from the 22 CMIP5 models for the rest of this study. Because the RCP8.5
daily data from the CCSM4 is unavailable, the CCSM4 is also removed from further
discussion. As a result, we use 20 CMIP5 models in this section.
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Fig. 2.49 MMEmean seasonal evolutions of U850 (blue line), U250 (black line), and U850 minus
U250 (m s−1) from 20 CMIP5 models of RCP8.5 and historical runs. The x-axis is calendar
date (days from January 1)

2.6.3 Response of SCSSM Onset to Global Warming

(1) MME Mean Changes in SCSSM Onset

Figure 2.49 shows the temporal evolution of MME U850 and U250 over the SCS in
the onset stage of SCSSM from the historical runs and RCP8.5 runs. Although U250
shows a delayed reversal from westerly to easterly over the SCS in the RCP8.5 runs
compared with that in the historical runs, there is almost no change in the timing
of U850 reversal. It implies that there is no significant change in the onset date of
SCSSM under the global warming of the RCP8.5 Scenario. This is confirmed by the
MME onset dates estimated based on the RCP8.5 runs and historical runs (Fig. 2.50),
respectively. The MME average displays a delayed onset by only one day between
RCP8.5 and the historical runs, indicating no distinct change of SCSSM onset under
global warming. Twelve of the 20 models showed delayed onset, while five models
display early onset. The FGOALS-g2 model displays the largest delayed onset by
27 days among the 20 models, and this change is so exceptional that we also exclude
the FGOALS-g2 model for the rest of the discussion.

Although the aforementioned results indicate no significant change of SCSSM
onset in the MME average of the 20 CMIP5 models, a large discrepancy exists
in model-simulated changes in the SCSSM onset date. Therefore, it is necessary to
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Fig. 2.50 Model onset dates of SCSSM in RCP8.5 (red diamond) and historical (blue square) runs.
The y-axis is onset date (days from January 1)

examine the performance of circulation simulation by differentmodel groups closely,
to provide some guidance for model improvement. For this purpose, we screen the
models of the delayed onset and early onset groups according to the criterion of
onset change amplitude greater than half of the standard deviation from the change
of onset dates of all 19 models (Fig. 2.51a). The early onset group includes five
models (inmcm4, NorESM1-M, CanESM2, GFDL-CM3, and MIROC5) with an
averaged 6-day change, and the delayed onset group includes six models (MRI-
CGCM3, MRI-ESM1, CNRM-CM5, CSIRO-Mk3.6.0, IPSL-CM5A-LR, and IPSL-
CM5B-LR) with an averaged 7-day change. The SCSSM onset process is closely
associated with the reversal of the meridional gradient of temperature (MGT) in the
mid- and upper levels of the troposphere over the SCS (Jian and Luo 2001; Wu and
Wang 2001). The changes in the reversal date of MGT in the RCP8.5 runs compared
to those in the historical runs from all 19 models are presented in Fig. 2.51b. The
two curves in Fig. 2.51a and b are consistent with each other, indicating the reversal
of MGT is crucial to the SCSSM onset.

(2) Simulated Changes in Circulation for Early Onset Cases of SCSSM

Figure 2.52a shows the evolutions of U850 and U250 for the early onset of SCSSM
from the five selected models. In May (days 121–151), there is a distinct earlier
reversal of U850 from easterly to westerly in RCP8.5 than in the historical exper-
iments, while no change is observed in U250. However, the U850 of the early
onset group has a later reversal from easterly to westerly than the MME average
in the historical experiments (Fig. 2.52c), while the U250 of the early onset group
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Fig. 2.51 Standardized series of simulated changes in onset date of SCSSM in RCP8.5 compared
to those of the historical experiments (a) and in terms of reversal date of meridional gradient of
temperature (MGT) between (110°–120° E, 20°–25° N) and (110°–120° E, 2.5° S–2.5° N) in the
layer 500–250 hPa (b)

has an earlier reversal from westerly to easterly than the MME average in RCP8.5
(Fig. 2.52d).

The change of SCSSM onset date is closely associated with the change of sea–
land thermal contrast, which exerts influence on the thermal state of the troposphere.
Figure 2.53 displays the seasonal evolution of MGT over the SCSSM region in the
historical runs and RCP8.5 runs for the simulated early onset cases, together with the
MME results of 19 CMIP5 models. First of all, the results from the early onset cases
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Fig. 2.52 Seasonal evolutions of climatologicalmeanU850 andU250 (m s−1). aEarly onset group;
b MME average; c historical runs; and d RCP8.5 runs (his: historical; rcp: RCP8.5: E: early; and
M: MME). The x-axis is calendar date

display a prominent earlier reversal of MGT from negative to positive consistently in
the layer 900–400 hPa in RCP8.5 than in the historical runs, and show larger changes
of reversal time in the layer 900–700 hPa than in the rest of troposphere, no matter
whether it is the absolute composite (Fig. 2.53a) or the relative composite (Fig. 2.53b).
This is favorable to an early transition of U850 (Fig. 2.54a), and contributes to a 5-
day early onset of SCSSM in RCP8.5 on day 145 (or May 25), accompanied by an
eastward withdrawal of the WNPSH (Fig. 2.54b). For the historical runs, the onset
is on day 150 (or May 30) (Fig. 2.54c). The MME-averaged results in Fig. 2.53c
and d shows weak changes in MGT reversal timing with the earlier reversal in lower
levels but delayed reversal in mid- to upper levels, which is the reason why there is
no distinct change in SCSSM onset dates between RCP8.5 runs and historical runs.

(3) Simulated Changes in Circulation for Delayed Onset Cases of SCSSM

The evolutions of U850 and U250 for the delayed onset of SCSSM from the six
selected models are shown in Fig. 2.55a. In May (days 121–151), there is a distinct
delayed reversal of U250 from westerly to easterly in RCP8.5 than in the historical
runs, while a weak delayed change is observed U850. However, the U850 of the
delayed onset group has an earlier reversal from easterly to westerly than the MME
average in the historical experiments (Fig. 2.55c), while the U250 of the delayed
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Fig. 2.53 Height-time sections ofMGTbetween (110°–120° E, 20°–25°N) and (110°–120° E, 2.5°
S–2.5° N) in the historical runs and RCP8.5 runs. a Early onset group with calendar date; b early
onset group with relative composite date; c MME average with calendar date; and d MME average
with relative composite date. Blue and red lines are the zero line of MGT, and minus and plus signs
denote negative and positive MGTs, respectively (his: historical; rcp: RCP8.5). The x-axis in the
left panels denotes calendar date from January 1. The x-axis in the right panels denotes composite
date with “0” referring to the onset date of SCSSM

onset group has a later reversal from westerly to easterly than the MME average in
RCP8.5 (Fig. 2.55d), which is different from the results of the early onset group.

Figure 2.56 displays the seasonal evolution of MGT over the SCSSM region in
the historical runs and RCP8.5 runs for the simulated delayed onset cases. First of all,
the results from the delayed onset cases display a prominent later reversal of MGT
from negative to positive consistently in the layer 750–250 hPa in RCP8.5 than in
the historical runs, and show large changes of reversal time in the upper layer 400–
250 hPa, while there exists an early reversal in the lower layer, no matter whether
it is the absolute composite (Fig. 2.56a) or the relative composite (Fig. 2.56b). This
is favorable to a delayed transition of U250 (Fig. 2.55a), and contributes to a 7-day
delayed onset of SCSSM in RCP8.5 on day 147 (May 27), accompanied by the
eastward withdraw of the WNPSH (Fig. 2.57b). For the historical runs, the onset is
on day140 (May 20) (Fig. 2.57c).
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Fig. 2.54 Composite 850-hPa circulation simulated by five early onset models. a Day 145 (May
25) in the historical runs; b day 145 (May 25) in RCP8.5 runs; c day 150 (May 30) in the historical
runs; d day 150 (May 30) in RCP8.5 runs. Solid contour and dashed line indicate the subtropical
high and its ridge, respectively

2.7 Summary

In this chapter, we discussed issues associated with the characteristics of the spring–
summer atmospheric circulation transition over the SCS and its surrounding regions
and their responses to global warming. Themain findings are summarized as follows.

The transition over the SCS and its surrounding regions mainly consists of two
leading modes. The first leading mode is a large-scale circulation transition mode,
which indicates the seasonal variation of large-scale atmospheric circulation and the
evolution of the convection in the AS and the BOB during the transition. The second
leadingmode is an ISOmode. The onset of the ASM is under the combined influence
of both large-scale circulation transition mode and ISO mode.

TheMJO in thewesternPacific phase is favorable to the onset of SCSSM,while the
MJO in the IndianOcean phase is unfavorable to the onset of SCSSM.When theMJO
is in thewestern Pacific phase,more latent heat is released from enhanced convection,
resulting in an anomalous cyclonic circulation in the low-level troposphere over
the SCS–Northwest Pacific as a Rossby wave response. The anomalous cyclonic
circulation is favorable for the eastward retreat of the subtropical high. On the other
hand, the heat source over the Philippines promotes the establishment of the SAH
over the Indochinese Peninsula and the northern SCS, and causes the wind to change
to the easterly over the SCS in the upper-level troposphere, which is also conducive
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Fig. 2.55 Seasonal evolutions of climate mean U850 and U250 (m s−1). a Delayed (late) onset
group; b MME average; c historical runs; and d RCP8.5 runs (his: historical; rcp: RCP8.5; L: late;
and M: MME). The x-axis is calendar date (days from January 1)

Fig. 2.56 Same as Fig. 2.53, except for the delayed onset group
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Fig. 2.57 Composite 850-hPa circulation simulated by six delayed onset models. a Day 140 (May
20) in the historical runs; b day 140 (May 20) in RCP8.5 runs; c day 147 (May 27) in the historical
runs; and d day 147 (May 27) in RCP8.5 runs. Solid contour and dashed line indicate the subtropical
high and its ridge, respectively

to the onset of SCSSM. When the MJO is in the Indian Ocean phase, the western
tropical Pacific changes to a cold source because of the weakening of convection,
which is not conducive to the SCSSM onset. The years during which inconsistency
exists between SCSSMonset date and SST signal are basically due to the influence of
MJO and the cyclonic circulation over the BOB during the seasonal transition period.
The MJO activity and cyclonic circulation over the BOB together with interannual
SST signals influence the SCSSM onset.

Under the anthropogenic GHG forcing, the response of the WNPSH in the lower
troposphere to global warming is different from that in the mid-troposphere. The
WNPSH is weakened in the mid-troposphere but shows no change in the lower
troposphere,with great inter-model uncertainty under globalwarming.Theweakened
WNPSH in the mid-troposphere results from the weakened meridional temperature
gradient, and the change in the WNPSH in the lower troposphere depends on the
changes in the zonal SST gradient between the tropical Indian Ocean and western
tropical Pacific Ocean. TheWNPSH tends to be enhanced (weakened) in the models
with a stronger (weaker) warming in the tropical Indian Ocean than in the western
tropical PacificOcean,which favors enhanced summerprecipitationover the northern
(southern) part of eastern China. However, the MME of the changes in the WNPSH
in the lower troposphere is nearly zero. The response of the subtropical anticyclones
to global warming under anthropogenic GHG forcing is controlled by two factors:
the enhanced static stability of the troposphere and the change in diabatic heating.
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The combined effect of increased static stability and the change in diabatic heating
results in the enhancedNASA and SPSA and theweakenedNPSA, SASA, and SISA,
with the strongest reduction in the intensity of NPSA.

The onset date of SCSSM shows no significant response to global warming. Large
inter-model discrepancies exist in the model-simulated SCSSM onset date.
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Chapter 3
Air–Sea Interactions and Climate
Variability Over the South China Sea
and the Adjacent Regions

The South China Sea is a part of the tropical Indo-western Pacificwarm pool. Air–sea
interactions on various time scales have been identified in the South China Sea region
(Wang et al. 1997; Liang and Wu 2000; Wu and Wang 2001; Wu 2002; Xie et al.
2007a; Wu 2010). On an interannual time scale, the air–sea interaction processes
over the South China Sea and tropical western North Pacific play an important role
in the maintenance of an anomalous anticyclone over the Philippine Sea during the
decaying phase of El Niño events, which forms initially due to the remote El Niño–
Southern Oscillation (ENSO) forcing (Wang et al. 2000, 2003; Wu et al. 2003). The
East Asian winter monsoon variability may induce sea surface temperature (SST)
anomalies in the South China Sea region in boreal winter, which may maintain to
the succeeding summer through local air–sea coupled processes and affect the East
Asian summer monsoon variability (Chen et al. 2000; Chen 2002; Wu et al. 2014).
Thus, SST anomalies in the South China Sea act as a connection between the East
Asian winter and summer monsoons. On the intraseasonal time scales, local air–sea
interaction processes in the South China Sea may affect the phase transition and
propagation of the intraseasonal oscillations (ISOs) and the summer monsoon onsets
(Wu and Wang 2000; Wu 2002, 2010; Roxy and Tanimoto 2012; Ye and Wu 2015).

Being located between the Pacific and Indian Oceans, the South China Sea acts as
a channel connecting climate systems in the surrounding regions. On the one hand,
the climate variability in the South China Sea is affected by the thermal status of the
Pacific and Indian Oceans (Wang et al. 2000; Xie et al. 2009; He and Wu 2014; He
et al. 2016). On the other hand, the thermal status of the South China Sea may induce
anomalous heating in the overlying atmosphere that may in turn affect the climate in
the surrounding countries and over East Asia through atmospheric teleconnections
(Nitta 1987; Huang and Sun 1992; Wang et al. 2001). So, the South China Sea is a
medium in the influence of the tropical central–eastern Pacific and the tropical Indian
Ocean on the East Asian climate variability. The South China Sea is a junction of the
East Asian monsoon, the South Asian monsoon, the western North Pacific monsoon,
and the Australian monsoon. On the one hand, the climate variability over the South
China Sea is connected to the variability of those monsoons. On the other hand, the
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South China Sea climate variability may play a role of bridging the climate among
those monsoon systems. Tao and Chen (1987) indicated that the South Asian and
Australian monsoons are linked to the East Asian monsoon through the climate over
the South China Sea. In boreal winter, the cold surges associated with the East Asian
winter monsoon activity may be channeled through the South China Sea and affect
the convection over the Maritime Continent and the Australian summer monsoon
variability (Chang and Chen 1992). In boreal summer, the ISOs originated from the
tropical western Pacific may move westward through the South China Sea to the
Indochinese Peninsula, the Bay of Bengal, and even India (Annamalai and Slingo
2001; Kemball-Cook and Wang 2001).

There exist interconnections among variations on different time scales over the
SouthChina Sea and tropicalwesternNorth Pacific. The interannual anomalies in this
region may affect the background fields for the formation and movement of tropical
cyclones over the western North Pacific (Chen et al. 1998; Wang and Chan 2002;
Camargo et al. 2007; Wu et al. 2012a, b; Cao et al. 2014). The tropical cyclones tend
to form during the wet phase of the ISOs, and the wet intraseasonal phase guides
the movement of tropical cyclones (Zhu et al. 2004; Kim et al. 2008; Chen and
Huang 2009; Sun et al. 2009; Mao and Wu 2010; Pan et al. 2010; Huang et al. 2011;
Feng et al. 2013; Li et al. 2013). The seasonal mean change induced by interannual
anomalies modulates the intensity of ISOs (Kajikawa and Yausnari 2005; Yang et al.
2008; Wu and Cao 2017; Wu and Song 2018). The intensity of ISOs may change
the signal-to-noise ratio of seasonal mean climate anomalies, which is related to the
predictability of seasonal mean climate.

This chapter documents systematically the air–sea relationship on intraseasonal
and interannual time scales in the South China Sea and the tropical western North
Pacific, the influence of ENSO and tropical Indian Ocean SST anomalies on the
climate variability in the South China Sea region and associated processes, the
interdecadal variability and its modulation of the relationship between interannual
variations, and the connections among different time-scale variations.

3.1 Air–Sea Interactions on Different Time Scales

There exist air–sea interactions on different time scales in the South China Sea
and the tropical western North Pacific. Intraseasonal air–sea interactions affect the
phase transition and propagation of ISOs. Interannual air–sea interactions modulate
the maintenance of remote forcing induced anomalies, providing delayed effects of
remote forcing on regional climate. This section presents the air–sea relationship on
intraseasonal and interannual time scales.
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3.1.1 Intraseasonal Air–Sea Interactions

The ISO is an important component of regional climate and monsoon variability in
the tropical western North Pacific and the South China Sea. The ISOs affect the time
and suddenness of the summer monsoon onset in this region (Chen and Chen 1995;
Mu and Li 2000; Wu and Wang 2001; Chan et al. 2002; Wu 2002; Mao and Chan
2005; Zhou and Chan 2005; Wen et al. 2006; Wu 2010). The ISOs influence directly
the formation and movement of tropical cyclones and typhoons in this region (Chen
andHuang 2009; Pan et al. 2010; Huang et al. 2011; Feng et al. 2013). The northward
and northwestward propagating ISOs from the western North Pacific and the South
China Sea lead to more or less summer rainfall in southern China (Li and Li 1997;
Feng et al. 2013; Wang et al. 2017). The changes in convection and atmospheric
heating induced by ISOs in this region modulate the climate in the neighboring
regions through atmospheric teleconnections, imposing an important impact on the
East Asian climate anomalies, such as the drought and flood in eastern China (Yang
and Li 2003; Zhu et al. 2003; Mao et al. 2010; Ren et al. 2013; Li et al. 2013).

Intraseasonal variations are identified in tropical oceans (Lau and Sui 1997;
Sengupta and Ravichandran 2001; Sengupta et al. 2001; Gao ad Zhou 2002; Xie et al.
2007b; Wu 2010). The coexistence of intraseasonal variations in both atmosphere
and ocean suggests that there may be interactions between ISOs in the atmosphere
and ocean (Woolnough et al. 2000; Kemball-Cook andWang 2001;Wang et al. 2009;
Wu 2010). There are two prominent ISOs: one on the 10–20-day time period and the
other on the 30–60-day time period (Chen and Chen 1995; Fukutomi and Yausnari
1999; Annamalai and Slingo 2001; Mao and Chan 2005; Kikuchi and Wang 2009;
Ye and Wu 2015). The two ISOs display different horizontal structures and propa-
gations (Kajikawa and Yasunari 2005; Mao and Chan 2005; Wang et al. 2009; Ye
and Wu 2015; Cao et al. 2017). The ISOs display obvious different characteristics
in winter and summer (Ye and Wu 2015).

This subsection distinguishes the 10–20-day and 30–60-day ISOs and compares
the difference of air–sea relationship and the seasonal change of the relationship
between the two ISOs. The focus is on the spatial dependence of the consistency
between atmospheric and oceanic intraseasonal variations and the influence of the
East Asian winter monsoon variability on intraseasonal SST variations in the South
China Sea.

1. Time-scale dependence of boreal summer intraseasonal air–sea relationship

During boreal summer (May through September), the intraseasonal air–sea relation-
ship displays different spatial features in the South China Sea and tropical western
North Pacific between the 10–20-day (quasi-biweekly) and 30–60-day ISOs (Ye and
Wu 2015; Wu et al. 2015a, b, c; Cao et al. 2017). On the quasi-biweekly time scale,
the correlation of SSTwith precipitation, surface shortwave radiation, and latent heat
flux displays a southwest–northeast-oriented distribution, whereas on the 30–60-day
time scale, the correlation is characterized by a zonal distribution (Ye andWu 2015).
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A common feature in the air–sea relationship between the two ISOs is that the atmo-
spheric ISOs influence intraseasonal variations in SST through cloud-radiation and
wind-evaporation effects. In the off-equatorial region, the intraseasonal SST varia-
tions affect the atmosphere by modulating the atmospheric stability. In comparison,
the influence of SST on the atmosphere is larger on the 30–60-day time scale than
on the quasi-biweekly time scale (Ye and Wu 2015).

The difference of intraseasonal air–sea relationship between the 10–20-day and
30–60-day ISOs is illustrated in Fig. 3.1 that presents the maximum and minimum
correlation coefficients and the corresponding lead and lag times between intrasea-
sonal SST and precipitation variations on the two time scales during northern summer
(May through September). The lead–lag correlation is calculated based on intrasea-
sonal variations of SST and rain rate at the same grid on the 10–20-day and 30–
60-day time scales separately. The SST and rain rate are from the Tropical Rainfall
Measuring Mission (TRMM) Microwave Imaging (TMI) data for the period 1998–
2012 (Wentz et al. 2000). The 10–20-day time-scale variations are derived by 9-day
running mean minus 21-day running mean. The 30–60-day time-scale variations are
derived by 29-day running mean minus 61-day running mean. The maximum (posi-
tive) andminimum (negative) correlation coefficients and the corresponding lead and
lag times are determined based on the temporal evolution of the lead–lag correlation
at each grid point and they are plotted in Fig. 3.1. According to Fig. 3.1, on the
10–20-day time scale, the maximum and minimum correlation when SST leads and
lags precipitation is observed along a southwest–northeast-oriented zone extending
from the South China Sea to the subtropical western North Pacific (Fig. 3.1a, 3.1c).
The SST leading time is about 5 days (Fig. 3.1b) and the SST lagging time is about
3–5 days (Fig. 3.1d). In the lower latitudes of the western North Pacific, the SST
lagging time is longer. On the 30–60-day time scale, the maximum and minimum
correlation is observed in a zonal band from the South China Sea to the Philippine
Sea (Fig. 3.1e, 3.1g). The SST leading and lagging times are asymmetric. The SST
leading time reaches about two weeks (Fig. 3.1f) and the SST lagging time is about
8 days (Fig. 3.1h). In the subtropics, the SST leading time is longer, whereas the
SST lagging time is shorter. In the lower latitudes, the SST lagging time is longer.
The regional difference in the lead and lag times may be related to the spatial change
in the ocean mixed-layer depth (Wu et al. 2015a, b, c). In the lower latitudes, the
ocean mixed layer is deeper and it takes a longer time for the SST to respond to the
atmospheric change.

The influence of the atmosphere on intraseasonal SST variations includes surface
heat flux, wind-driven ocean mixing, and upwelling. Figure 3.2 shows the local
correlation of the SST tendency with net surface heat flux, surface wind stress curl,
and surfacewind speed. Thewind stress curl indicates the change in ocean upwelling.
The wind speed indicates the change in ocean mixing. The SST data are from TMI
(Wentz et al. 2000), surface heat flux data are from the NCEP-DOE reanalysis 2
(Kanamitsu et al. 2002), and surface wind stress data are from TropFlux (Kumar
et al. 2012). On the 10–20-day time scale, the SST tendency and surface heat flux
display themost consistent coupled variations in the South China Sea and subtropical
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Fig. 3.1 The maximum (a, e) and minimum (c,) lag–lead correlations of SST with regard to rain
rate and their corresponding days by which SST leads (b, f) and lags (d, h) rain rate during May–
September for the period 1998–2012 on the 10–20-day (a–d) and 30–60-day (e–h) time scales.
Only regions with the magnitude of correlation coefficient exceeding 0.2 are shown. SST and rain
rate data are from TMI (Wentz et al. 2000). (From Ye and Wu 2015)

westernNorth Pacific (Fig. 3.2a). This is the regionwhere the leadingmode of 10–20-
day SST variations has the largest loading (Cao et al. 2017). On the 30–60-day time
scale, the region of consistent coupled variations in the SST tendency and surface
heat flux extends eastward from the South China Sea to the Philippine Sea (Fig. 3.2b).
The wind stress curl and the SST tendency have an obvious negative correlation in
the region from the northern South China Sea to the subtropical westernNorth Pacific
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Fig. 3.2 Point-wise correlation of the SST tendency with surface net heat flux (a, b), surface wind
stress curl (c, d), and surface wind speed (e, f) on the 10–20-day (a, c, e) and 30–60-day (b, d,
f) time scales during May–September for the period 1998–2012. (From Wu et al. 2015a, b, c)

(Fig. 3.2c–d). This indicates a contribution of ocean upwelling to the intraseasonal
SST variations in the above region. The distribution of correlation between the SST
tendency and surface wind speed is similar to that between the SST tendency and
surface heat flux. The high correlation region on the 10–20-day time scale extends
northeastward from the South China Sea, and the high correlation region on the 30–
60-day time scale extends eastward from the South China Sea (Fig. 3.2e–f). This
indicates a contribution of oceanic mixing to the SST tendency consistent with that
of surface heat flux.

The above comparison shows that the horizontal structure of coupled variations is
different between the 10–20-day and 30–60-day time scales. The discrepancy in the
spatial distribution of consistent coupled variations is related to the difference in the
horizontal structure of the two ISOs. The 10–20-day precipitation and lower-level
wind variations display a southwest–northeast distribution, whereas the 30–60-day
variations display a zonal distribution (Cao et al. 2017). Wu et al. (2015a, b, c)
estimated quantitatively the contribution of surface heat flux to the SST tendency.
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The results showed a larger contribution of surface heat flux on the 30–60-day time
scale than on the 10–20-day time scale,with the former being about two times ormore
of the latter. The contribution of latent heat flux is larger than shortwave radiation,
in particular, on the 10–20-day time scale.

Intraseasonal SST variations may feedback on the atmospheric ISOs through
modifying the lower-level moisture convergence and near-surface atmospheric
stability (Stephens et al. 2004; Fu et al. 2006; Tao et al. 2009a, b; Wu 2010; Roxy
and Tanimoto 2012; Roxy et al. 2013; Ye andWu 2015). Before the South China Sea
summer monsoon onset, anomalously high SST increases surface air temperature
and humidity, reduces the atmospheric stability, which provides a favorable ther-
modynamic condition for the development of convection (Wu 2010). Both surface
evaporation and lower-level moisture convergence contribute to the increase of mois-
ture in the atmospheric boundary layer. The effect of SST on the atmospheric stability
is present in the off-equatorial region on both 10–20-day and 30–60-day variations,
but more prominent on the 30–60-day variations (Ye andWu 2015). In the equatorial
western Pacific, the feedback of intraseasonal SST variations on the atmosphere is
mainly through modulating the lower-level convergence and divergence (Ye and Wu
2015), but this feedback appears weak in the South China Sea and the Philippine Sea
(Wu 2010).

2. Coupled intraseasonal air–sea variations during boreal winter

During boreal winter (November–March), the relationship between intraseasonal
variations of SST and surface wind speed displays a pronounced regional difference,
with a prominent correlation in the South China Sea (Wu and Chen 2015). Figure 3.3
presents the maximum and minimum correlation coefficients and the corresponding
lead and lag times between intraseasonal SST and surface wind speed variations
on the 10–20-day and 30–60-day time scales from November through March for
the period 1998/99–2012/13. Different from boreal summer, precipitation and its
variations are small in boreal winter, whereas surface wind variations are large in the
off-equatorial regions of the South China Sea and the western North Pacific. So, the
relationship between intraseasonal SST and surface wind variations is analyzed in
boreal winter. The correlation is calculated using SST data from TMI (Wentz et al.
2000) and surface wind data from the NCEP-DOE reanalysis 2 (Kanamitsu et al.
2002). The surface wind has been interpolated to the SST grid when calculating the
grid-point lead–lag correlation.

The largest positive and negative correlation is observed in the South China Sea
(Fig. 3.3a, c, e, g). For the 10–20-day variations, high SST leads large wind speed
by about 7 days (Fig. 3.3b). Low SST appears about 2 days after large wind speed
(Fig. 3.3d). This indicates a quick response of SST to atmospheric wind change.
The correlation between SST and wind speed variations is relatively small, the SST
leading time is relatively short, and the SST lagging time is relatively long in the
tropicalwesternNorthPacific.These featuresmaybe related to the spatial distribution
of the ocean mixed-layer depth. The mixed layer is shallower in the South China
Sea than in the western North Pacific. For the 30–60-day variations, the time lag
relationship between SST and wind speed variations is basically similar to that for
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Fig. 3.3 The maximum (a, e) and minimum (c, g) lag–lead correlations of SST with regard to
10-m wind speed and their corresponding days by which SST leads (b, f) and lags (d, h) wind speed
during November–March for the period 1998/99–2012/13 on the 10–20-day (a–d) and 30–60-day
(e–h) time scales. Only regions with the magnitude of correlation coefficient exceeding 0.2 are
shown. Data are from TMI (Wentz et al. 2000) and NCEP-DOE reanalysis (Kanamitsu et al. 2002)

the 10–20-day variations, but the SST leading time does not show a big difference
in the South China Sea and the western North Pacific (Fig. 3.3f, h).

The coupled intraseasonal ocean–atmosphere variations in boreal winter may be
illustrated from the consistency of SST variations with surface heat flux and wind
speed variations. Figure 3.4 shows the local correlation of the SST tendency with
net surface heat flux, surface wind stress curl, and surface wind speed during boreal



3.1 Air–Sea Interactions on Different Time Scales 89

Fig. 3.4 Point-wise correlation of the SST tendency with surface net heat flux (a, b), surface wind
stress curl (c, d), and surface wind speed (e, f) on the 10–20-day (a, c, e) and 30–60-day (b, d,
f) time scales during November–March for the period 1998/99–2012/13. (FromWu et al. 2015a, b,
c)

winter. The data used are the same as those in Fig. 3.2. The SST tendency and net
surface heat flux variations display a high consistency in most of the South China Sea
and subtropical western North Pacific (Fig. 3.4a–b). The SST tendency and surface
wind speed variations display a similar spatial pattern of consistency (Fig. 3.4e–f).
The correlation between the SST tendency and wind stress curl is opposite between
the northern and central–southern South China Sea (Fig. 3.4c–d). This indicates that
the contributions of surface heat flux, oceanic mixing, and oceanic upwelling to the
SST tendency are consistent in the central–southern South China Sea, whereas the
SST tendency is mainly determined by surface heat flux and oceanic mixing in the
northern South China Sea. The comparison showed a larger contribution of surface
heat flux to the SST change on the 30–60-day time scale than on the 10–20-day time
scale, and latent heat flux has a much larger contribution to the SST change than
shortwave radiation (Wu et al. 2015a, b, c).
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3. Influence of the East Asian winter monsoon on intraseasonal SST and
precipitation variations in the South China Sea

The South China Sea is one of the regions with the largest intraseasonal SST varia-
tions in the Northern Hemisphere winter (Wu and Chen 2015). Two regions of large
intraseasonal SST variations are identified in the South China Sea, one extending
westward from the Luzon Strait and the other extending southward from the central
Vietnam coast (Wu and Chen 2015). Correspondingly, surface heat flux displays
large intraseasonal variations in the above two regions. The intraseasonal SST varia-
tions in the above regions are attributed to a large extent to the effect of wind-related
surface latent heat flux and a supplementary effect of cloud radiation. The SST vari-
ations in the South China Sea have a spectrum peak at 30–60-day time period during
boreal winter (Wu 2016). The intraseasonal SST variations in the South China Sea
are closely associated with the East Asian winter monsoon, with the higher SST
lagging the weaker East Asian winter monsoon by about 3–5 days (Wu and Chen
2015; Wu 2016). A major effect of winter monsoon on SST is through modulating
surface latent heat flux. When the East Asian winter monsoon is weak (strong), the
weakening (intensifying) of surface wind speed reduces (enhances) surface latent
heat flux, leading to warming (cooling) of the ocean surface water.

Intraseasonal SST, surface wind speed, and surface latent heat flux variations
display a consistent southward propagation in the South China Sea (Wu and Chen
2015; Wu 2016; Cao et al. 2017). The intraseasonal SST signals appear earlier in
the northern than southern South China Sea by about 2 days. Figure 3.5 shows the
Hovmöller diagrams along 107.5°–120° E of intraseasonal anomalies on the 10–
30-day time scale obtained by regression on an East Asian winter monsoon index
(EAWMI). The data used are the same as in Fig. 3.3. The EAWMI is defined using
meridional wind averaged over the region of 0–25° N and 105°–135° E. At about
2–3 days after the East Asian winter monsoon intensifies, negative SST anoma-
lies appear in the South China Sea (Fig. 3.5a). The southward intensification of
the winter monsoon is accompanied by the southward movement of a region of
increase in surfacewind speed and evaporation. Correspondingly, the lowSST region
moves from the northern to the southern South China Sea. The above relationship
may be explained using the wind-evaporation mechanism. The climatological mean
winds are northerly during boreal winter over the South China Sea. Anomalous
northerly winds enhance surface wind speed (Fig. 3.5b) and induce more evapora-
tion (Fig. 3.5c). The ocean loses more heat, lowering the ocean surface temperature.
The wind speed anomaly is larger north of the SST anomaly region. So, surface evap-
oration anomaly is larger north of the SST anomaly, leading to southward movement
of the region of SST anomalies. The region of wind speed and evaporation anomalies
moves southward accordingly. The southward movement of intraseasonal cloud and
shortwave radiation anomalies is limited to the northern part of the South China Sea
(Wu and Chen 2015; Wu 2016).

The southward propagating intraseasonal wind anomalies associated with the
East Asian winter monsoon activity may induce convergence when they reach the
Maritime Continent, and thus lead to intraseasonal precipitation changes in the
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Fig. 3.5 Hovmöller diagrams of anomalies of SST (shading, °C) and 10-m wind (vector, m/s, scale
at bottom) (a), surface wind speed (contour, 0.3 m/s) (b), and surface latent heat flux (contour,
W/m2) (c) along 107.5°–120° E from 16 days before to 16 days after the EAWMI obtained by
regression with respect to the normalized EAWMI. (From Wu 2016)

southern South China Sea (Wu and Chen 2015; Wu 2016; Cao and Wu 2017, 2018).
On the other hand, the eastward propagating ISOs from the tropical IndianOceanmay
influence the intraseasonal variations over the Maritime Continent. The 10–20-day
intraseasonal variations of precipitation in the southern South China Sea are closely
related to the East Asian winter monsoon, with the maximum correlation at about
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1–2 days after the East Asian winter monsoon peak, whereas they have no obvious
connection with the 10–20-day ISOs of the tropical Indian Ocean (Cao andWu 2017,
2018). The 30–60-day intraseasonal variations of precipitation in the southern South
China Sea are related to both the East Asian winter monsoon and the 30–60-day ISOs
of the tropical Indian Ocean. This indicates that the intraseasonal rainfall variations
on the 10–20-day time scale in the southern South China Sea are mainly due to the
impact of the East Asian winter monsoon, and those on the 30–60-day time scale are
subject to impacts of both the East Asian winter monsoon and tropical Indian Ocean
variability (Cao and Wu 2017, 2018).

4. Local air–sea relationship of intraseasonal variations during the spring-to-
summer transition

Hu and Li (2017) analyzed the intraseasonal air–sea relationship over the North
Indian Ocean through tropical western North Pacific during the spring-to-summer
transition (April–May–June) on the 10–20-day and 30–60-day time scales during
1998–2014. They compared the relationship of various atmospheric and oceanic
variables between the two ISOs. The percent variances explained by the two ISOs are
comparable, but there are differences in the location of the largest value region. The
10–20-day SST variations have the largest percent variance in the equatorial western
Pacific, whereas the 30–60-day SST variations have the largest percent variance in
the North Indian Ocean, the South China Sea, and the North Pacific. The atmospheric
variables and surface heat flux have a larger variance on the 10–20-day time scale
than on the 30–60-day time scale. Prominent correlation is observed between SST
and precipitation variations in the North Indian Ocean, the South China Sea, and the
Philippine Sea on both 10–20-day and 30–60-day time scales. In comparison, the
correlation between SST and surface heat flux variations is stronger and has a larger
areal coverage on the 30–60-day time scale than on the 10–20-day time scale.

3.1.2 Interannual Air–Sea Interactions

Air–sea interaction not only determines the connection of local atmospheric and
oceanic variations, it also plays an important role in the influence of remote forcing
on regional climate. Remote forcing-induced atmospheric anomalies may be main-
tained through regional air–sea coupled processes, which provide a delayed impact
of remote forcing on regional climate variability. In the El Niño decaying years, the
air–sea interaction in the western North Pacific sustains the El Niño-induced anoma-
lous anticyclone over the Philippine Sea fromwinter to the following summer (Wang
et al. 2000, 2003;Wu et al. 2003) so that the El Niño’s impact may be conveyed to the
following East Asian summer monsoon variability. The East Asian winter monsoon-
induced SST anomalies in the South China Sea may be sustained to the following
summer through air–sea interaction processes and thus affect the East Asian summer
monsoon (Chen et al. 2000; Wu et al. 2014). Thus, air–sea interaction provides a
pathway for connecting the East Asian winter and summer monsoons.
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This section introduces the relationship between interannual variations of precip-
itation and SST over the South China Sea and tropical western North Pacific in
different seasons. The emphasis is on the unique feature of air–sea relationship over
the South China Sea during the spring-to-summer transition.

1. Seasonality of interannual air–sea relationship in the South China Sea

The air–sea relationship on the interannual time scale displays prominent season-
ality and regional feature in the South China Sea. Using the approach developed
by Wu et al. (2006), He and Wu (2013) analyzed the nature of air–sea relationship
in the South China Sea during the four seasons. It is found that the atmospheric
forcing is dominant in the central and southern South China Sea during the warm
season and the oceanic forcing is present in the northern South China Sea during the
cold season (He and Wu 2013). According to a heat budget analysis of the ocean
mixed layer during April–June, the atmospheric influence on SST is characterized by
obvious cloud-radiation effect in the central South China Sea, by wind-evaporation
effect in the central and southern South China Sea, and by wind-driven oceanic
effect along the west coast (He and Wu 2013). During November–February, SST
anomalies induce local convection through modulating lower-level convergence and
atmospheric stability.

The seasonal change in the air–sea relationship is indicated by local precipitation-
SST and precipitation-SST tendency correlation. A positive precipitation-SST corre-
lation denotes an oceanic forcing of the atmosphere,whereas a negative precipitation-
SST tendency correlation signifies an atmospheric forcing of the ocean (Wu et al.
2006). Figure 3.6 presents the distribution of correlation between precipitation and
SST and between precipitation and SST tendency during the four seasons. The
monthly data used to calculate the correlation are from the NOAA Optimal Inter-
polation SST version 2 (Reynolds et al. 2002) and the NASA Global Precipitation
Climatology Project (GPCP) version 2 (Adler et al. 2003). In the South China Sea
region, the positive precipitation-SSTcorrelation is limited to the northern part during
boreal winter (Fig. 3.6a). Negative precipitation-SST tendency correlation dominates
in the other seasons (Fig. 3.6f, g, h). This indicates an oceanic influence on the atmo-
sphere in the northern part duringwinter andmainly atmospheric impact on the ocean
during the other seasons, consistent with He andWu (2013). In the lower latitudes of
the tropical western Pacific, positive precipitation-SST correlation is obvious during
winter and spring, indicative of the important influence of local oceanic status on
atmospheric variability. Different features are observed during summer and fall when
the precipitation-SST correlation is relatively weak, whereas the precipitation-SST
tendency correlation is negative, signifying an important role of the atmosphere in
local SST variations. These results are in agreement with Wu and Kirtman (2007).

He andWu (2013) evaluated the local air–sea relationship in the South China Sea
in 24 climate models that participate in the Coupled Model Inter-comparison Project
Phase 5 (CMIP5) based on the precipitation-SST and precipitation-SST tendency
correlation. They obtained a large difference in local correlation in the South China
Sea region among climate models. Most models have the worst performance in



94 3 Air–Sea Interactions and Climate Variability Over …

Fig. 3.6 Point-wise correlation of precipitation-SST and precipitation-SST tendency during 1982–
2010 in winter (a, e), spring (b, f), summer (c, g), and fall (d, h). Shading denotes correlation coef-
ficient reaching the 90% confidence level. The contour interval is 0.1. The data are from Reynolds
et al. (2002) and Adler et al. (2003)
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spring, and the atmospheric forcing is better captured than the oceanic forcing in the
models (He and Wu 2013).

2. Unique feature of air–sea relationship during the spring-to-summer transition
season in the South China Sea

The South China Sea summer monsoon onset is usually around mid-May. Thus,
April–June signifies the spring-to-summer transition in the South China Sea and the
surrounding regions. The air–sea relationship displays a unique feature during the
spring-to-summer transition in the SouthChina Sea,whichmanifests in the local rela-
tionship between precipitation and SST variations. Figure 3.7 displays the point-wise
correlation between precipitation and SST, between precipitation and SST tendency,
and between SST and precipitation tendency during April–June. The data used to
calculate the correlation are the same as those in Fig. 3.6. There are obvious nega-
tive precipitation-SST tendency correlation and positive SST-precipitation tendency
correlation in the South China Sea (Fig. 3.7b–c). This implies an air–sea interaction
in the South China Sea. On the one hand, precipitation increase lowers SST. On the
other hand, higher SST favors a subsequent increase in precipitation. This feature
differs from the relationship in the equatorial central–eastern Pacific and tropical
southwest Indian Ocean where there is a large positive precipitation–SST correla-
tion (Fig. 3.7a), indicating an impact of SST anomalies on precipitation there (Wu
and Kirtman 2007).

Hu and Wu (2016) analyzed the local correlation between monthly precipitation
and SST anomaly departure (defined as the difference of monthly anomaly minus the
seasonal mean anomaly during the spring-to-summer transition). The local correla-
tion shows obvious different distributions among April, May, and June. In April, the
delayed impact of SST on precipitation is observed in the Arabian Sea, the equatorial
Indian Ocean, and the South China Sea (Fig. 3.8c), whereas the quick response of
SST to atmosphere appears in the equatorial central–eastern Pacific (Fig. 3.8a). In
May, there is a prominent negative correlation between precipitation and the SST
tendency in the tropical Indian Ocean (Fig. 3.8e), indicative of more (less) precipita-
tion followed by lower (higher) SST. In the South China Sea and the Philippine Sea,
there is a positive correlation between SST and precipitation tendency (Fig. 3.8f),
indicating a delayed impact of SST on precipitation. In June, positive precipitation-
SST correlation is observed in the equatorial central–eastern Pacific, tropical Indian
Ocean, and part of the Arabian Sea (Fig. 3.8g). There is positive correlation between
SST and the precipitation tendency in the tropical Indian Ocean and the South China
Sea (Fig. 3.8i) and a negative correlation between precipitation and the SST tendency
in the North Indian Ocean and the South China Sea (Fig. 3.8h). This indicates a
coupled feature of precipitation and SST change in the North Indian Ocean and the
South China Sea.



96 3 Air–Sea Interactions and Climate Variability Over …

Fig. 3.7 Point-wise correlation of precipitation-SST (a), precipitation-SST tendency (b), and SST-
precipitation tendency (c) during April–June of 1982–2010. (From Wu and Hu 2015)
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Fig. 3.8 Point-wise correlation of precipitation and SST, precipitation and SST tendency, and SST
and precipitation tendency derived from monthly anomaly departures in a–c April, d–f May, and
g–i June for the period 1979–2014. Dotted region denotes correlation coefficient significant at the
90% confidence level. (From Hu and Wu 2016)

3.2 Processes for Interannual Variability of Rainfall Over
the South China Sea

Climate variability in the South China Sea is influenced by the thermal status in the
tropical Pacific and Indian Oceans. The resultant change in the thermal condition
in turn may induce anomalous heating in the overlying atmosphere and affect the
climate over East Asia through atmospheric teleconnection. Thus, the South China
Sea acts as a medium in the influence of tropical central–eastern Pacific and the
Indian Ocean on the East Asian climate variability. The South China Sea is located
in the junction of the East Asian monsoon, the South Asian monsoon, the western
North Pacific monsoon, and the Australian monsoon. On the one hand, the climate
variability in the South China Sea is related to the changes in those monsoons. On
the other hand, it acts as a bridge connecting the changes among those monsoon
systems.

This section first documents the factors of and processes for interannual climate
variability over theSouthChinaSea during boreal summer. Particular attention is paid
to the influences of SST anomalies in the tropical Pacific and Indian Oceans. Then,
this section investigates the occurrence of precipitation anomalies in the South China
Sea during the spring-to-summer transition, including the seasonal mean precipita-
tion anomalies and the departure of monthlymean anomalies from the seasonal mean
anomalies.
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3.2.1 Interannual Variations of Summer Rainfall
in the South China Sea

This subsection is focusedon the influences of tropical Indo-PacificSSTanomalies on
the summer rainfall variability in the South China Sea. Influences of both concurrent
and preceding tropical Pacific SST anomalies are considered. The roles of the Indian
Ocean include both as a medium of ENSO influence and a factor independent of
ENSO.

1. Roles of tropical Pacific SST anomalies

Interannual variation of summer rainfall in the South China Sea is associated with
ENSO. The influence of ENSOon the SouthChina Sea summer climate includes both
direct and indirect impacts (He andWu 2014). Concurrent positive SST anomalies in
the equatorial central–eastern Pacific induce an anomalous lower-level cyclone over
the South China Sea–western North Pacific through a Rossby wave-type response,
leading to more rainfall over the northern South China Sea. Preceding winter nega-
tive SST anomalies in the equatorial central–eastern Pacific induce negative SST
anomalies in the tropical Indian Ocean through the atmospheric bridge (Klein et al.
1999; Alexander et al. 2002). The Indian Ocean’s negative SST anomalies maintain
to the following summer and then lead to the formation of an anomalous cyclone
over the western North Pacific through an anomalous west–east overturning circu-
lation (Wu et al. 2014; He and Wu 2014), favoring more rainfall over the northern
South China Sea. During this process, the North Indian Ocean SST anomalies act
as a medium for the indirect influence of preceding equatorial Pacific SST anoma-
lies on the succeeding summer rainfall over the South China Sea. Summer rainfall
anomalies over the South China Sea are dominated by the direct influence of ENSO
in some years, by the indirect influence of ENSO in some other years, and by both
the direct and indirect influences of ENSO in some other years. When the direct
and indirect influences of ENSO coexist, the resultant summer rainfall anomalies
are more prominent over the South China Sea (He and Wu 2014). This points to the
importance of synthesizing the direct and indirect influences of ENSO.

The influence of the Pacific and Indian Ocean SST anomalis on the South China
Sea summer rainfall is verified in numerical experiments of the atmospheric general
circulationmodel. In observations, SST anomalies are obtained in both the equatorial
central–eastern Pacific and the North Indian Ocean corresponding to summer rainfall
anomalies in the SouthChina Sea (Fig. 3.9a). He andWu (2014) conducted numerical
experiments with the atmospheric model of the Community Earth System Model
(CESM) with SST anomalies specified in the equatorial central–eastern Pacific, in
the North Indian Ocean, and in both the above two regions. The model experiments
show that the SST anomalies in the above regions induce abnormal rainfall in the
SouthChinaSea individually (Fig. 3.9c–f).Whenopposite SSTanomalies are present
in the two regions (Fig. 3.9g), the simulated rainfall and wind anomalies (Fig. 3.9h)
are closer to observations (Fig. 3.9b). This confirms the importance of a combined
effect of SST anomalies in different regions.
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Fig. 3.9 Anomalies of a SST and 200 hPa wind, and b precipitation and 850 hPa wind corre-
sponding to above-normal summer rainfall in the South China Sea in observations. SST anomalies
specified in c the equatorial central–eastern Pacific and d the response of precipitation and 850 hPa
wind, e the North Indian Ocean and f the response of precipitation and 850 hPa wind, and g both
regions and h the response of precipitation and 850 hPa wind in the atmospheric model of CESM.
(From He and Wu 2014)

The South China Sea summer rainfall has a negative correlation with concurrent
SST anomalies in the tropical southeastern Indian Ocean. The latter induces a cross-
equatorial north–south overturning circulation with the north branch over the South
China Sea and thus affects the South China Sea rainfall variability (He and Wu
2014). This is validated by a numerical experiment with the atmospheric component
of CESM with SST anomalies specified in the tropical southeastern Indian Ocean
(He and Wu 2014).

2. Signal of the South China Sea summer rainfall variability in the tropical
Indian Ocean

The Indian Ocean SST anomalies not only act as a medium in the influence of ENSO
on the South China Sea summer rainfall variability, but also affect the South China
Sea rainfall variability independent of ENSO. After removing the ENSO signal, the
summer rainfall in the South China Sea has a negative correlation with the preceding
winter SST anomalies in the equatorial western Indian Ocean and a positive correla-
tion with concurrent summer SST anomalies in the tropical Indian Ocean (He et al.
2016).
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Preceding winter negative SST anomalies in the equatorial western Indian Ocean
and the associated zonal SST gradient form an anomalous west–east overturning
circulation. The resultant lower-level westerlies and ascending motion over the trop-
ical southeastern Indian Ocean induce negative SST anomalies there through cloud-
radiation and wind-evaporation mechanisms. With the change in the mean wind
direction when spring arrives, negative SST anomalies in the tropical southeastern
IndianOcean aremaintained from spring to early summer through positive feedbacks
of wind-ocean upwelling-SST and wind-evaporation-SST mechanisms. The associ-
ated south–north SST gradient leads to the development of an anomalous merid-
ional overturning circulation. Consequently, lower-level anomalous cyclonic winds
form over the South China Sea, leading to anomalous ascending motion and more
precipitation there (He et al. 2016).

Positive SST anomalies in the South Indian Ocean induce anomalous lower-level
convergence and more precipitation there. The anomalous heating drives an anoma-
lous direct overturning circulation between the South and North Indian Ocean and
an indirect overturning circulation between the North Indian Ocean and the South
China Sea. This leads to the development of anomalous cyclones over the South
China Sea–western North Pacific, resulting in more summer rainfall over the South
China Sea (Fig. 3.10). He et al. (2016) conducted atmospheric model experiments
with SST anomalies specified in the South Indian Ocean. Themodel results validated
the observational analysis.

3. Combined effects of the Indian Ocean and western North Pacific SST
anomalies

Wu et al. (2014) identified that the SST anomalies tend to be opposite in the North
Indian Ocean and the tropical central North Pacific during the decaying years of El

Fig. 3.10 Anomalies corresponding tomore summer rainfall in the South China Sea after removing
the ENSO signal. a Precipitation (mm/day) and 850 hPa wind (m/s), b SST (°C) and 200 hPa wind
(m/s), c 850 hPa velocity potential (10−7 s−1) and divergent wind (m/s), and d a cross section of
vertical circulation along AB in (c). (From He et al. 2016)
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Niño and La Niña events. This forms a west–east SST gradient between the North
Indian and Pacific Oceans. The SST gradient is favorable to an in-phase relation-
ship of rainfall in the South China Sea between preceding winter when El Niño/La
Niña matures and decaying summer. Wu et al. (2014) demonstrated the impacts of
the zonal SST gradient through atmospheric model experiments with specified SST
anomalies. When positive SST anomalies are specified in the central North Pacific
or negative SST anomalies specified in the North Indian Ocean, anomalous cyclone
and more rainfall is induced over the South China Sea (Fig. 3.11a–b). When the SST
anomalies are specified in both regions with opposite signs, the simulated wind and
rainfall anomalies over the South China Sea are more prominent. This indicates the
importance of the combined effects of the west–east contrasting SST anomalies in
the South China Sea summer rainfall variability.

Fig. 3.11 Response of summer rainfall (shading, mm/day) and 850 hPa wind (vector, m/s, scale at
the top) to positive SST anomalies specified in the region of 9°–21° N and 147.5°–180° E, negative
SST anomalies in the North Indian Ocean between 9°and 21° N, and SST anomalies specified in
both regions. The magnitude of SST anomalies is 0.5 °C at the center. (From Wu et al. 2014)
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3.2.2 Interannual Variations Of the South China Sea
Rainfall During the Spring-To-Summer Transition

This subsection introduces the impacts of SST anomalies in different regions of the
tropical Pacific and Indian Oceans on the South China Sea rainfall during the spring-
to-summer transition season. Particular attention is on the combined effects of SST
anomalies in different regions.

1. Importance of combined effects of SST anomalies in different regions

The South China Sea rainfall during April–June is subject to influences of SST
anomalies in the equatorial Pacific, tropical Indian Ocean, and the tropical western
North Pacific. Anomalous rainfall in the South China Sea appears usually when SST
anomalies coexist in two or three of the above regions and they act coherently (Hu
et al. 2014). Corresponding to more April–June rainfall in the South China Sea, SST
is lower in the tropical Indian Ocean and the equatorial central–eastern Pacific and
higher in the tropical western North Pacific (Fig. 3.12a). Based on the combination of
the SST anomalies in the above three regions, the South China Sea rainfall anomaly
is divided into three types. In the first type, same sign SST anomalies in the equatorial
central–eastern Pacific and the tropical Indian Ocean are accompanied by opposite
sign SST anomalies in the tropical western North Pacific. Negative SST anomalies
in the tropical southwestern Indian Ocean induce cross-equatorial flows that extend

Fig. 3.12 Anomalies of SST (a) and precipitation and 850-hPa wind during April–June corre-
sponding to above-normal precipitation over the South China Sea in observations. SST anomalies
imposed in the model experiment (c), response of precipitation and 850-hPa wind to negative SST
anomalies in the South Indian Ocean (d) and to negative SST anomalies in the South Indian Ocean
and in the equatorial central–eastern Pacific (e) in the model. (From Hu et al. 2014)
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eastward to the South China Sea. Negative SST anomalies in the equatorial central–
eastern Pacific cause an anomalous Walker circulation with the ascending branch
over the South China Sea. Their combined effect intensifies the convection over the
South China Sea and the nearby regions. Meanwhile, positive SST anomalies in the
tropical western North Pacific favor the intensification of convection over the South
China Sea through a Rossby wave-type response. In the second type, opposite SST
anomalies coexist in the equatorial central–eastern Pacific and the tropical western
North Pacific. The latter is induced by the equatorial Pacific SST forcing. Positive
SST anomalies in the tropical western North Pacific produce above-normal rainfall
over the South China Sea through the Rossby wave-type response. In the third type,
same sign SST anomalies coexist in the equatorial central–eastern Pacific and the
tropical Indian Ocean. The SST anomalies off the coastal Sumatra produce a cross-
equatorial overturning circulation that affects the South China Sea rainfall. When
there are negative SST anomalies off the coastal Sumatra, anomalous descending
motion is induced over the tropical southeastern Indian Ocean, whereas anomalous
ascending motion develops over the South China Sea and western North Pacific.

Numerical experiments of an atmospheric general circulation model validated
the impacts of SST anomalies in the tropical South Indian Ocean and the equato-
rial Pacific. When SST anomalies are imposed in the South Indian Ocean and the
equatorial central–eastern Pacific simultaneously (Fig. 3.12c), the model produced
circulation and precipitation response over the South China Sea (Fig. 3.12e) is
closer to observations (Fig. 3.12b) than when SST anomalies are added only in
the South Indian Ocean (Fig. 3.12d). The results demonstrate the importance of the
combined effects of SST anomalies in different regions on the South China Sea
rainfall variability during the spring-to-summer transition.

2. The relationship of the South China Sea rainfall during the spring-to-summer
transition to tropical Indo-Pacific SST in climate models

Analysis of 23 IPCC CMIP5 coupled model simulations show that the ability of
simulating the relationship of the South China Sea rainfall to tropical Indo-Pacific
SST during the spring-to-summer transition varies largely among themodels (Hu and
Wu 2015). The spatial pattern of the South China Sea rainfall anomalies during the
spring-to-summer transition displays obvious model dependence. The distribution
of SST anomalies in the tropical Indo-Pacific region appears very important for
models to capture the South China Sea rainfall variability. In somemodels, a realistic
simulation of impacts of the equatorial western Pacific SST anomalies and local SST
anomalies is essential for the models to obtain reasonable rainfall variance in the
South China Sea. The impacts of the equatorial western Pacific SST anomalies are
overestimated in some models, destructing the relationship of the South China Sea
rainfall to the tropical Indo-Pacific SST.

Hu and Wu (2015) compared in detail the spatial distribution of tropical Indo-
PacificSSTandprecipitation anomalies and the temporal variations ofSSTanomalies
in some key regions inmodels and observations. Based on the similarity of the spatial
pattern and the magnitude of SST anomalies in key regions, they classified the 22
models into 5 categories. In the first category (10 models), the South China Sea
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rainfall during the spring-to-summer transition is subject to a combined influence
of tropical Indian and Pacific SST anomalies, similar to observations. In the second
category (4 models), the South China Sea rainfall is mainly affected by the tropical
Pacific SST anomalies. In the third category (2 models), the South China Sea rainfall
is mainly associated with the tropical Indian Ocean SST anomalies. In the fourth
category (2 models), the equatorial western Pacific SST anomalies play a major role
in the South China Sea rainfall variability. In the fifth category (5 models), the South
China Sea rainfall variability is related to local SST variations.

Jiang et al. (2017) diagnosed the relationship between ENSO and the tropical
western North Pacific climate in 37 IPCC CMIP5 climate models. They found a
large discrepancy among the models. Through a comparative analysis, they showed
that the ability of simulating the relationship between ENSO and tropical western
North Pacific climate depends to a large extent upon whether the models simulate
reasonably the pace of ENSO decay. When the ENSO decay is too slow in the
models, warm SST bias in the equatorial western Pacific maintains to the succeeding
summer, which is unfavorable to the formation of an anomalous anticyclone over
the western North Pacific. This bias is related to the overly westward extension of
the cold tongue, leading to an overly large zonal SST gradient. Under the large
SST gradient, anomalous westerly winds induce an excessive warm zonal advection,
which is in favor of the maintenance of warm SST bias. In turn, the warm SST bias
causes anomalous convection and westerly winds. This positive feedback further
maintains the warm SST anomalies in the equatorial western Pacific.

3.2.3 Influence Of Local Air–Sea Interaction on the South
China Sea Climate During the Spring-to-Summer
Transition

During the spring-to-summer transition over the South China Sea, the precipitation
anomaly shows prominent month-to-month variations. The analysis shows that the
contribution of precipitation anomaly departure is comparable or even larger than that
of seasonal mean precipitation anomaly (Hu and Wu 2016). Figure 3.13 compares
the standard deviation of April–June mean precipitation anomaly and April, May,
and June precipitation anomaly departure (monthly anomalyminus April–Junemean
anomaly) for the period 1979–2014. Apparently, the standard deviation of monthly
precipitation anomaly departure is larger than that of April–June mean precipitation
anomaly over the North India Ocean, the South China Sea, and subtropical western
North Pacific. This indicates that the monthly precipitation anomaly departure is an
important component. Thus, it is necessary to consider both seasonal mean precipita-
tion anomaly and the monthly precipitation anomaly departure over the South China
Sea during the spring-to-summer transition seasons. Correlation analysis shows that
the April-to-June precipitation anomaly change is a good indicator of summer mean
precipitation anomaly over the South China Sea (Wu and Hu 2015).
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Fig. 3.13 Standard deviation (mm/day) of April–June mean precipitation anomaly (a), and April
(b), May (c), and June (d) precipitation anomaly departure. (From Hu and Wu 2016)

The analysis reveals that the precipitation anomaly change fromApril to June over
the South China Sea is closely associated with local air–sea interactions (Wu and Hu
2015). Corresponding to an increase in precipitation fromApril to June, the temporal
evolution of regional anomalies is characterized by a sequence of less precipitation-
higher SST-more precipitation-SST decrease (Fig. 3.14). Such a temporal relation
is illustrated by comparing the area-mean precipitation and SST anomaly evolution
over the South China Sea (Fig. 3.15). This differs remarkably from the seasonal
mean precipitation anomaly that is mainly a response to remote SST forcing in the
equatorial Pacific and tropical Indian Ocean (Wu and Hu 2015; Hu and Wu 2016).

To illustrate the role of air–sea interaction in the precipitation anomaly change
over the South China Sea, Wu and Hu (2015) conducted a heat budget analysis of the
ocean mixed layer. It shows that the precipitation decrease over the South China Sea
inApril is accompanied by a reduction in cloudiness and aweakening in surfacewind
speed, leading to an increase in net surface shortwave radiation and a decrease in
latent heat flux. Consequently, the SST increases and positive SST anomalies appear
inMay. This is followed by an increase in precipitation in June due to the SST forcing
of the atmosphere. In turn, this is accompanied by more cloudiness and enhanced
surface wind speed, leading to a decrease in net surface shortwave radiation and an
increase in latent heat flux. Accordingly, the SST turns to decrease and negative SST
anomalies appear in June.

Spatial-temporal evolution of monthly precipitation anomaly departure (obtained
as monthly anomaly minus seasonal mean anomaly) during the spring-to-summer
transition reveals strong local air–sea coupled processes over the SouthChina Sea.Hu
andWu (2016) compared the difference of the major spatial mode and the associated
air–sea interaction processes corresponding to seasonal mean precipitation anomaly
and monthly precipitation anomaly departure over the South China Sea and the trop-
ical Indian Ocean during the spring-to-summer transition season. It is found that the
remote forcing of the equatorial central Pacific is a major reason of April–June mean



106 3 Air–Sea Interactions and Climate Variability Over …

Fig. 3.14 Anomalies of precipitation (shading, mm/day) and surface (10 m) wind (vector, m/s)
(a) and SST (shading, °C) (b) corresponding to precipitation change from April to June over the
South China Sea. (From Wu and Hu 2015)

precipitation anomaly over the South China Sea and the tropical Indian Ocean and
locally the atmosphere has a negative effect on SST change. A strong local air–sea
coupled process is involved in themonthly precipitation anomaly departure, featuring
a temporal sequence of less precipitation-SST increase-precipitation increase-SST
decrease. Figure 3.16 shows the spatial-temporal evolution of monthly precipita-
tion and surface wind anomaly obtained by regression against the leading mode of
monthly precipitation anomaly departure over the South China Sea. The precipitation
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Fig. 3.15 Monthly anomalies of precipitation (black, mm/day) and SST (red, °C) averaged over the
South China Sea corresponding to June-minus-April precipitation anomaly change over the region
of 5°–20° N and 110°–120° E. (From Wu and Hu 2015)

data used is from GPCP version 2 (Adler et al. 2003), the SST data is from TropFlux
(Kumar et al. 2012), and the wind data is from NCEP-DOE reanalysis 2 (Kanamitsu
et al. 2002). According to the figure, the temporal evolution in the South China Sea
region is characterized by less precipitation in April–May, warmer SST inMay, more
precipitation in June, and lower SST in June–July (Hu andWu 2016). Thus, the SST
anomaly departure in May serves as an indicator of precipitation anomaly in June.

Wu and He (2017) analyzed the impacts of both April–June mean precipitation
anomaly and June-minus-April precipitation anomaly change during the spring-to-
summer transition over the South China Sea. The temporal evolution of precipitation,
wind, and SST anomalies corresponding to the two types of anomalies reveals two
processes leading to anomalous spring-to-summer transition over the South China
Sea. One process is associated with the large-scale SST anomalies in the tropical
Indo-Pacific region. During the La Niña decaying spring, equatorial central Pacific
negative SST anomalies coexist with tropical southwestern Indian Ocean negative
SST anomalies and tropical western North Pacific positive SST anomalies. Negative
SST anomalies in the equatorial central Pacific force an anomalous Walker circula-
tion, negative SST anomalies in the tropical southwestern IndianOcean induce cross-
equatorial flows that turn to go eastward north of the equator to the South China Sea,
and positive SST anomalies in the tropical western North Pacific produce a Rossby
wave-type response to the west. Their combined effects lead to enhanced convection
and the development of an anomalous lower-level cyclone over the South China Sea.
The persistent anomalies induce an earlier transition from spring to summer over
the South China Sea. The other process is associated with regional air–sea interac-
tion processes around the Maritime Continent. Preceding positive SST anomalies in
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Fig. 3.16 Anomalies of precipitation (shading, mm/day) and surface (10 m) wind (vector, m/s)
(a) and SST (°C) corresponding to the first EOF mode of monthly precipitation anomaly departure
during April through June for the period 1979–2014. Dotted region denotes anomalies significant
at the 90% confidence level. Only wind vectors significant at the 90% confidence level are drawn.
(From Hu and Wu 2016)

the equatorial central Pacific in March induce anomalous descending over the region
surrounding theMaritime Continent, leading to SST increase in both the South China
Sea and the tropical southeastern IndianOcean.Meanwhile, an anomalous convection
region moves eastward along the tropical South Indian Ocean and reaches northwest
of Australia in May. This induces an anomalous meridional overturning circulation
across the Maritime Continent with an ascent over the tropical southeastern Indian
Ocean and descent over the South China Sea, leading to further increase of SST in
the South China Sea. Following the SST warming, anomalous convection develops
over the South China Sea in June, inducing an accelerated transition from spring to
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summer. The analysis shows that the above two processes are equally important in
anomalous spring-to-summer transition over the South China Sea.

3.3 Interdecadal Variation

Obvious interdecadal changes have been detected in climate over East Asia and
surrounding the South China Sea (Chan and Zhou 2005; Ding et al. 2008; Wu and
Mao 2017a). The interannual relationship between ENSO and climate over East Asia
and the region surrounding the South China Sea is nonstationary with a prominent
interdecadal difference (Wu and Wang 2002; Gao et al. 2006; Wang et al. 2008; Wu
et al. 2012a, b; Chen et al. 2014). An important reason for the unsteady relationship
is the modulation of the Pacific Decadal Oscillation (PDO) (Chen et al. 2013; Feng
et al. 2014; Wu and Mao 2016, 2017b). This section introduces the interdecadal
climate change in the region surrounding the South China Sea, analyzes the inter-
decadal difference in the interannual relationship, explores the impacts of the PDO,
and investigates the physical processes of the modulation of PDO on the ENSO-
related atmospheric circulation and eastern China spring rainfall through numerical
experiments.

3.3.1 Interdecadal Variability Of Early Summer Monsoon
Rainfall Over South China In Association With
the Pacific Decadal Oscillation

Climatologically, early summer (May–June) is the major rainy season over South
China (Chan and Zhou 2005). Thus, the bimonthly (May–June) rainfall is usually
used as an index to represent the South China monsoon rainfall (SCMR) during
early summer (Mao et al. 2011). SCMR exhibits strong interannual variations and is
subject to modulation by the Pacific Decadal Oscillation (PDO) (Zhou et al. 2006).
Mao et al. (2011) identified that the dominant atmospheric teleconnection patterns
associated with extremely wet and dry SCMR conditions are remarkably different
during the epochs 1958–1976 and 1980–1998, corresponding to negative and posi-
tive PDOphases. As suggested byDuan et al. (2013), the rainfall amount in the single
month of June is better than the bimonthly (May–June) rainfall amount to represent
the SCMR.Wu andMao (2017a) thus used the June rainfall to measure SCMR. Their
analysis revealed both interannual and interdecadal variations of SCMR (Fig. 3.17).
The interdecadal fluctuations of SCMR exhibit two negative epochs (1926–1945,
1977–2000) and two positive epochs (1946–1976, 2001–2013). Such interdecadal
variations of SCMR show an out-of-phase relationship with interdecadal fluctua-
tions of the wintertime PDO index, as identified by its 11-year running mean. The
correlation between the interdecadal SCMR and wintertime PDO indices is up to
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Fig. 3.17 Standardized time series of SCMR (bars) and wintertime (November–March)-averaged
PDO index (solid line). The 11-year running mean values of SCMR (wintertime PDO index) are
indicated by the dashed (long-dashed) line. (From Wu and Mao 2017a)

−0.80, which is statistically significant at the 99% confidence level according to
the calculated effective degree of freedom. Differences of composite June rainfall
anomalies between positive PDO epochs (1926–1945 and 1977–2000) and negative
PDO epochs (1946–1976 and 2001–2013) confirm that SCMR tends to be below-
normal in positive PDO epochs, while SCMR is often above-normal in negative PDO
epochs.

The link between the interdecadal variability of SCMR and PDO is through circu-
lation teleconnections in response to PDO-related SST anomalies (Wu and Mao
2017a). As shown in Fig. 3.18 that displays the differences of composite lower
tropospheric circulations and SSTs in June, during positive PDO epochs, significant
negative SST anomalies are present in the mid-latitude North Pacific, and positive
SST anomalies exist in the eastern tropical Pacific and off the west coast of North
America and Gulf of Alaska (Fig. 3.18a). Significant positive SST anomalies are also
present in the South China Sea and the western North Pacific (Fig. 3.18a). Although
these positive anomalies are weak compared to those in the eastern Pacific, they can
nevertheless induce an anomalous low pressure at the surface over the South China
Sea–western North Pacific (Fig. 3.18b) and an anomalous cyclone in the lower and
middle troposphere (Fig. 3.18c and 3.18d). This is accompanied by a positive sea
level pressure (SLP) anomaly to the north over eastern China and another negative
SLP anomaly over the Lake Baikal (Fig. 3.18b), roughly forming a meridionally
arranged vortex (MAV) pattern. Such an MAV pattern is more evident in the lower
and middle troposphere (Fig. 3.18c and 3.18d), which is characterized by an anoma-
lous cyclone, an anomalous anticyclone, and an anomalous cyclone alternately over
the South China Sea–western North Pacific, eastern China, and the Lake Baikal.
As the southern segment of the MAV pattern, the anomalous cyclone over the South
China Sea–western North Pacific is forced by both the in situ positive SST anomalies
and those remotely in the central and eastern equatorial Pacific (Fig. 3.18a).
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Fig. 3.18 Composite differences in June for positive PDO (1977–2000) minus negative PDO
(1958–1976 and 2001–2013) of a SST (shading, °C), (b) SLP (shading, hPa), c 850-hPa winds
(vectors, m s−1), d 500-hPa winds (vectors, m s−1), e 850-hPa divergence (shading, 10−6 s−1), and
f 850-hPa velocity potential (shading, 106 m2 s−1) along with divergent winds (vectors, m s−1).
The stippling in a, b, and e denotes anomalies statistically significant at the 95% confidence level,
and the shading in c and d indicates the areas where at least one of the zonal and meridional wind
components is statistically significant at the 95% confidence level. Only the statistically significant
anomalous divergentwinds are shown in (f). The letters L andH in b denote the centers of anomalous
low and high pressures, respectively. The letters C andAC in c and d denote the centers of anomalous
cyclones and anticyclones, respectively. (From Wu and Mao 2017a)

As shown in Fig. 3.18f, notable divergent winds blow from the equatorial eastern
IndianOcean andwesternPacific toward thePhilippines. This implies that the anoma-
lous cyclone over the South China Sea–western North Pacific occurs not only in
response to local positive SST anomalies, but also is related to the remote SST
anomalies in the tropical Pacific. Indeed, significant positive SST anomalies are
present in the tropical eastern Pacific, exhibiting a pattern similar to an El Niño
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event (Fig. 3.18a). The positive SST anomalies induce an anomalous low pres-
sure at the surface (Fig. 3.18b) and anomalous convergence (Fig. 3.18e) over the
tropical eastern Pacific. In turn, anomalous convergence over the tropical eastern
Pacific induces anomalous westerlies over the tropical Pacific (Fig. 3.18c), resulting
in anomalous divergence over the Maritime Continent (Fig. 3.18e). As mentioned
above, the anomalous divergent westerlies over the Maritime Continent (Fig. 3.18f)
blow toward the tropical easternPacific. Theopposite situation is observed in negative
PDO epochs.

The analyses of historical simulations derived from the Community Climate
System Model (version 4, CCSM4) that participates in the CMIP5 indicate that
the CCSM4 model reproduces well the anomalous atmospheric circulations forced
by the PDO-related SST anomaly pattern during positive PDO epochs (Wu and Mao
2017a). This validates the physical mechanism responsible for the out-of-phase rela-
tionship of the interdecadal variations between SCMR and the PDO derived based
on observations.

3.3.2 Interdecadal Modulation of ENSO-Related Spring
Rainfall Over South China by the Pacific Decadal
Oscillation

In eastern China, spring is a transitional season from winter to summer monsoons.
Climatological spring rainfall rate exhibits a southward-increasing distribution from
0.2 to 8 mm day−1 (Fig. 3.19a). Over South China (here referring to the continental
area south of 28° N and east of 105° E), the spring rainfall accounts for as much as
30%–40% of annual total rainfall (Wu et al. 2003; Wu and Mao 2016) with large

Fig. 3.19 Spring (March–May)mean rainfall over easternChina based on theChinaMeteorological
Administration (CMA) rain-gage station observations for the period 1958–2013. a Climatology
(shading, mm day−1) and b interannual standard deviation (shading, mm day−1). (From Wu and
Mao 2017b)
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interannual standard deviation exceeding 2 mm day−1 (Fig. 3.19b), indicative of
frequent severe floods and droughts over South China. North of the Yangtze River
Basin, climatological spring rainfall is lower than that over South China (Fig. 3.19a).
However, the interannual standard deviation overmost of northern China (Fig. 3.19b)
is not small compared to climatological spring rainfall, with themagnitude about half
of the climate-mean amount (Fig. 3.19b). The relatively large standard deviations
over South China imply that anomalous rainfall may have a huge impact on local
socioeconomic development.

Two rain-gage (gridded) rainfall data sets with different lengths of temporal
coverage from China Meteorological Administration (CMA) and Climate Research
Unit (CRU) for the period 1958–2013 (1920–2013) are applied to conduct an empir-
ical orthogonal function (EOF) analysis to identify the spatial patterns of interannual
variations of spring rainfall over eastern China. The dominant spatial patterns of the
first two leading EOFs of the spring rainfall anomaly percentages over eastern China
derived from CMA rain-gage data are shown in Fig. 3.20a and 3.20b. The first mode
(EOF1) and the second mode (EOF2) account for about 19.46% and 10.01% of the
total variance, respectively. Each of these twomodes is separated from the subsequent
mode based on the method proposed by North et al. (1982). Similar spatial patterns
are derived from the CRU rainfall data with a longer time period (Fig. 3.20c and
3.20d). The EOF1 mode is characterized by a monopole structure (Fig. 3.20a and
3.20c), with coherently positive rainfall anomalies over northern China extending
from the Yangtze to northern China (YNC). The EOF2 mode shows a north–south
dipole structure with predominant positive rainfall anomalies over South China and
negative anomalies over the lower reaches of theYellowRiver (Fig. 3.20b and 3.20d).
The high similarities of the dominant EOF structures demonstrate that the EOF1 and
EOF2 modes indeed represent two fundamental spatial structures of spring rainfall
variability over eastern China.

The principal component (PC) time series are examined to investigate the temporal
variations of the two leading EOF modes. The longer normalized PC1 and PC2 time
series from the CRU data sets are used for this purpose (not shown). Moreover,
the longer time series is more suitable for detecting interannual variations of spring
rainfall anomalies and their interdecadal modulations associated with the PDO. The
temporal evolutions of both PC1 and PC2 exhibit distinct year-to-year fluctuations
with large amplitudes greater than one standard deviation in many years. Such strong
interannual variability of PC1 is associated with ENSO events. The correlation coef-
ficient between PC1 and the Niño3.4 index is 0.23, which is statistically significant
at the 95% confidence level. However, the correlation between PC2 and Niño3.4
index is only 0.08. This, however, does not mean that the interannual variability
of the EOF2 mode has nothing to do with ENSO events; rather, the interannual
relationship between PC2 and ENSO undergoes interdecadal changes. The spatial
pattern of EOF2 (Fig. 3.20b and 3.20d) bears a strong resemblance to the distribution
of composite spring rainfall anomalies over South China under the in-phase PDO–
ENSO combination, as reported by Wu and Mao (2016), with significant positive
rainfall anomalies over South China.
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Fig. 3.20 Spatial patterns of the first two leading EOFs of the spring rainfall anomaly percentages
over eastern China. a EOF1 and b EOF2 based on the CMA rain-gage station observations for the
period 1958–2013. The loadings (unit %) are scaled by one standard deviation of the corresponding
PC. The percentage in parenthesis at the top of each panel refers to the variance explained by the
mode. c and d are the same as a and b but based on the CRU data sets for the period 1920–2013.
(From Wu and Mao 2017b)

The relationship between the interannual variations of the dominant EOF modes
withENSOevents under different PDObackgrounds is examinedbasedon the contin-
gency tables. The numbers of positive or negative PC1 or PC2 years are counted up
separately for the four PDO–ENSO combinations, as in Wu and Mao (2016). The
spring rainfall anomalies of the EOF1 mode is more likely associated with out-of-
phase PDO–ENSO events [i.e., El Niño during cold PDO (EN_CPDO) and La Niña
during warm PDO (LN_WPDO)], while rainfall anomalies of the EOF2 mode are
more likely connected to in-phase PDO–ENSO events [i.e., El Niño during warm
PDO (EN_WPDO) and La Niña during cold PDO (LN_CPDO)].

The PDO modulation of the ENSO-related spring rainfall anomalies over eastern
China is through anomalous circulations induced by the SST anomaly distributions
of the combined PDO–ENSO events (Wu and Mao 2016, 2017b). The typical SST
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anomaly distribution of an ElNiño (LaNiña) event is characterized by strong positive
(negative) anomalies over the central and eastern equatorial Pacific and weak nega-
tive (positive) anomalies over the extratropical North Pacific. A similar SST anomaly
pattern occurs in a warm (cold) PDO year except that the magnitude of PDO-based
SST anomaly in the mid-latitude North Pacific is larger than that in the equatorial
Pacific (Mantua et al. 1997). Therefore, if El Niño events occur in warm PDO phases,
the resultant EN_WPDO events would be characterized by both enhanced positive
SST anomalies in the equatorial Pacific and enhanced negative SST anomalies in
the mid-latitude North Pacific due to in-phase superposition of SST anomalies (Wu
and Mao 2017b). Similarly, the LN_CPDO events exhibit a similarly enhanced SST
anomaly pattern to the EN_WPDO, but with reversed signs of the SST anomalies.
As mentioned above, the EN_WPDO and LN_CPDO in-phase PDO–ENSO events
exhibit distinctly opposite polarities in the distribution of SST anomalies so that
the EN_WPDO minus LN_CPDO differences simply represent anomalous condi-
tion of EN_WPDO events, with the opposite situation for LN_CPDO events. In
addition, such differences in SST anomalies between EN_WPDO and LN_CPDO
categories highlight the in-phase superposed effects that force anomalous circula-
tions (as discussed below). In contrast, for the out-of-phase PDO–ENSO categories,
the ENSO-related SST anomalies and PDO-related SST anomalies tend to cancel
each other. Therefore, if El Niño events occur during a cold PDO phase, the resul-
tant EN_CPDO events have weak positive SST anomalies in the equatorial Pacific
and weak positive SST anomalies in the North Pacific because the amplitude of
SST anomalies in the equatorial Pacific for El Niño events is usually larger than
that for cold PDO episodes, but it is opposite in the mid-latitude North Pacific.
The LN_WPDO events exhibit a weakened SST anomaly distribution similar to the
EN_CPDO events, but with reversed signs of SST anomalies (Wu and Mao 2017b).
Thus, the out-of-phase superimposed effects in SST anomalies along with the resul-
tant circulation anomalies (as discussed below) are also highlighted by the composite
differences between EN_CPDO and LN_WPDO events.

The circulation anomalies forced by the in-phase and out-of-phase composite SST
anomalies are shown in Fig. 3.21 in terms of the SLP and lower tropospheric winds
together with moisture conditions (Wu and Mao 2017b). In the in-phase composites,
a strong anomalous anticyclone associated with positive SLP anomalies dominates
the western North Pacific, accompanied by a simultaneously enhanced Aleutian Low
over the North Pacific (Fig. 3.21a and 3.21d). The strong anomalous anticyclone is
forced by the enhanced SST anomalies in the central and eastern equatorial Pacific
(Fig. 3.21c).As suggested byWang et al. (2000), the anomalouswesternNorthPacific
anticyclone results from a Rossby wave response to suppressed convective heating,
which is induced by both the in situ ocean surface cooling and the subsidence forced
remotely by the central Pacific warming. The in-phase superposition of PDO and
ENSO enhances positive SST anomalies in the central and eastern equatorial Pacific
(Fig. 3.21c) that excite a Rossby wave response over the western North Pacific, and
then strengthen the anomalous anticyclone over the western North Pacific (Fig. 3.21a
and 3.21d). Moreover, associated with the intensified negative SST anomalies in the
central North Pacific (Fig. 3.21c), a strong and westward-extended Aleutian Low is
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Fig. 3.21 Composite differences of spring (March–May) SLP (shading, hPa) and 850-hPa wind
(vectors, m s−1) a between the in-phase PDO–ENSO events of EN_WPDO minus LN_CPDO,
b between the out-of-phase PDO–ENSO events of EN_CPDO minus LN_WPDO, c between in-
phase and out-of-phase conditions [i.e., (a)minus (b)], based on the JRA-55 reanalysis for the period
1958–2012. The stippling denotes SLP anomalies statistically significant at the 95% confidence
level. Only vectors of which at least one of the zonal andmeridional wind components is statistically
significant at the 95%confidence level are shown.d–f are the same as a–c but based on the ERA-20C
reanalysis data for the period 1920–2010. (From Wu and Mao 2017b)

present over the North Pacific (Fig. 3.21a and 3.21d). The enhanced Aleutian Low
extends westwards to East Asia and the anomalous anticyclone contracts away from
the coastal region of East Asia. As a result, the anomalous western North Pacific
anticyclone is confined to the southern part of the South China Sea and east of the
Philippines, and the strong anomalous southwesterlies are confined over South China
(Fig. 3.21a and 3.21d). Consequently, southwesterly anomalies bring large amounts
of water vapor to South China, as indicated by the southwesterly anomaly of the
vertically integrated water vapor flux over South China (not shown). The anomalous
water vapor flux converges over South China, leading to above-normal rainfall there,
in agreement with the EOF2 pattern of spring rainfall anomalies over eastern China
(Fig. 3.21b and 3.21d).
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The circulation anomalies in the out-of-phase composite are significantly different
from those in the in-phase composite. In response to the weakened SST anomalies
in the equatorial central Pacific (Fig. 3.21f), there is a weak anomalous anticyclone
over the western North Pacific (Fig. 3.21b and 3.21e). Although the strength of the
western North Pacific anticyclone in the out-of-phase composite is somewhat weaker
than that in the in-phase composite (Fig. 3.21a and 3.21d), it extends northeastward
to connect with the positive SLP anomalies over the eastern North Pacific (Fig. 3.21b
and 3.21e), which are associated with the cold PDO-related positive SST anomalies
over the North Pacific (Fig. 3.21f). More importantly, in response to positive SST
anomalies from the coast of East Asia to the central North Pacific, the anomalous
western North Pacific anticyclone extends northward to eastern and northern China
(Fig. 3.21b and 3.21e). As a result, large amounts of water vapor are transported to
the YNC regions as indicated by the anomalous vertically integrated vertical water
vapor. Abundant water vapor converges over YNC, resulting in above-normal rainfall
over those regions, corresponding to the EOF1 pattern of spring rainfall anomalies
over eastern China (Fig. 3.20a and 3.20c).

The differences of SLP and 850-hPa winds between in-phase and out-of-phase
composites are shown in Fig. 3.21c and 3.21f. A dipole-like anomalous circulation
is present over the Pacific and East Asia, characterized by an anomalous anticyclone
over the equatorial western Pacific and an anomalous cyclone over the North Pacific.
The strong anomalous cyclone extending southwestwards from the North Pacific to
East China and the anomalous anticyclone east of the Philippines are the typical
characteristics of warm PDO-related circulation anomalies (Mantua et al. 1997). As
a result, anomalous northeasterlies prevail over YNC and converge with anomalous
southwesterlies over South China and north of the South China Sea (Fig. 3.21c and
3.21f). This results in abundant water vapor and anomalous convergence over South
China, but reduced water vapor and anomalous divergence over YNC, leading to
above-normal rainfall over South China and below-normal rainfall over YNC. Such
differences in the circulation and rainfall anomalies between in-phase and out-of-
phase composites closely resemble the warm PDO-related circulation and rainfall
anomalies shown by Wu and Mao (2016). The above analyses demonstrate that the
circulation anomalies, as responses to ENSO-related SST anomalies modified by
PDO, could actually induce the first two EOF modes of spring rainfall anomalies
over eastern China.

The above physical processes about how the resultant SST anomaly patterns of the
in-phase and out-of-phase PDO–ENSO events induce spring rainfall anomalies over
eastern China are verified through numerical experiments using the NCAR-CAM5
atmospheric general circulation model (Wu and Mao 2017b). Three experiments
are conducted with one control experiment and two sensitivity experiments using
different SST patterns as varying lower boundary conditions. The control experiment
(referred to as CAM5-CTRL) is forced by the climatological mean annual cycle of
SST. The first sensitivity experiment is forced by the climatological mean annual
cycle of SSTs with superimposed composite monthly varying SST anomalies of
EN_WPDO events from December to June to simulate the in-phase PDO–ENSO
impact (referred to as CAM5-In-phase). The other sensitivity experiment is forced
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in the samewayexcept that theSSTanomalies ofEN_CPDOevents are superimposed
to simulate the out-of-phase PDO–ENSO situations (referred to as CAM5-Out-of-
phase).

The CAM5 model is capable of simulating reasonably well the major features of
the spring persistent rainfall belt from southern China to southern Japan though the
maximum rainfall belt extends farther northward over eastern China. It also captures
well the southwesterlies overEastAsia over thewesternNorth Pacific and south of the
Tibetan Plateau, and the northwesterlies over the mid-latitudes. As such, the differ-
ences between the CAM5-In-Phase and CAM5-CTRL simulations are used to repre-
sent the in-phase composite anomalies, and the differences between CAM5-Out-
of-phase and CAM5-CTRL for the out-of-phase composite anomalies. The differ-
ences of simulated rainfall anomaly percentage between the CAM5-In-phase and
CAM5-CTRL experiments exhibit positive anomalies over South China, in conjunc-
tion with weak negative anomalies north of the Yangtze River, very similar to the
in-phase composite rainfall anomalies as indicated by the EOF2 pattern (Fig. 3.20b).
In response to the forcing by the SST anomaly pattern of EN_WPDO events, a south-
west–northeast-oriented dipole-like anomalous SLP pattern dominates the tropical
andNorth Pacific,with positive SLP anomalies over the SouthChinaSea and subtrop-
ical western North Pacific, and strong negative SLP anomalies over the entire North
Pacific. The simulated negative SLP anomalies clearly extend southwestward to
Japan, the Korean Peninsula, and eastern China, leading to southeastward contrac-
tion of the anomalous westernNorth Pacific anticyclone from eastern China. Anoma-
lous southwesterlies prevail over SouthChina, leading to above-normal rainfall there.
Thus, the CAM5 simulations forced by EN_WPDO composite SST anomalies repro-
duce well the EOF2 pattern of spring rainfall over eastern China as well as the circu-
lation anomalies. This indicates that the EOF2 is actually induced by the in-phase
PDO–ENSO combinations, with EN_WPDO (LN_CPDO) events favoring positive
(negative) rainfall anomalies over South China.

The rainfall anomaly percentages of CAM5-Out-of-phase simulations exhibit
positive anomalies over the middle and lower reaches of the Yellow River, capturing
the major features of the EOF1 pattern (Fig. 3.20a) though the simulated rainfall
anomalies are somewhat weaker than the observations over the regions between the
Yangtze River and Yellow River. As a response to the EN_CPDO SST anomalies, the
simulated positive SLP anomalies over the western North Pacific extend northward
over eastern China and northeastward to the eastern North Pacific though there is
some overestimation of negative SLP anomalies near the Aleutian region. Corre-
spondingly, the model simulates well anomalous southwesterlies over the major part
of eastern China along with above-normal rainfall over the middle and lower reaches
of theYellowRiver.With forcing by theEN_CPDOSST anomaly pattern, the simula-
tion reproduces the major features of the EOF1 pattern of spring rainfall over eastern
China and the associated circulation anomalies. This confirms that the EOF1 mode
is indeed related to the out-of-phase PDO–ENSO combinations, that is, the rainfall
anomaly pattern of positive EOF1 usually follows EN_CPDO events while that of
negative EOF1 follows LN_WPDO events.
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In view of the CAM5 simulation results, the physical mechanisms relating the
SST forcing of the in-phase and out-of-phase PDO–ENSO events to the spring rain-
fall anomalies over eastern China can be summarized as in Fig. 3.22. The simu-
lated southward shrinking of the western North Pacific anomalous anticyclone in in-
phase composites and its northward extension in out-of-phase composites are in good
agreement with the observations (Fig. 3.21a and 3.21b). The simulated circulation
differences between in-phase and out-of-phase composites show typical features of a
warmPDO, characterized by a dipole-like patternwith a zonally stretched anomalous
anticyclone over the subtropical and equatorial western Pacific and an anomalous
cyclone over the entire mid-latitude North Pacific and East Asia. This confirms that
the anomalous anticyclone over the western North Pacific is modified by the anoma-
lous cyclone over the mid-latitude North Pacific and East Asia in association with
PDO-related SST anomalies in the extratropical Pacific, and then it modulates the
spring rainfall anomalies over eastern China.

Fig. 3.22 Schematic diagram showing the changes in location and intensity of the El Niño-induced
springtimewesternNorth Pacific subtropical high underwarm and cold PDOepochs for the in-phase
PDO–ENSO condition that favors above-normal rainfall over South China (upper panel) and the
out-of-phase PDO–ENSO condition that favors the above-normal rainfall north of Yangtze River
(lower panel). Red curves in the left column represent the characteristic contour and streamline of
the western North Pacific subtropical anticyclone induced by the SST anomaly pattern of an El Niño
event. Red (blue) curves in the middle column refer to the characteristic contours and streamlines
of the western North Pacific subtropical anticyclone (the anomalous cyclone) induced by the SST
anomaly pattern of warm (cold) PDO episode. Red (blue) curves in the right column denote the
characteristic contours and streamlines of the resultantwesternNorth Pacific subtropical anticyclone
(the anomalous cyclone) induced by the SST anomaly pattern of the in-phase PDO–ENSO condition
as El Niño-WPDO and the out-of-phase PDO–ENSO condition as El Niño-CPDO
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3.4 Cross-Scale Relation

Multiple time-scale variations are observed over the South China Sea and the tropical
western North Pacific. There are indications for connections among the different
time-scale variations. The intensity of summer ISOs over the tropical western North
Pacific is subject to modulation of ENSO (Kajikawa and Yasunari 2005; Yang et al.
2008; Liu et al. 2016a; Wu and Cao 2017). Both interannual anomalies and ISOs
affect the formation andmovement of tropical cyclones over thewesternNorthPacific
(Wang and Chan 2002; Huang et al. 2011). Tropical cyclones form more likely in
the wet phase of the ISOs, and the wet phase of the ISOs guide the movement of the
tropical cyclones (Zhu et al. 2004; Kim et al. 2008; Chen and Huang 2009; Sun et al.
2009; Mao and Wu 2010; Pan et al. 2010; Huang et al. 2011; Feng et al. 2013; Li
and Zhou. 2013a, b). On the other hand, the ISOs may have feedback on interannual
anomalies.

This section first introduces the interannual variations of the intensity of ISOs
over the tropical western North Pacific and the plausible factors, then it discusses
the feedback of the intensity of ISOs on local seasonal mean anomalies, and at last
it describes the contribution of ISOs to interannual variations of rainfall and impacts
of ISOs on the synoptic disturbances.

3.4.1 Interannual Variation of the Intensity of the Summer
ISO Over the Tropical Western North Pacific

The ISOs over the South China Sea and the tropical western North Pacific exert an
important impact on climate over East Asia. The influence of the ISOs depends upon
their intensity. Liu et al. (2016a) showed that the equatorial eastern Pacific cooling
enhances the summer 30–60-day ISO activity over the tropical westernNorth Pacific.
ENSO has an important modulation of the 30–60-day ISOs (Teng and Wang 2003;
Liu et al. 2016a, 2016b; Wu and Cao 2017). An out-of-phase variation has been
identified between the intensity of 10–20-day and 30–60-day ISOs over the South
China Sea during June–July (Kajikawa and Yasunari 2005; Yang et al. 2008). This is
attributed to the difference in the region of the background field that influences the
two ISOs (Yang et al. 2008).

The change in the intensity of the 10–20-day and 30–60-day ISOs over the
South China Sea–tropical western North Pacific during summer displays an obvious
different relationship to ENSO. Figures 3.23 shows the lead–lag correlation of
monthly mean SST anomalies in the NINO3.4 region (5° S–5° N, 170°–120° W)
with respect to summer 10–20-day and 30–60-day ISO intensities averaged in the
region of 5°–15° N and 110°–150° E. The intensities of 10–20-day and 30–60-day
ISOs are measured by the kinetic energy of filtered 850 hPa wind variations (Wu and
Cao 2017). The wind data are from the NCEP DOE reanalysis 2 (Kanamitsu et al.
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Fig. 3.23 Lead–lag correlation of monthly mean NINO3.4 SST with respect to summer 10–20-day
(solid line) and 30–60-day (dashed line) ISO intensities in the region of 5°–15° N and 110°–150° E

2002). From the figure, the 10–20-day ISOs are enhanced during the El Niño devel-
oping summer, whereas the 30–60-day ISOs intensify during the La Niña decaying
summer (Wu and Cao 2017). Figure 3.24c–d presents the distribution of concurrent
correlation of tropical Indo-Pacific SST anomalies with summer ISO intensity in the
region of 5°–15° N and 110°–150° E. The region is where the summer mean ISO
intensity displays the largest standard deviation (Fig. 3.24a–b) (Wu and Cao 2017).
The SST anomalies corresponding to the 10–20-day ISO intensity change feature
a La Niña-type distribution (Fig. 3.24c), whereas those corresponding to the 30–
60-day ISO intensity change display a west–east contrast between the North Indian
Ocean and the central North Pacific (Fig. 3.24d). Such a west–east pattern is a feature
during the La Niña decaying summer.

The different relationship of the two ISO intensity changes with ENSO is related
to the difference in the source of the two ISOs that affect the tropical western North
Pacific. The 10–20-day ISOs are mainly from the equatorial western Pacific and they
reach the tropical western North Pacific during the west-northwestward propagation
(Yang et al. 2008). During the El Niño developing summer, the source region and the
propagation path of the 10–20-day ISOs feature a southeast–northwest band where
the vertical wind shear, upward motion, and moisture are subjected to modulation
of El Niño SST anomalies (Fig. 3.24e). Thus, ENSO influences the 10–20-day ISO
intensity bymodulating the background field in the above band. The 30–60-day ISOs
over the western North Pacific come mainly from the eastern Indian Ocean and the
Maritime Continent (Yang et al. 2008). During the La Niña decaying year, due to
the influence of preceding SST anomalies in the equatorial central–eastern Pacific,
a west–east contrasting SST anomaly pattern forms in the North Indian Ocean–
central North Pacific through air–sea coupled processes. The combined effects of
the SST anomalies in the two regions modulate the vertical wind shear and vertical
motion over the tropicalwesternNorth Pacific (Fig. 3.24f).When the 30–60-day ISOs
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Fig. 3.24 Standard deviation (unit: m2/s2) of JJA kinetic energy of intraseasonal variations ofwinds
at 850 hPa on the a 10–20-day and b 30–60-day time scales for the period 1979–2014. Correlation
coefficient of JJA SST with respect to area-mean JJA kinetic energy of intraseasonal variations of
winds at 850 hPa over the region of 5°–15° N, 110°–140° E (boxes in a and b) on the c 10–20-day
and d 30–60-day time scales for the period 1982–2014. Thick lines denote correlation significant
at the 95% confidence level. Schematic diagrams for e 10–20-day and f 30–60-day b ISOs. Black
arrows denote the direction of propagation of ISOs, cyan lines denote the region of anomalous
easterly vertical shear of zonal wind, green lines denote the region of positive specific humidity,
and purple lines denote the region of anomalous upward motion. Red and blue shadings denote
positive and negative SST anomalies, respectively
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reach the tropical western North Pacific, the modified background field changes their
intensity.

3.4.2 The Change of the Intensity of the ISOs Over
the Tropical Indo-Pacific Region With the Phase
of ENSO

The atmospheric circulation in the tropical Indo-Pacific region ismodulated byENSO
and displays temporal evolutionwith the phase transition of ENSO (Wang et al. 2003;
Wu et al. 2003). Due to the effect of the background field, the ISO intensity over the
tropical Indo-Pacific displays a systematic spatial-temporal evolution with the phase
of ENSO (Wu and Song 2018).Wu and Song (2018) analyzed in detail the 10–20-day
and 30–60-day ISO intensity changes between El Niño and La Niña developing and
mature phases, between fast and slow decaying El Niño years, and between El Niño
and La Niña decaying years.

First, the ISO intensity shows opposite anomalies during the El Niño and La
Niña developing and mature phases. During the developing phase, the ISO inten-
sity anomaly displays a southwest–northeast contrast between the tropical southeast
Indian Ocean and the tropical western North Pacific (Fig. 3.25a). The magnitude of
the ISO intensity anomaly decreases from summer to fall over the tropical western
North Pacific, but increases from summer to fall over the tropical southeastern Indian
Ocean. During the mature phase, the ISO intensity anomaly features a west–east
contrast between the Maritime Continent and the tropical central Pacific. During the
El Niño developing summer and fall, the ISO is enhanced over the tropical western
North Pacific, but weakened over the tropical southeastern Indian Ocean. During El
Niño mature winter, the ISO intensity is enhanced over the tropical central Pacific,
but weakened over the Maritime Continent.

Second, the ISO intensity anomaly displays prominent difference between El
Niño and La Niña decaying years and between fast and slow El Niño decaying years.
During the El Niño decaying year, the ISO is weakened over the Maritime Conti-
nent in spring and over the tropical western North Pacific in summer (Fig. 3.25b).
During the La Niña decaying years, the 10–20-day ISO intensity anomaly displays
a northwest–southeast contrast between the Philippine and the tropical western-
central Pacific in spring and a south–north contrast over the western North Pacific
in summer (Fig. 3.25c). During the El Niño fast decaying years, the ISO intensity
is weakened over the equatorial western Pacific in spring and in the off-equatorial
region in summer (Fig. 3.25d).

Third, the ISO intensity anomaly displays an obvious different distribution during
La Niña developing and decaying summer. It features a southwest–northeast contrast
between the tropical southeastern IndianOcean and the tropicalwesternNorth Pacific
during the developing summer, whereas it is characterized by a southeast–northwest
contrast between the equatorial western Pacific and the South China Sea-Bay of
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Fig. 3.25 Schematic
diagrams illustrating the
10–20-day ISO intensity
change and the main factors
during El Niño developing
and mature phases (a), slow
El Niño decaying phases (b),
La Niña decaying phases (c),
and fast El Niño decaying
phases (d). Solid and dashed
shapes denote intensity
increase and decrease,
respectively. (From Wu and
Song 2018)

Bengal. In addition, the magnitude of the ISO intensity anomaly during El Niño
decaying spring and summer depends upon the pace of decay. The magnitude of
the anomaly over the tropical western North Pacific is larger during El Niño fast
decaying summer than during El Niño slow decaying summer.

The 10–20-day and 30–60-day ISO intensity anomaly shows prominent different
features (Wu and Song 2018). First, the magnitude of 10–20-day ISO intensity
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anomaly is larger than the 30–60-day ISO. Second, the distribution of the ISO inten-
sity anomaly is different between El Niño developing and decaying summers. The
10–20-day ISO intensity anomaly displays a northwest–southeast-oriented distribu-
tion, whereas the 30–60-day ISO intensity anomaly is mainly confined to the tropical
western North Pacific. Third, during the El Niño developing summer, the 30–60-day
ISO intensity anomaly tends to be opposite between the Philippine Sea and the central
South China Sea, where such a feature is not seen in the 10–20-day ISO intensity
anomaly. Fourth, during the La Niña decaying summer, the 30–60-day ISO intensity
anomaly shows a prominent contrast between the South China Sea and the equatorial
western Pacific, whereas the 10–20-day ISO intensity displays a south–north contrast
over the western North Pacific.

The magnitude of the ISO intensity anomaly depends upon the phase of ENSO.
The largest anomaly appears in the regions where several background fields have a
consistent influence on the ISO intensity. These regions include the tropical western
North Pacific during the ENSO developing summer, the tropical southeast Indian
Ocean during the ENSO developing fall, the equatorial central Pacific during the
ENSOmature winter, and the tropical western North Pacific during El Niño decaying
summer. In these regions, the vertical wind shear, vertical motion, and the lower-level
moisture fields have a combined effect on the ISO intensity change (Wu and Song
2018).

3.4.3 Feedback of ISOs on Seasonal Mean SST Anomalies
in the Tropical Western North Pacific

The 10–20-day ISO intensity has a prominent negative correlationwith local seasonal
mean SST tendency over the tropical western North Pacific during spring, summer,
and fall. This indicates plausible feedback of the ISO intensity on seasonal mean SST
(Wu and Cao 2017). Figure 3.26 presents the point-wise correlation between 10–20-
day and 30–60-day ISO intensities and concurrent SST tendency in summer. The
data are from the NCEP-DOE reanalysis 2 (Kanamitsu et al. 2002) and the NOAA
Optimum Interpolation version 2 (Reynolds et al. 2002). An obvious negative corre-
lation is observed in the tropical western North Pacific (Fig. 3.26a–b). In comparison,
the 10–20-day ISO has a larger correlation than the 30–60-day ISO. The lead–lag
correlation of local monthly mean SST anomalies with respect to area-mean JJA ISO
intensity in the tropical western North Pacific shows a pronounced decrease in SST
following the ISO (Fig. 3.26c–d). This indicates an influence of the ISO on seasonal
mean SST variation. In comparison, the impact of the 10–20-day ISO appears larger
than the 30–60-day ISO.

The feedback of ISOon seasonalmean SST results from a net effect of surface heat
fluxes. Surface shortwave radiation and evaporation induced by atmospheric ISOs
depend nonlinearly upon the mean state. Their anomalies are asymmetric between
active and inactive phases of the ISOs. Thus, the ISO induced surface cooling during
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Fig. 3.26 The point-wise simultaneous correlation of the June–July–August (JJA) mean (a) 10–
20-day and (b) 30–60-day ISO intensity (KE1) (measured using 850 hPa kinetic energy) and SST
tendency (the difference of SST in the succeeding minus preceding month) for the period 1982–
2014. The thick lines denote regions where the correlation is significant at the 95% confidence
according to the Student t-test. The box denotes the region for area averaging of the 10–20-day
ISO intensity. Lead–lag correlation of area-mean monthly mean SST with respect to area-mean
(c) 10–20-day and (d) 30–60-day ISO intensity (KE1) averaged in the region of 5°–15° N and
130°–160° E (the box in (a)) and 2.5°–12.5° N and 140°–170° E (the box in (b)) in JJA. (FromWu
and Cao 2017)

the active phases and warming during the inactive phase is not canceled, leading to
seasonal mean SST anomalies. This residual effect is more prominent when the ISOs
are strong.

Wu (2018) decomposed the variables, including wind speed, SST, and moisture,
into different time-scale components with periods longer than 90 days (denoted as
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low-frequency component), shorter than 90 days (denoted as high-frequency compo-
nent), and 10–20-day high-frequency component. Then, the contributions of different
components to the seasonalmean surface heat flux are estimated. It is shown that over
the tropical westernNorth Pacific during summer, the accumulated surface latent heat
flux anomalies have an important contribution to seasonal mean heat flux anomalies.
This suggests that the ISO is an important factor in the seasonal mean SST tendency.
Figure 3.27 displays the distribution of concurrent anomalies obtained by regression
with respect to summer 10–20-day ISO intensity averaged in the region of 5–15° N,
130–160° E. Over the tropical western North Pacific, seasonal mean latent heat flux

Fig. 3.27 Simultaneous regression with respect to normalized JJA 10–20-day ISO intensity (KE1)
in the region of 5°–15° N and 130°–160° E (the box) for the period 1982–2014. a SST tendency
converted to the unit of heat flux using a mixed-layer depth of 45 m, b latent heat flux, c 850 hPa
wind (m/s, scale at the top-right), d interannual component of latent heat flux, e high-frequency
(<90-day) component of latent heat flux, and f 10–20-day component of latent heat flux. The contour
interval is 3 W/m2. The zero contours have been suppressed. Shading denotes that the anomalies
are significant at the 95% confidence level according to the Student t-test. (FromWu and Cao 2017)
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increases with the intensity of the ISO (Fig. 3.27b), which is mainly attributed to
the contribution of the high-frequency component (Fig. 3.27e). The low-frequency
component (including both seasonal mean and interannual variation) of latent heat
flux anomalies displays a southwest–northeast contrast (Fig. 3.27d). This contrast
may be explained by the relation between interannual wind anomalies and clima-
tological mean winds that are of the same and opposite sign to the west and east
of the intertropical convergence zone (ITCZ), respectively (Fig. 3.27c). This results
in opposite wind speed anomalies on the two sides of the ITCZ. Corresponding to
more latent heat flux, the SST tendency is negative (Fig. 3.27a). It is estimated that
about 1/3 of the high-frequency latent heat flux anomalies is due to the 10–20-day
component (Wu 2018).

The above accumulated seasonalmean heat flux due to the high-frequency compo-
nent may be explained by the nonlinear dependence of latent heat flux on wind
speed (Wu 2018). Near the ITCZ of the western North Pacific, climatological mean
winds are small. Both the active or inactive phases of the ISOs induce an increase in
wind speed, enhancing surface latent heat flux. Thus, the latent heat flux anomalies
averaged over a season have a net accumulation effect.

3.4.4 Influence of ISOs on Interdecadal Change

The South China Sea summer monsoon (SCSSM) onset experienced a prominent
interdecadal shift around 1993, with a late onset during 1979–1993 and an early onset
during 1994–2008. Kajikawa and Wang (2012) attributed this change to enhanced
tropical cyclone (TC) activity and ISO on 30–80-day and 10–25-day time scales
in the second epoch. In order to assess the individual impacts of TCs and ISO on
the interdecadal change of the SCSSM onset, Chen (2015) removed the anomalies
associatedwith TCs and ISO. Then, the SCSSMonset datewas defined as the first day
after 25 April according to the following criteria: (1) the SCSSM circulation index
must be positive (westerly wind) on the onset day and during the subsequent 5 days;
(2) the number of days of positive SCSSMcirculation index during the subsequent 20
days reaches at least 15; (3) the 20-daymean SCSSMcirculation indexmust be larger
than 1 m s−1. The comparison of the SCSSM onset dates with and without ISO- and
TC-relatedwind anomalies shows that TCs have no significant impact on the SCSSM
onset in all years except for 2006 in which a strong and long-lived TC occurred over
the South China Sea. After removing the 30–80-day anomaly, the difference in the
mean SCSSM onset date between the two epochs decreases to some extent, implying
that the 30–80-day anomaly may partly play a role in the interdecadal shift of the
SCSSM onset. In contrast, the 10–25-day anomaly has an insignificant contribution
to the interdecadal shift of the SCSSM onset. The discrepancy of ISO contribution
results from the SCSSM background state, the magnitude and spatiotemporal scale
of ISO, and the phase relationship between ISO and SCSSM transition from easterly
to westerly (Chen 2015).
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A pronounced increase occurred in summer rainfall over southern China around
1992/1993. Diagnostic analysis indicates that the boreal summer ISO (BSISO) may
contribute to this decadal increase. The BSISO-induced rainfall increase accounts
for approximately 17.4% of the observed decadal rainfall increase, with a primary
component resulting from the change in rainfall pattern associated with phases 3–
5 of the BSISO (Wang et al. 2017). Moreover, the change in rainfall pattern over
southern China is mainly ascribed to the change in the spatial structure of anomalous
convection associated with the interdecadal change in BSISO tracks. In addition, the
change in the frequency of active BSISO phases also contributes to the interdecadal
change in summer rainfall over southern China. The interdecadal change in the
BSISO tracks and active BSISO phases is likely related to the coherent change in
the atmospheric circulation and SST over the Indian Ocean and the western Pacific.

The summer rainfall increase over southern China around 1992/93 is shown to be
related to the long (over 14 days) consecutive rainy day events (Liu et al. 2017). Such
long consecutive rainy day events resulted from lower-level cyclonic circulation over
the South China Sea and southern China. The anomalous cyclone originates from
the tropical region north of New Guinea about 30 days ago and moves northwest-
ward. The moving feature is obvious in the 30–60-day filtered wind fields, indicating
an important contribution of the northward propagation 30–60-day ISOs from the
tropical western North Pacific to the occurrence of long consecutive rainy day events
over southern China.

3.4.5 Influence of Interannual Variation on Synoptic
Disturbances

The activities of tropical waves over the western North Pacific and the South
China Sea display obvious interannual variability according to main signals isolated
from the westward-propagating tropical waves (tropical depressions, mixed Rossby–
Gravity waves, and equatorial Rossby waves) by a wavenumber-frequency spectral
analysis. Such interannual variability is linked tightly with the monsoon trough (Wu
et al. 2015a, b). When the monsoon trough is enhanced and extends eastward, the
activities of tropicalwaves are strengthened and shift eastward.DuringElNiño years,
eastward-extending and enhancedmonsoon trough provides a favorable condition for
active tropical waves. Observational and theoretical analyses and numerical exper-
iments indicate that tropical waves in the western Pacific gain the energy from the
mean flow of the monsoon trough, leading to the enhancement of intensity, the
shrinkage of spatial scale, and the changes of horizontal and vertical structures of
waves. Meanwhile, the monsoon trough is beneficial to the transformation from
the mixed Rossby–Gravity waves to off-equatorial tropical depression disturbances,
which provides the background condition for the formation and development of
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synoptic-scale disturbances and tropical cyclones. These results reveal that the inter-
annual variability of tropical wave activity over the western North Pacific and the
South China Sea is influenced by the change in mean flow.

Wu et al. (2018) identified that differences and similarities between the impacts
of different types of tropical Pacific warming (El Niño, El Niño Modoki) on atmo-
spheric circulation over the western North Pacific are associated with the differ-
ences in the location and intensity of SST anomalies. Eastern Pacific warming
induces pronounced anomalous westerlies and strong ascending motion of anoma-
lous Walker circulation over the equatorial central Pacific. Central Pacific warming
leads to anomalous convection over the equatorial central Pacific, and a Gill-type
response leads to anomalous westerlies in the off-equatorial region. A strong El
Niño event results in simultaneous central and eastern Pacific warming, leading to
a poleward extension of anomalous westerlies over the central Pacific and eastward
extension of the monsoon trough, which favors the eastward shift in the location of
the tropical cyclone genesis and more strong and active tropical cyclones. During the
El NiñoModoki events, central Pacific warming induces anomalous westerlies away
from the equator, leading to an anomalously broad zone of the eastward-extending
monsoon trough and an eastward shift in the location of tropical cyclone genesis.
During moderate and weak El Niño (eastern Pacific warming) events, the anoma-
lous equatorial westerlies are weak and the tropical cyclone genesis does not show a
dramatic southeastward shift with weak positive anomalies east of the Philippines.
During moderate El Niño years, anomalous westerlies along and/or near the equator
lead to a narrow zone of the eastward-extending monsoon trough with a slightly
southward shift. During weak El Niño events (the same level as the central Pacific
warming), the western North Pacific tropical cyclones and atmospheric circulations
in response to SST forcing aremore dependent on local SST compared to the extreme
and moderate El Niño events.

The impact of the Modoki events on the monsoon trough over the western North
Pacific has been intensified since 1984, which is accompanied by an enhanced influ-
ence of Modoki events on the East Arian climate and weather (Wu et al. 2018).
This change is attributed to the tropical Pacific warming caused by global warming.
Before 1985, the impacts of the Modoki events were mainly due to western Pacific
cooling with a weak central Pacific warming and thus had a weak impact on the
monsoon trough. After 1985, both the western and central Pacific becomes warmer.
Especially, the pronounced central Pacific warming leads to the strengthening and
eastward extension of the monsoon trough. These have a remarkable impact on
monsoon and tropical cyclone genesis over the western North Pacific.

Zhang et al. (2018) investigated the change of themonsoon trough and the tropical
cyclones during different types of El Niño events during 1948–2015 and the possible
influence of these two types of El Niño events on the monsoon trough and tropical
cyclones. The results indicate that compared to the years of eastern Pacific warming,
the monsoon trough is weaker and shifts northward in the years of central Pacific
warming. During the central Pacific warming years, central (western and eastern)
Pacific SST warming (cooling) induces anomalous westerlies over the equatorial
western-central Pacific and anomalous ascending motion and enhanced convective
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activities over the equatorial central Pacific. This leads to an enhanced and eastward
extended monsoon trough and a weaker subtropical high over the western North
Pacific, which in turn result in a northward shift of the monsoon trough. During the
easternPacificwarmingyears, equatorial eastern (western) Pacificwarming (cooling)
induces enhanced and eastward-extending anomalous equatorial westerlies, an east-
ward shift of the ascending branch of anomalous Walker circulation toward eastern
Pacific, and an enhanced southwestward-extending subtropical high. This results in
enhancement and eastward extension of the monsoon trough. Further analysis indi-
cates that these changes in the strength and location of monsoon trough are accompa-
nied by those in the large-scale environmental factors of the tropical cyclone genesis
over the western North Pacific. During central Pacific warming years, intensified
low-level anomalous cyclonic vorticity and upper-level divergence increased rela-
tive humidity in the lower and mid-troposphere, and reduced vertical wind shear
movement northward along with the monsoon trough. During the eastern Pacific
warming years, these anomalous regions move southward. The variations in these
large-scale environmental factors induce a northward and westward movement in
the location of tropical cyclone genesis over the western North Pacific during central
Pacific warming years compared to that during eastern Pacific warming years.

3.5 Summary

This chapter reviewed the air–sea relationship on intraseasonal and interannual time
scales over the South China Sea and tropical western North Pacific, the influences of
tropical Indo-Pacific SST anomalies on rainfall anomalies over the South China Sea
during summer and spring-to-summer transition, and the interconnections among
different time-scale variations. The main results are as follows.

(1) The intraseasonal air–sea relationship displays obvious scale dependence.
During northern summer, the air–sea relationship shows a different horizontal
structure over the South China Sea–tropical western North Pacific between
the 10–20-day and 30–60-day time scales. The correlation between SST and
precipitation, surface shortwave radiation, and surface latent heat flux is char-
acterized by a southwest–northeast distribution on the 10–20-day time scale,
but a zonal distribution on the 30–60-day time scale.

(2) The East Asian winter monsoon has an important impact on the intraseasonal
SST variations in the South China Sea. During the weak (strong) stage of the
East Asian winter monsoon, surface wind speed decrease (increase) reduces
(enhances) surface latent heat flux, leading to warming (cooling) of the ocean
surface water. The intraseasonal signals in SST, surface wind, and latent heat
flux display a coherent southward propagation over the South China Sea.

(3) The interannual air–sea relationship displays obvious seasonality and regional
feature in the South China Sea. Atmospheric forcing is dominant in the central
and southern South China Sea during the warm season. Oceanic forcing is



132 3 Air–Sea Interactions and Climate Variability Over …

present in the northern South China Sea during the cold season. In the lower-
latitude tropical western North Pacific, there is obvious oceanic forcing on the
atmosphere during winter and spring, whereas atmospheric change plays an
important role in the SST change during summer and fall. During the spring-to-
summer transition, the air–sea relationship shows a unique interactive feature
over the North Indian Ocean and the South China Sea.

(4) ENSO influences the South China Sea summer rainfall both directly and indi-
rectly. The North Indian Ocean SST anomalies act as a medium for the indirect
influence of ENSO. The rainfall anomalies are more prominent over the South
China Sea when the direct and indirect influences of ENSO coexist. In addi-
tion, the Indian Ocean affects the South China Sea summer rainfall variability
independent of ENSO.

(5) The South China Sea rainfall variability during April–June is subject to
combined influences of SST anomalies in the equatorial Pacific, tropical Indian
Ocean, and tropical western North Pacific. Rainfall anomalies in the South
China Sea often appear when SST anomalies coexist and work cooperatively
in two or three of the above regions.

(6) Local air–sea interaction leads to a month-to-month change of rainfall anoma-
lies in the South China Sea during the spring-to-summer transition, which
contributes largely to the pace of transition from spring to summer.

(7) The interdecadal variation of early-summer rainfall in South China has a
close association with the PDO. Less and more early summer rainfall periods
correspond to positive and negative PDO phases, respectively. The physical
connection between PDO and South China early-summer rainfall is achieved
by oceanic and atmospheric teleconnections.

(8) PDO has an important modulation of the influence of ENSO on South China
spring rainfall variability. Circulation anomalies during in-phase PDO and
ENSO years lead to more prominent spring rainfall anomalies over South
China.Under themodulation ofwarmPDOSST anomalies, equatorial central–
eastern Pacific warm SST anomalies and North Pacific cold SST anomalies are
both enhanced during the El Niño decaying spring. This leads to the develop-
ment of a very strong anomalous anticyclone over the western North Pacific,
accompanied by a strong and large anomalous cyclone over the North Pacific
and East Asia, forming a north–south dipole pattern. The moisture conver-
gence within the southwesterly flows is located over South China, leading to
more rainfall there. In contrast, when La Niña coexists with the negative PDO
phase, less rainfall is induced over South China.

(9) The 10–20-day and 30–60-day ISO intensity change has a different relationship
to ENSO. During northern summer, the 10–20-day ISOs intensify during the
El Niño developing summer, whereas the 30–60-day ISOs are enhanced during
the La Niña decaying summer. This difference is attributed to the relationship
between the ENSO-induce background field change region and the source and
propagation path of the ISOs. Equatorial central–eastern PacificSSTanomalies
modulate the vertical wind shear, lower-level moisture, and vertical motion in
a southeast–northwest band extending from the equatorial central Pacific to
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the tropical western North Pacific. This is the region where the 10–20-day
ISOs originate and propagate. Thus, ENSO can modulate the 10–20-day ISO
intensity. Preceding equatorial central–eastern Pacific SST anomalies induce
the North Indian Ocean SST anomalies in the succeeding summer. The latter
modulates the vertical wind shear and vertical motion over the tropical western
North Pacific. The modulated background field affects the intensity of the 30–
60-day ISOs when they propagate to the tropical western North Pacific from
the equatorial region.

(10) The ISOs near the ITCZ over the tropical westernNorth Pacific have prominent
feedback on seasonal mean SST anomalies in boreal summer. The feedback
is due to an accumulation of ISO-induced surface latent heat flux anomalies.
As climatological mean winds are weak in this region, surface wind anomalies
enhance surface latent heat flux during both dry and wet phases of ISOs. Thus,
the atmospheric ISOs make an important contribution to the seasonal mean
SST variations.
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Chapter 4
Land–Atmosphere Interaction
and Climate Variability in Southeast Asia
and Its Surrounding Area

Land covers nearly 30%of the Earth’s surface. It not only provides a place for humans
to live, but also bonds all layers of the Earth system organically. Human activities
change land-surface processes, leading to variation of land-atmosphere processes,
which affects global climate and environment (Lee et al. 2011). Therefore, it is of
great significance to study land-surface processes and land-atmosphere interaction
characteristics, to understand the causes of climate and environmental changes, and
to improve climate and environment for humans.

Land-surface processes are divided into aboveground processes and underground
processes. The former includes thermodynamic process, hydrological process, and
biological process; and the latter includes soil thermal conduction process as well
as water and heat transport processes. Land–atmosphere interaction refers to the
constant momentum, energy, and material exchanges between geo-gases occurring
inside the atmospheric boundary layer (ABL) due to the forcing associated with
atmospheric conditions and solar radiation (Wang 1999). As turbulence is the main
characteristic of air motion inside the ABL, learning about land-surface processes
and land-atmosphere interaction plays a pivotal role in studying the characteristics
of turbulent motion inside the ABL.

Numerical simulation is an essentialway for predicting future climate and environ-
ment, one of the objectives and cores of the research plans included theWorldClimate
Research Programme (WCRP) and the International Geosphere-Biosphere Program
(IGBP). In recent 30 years, studies have been focused on the parameterizations of
ABL mode and land-surface process mode based on large-scale field observations,
and these studies showed that the predictability of climate model can be enhanced
dramatically by improving land-surface process model (Avissar and Pielke 1991).
Although great achievements have been made in numerical simulations along with
the improvement of computer performance and optimizations of numerical methods,
the simulation of land-surface process in the model is far from meeting the needs of
many practical problems, due to the heterogeneity and complexity of the underlying
surface. Land-surface process model needs further improvement.
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Local observations,which serve as the basis for current land process parameteriza-
tion, provide the basis for the improvement of the model’s performance. Compared
with the long-term observations in Heihe of Inner Mongolia, the Qinghai–Tibet
Plateau, Huaihe River Basin, and other places in North China, there are only a few
long-term observations on different underlying surfaces in South China where the
East Asian summer monsoon prevails.

4.1 Field Observations of Typical Underlying Land-Surface
Process and Relevant Theoretical Analysis

4.1.1 Field Observations of Typical Underlying Surface
in the South China

1. Introduction of stations and observations

a. Subtropical Broad-leaved Forest Site in the Phoenix Mountain of Zhuhai

The Phoenix Mountain of Zhuhai, located south of the Tropic of Cancer and north of
the urban area of Zhuhai (Fig. 4.1), is a coastal hilly area covered 90% by forest vege-
tation, which is a south subtropical evergreen broad-leaved forest community. Char-
acterized by various species of trees, the Phoenix Mountain area has been classified
as a national-level ecological forest. There are diversified landforms and topogra-
phies, many mountains and peaks, rich water resources and plenty of rivers in the
Phoenix Mountain, where water and soil are well conserved.

Fig. 4.1 Geographical locations of subtropical broad-leaved forest site at the Phoenix Mountain
of Zhuhai and hilly shrub forest site at Zengcheng of Guangzhou
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Located in the university park of the Tangjiawan Hi-tech Zone north of Zhuhai,
BeijingNormalUniversity’s ZhuhaiCampus is surrounded by the PhoenixMountain,
which is mainly hills and slopes covered by forest as the typical secondary forest
surrounding cities or villages in the Lingnan region. After making observations and
argumentations, we built a 60-m iron observation tower to observe land-atmosphere
interaction and carbon flux in the low sloping land where canopies are relatively
flat in the foothill forest of the Phoenix Forest inside Beijing Normal University’s
Zhuhai Campus (Fig. 4.2). At (113°31′34.2′′ E, 22°21′15.5′′ N), the altitude of this
tower’s base is 38.5 m above the sea level. The underlying surface of the tower is a
typical subtropical forest consisting of acacia forests, eucalyptus forests, and shrub-
grass slopes; the average height of forest canopies is 18 m. Three sets of observation
systems are mounted on the tower to observe land-atmosphere interaction and CO2

flux over a long term.

b. Hilly Shrub Forest Site in Zengcheng of Guangzhou

The Hilly Shrub Forest Site in Zengcheng of Guangzhou is located inside the China
Meteorological Administration (CMA) Zengcheng National Climate Datum Station
(113°49’39” E, 23°20’05” N) on the hilly area and 38.5 m above the sea level. It
was built in May 2014 and improved thereafter; new equipment was installed and
debugged in October 2014, and was put into operational use in the first 10 days of
November 2014.

Fig. 4.2 The observation
tower at Zhuhai
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Fig. 4.3 The observation
tower at Zengcheng

Located in the mid-east of Guangdong province and northeast of Guangzhou,
Zengcheng is next to Dongguan in its south across the river. High in the north and
low in the south, it mainly consists of hills that distribute in the mid-south and
account for 35.1% of its urban area. The observation site is 100 m south of the CMA
Zengcheng National Climate Datum Station; its underlying surface is subtropical
hilly shrub forest and the average canopy height is 8 m. The Zengcheng Observation
Tower is a 70-m tall iron tower provided with a triangle Sect. (540 * 540 * 540 mm),
as shown in Fig. 4.3. Observation instruments are mounted on the tower to observe
wind, temperature and humidity gradient, radiation and momentum, sensible, latent
heat, and CO2 flux. Four levels of soil temperature and humidity and 1 level of soil
heat flux also observed in the soil.

4.1.2 Data Processing Method

First, we make some improvements over existing data quality control methods. The
period of the data is from January 2015 to December 2015.We use a simple threshold
calculation method based on robust statistical theories, to control the quality of
meteorological data from the carbon flux observation tower of the Phoenix Moun-
tain in Zhuhai, and to analyze land-atmosphere interaction. While performing the



4.1 Field Observations of Typical Underlying … 143

coherency test, we utilize spatial correlation and time dependence among all levels
of data and provide a method combining spatial correlation and temporal coherency
to judge coherency. Note that the stiff value test, temporal coherency test, and spatial
coherency test of wind speeds at 8 and 15 m are not carried out as instruments are
installed inside canopies and measurements are greatly affected by canopies at these
two levels. The stiff value test and spatial coherency of the internal temperature test
of soil areas are also not performed due to small temperature variation.

Here, data quality is controlled following the procedures below according toWang
(2004), Wang et al. (2007, 2010) and Wang and Liu (2012): extreme test → stiff
value test → coherency test → comprehensive test. Only the data from the levels
above canopy (18 m) were tested for their coherency in this study. The data control
codes used in this study are as follows: 0–normal, 1–doubtful, and 2–abnormal. All
procedures are described below.

1. Extreme and threshold calculation methods

On the basis of robust statistics (David et al. 1983), we use a simple threshold
calculation method in this study, which is not easily affected by extremes. The prior
judgment of variable distribution is not needed for this method, which is referred to
as “two-point method.”

We sort the original data or the data calculated based on raw data in ascending
order, with median M, upper quartile Q1, lower quartile Q2, and the upper and
lower extremes. We calculate fourth quartiles with the formula H = Q2 − Q1. After
summarizing lots of cases, the statists show that the data outside (Q1–1.5H, Q2 +
1.5H) can be deemed outliers in general.

2. Stiff value and threshold calculation methods

Stiff values are generated by observation records that remain unchanged for a long
time. Stiff value test is carried out to see if observation values are not changed for a
long time for the purpose of quality control. If the changes of factors are within the
set threshold among 24 records (12 h), these factors should be deemed stiff values.
To determine stiff values, such factors as the local meteorological conditions and
instrument precision should be taken into consideration. Considering the extremely
small changeof soil temperature inside, no stiff value test ismade for soil temperature.

3. Temporal coherency and spatial coherency test methods

According to the temporal coherency principle, data measured by the same instru-
ment at the same location and time will not fluctuate significantly in general. Spatial
coherency principle assumes that data measured by the same instrument at adja-
cent locations at the same time will not fluctuate significantly generally. Data not
conforming to coherency requirement cannot be eliminated completely during the
stiff value test, and need to be judged whether they are abnormal according to
temporal coherency and spatial coherency principles.

Temporal coherency test method: In this quality control, the coherency of data
is obtained using a time-varying test method. The detail of the method is as follows:
calculating the standard deviation σ of a meteorological element within the whole
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time period, and expressing the meteorological data at adjacent times of xi-1, xi and
xi+1, respectively. If | xi+1− xi | > 2σ or | xi− xi-1 | > 2σ at a certain time, xi is considered
as suspicious data, which should be marked with 1. The data corresponding to the
starting time could not be tested using this method, and are thus marked as 1. Then,
these data marked with 1 are re-inspected using the spatial coherency test method
mentioned below. For the data passing the spatial coherency test, their quality code
is marked as 0; and for those failing the test, they are marked as 2.

Spatial coherency test method: In this study, we compare data of adjacent levels.
First, the threshold of each kind of observation data is determined. If the absolute
value of the difference between two adjacent observation values | xi + 1− xi |
> N, after determining threshold N, xi+1 should be marked as 1. When determining
thresholdN,we calculate the absolute value of the difference betweenmeteorological
data of adjacent levels at the same time and sort them in an ascending order. For the
meteorological data at 8 and 60m, only data of one adjacent level are used to calculate
the difference. However, for the data at other levels, the data at the levels above and
below are needed to calculate the differences. Then, these data are marked with 1
and re-inspected with the time coherency methodmentioned above. The data passing
the temporal coherency test are marked with 0, and those failing the test are marked
with 2. In this paper, we test temperature, humidity and wind speed at 40, 47.5, 55,
and 60 m using this method.

4. Aerodynamic roughness and zero plane displacement calculation methods

Aerodynamic roughness and zero plane displacement of underlying surfaces are
calculated with the fitting method and roughness element method, respectively. In
the northwest and northeast of the observation tower in the Phoenix Mountain of
Zhuhai, there are dense contour lines. In its southwest and southeast, there are gentle
and open slopes. Besides, there is one hill in the northwest of the tower, and there is
another in the northeast of the tower. The altitude of the hill in the northeast is higher
than 120 m, while the one in the northwest is only higher than 90 m.

After quality control, there are a total of 521 sets of data under neutral strati-
fication, including 414 sets of data in autumn and winter (September–February of
the following year) and 107 sets of data in spring and summer (March-August).
According to the characteristics of contours around the tower, the underlying surface
is divided into four sectors clockwise centered at the tower station, with the due
north as 0°. Table 4.1 shows the range of angle of each sector, the times that neutral

Table 4.1 Statistics of
occurrence frequency of
neutral stratification at Zhuhai

Section division Autumn and
winter

Spring and
summer

Total

315°–5° 329 38 367

45°–135° 78 31 109

135°–225° 5 33 38

225°–315° 3 5 8
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stratification data of different seasons are contained in each sector, and occurrence
frequency of neutral stratification in each sector within the whole time period.

Table 4.1 shows that neutral stratification is mainly in the north of the northwest
area, the north of the northeast area, and is also distributed densely between 45° and
135° in autumn and winter. In spring and summer, neutral stratification is distributed
uniformly in the east and southwest areas. The distribution of neutral stratification
is basically consistent with the seasonal wind direction distribution, i.e., prevailing
northeasterly wind and easterly wind, and occasional southeasterly wind in autumn
andwinter (September–February of the following year), and prevailing easterly wind
and southwesterly wind in spring and summer (March–August), as observed over
the years in Zhuhai.

5. Calculation of flux source area

The relatively mature K-M analytical footprint model by Kormann and Meixner
(2001) is selected to analyze the distribution characteristics of the single-level flux
source area first. Then, the flux source areas at 55 and 32.5 m are compared and
analyzed, respectively.

The K-M model is applied to the areas where underlying surface vegetation is
basically uniform and topographic relief is small. As the flux tower is 1,200 m,
240m, 1200m, and 1,000m from the forest borders in the east, west, south, and north,
respectively, and the vegetation there is mainly subtropical evergreen broad-leaved
forest.

To determine the topographic relief in this area, within the circular scope of 1–km
radius centered at the flux tower, the surrounding area of the flux tower is divided
into four sectors: A1, B1, C1, and D1. Within each sub-area, sector areas of 500-m
radius, including A2, B2, C2, and D2, and sub-areas of 300–m radius, including A3,
B3, C3, and D3, are divided (Fig. 4.4). The projected density of sub-area is defined
by

Fig. 4.4 Sub-area division
surrounding the tower station
at Zhuhai
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Table 4.2 λ
′
f of All Sub-areas

λ
′
f λ

′
f λ f

A1 0.97 A2 0.92 A3 0.99

B1 0.97 B2 0.97 B3 0.95

C1 0.99 C2 0.99 C3 0.92

D1 0.99 D2 0.97 D3 0.91

λ
′
f = Af

Ad
(4.1)

where Af represents the projection area of each sub-area on the surface and Ad

represents the superficial area of each sub-area (excluding vegetation). With the area
calculation tools provided with Local Space Viewer, λ

′
f of sub-area is calculated

according to DEM data, as listed in Table 4.2.
Table 4.2 shows that within the divided sub-areas of different sizes, λ

′
f is larger

than 0.9. It indicates that surface undulation in each direction of this area is not large
according to the analysis on all sizes, meeting the applicable conditions of the K-M
model.

To calculate the scope of flux source area at 55 m, we set up a retrieving table to
establish relations between wind direction and corresponding sub-area, to establish
the correspondence between aerodynamic roughness and zero plane displacement of
different wind direction scopes and different underlying surfaces. The sub-area of
1,000-m radius is divided in the middle by two means, as shown in Fig. 4.5, forming
sub-areas A1 (315°–5°), B1 (45°–135°), C1 (135°–225°), and D1 (225°–315°), and
sub-areas E1 (0°–90°), F1 (90°–180°), G1 (180°–270°), and H1 (270°–360°). With
the sub-areas of A1, B1, C1, and D1, and of E1, F1, H1, and G1, corresponding
aerodynamic roughness and zeroplanedisplacement are calculated, and the retrieving
table of sub-area and wind direction corresponding to each other is set up (Table 4.3).

Fig. 4.5 Sub-area division around the tower at Zhuhai, and division of wind direction range (1,000-
m radius)
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Table 4.3 Retrieving Table of the Wind Direction of Observation Level at 55 m, Corresponding
Sub-areas and Parameters of Relevant Underlying Surfaces

Wind direction Corresponding sub-area H (m) λf L λp d (m) z0 (m)

1 337.5°–2.5° A1 45.26 0.18 2.2 0.40 30.29 1.80

3 67.5°–112.5° B1 13.17 0.18 2.0 0.36 8.24 0.67

5 157.5°–202.5° C1 26.31 0.18 2.0 0.36 16.46 1.35

7 247.5°–292.5° D1 30.11 0.18 2.2 0.40 20.15 1.20

2 22.5°–67.5° E1 41.31 0.18 2.2 0.40 27.64 1.65

4 112.5°–157.5° F1 33.81 0.18 2.0 0.36 21.15 1.73

6 202.5°–247.5° G1 18.12 0.18 2.0 0.36 11.33 0.93

8 292.5°–337.5° H1 41.58 0.18 2.2 0.40 27.82 1.66

If the wind direction at a time is known, corresponding sub-areas can be searched
from the retrieving table for calculation.

In Table 4.3, the projection density of roughness elements λ f and the projection
density of vegetation λp are defined as follows:

λ f = A f

Ad
(4.2)

λp = Ap

Ad
(4.3)

where Ad is the surface area of the zone, Ap is the vegetation coverage, and Af is the
projected area of the surface.

Fig. 4.6 Sub-areas
Corresponding to
337.5°–2.5° wind direction
and the coverage of 70% flux
source area in due-north
Direction



148 4 Land–Atmosphere Interaction and Climate Variability …

Here, the data quality is controlled, and the data are evaluated by the EddyPro
flux processing software. Basic quality control steps include eliminating anoma-
lous values of the original data, coordinate rotation, humidity correction, frequency
response correction, and WPL correction (correction for density fluctuations). Flux
test steps include turbulent stability test, turbulent development sufficiency test, and
flux representativeness test.

The data under neutral condition are also eliminated as the K-M model is derived
under non-neutral conditions. The specific quality control steps are as follows: ➀
eliminating the times when CO2 flux >50 or <−100 μmol/(m2 s) in the daytime
(6:30–18:30), and the times when CO2 flux <0 or >50 μmol/(m2·s) at night (19:00–
6:00 of the next day); ➁ eliminating the data close to neutral stratification (using
criterion−0.1 < z-d/L < 0.1);➂ eliminating the data of sensible heat flux >300W/m2

and the data of latent heat flux <−50 W/m2 or >650 W/m2.
To study single-level (55-m) flux source area related problems, the data outside

1,000 m of flux source area are eliminated in this study. The elimination of such
data is for two reasons. First, as the flux tower is 1,200 m, 240 m, 1,200 m, and
1,000 m from the forest borders in the east, west, south, and north, respectively,
sources areas that are >1,000 m may be beyond forest borders. If that is the case,
the situation of underlying surfaces may not satisfy the conditions necessary for
the model, and thus the model may no longer be applicable. Second, as the main
purpose of single-level research is to discuss the spatial representativeness of the
flux of subtropical evergreen broad-leaved forest in the Lingnan region, the data
recorded by the instruments cannot reflect the flux variation of forest underlying
surfaces accurately if the flux calculated is beyond the forest borders.

4.1.3 Analysis on Characteristics of Typical Underlying
Surface Land–Atmosphere Interaction in South China
and Its Surrounding Area

1. Characteristics of Land–atmosphere Interaction in Phoenix Mountain of
Zhuhai

a. Data Quality

We collected 650,528 data measured at 22,432 times from December 2014 to May
2016 by the land-atmosphere interaction and carbon flux observation tower in the
Phoenix Mountain of Zhuhai.

Results of the quality control showed that abnormal data account for 0.62% of
the total data, reflecting measurement instruments being reliable. For the abnormal
data, extreme data accounted for 74.57% and stiff value data accounted for 25.43%.
To be more specific, most extreme data occurred at the levels of low height, and stiff
value data were mostly humidity data. For example, there were 2,980 extreme data
among humidity and temperature data at 8 m, accounting for 98.48% of the extreme
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Table 4.4 Results Obtained with Fitting Method

Area d (autumn
and winter,
m)

z0 (autumn
and winter,
m)

d (spring and
summer, m)

z0 (spring
and summer,
m)

d (full time,
m)

z0 (full
time, m)

315°–5° 26.78 3.59 28.03 4.69 27.00 3.64

45°–135° 19.03 1.73 20.11 1.70 19.40 1.72

135°–225° 28.99 2.80

225°–315° 22.39 2.50

Table 4.5 Results Obtained with Roughness Element Method

H (m) λf L λp d (m) z0 (m)

A1 45.26 0.18 2.2 0.40 30.29 1.80

B1 13.17 0.18 2.0 0.36 8.24 0.67

C1 26.31 0.18 2.0 0.36 16.46 1.35

D1 30.11 0.18 2.2 0.40 20.15 1.20

data; there were 984 stiff value data among humidity data, accounting for 95.35%
of the stiff value data. Overall, the data quality was high, and abnormal values were
stiff values and extremes that occurred most frequently in the initial instrument stage
and low mounting height, implying good data quality at this site. Data measured at
certain times failed to pass regular temporal coherency test of spatial coherency test.
Further manual re-check also showed that such data are not outliers.

b. Aerodynamic Roughness and Zero Plane Displacement Calculation Results

The calculation results obtained with the fitting method and roughness element
method are shown in Tables 4.4 and 4.5.

Calculation errors may be generated from data, method, and assumption made
for the fitting method used. Errors of the roughness element method are mainly from
the simplification and parameters used in the calculation process. Compared with
the calculation results obtained with the roughness element method, the calculation
results obtained with the fitting method are higher in 315°–45° directions, and lower
in the other directions. We analyzed the calculation results obtained with the two
methods and found they are similar when the radius of the tower station surrounding
scope is set to 500 m. It can thus be inferred that the spatial representativeness
of the fitting method is 500-m radius or so. This method shows big defects when
dealing with complicated landforms. The roughness element method can give the
specific scope of underlying surfaces calculated, compared with the fitting method.
As the vegetation of the region around the tower station is subtropical evergreen
broad-leaved forest, the vegetation coverage changes with the season. The repre-
sentativeness scope of the calculated results obtained with the roughness element
method is much better than that with the fitting method; therefore, the roughness
element method can better reflect the overall situation of the aerodynamic roughness
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and zero plane displacement of underlying surfaces in this area. Besides, the rough-
ness element method can be used to calculate the aerodynamic roughness and zero
plane displacement of areas for which direct calculation using wind profiles is not
available due to insufficient wind data.

For the underlying surfaces that are mainly evergreen broad-leaved forest, it
is apparently advantageous to use the roughness element method, which can give
specific calculation scope and calculate areas that cannot be calculated with the
fitting method due to insufficient wind data. According to the calculation results,
seasonal factors change vegetation growth conditions, affecting aerodynamic rough-
ness and zero plane displacement, and topographical factors affect the calculation of
zero plane displacement more significantly than seasonal factors.

c. Characteristics of Flux Source Area

To understand the temporal and spatial variation of flux in this area, the scope of
flux source area should be paid attention to first. Figure 4.7 gives the rose map of
wind direction frequency statistics from January to December 2015 centering at the
meteorological tower with 22.5° step. It also shows the frequency of wind speed in
all directions based on wind speed classification.

Figure 4.7 shows that wind direction shifted clockwise from winter to early
summer. In December, January and February, there were mainly northerly and east-
erly winds. Since March, the wind started to shift toward the southeasterly direction.
In this process, wind direction and large wind speed distributed uniformly on the east
of the flux tower. SinceApril, wind direction started to centralize in southwesterly and
southeasterly directions due to summer monsoon. Almost all the largest wind speeds
in May and June were in southwesterly direction, related to the summer monsoon
onset. Wind direction was uniformly distributed in all directions when mid-summer
came (July and August), and started to centralize in the easterly and northeasterly
directions gradually starting in September.

We calculated the source areas with 70% contribution under unstable and stable
atmospheric conditions, respectively. In Fig. 4.8, blue dots represent the farthest sites
in the scope represented by flux source area in 30 min. Moreover, stability is judged
by (z-d)/L; and the data are classified as stable and unstable using (z-d)/L > 0.1 and
(z-d)/L < −0.1, respectively.

The results show that the scope of the flux source area was consistent with main
wind directions without showing significant difference only when the atmosphere
was unstable. When the atmosphere was stable, flux source areas were distributed
in both main wind directions and other wind directions, not consistent with main
wind directions. Moreover, the scope of flux source area under stable conditions
was larger than that under unstable conditions. This is because under unstable atmo-
spheric environment, air moves vertically, materials are transported quickly upward,
concentration changes quickly and can be detected by sensor immediately. There-
fore, the flux measured by sensor is from places close to main wind directions. If the
atmosphere is stable, turbulence is weak, less material is transported by atmosphere
and flux disperses slowly; and sensor can only detect the concentration change of flux
transported slowly from far away. In such a case, there were large flux source areas
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Fig. 4.7 Rose Map of Wind Direction, Wind Speed and Their Distribution Frequencies from
January to December 2015
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Fig. 4.7 (continued)

distributed even in the southeast and southwest directions where the wind speed was
low. Hence, flux source areas can cover a large scope under a stable atmosphere.

Located in a unique geographical location, the summer monsoon plays an impor-
tant role in Zhuhai climate. From the analyses on wind direction and wind speed,
we learn that the division of flux source areas into winter, spring before the summer
monsoon onset, summer after the summer monsoon onset, and autumn based on
wind direction change and time is more reasonable than the division purely based on
months. Therefore, we divide seasons into winter, spring (before summer monsoon
onset), summer (after summer monsoon onset), and autumn, considering the onset
time of the summer monsoon. In this subsection, we discuss the variation of the
distribution of flux source areas inwinter before summermonsoon onset (December–
February), in spring (before summer monsoon onset, 1 March–1 April, in summer
(after summer monsoon onset, 2 April–31 August), and in autumn (September–
November), according to the definition of the onset of the South China Sea summer
monsoon. As the stability is lower than zero at daytime but higher than zero at night-
time in most cases, source areas for each season are discussed separately for daytime
and nighttime.

Figure 4.9 shows that flux source areas are mainly in the north and east directions.
In spring before the summer monsoon onset, the distribution of flux source areas is
similar to that in winter. In summer after the summer monsoon onset, flux source
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Fig. 4.8 Wind Rose Map under Different Stability and Variation Chart of 70% Flux Source Area
along with Wind Direction

areas are in the southwest and southeast directions. In autumn, flux source areas are
in the east direction. This is consistent with the wind direction distribution in Zhuhai,
i.e., northerly wind and easterly wind prevail before the summer monsoon onset, and
southwesterly wind and southeasterly wind prevail for a long time after the summer
monsoon onset. There are barely any flux source areas within a large scope in the
northwest direction of Zhuhai, as northwesterly wind occurs rarely.

We calculated the average daily change of flux source areas in winter, spring
(before summer monsoon onset), summer (after summer monsoon onset), and
autumn. The calculation method is as follows. We calculated the size of average
flux source areas (not shown) at the same times (time interval of one hour) in each
season. Generally speaking, the daily variation of the size of flux source areas is
similar in all four seasons, and the scope of flux source areas is larger at nighttime
than in daytime. The largest flux source areas appear at the following times: around
8:00 in winter, 2:00 in spring, 4:00 in summer, and 18:00 in autumn. Along with
the summer monsoon onset, the largest flux source areas in summer appear at a time
(of the day) later than that in spring, probably caused by the different time that the
atmosphere reaches its highest stability. The smallest flux source areas occur between
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Fig. 4.9 Wind rose map in different seasons and variation chart of 70% flux source area along with
wind direction
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Fig. 4.9 (continued)
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6:00–10:00 when turbulence is the strongest. We also found that the scope of source
areas is smaller at nighttime and larger at daytime occasionally, showing that turbu-
lence may become strong due to thermal instability at nighttime and thus make the
atmosphere unstable; atmospheric inversion may occur to make stratification stable
at nighttime.

2. Characteristics of Land–atmosphere Interaction in Zengcheng Guangzhou

a. Quality control/evaluation

(1) Inspect original data and eliminate the data with anomaly ratio greater than 1%.

(2) Turbulence stability inspection is mainly used to eliminate the intensive non-
turbulent motions that cannot be eliminated by detrending and filtering. In general,
this test is completed through the comparison of the average covariance within whole
stage and sub-stages, and the main method is the algorithm in Foken (2003), such as
the formula below:

IST =

∣
∣
∣
∣
∣
∣
∣
∣
∣

1
6 ∗

6∑

i=1
(ω′x ′)5 − (ω′x ′)30

(ω′x ′)30

∣
∣
∣
∣
∣
∣
∣
∣
∣

∗ 100% (4.4)

where ω′ is vertical speed perturbation and x′ is the pulsation of a vector component
or a scaler, with the subscript representing the number of minutes. Equation (4.4)
is the deviation of the 30-min covariance of vertical speed and x from the average
covariance of all sub-stages, representing the stability of main statistics within one
time. If it is not larger than 30%, the quality of turbulent stability data is good; if it
is large, the data are less representative. Table 4.6 is the turbulence stability quality
classification given by Foken (2003).

(3) Test of overall turbulence characteristics (inspection of turbulence development)
is to make sure full development of turbulence conforms to the similarity theory and
the normalized standard deviation of turbulence components is a stability function
or constant. In general, turbulence standard deviation measured and the “standard”
value obtained through simulation are compared with Foken and Wichura (1996)
method, as shown in the formula below:

ITC =
∣
∣
∣
∣

(δx/X∗) mod el − (δx/X∗)measured

(ω′x ′)30

∣
∣
∣
∣
∗ 100% (4.5)

Table 4.6 Data quality classification based on turbulence stability test

CLASS 1 2 3 4 5 6 7 8 9

IST(%) 0–15 16–30 31–50 51–75 76–100 101–250 251–500 501–1000 >1000
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Table 4.7 Data quality classification based on turbulence stability test

CLASS 1 2 3 4 5 6 7 8 9

ITC(%) 0–15 16–30 31–50 51–75 76–100 101–250 251–500 501–1000 >1000

Table 4.8 Overall quality classification of turbulence data

CLASS 1 2 3 4 5 6 7 8 9

IST class 1 2 1–2 3–4 1–4 5 ≤6 ≤8 9

ITC class 1–2 1–2 3–4 1–2 3–5 ≤5 ≤6 ≤8 9

Simplified-CLASS 0 1 2

Note Class 0 represents high-quality data that can be used for the basic study. Class 1 represents
middle-class data that can be used for long-term data processing and analysis. Class 2 represents
data of poor quality.

where δx is the standard deviation of turbulence parameter,X* is the non-dimensional
characteristic factor of turbulence parameter x and ITC equation is the deviation
from the non-dimensional standard deviation obtained from the actual measurement
and “standard” nondimensional standard deviation. Standard nondimensional stan-
dard deviation is the value calculated with the similar function fitted according to
flux variance similarity, and parameters of fitting functions for different underlying
surfaces in different regions are different, which will be described in detail in neat
section. Tables 4.7 and 4.8 are the turbulence stability quality classification given by
Foken and Wichura (1996), Foken 2003. In general, when ITC ≤ 30%, turbulence
is considered to be fully developed.

(4) Flux quality evaluation: After turbulence stability and development inspection of
sensible heat flux, latent heat flux, momentum flux, and all calculation components
of CO2 flux, according to Foken andWichura (1996) and the simplified classification
method proposed for Carbo-Europe in 2003, flux quality evaluation was conducted
(Table 4.8).

b. A preliminary study on flux observation data about the humid and rainy
environment

(1) Issues of concern

Due to the high frequency and high accuracy of Eddy Covariance (EC) observa-
tion system, it is sensitive to the environment or weather process. Most researchers
removed the data during precipitation and analyzed the time periods before and
precipitation, and then interpolated adjacent non-precipitating time period data using
the mean diurnal variation (MDV) method, or discard data. Such data processing is
feasible for the observation stations in North China where it is dry and rains a little,
but not for the South China where it is wet and rains a lot, as there will be lots of
outliers that cannot be eliminated.
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Fig. 4.10 Precipitation and AGC comparison diagram of Zengcheng in winter. a daily average
precipitation and AGC-50, and b accumulative precipitation per min and average AGC-50

(2) Approaches

Open-circuit EC observation system, consisting mainly of CAST3 ultrasonic wind
speed and temperature tester and LI-7500 H2O–CO2 gas analyzer, is widely used
at many flux stations for its good frequency response and low power consumption.
However, the open-circuit system has a common problem, that is, its probes are very
sensitive and can easily be affected by precipitation, dew, snow, etc. when they have
contact with the environment directly and measure intermediate environment (as
shown in Fig. 4.10). In addition to certain tilt that is set during installation, which is
needed to allow attached water drops to fall in, automatic gain control (AGC) value
is added to measure whether there are water drops that may affect mirror cleanness
and through-optical length, to determine whether these factors may have affected the
measurements.

AGC, as a kind of output control, samples the amplitude of input signals with
negative feedback to obtain a control voltage and adjusts the amplification times of
amplifier reversely so as to realize automatic control. A typical value of AGC clean
window of LI-7500 is between 50 and 60% (LI-COR 2001). AGC of new instruments
should be recorded when they are used for the first time as the base value of the clean
window. AGC will increase along with dust accumulation and droplet impact, and
LI-7500 allows certain window droplets with accuracy ensured; the accuracy will
be affected as AGC continues increasing. It has reference meaning to control data
quality with AGC in South China where it is humid and rains a lot.

Taking Zengcheng as an example, its AGC base value is 50 and the relation
between its daily precipitation inwinter andAGC change alongwith time is as shown
in Fig. 4.10a. It clearly indicates that AGC fluctuates in rainy days and its fluctuation
degree is positively correlated with rainfall intensity. The correlation coefficient is
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0.92. Figure 4.10b shows 1-min precipitation accumulation and average AGC fluc-
tuation per minute from January 10 to 14. We can see that AGC is very sensitive
to precipitation, and it fluctuates whenever accumulative precipitation increases. At
the meantime, AGC is recorded on someday when it does not rain or during time
periods before and after precipitation (5–7 min before precipitation and 12–47 min
after precipitation). Zhang et al. (2016) suggested that the precipitation particles that
appear before and after precipitation cannot be recorded by precipitation measure-
ment instruments due to its accuracy, but these particles do affect the measurement
accuracy of eddy covariance system. As sensitive photoelectric switching, AGC can
acquire these abnormal signals in the air. Moreover, water particles accumulated
around the probe will affect the measurement accuracy of ultrasonic air thermometer
for a period of time after the instrument finishes recording data. Thus, it is used to
control quality with the AGC that outputs synchronously with the ultrasonic signal
in the data processing process.

(3) Materials and methods

The EC observation system at Zengcheng consists of CSAT3 and LI-7500. Take
the observational data of Zengcheng for February 1–28, 2015, and do calculations
step by step according to the normal data processing flow. The calculation results
reject not only the time of precipitation and the two time periods before and after
precipitation (30-min average is used) and over 1% data miss for the original 30 min.
As described above, we reject the wild points based on a criterion four times as great
as the standard deviation during data processing.

c. Characteristics of turbulence transport in the typical surface layer of underlying
surface of the hilly shrub forest in winter in Zengcheng, Guangzhou

(1) Characteristics of the mean field of basic meteorological elements in the surface
layer

Figure 4.11a shows a time series of solar radiation at Zengcheng in winter. Clearly,
the downward shortwave radiation (S↓) and reflected shortwave radiation (S↑) have
clear diurnal changes and are the same in phase. The downward shortwave radiation
in winter is 129.8 W/m2 on average and peaks at 811.76 W/m2, but in rainy days it is
less than 300 W/m2. The reflected shortwave radiation ranges in 0–112 W/m2. The
downward longwave radiation (L↓) and upward longwave radiation (L↑) have small
diurnal changes. The average downward longwave radiation of 366.25 W/m2 is less
than the average upward longwave radiation of 393.57 W/m2.

Figure 4.11b shows diurnal changes in the four components of winter radiation.
The downward shortwave radiation and reflected shortwave radiation are enhanced
gradually from 0 since sunrise and reach their peaks around 13:00. Then, they drop to
zero around 18:00. These times coincidewith sunrise and sunset (07:05± 06min and
17:56± 16 min) at Zengcheng in winter. The outward longwave radiation of canopy,
high in daytime and low at night, has small diurnal change and is basically stable
at night. Meanwhile, the average downward longwave radiation of the atmosphere
almost has no diurnal change and is less than the outward longwave radiation of
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Fig. 4.11 a Diurnal variation of the four components of winter radiation at Zengchen. b diurnal
variation of the four components and net value of winter radiation at Zengcheng. S: shortwave
radiation; L: longwave radiation. Arrows represent directions. Rn represents net radiation

canopy. The net radiation (Rn) has a trend in common with the solar shortwave
radiation. They are both negative at night and positive in the daytime. Negative-to-
positive transition is later than global radiation, and positive-to-negative transition
earlier than global radiation, under the influence of longwave radiation. Here, Rn >
0 is considered as the boundary between daytime and nighttime.

The winter distributions of wind speed and direction are shown in Fig. 4.12. In
winter, northerly wind prevails. In the daytime, the northeasterly wind is high; but
at night, northerly wind is dominant. The wind speed is 1.90 m/s in the daytime and
1.78 m/s at night, with a daily mean of 1.83 m/s. The wind speed is between 1 and
4 m/s. The background wind in winter is breeze, because the strong wind is rare.

Fig. 4.12 Diagram of the Rose statistics of wind speed and direction at Zengcheng in winter a:
winter, b daytime, and c nighttime
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Fig. 4.13 Basic meteorological conditions of Zengcheng in winter. a seasonal variation of daily
average values of temperature (gray), relative humidity (black) and precipitation (columnar).
b diurnal changes in temperature (gray), relative humidity (black solid line) and air pressure (black
dotted line)

Figure 4.13a shows the diurnal variations in daily average air temperature, relative
humidity and precipitation at Zengcheng in winter. In the surface layer, the average
temperature is 14.8 °C and the standard deviation is 3.09 °C. Affected by cold air,
temperature fluctuations are big. Even in winter, precipitation is frequent (occurred
in 21 days) in this region and the total amount is up to 154.3 mm. On January 12, the
daily precipitation peaks at 58.6 mm. The relative humidity is 67.94% on average
and ranges from 26.67% (on December 17) to 93.81% (on January 12). Figure 4.13b
shows diurnal changes in air temperature, relative humidity and air pressure inwinter.
The air temperature peaks around 16:00 and 08:00. Rn reaches aminimum just before
negative-to-positive transition. The diurnal change in relative humidity is contrary to
that in air temperature. The relative humidity peaks at dawn and reaches a minimum
around 15:00. The air pressure varies slightly, peaks in the morning and reaches a
minimum around 16:00.

Figure 4.14a shows the seasonal variation of daily mean soil temperature. In the
first half of the winter, soil temperature rises with the increase in depth. in February,
with the sustained rise in temperature, the daily mean topsoil temperature exceeds
the daily mean deep soil temperature. According to Fig. 4.14b, topsoil humidity is
affected by precipitation significantly. Each precipitation process raises soil humidity
suddenly, and such rise becomes less and less significant as depth increases. Light
precipitation almost has no effect on the soil humidity at a depth of 20 cm or below.
After precipitation, topsoil humidity drops to a stable value quickly. On thewhole, the
soil humidity at Zengcheng in winter rises with the increase in depth. Figure 4.14c
shows the mean diurnal variation of soil temperature. Evidently, the shallow soil
temperature has a great diurnal change. The temperature is low at night and in the
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Fig. 4.14 Seasonal variation of the daily average values of soil temperature and soil humidity
(volumetric water content) at Zengcheng in winter (a), (b) and mean diurnal variations (c), (d)

morning, but is high at noon and in the afternoon. It reaches a minimum around
9:00 and peaks around 17:00, lagging air temperature. With the increase in depth,
the peak temperature occurs later and its diurnal fluctuation gets smaller. At a depth
of 40 cm, soil temperature shows no diurnal change. The average temperature of all
layers rises with the increase in depth, which is associated with dense vegetation,
limited direct solar radiation absorbed by soil, low air temperature in winter, and
global heat loss of soil. The mean diurnal variation of soil humidity (Fig. 4.14d) is
significant at 5 cm only. The humidity peaks around 10:00 and then drops to the
minimum around 17:00, which is contrary to changes in soil temperature.

Figure 4.15a shows the probability density distribution of atmospheric stability
for different time periods at Zengcheng in winter. On the whole (black solid line),
the atmospheric stability presents normal distribution (−0.5 to 0.5) in winter. Its
peak is near the value of 0 and slightly stable. This indicates that during observation,
settlement is frequent in the near-neutral layers at Zengcheng in winter but strong
unstable or strong stable conditions are rare. Considering the daytime (black dotted
line) only, the unstable condition is dominant, and weak stable is possible. The peak
is 0 and the stability frequency range is wider than that at night. At night (gray dotted
line), however, stable atmosphere is dominant and instability is rare.

Figure 4.15b shows the daily variation of atmospheric stability. Atmosphere is
unstable in daytime but stable at night. In the morning, as sunrise brings more solar
radiation, the atmosphere in the surface layer gains more energy and gets unstable
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Fig. 4.15 Characteristics of atmospheric stability at Zengcheng in winter. a probability density
distribution atmospheric stability frequency; b mean diurnal variation of atmospheric stability

in the development of heat convection. In the afternoon, as solar radiation decreases,
air temperature drops and atmosphere turns stable gradually.

Turbulence intensity is a quantity expressing turbulence being strong or weak in
airflow. It is equal to the ratio of the root mean square (or standard deviation) of
eddy velocity to the mean wind speed for the same period, i.e., Ix = δx/Ū, where
x represents any of the three components of wind speed u, v, and w. Figure 4.16
shows the probability density distribution of turbulence intensity of the three compo-
nents and the variation of turbulence intensity with mean wind speed. Table 4.9 lists
the average turbulence intensity and peak frequency related turbulence intensity for
different periods (full-day, daytime and nighttime). Clearly, on the whole, the turbu-
lence intensity distribution of vertical wind speed is narrower than that of horizontal
wind speed. Iu presents the widest distribution. The turbulence intensity of the three
components is mostly less than 0.5, which is deemed to satisfy the ‘frozen’ turbu-
lence hypothesis proposed by Stull (1988). In the daytime, both average turbulence
intensity and frequency peak of each component are higher than those throughout
the winter, meaning that strong turbulence is more often seen in the daytime. At
night, the peak-related turbulence intensity of each component coincides with strong
turbulence throughout the winter, except that when the intensity range concentrates,
the probability is generally larger, and the turbulence intensity is obviously reduced.

The wind speed makes a difference in turbulence development. Seen from
Fig. 4.16 (a1-c1), when wind speed is <1 m/s, turbulence development is booming,
during which the wind speed is low and turbulence is mainly caused by buoyancy
convection. The boundary layer stays in the state of free convection. Iu and Iv are
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Fig. 4.16 Probability density distribution of turbulence intensity: a winter, b daytime, and c night-
time. variation of turbulence intensity with wind Speed (a1, b1, and c1 correspond to the three
components of u, v, and w, respectively)

Table 4.9 Average turbulence intensity and peak frequency related turbulence intensity for different
periods

Average turbulence intensity Peak frequency related turbulence
intensity

Winter Daytime Nighttime Winter Daytime Nighttime

Iu 0.37 0.43 0.31 0.26 0.38 0.26

Iv 0.31 0.36 0.25 0.18 0.28 0.20

Iw 0.19 0.23 0.15 0.14 0.14 0.12

>1, and Iw is >0.5. With the increase in wind speed, turbulence intensity becomes
weaker and the stratification becomes more stable.

In the surface layer, the turbulence velocity is related to atmospheric stability. In
the case of full turbulence development, based on the Monin–Obukhov similarity
theory, the normalized dimensionless standard deviation in wind components in the
surface layer is nothing but a function of atmospheric stability (Z/L). The normal-
ized standard deviation in wind components is reduced with the decrease in |Z/L|
(Fig. 4.17). In the uniform underlying surface of neutral stratification (Z/L→ 0), the
normalized standard deviation in horizontal turbulence is constant (2.286, 1.757 and
1.174 in this site), complying with the general rule of δu/u* > δv/u4 > δw/u*.

As indicated in Table 4.10, δw/u* varies slightly between different observation
stations, suggesting the large-scale terrain and underlying surface type make a small
difference to this quantity. The values on the Qinghai–Tibet Plateau are significantly
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Fig. 4.17 Variation of normalized standard deviation in wind speed with stability

larger than those on plains and hills, which is related to the perennial high wind speed
on highlands. For Zengcheng with topographic relief in a hilly area, the difference
betweenUandV innormalized standarddeviation is bigger than that overflat terrains,
which is possibly caused by the underlying surface in different wind directions.

Figure 4.18 shows the daily mean variation of energy and CO2 flux at Zengcheng
in winter. As shown in Fig. 4.18a–c, the latent and sensible heat fluxes in winter show
significant diurnal variation, like the net solar radiation. Same as Rn, the sensible
heat flux is positive in the daytime and negative at night; meanwhile, the latent heat
flux is generally positive. This is embodied both on sunny days and on cloudy days.
The net solar radiation received at Zengcheng in winter mainly compensate for the
losses of sensible heat and latent heat. The sensible heat loss is more significant, and
the overall average Bowen ratio (H/LE) is 1.337 in the daytime. When it is sunny,
the difference between the consumption of sensible heat flux and that of latent heat
flux is even bigger, and the Bowen ratio is 1.612. When it is cloudy, however, the
consumption of sensible heat flux is almost equal to that of latent heat flux, and the
Bowen ratio is 1.059.

Figure 4.18d shows the mean diurnal variation of CO2 concentration, ranging in
711.0–769.8 mg/m3. The concentration peaks around 08:00; then, it drops gradually
as Rn turns positive and reaches a minimum around 16:00. After that, respiration
prevails over photosynthesis while CO2 concentration is elevated again. By compar-
ison, CO2 concentration peaks earlier on sunny days than on cloudy days, and the
concentration changes more quickly on sunny days than on cloudy days. As shown
in Fig. 4.18e, the CO2 flux vegetation released into the atmosphere in the daytime
is negative; at noon when the solar radiation intensity peaks, the flux reaches a
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Table 4.10 Normalized standard deviation in wind speed under near-neutral stratification on
different underlying surfaces

Observation station Landform and type
(height) of the
underlying surface

Period δu/u∗ δv/u∗ δw/u∗

Zengcheng Station
(this paper)

Hill; shrub forest
(8 m)

2014.12–2015.02 2.286 1.757 1.174

Environment
Monitoring Center
Roof Station in
Guangzhou (Xu et al.
1993)

City (15 m) 1988.07.01–07.09 2.35 1.4

Observation base at
Bohe (Jiang et al.
2013)

Coastal area of
Guangdong

2007.05–2008.08 2.38 1.97 1.27

Qianyanzhou Station
in Jiangxi (Wen 2005)

Hill; subtropical
conifer plantation
(11–12 m)

2003 1.17/1.28

Changbai Mountain
(Xu et al. 2014)

Plain; Pinus
koraiensis (26 m)

2003.08 1.89 1.99 1.21

2003.09 2.47 2.47 1.47

Party School Station
in Nanjing (Peng et al.
2008)

City (<20 m) 2006.02.17–03.02 1.95 1.95 1.2

Pukou Station at
Nanjing University
(Peng et al. 2008)

Plain; suburb (2 m) 2.15 2.15 1.18

Gerze Station on
Qinghai-Tibet Plateau
(Liu et al. 2000)

Plain; sparse alpine
grassland (<10 cm)

1998.06–07 3.21 2.69 1.46

Station at the upper
reaches of Shule River
Basin (Wu et al. 2013)

Plain; alpine
meadow

2011.05–09 3.5 3.3 0.96

Nuoergai Station
(Chen et al. 2014)

Plain; alpine
meadow

2010 3.11 2.74 0.96

minimum. The flux on sunny days is significantly less than that on cloudy days in
the daytime, whereas at night the two values are both positive and not that different.
Comparing Fig. 4.18d with Fig. 4.18e, the variations in CO2 concentration and CO2

flux are not the same. The minimum CO2 concentration occurs earlier than the flux
reversal, and is very close to the maximum air temperature and minimum relative
humidity. Maybe it is because what the CO2 flux reflects primarily is the difference
between photosynthesis and respiration of vegetation, and the CO2 concentration
is affected by vegetation respiration, photosynthesis, air temperature, and humidity
(Guo et al. 2007).
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Fig. 4.18 Characteristics of daily mean variation of energy and CO2 flux at Zengcheng in winter.
a winter; b on sunny days; c on cloudy days; d diurnal change of CO2 concentration; e diurnal
variation of CO2 flux

Based on the observational data of subtropical hilly shrub forest at Zengcheng
during December 2014–February 2015, basic characteristics of winter meteorolog-
ical elements, including wind, temperature, pressure, humidity, and atmospheric
stability in the surface layer of the underlying surface of the typical hilly shrub forest
in South China, as well as turbulence and flux characteristics, are analyzed. Themain
conclusions are as follows. (1) At Zengcheng in winter, the total incident solar radia-
tion is 1009.3 MJ/m2; northerly wind is dominant, with a wind speed of 1–4 m/s and
a mean of 1.83 m/s. The background wind is a breeze. The air temperature is 14.8 °C
on average, and is affected by cold air, showing large fluctuation. The average rela-
tive humidity is 67.94%. The precipitation amount is 154.3 mm. The soil humidity is
significantly affected by precipitation, showing small diurnal variation; the average
humidity rises with the increase in depth. The topsoil temperature shows significant
diurnal variation, which is reduced with the increase in depth and is near 0 at 40 cm.
Compared with air temperature, the peak of soil temperature appears later; and this
lagging is more obvious with the increase in depth. (2) At Zengcheng in winter, the
average turbulence intensities Iu, Iv and Iw are, respectively, 0.37, 0.31, and 0.19,
conforming to the general rule of atmospheric turbulence intensity Iu > Iv > Iw; and
the turbulence intensity is much higher in the daytime than at night. The average
value of turbulence intensity is not as big as in the urban area of Guangzhou (Xu
et al. 1993) and not as small as in the coastal area of Guangzhou (Jiang et al. 2013).
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The wind speed makes a big difference to turbulence development: when wind speed
<1m/s, turbulence development is booming; and as wind speed increases, turbulence
intensity decreases and becomes more stable. (3) The relationship between normal-
ized standard deviation in wind components (δu/u∗, δv/u∗, δw/u∗) and stability (Z/L)
satisfies the power law of 1/3 based on theMonin–Obukhov similarity theory; and the
two quantities decrease with the decline in |Z/L|. On the uniform underlying surface
of neutral stratification (Z/L→ 0), the normalized standard deviation inwind compo-
nents is constant (2.286, 1.757, and 1.174 in this paper). (4) At Zengcheng in winter,
sensible heat accounts for the majority of energy dissipation, which is obvious on
sunny days. On cloudy days, the consumption of sensible heat is almost equal to
that of latent heat. CO2 concentration reaches a maximum around sunrise and then
declines gradually as photosynthesis becomes strong. The maximum rate of vegeta-
tion absorbing CO2 is 0.236 mg/m2/s, and the daytime rate of absorption is higher
on sunny days than on cloudy days.

4.2 Influence of Land–Atmosphere Interaction on Climate
Change of the South China Sea and Its Surrounding
Areas as a Response to Global Climate Change

With the constant improvement of computing technology and broad recognition of
the importance of land-surface processes, land-surface models have been developed
rapidly, which contributes to more frequent applications of land-atmosphere coupled
model in the studies on climate changes than ever. We can learn from the above two
sections that the parameters of land-surface processes of surrounding areas around
the South China Sea are distinctive, and the vegetation and soil humidity affects the
climate of the surrounding areas obviously. Therefore, we will discuss the influence
of underlying surface vegetation and soil humidity surrounding the South China Sea
on climate from the perspective of land-surfacemodels and coupled land-atmosphere
models, and explore their possible mechanisms.

In this section, we use land-surface models (SSiB, CLM, etc.) and coupled land-
atmosphere models, including global coupled land-atmosphere models and regional
climate models (RegCM, WRF, etc.) to discuss the importance of land-atmosphere
interaction surrounding the South China Sea.
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4.2.1 Correction, Optimization, and Improvement
of Important Land-Surface Process Parameters
of the Typical Underlying Surfaces in the South China
Sea and the Surrounding Area

In meteorology, observations are essential. These observation data are the basis for
analyses. For the purpose of studying the influence of land-atmosphere interaction
on the climate change of the South China Sea and its surrounding areas, we set up
the Phoenix Mountain Observation Station to collect precious land-atmosphere flux
data, laying a solid foundation for numerical simulation studies. In consideration of
the unique underlying surfaces in the South China Sea and its surrounding areas and
of limited observation data, we also select the commonly used intensive data from
AsiaFlux for further analysis and the optimization of land-atmosphere model.

AsiaFlux (http://www.asiaflux.net/) is a regional flux observation and research
network established in the 1990s. Composed of ChinaFlux, JapanFlux, and KoFlux,
it includes over 100 sites (as of the end of 2017) observing the underlying surfaces
of tropical rainforest, grassland, farmland, as well as land-atmosphere fluxes such
as vapor flux, heat flux, carbon flux, etc. In this study, we select the Pasoh Forest
Reserve (PSO) (102°18´ E, 2°58´ N, 75-m elevation), whose underlying surface is a
tropical rainforest in Malaysia.

We select the Simplified Simple Biosphere (SSiB;Xue et al. 1991), which consists
of three layers of soil. The first layer is vegetation canopy, which can forecast surface
temperature, canopy temperature, and moisture and carbon dioxide fluxes. SSiB has
been used for studying desertification and other subjects in the Amazon Rainforest,
Inner Mongolian Grassland, East Asia, Africa, and the semi-arid regions; it can
simulate surface features of underlying surfaces of different lands reasonably (Xue
et al. 1991, 2004a, b, 2010). In this section, we present the simulation analysis on
the underlying surfaces of the South China Sea and its surrounding areas using SSiB
model. We also correct and optimize the parameters, including surface albedo and
vegetation characteristics.

1. Correction of land-surface process parameters of typical underlying surfaces
surrounding the South China Sea in SSiB

a. Albedo

In SSiB, the surface albedo for rainforest model is 0.15, but the albedo obtained
according to the analysis of the observation data of PSO is about 0.12. Therefore,
we reduced the model albedo from 0.15 to 0.12 (by 3%), and the root mean square
error (RMSE) simulated based on upward shortwave radiation was decreased from
9.41 to 3.51 W/m2, and the RMSE of the net radiation was decreased from 8.39 to
2.51 W/m2.

http://www.asiaflux.net/
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b. Leaf Area Index (LAI) and the Maximum carboxylation efficiency of photosyn-
thesis (Vmax)

In SSiB, LAI is set as 5.01 and Vmax is set to 0.0001 for rainforest model. Consid-
ering observation data, the model LAI is optimized as 6.05 and Vmax, as 0.00005;
accordingly, the simulated RMSE of carbon dioxide flux is decreased from 3.2 to 2.1
micro mol/(m2)/s.

2. Improvement and optimization of the simulation of moisture transport
parameterization of soil in land-surface process model

The simulation of surface water and heat flux plays a pivotal role in a land-surface
model. But for most of the current land-surface process models, including SSiB,
many deficiencies exist in the simulation of water and heat flux.

Soil moisture simulation and the parameterization of relevant soil-water charac-
teristic curve (SWCC) play vital roles in a land-atmosphere interaction model. Soil
shows a strong vertical heterogeneity, but the currently used land-surface process
model provides only simple simulations of the moisture transport of vertically
inhomogeneous soil.

The equation established based on soil moisture conservation and used to describe
the vertical motion of the unsaturated flow of soil is as follows:

∂θl

∂t
= −ρi

ρl

∂θi

∂t
− ∂(ql)

∂Z
(4.6)

In the case of unfrozen soil, the equation can also be written as

∂θl

∂t
= −∂(ql)

∂Z
(4.6a)

where θl is the soil volumetric content of water (m3 m−3; hereinafter referred to as
“volumetric water content” or “moisture content”); θi is soil volumetric ice content
(m3 m−3);ρi andρl are the densities ofwater and liquidwater (kg−3), respectively; t is
time (s); and z is soil depth (m) and also the vertical coordinate (positive downward).
ql is the liquid water flux (positive downward). Following Darcy’s law promoted for
unsaturated media (i.e., Richard equation), it can be written as

ql = Kl

[

−∂ψ

∂z
+ 1

]

(4.7)

where ψ is soil matrix potential, and Kl is the hydraulic conductivity of soil (m s−1).
Substituting the above formula into Eq. (1), the equation of variable volumetric water
content becomes:

∂θl

∂t
= −ρi

ρl

∂θi

∂t
− ∂

∂Z

(

−Kl
∂ψ

∂z
+ Kl

)

(4.8)
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a. Soil-Water Characteristic Curve (SWCC)

If neglecting the influence of the osmotic potential on unsaturated soil, SWCC char-
acterizes the constitutive relation between soil moisture potential and soil moisture
content/conductivity. This constitutive relationship is correlated with the size and
distribution of soil particles and the structure of interstitial pore space, and varies
with the changeof soil texture.As shownby lots of field and laboratory sampling tests,
SWCC for different soil textures can be concluded. At present, there are three rule-
of-thumb relations used to characterize SWCCs, i.e., Brooks–Corey relation (Brooks
and Corey 1966), Van Genuchten relation (Van Genuchten 1980), and Clapp–Horn-
berger relation (Clapp and Hornberger 1978), all of which are concise and conve-
nient mathematical relations capable of fitting with many soil characteristic curves
perfectly.

The Brooks–Corey relation:

ψ(Se) = ψs S
−B
e

Kl(Se) = Ksat S
3+2B
e

The Van Genuchten relation:

ψ(Se) = 1

α

(

S
− 1

m
e − 1

)1−m

Kl(Se) = Ksat S
1
2
e

(

1 −
(

1 − S
− 1

m
e

)m
)2

The Clapp–Hornberger relation is a simplification and approximation of the
Brooks–Corey relation:

ψ(θl) = ψs

(
θl

θs

)−B

Kl(θl) = Ksat

(
θl

θs

)3+2B

Among these relations, Ksat is the saturated hydraulic conductivity of soil (m s−1),
and ψs and θs are, respectively, saturated moisture potential of soil (m; a negative
value) and soil porosity (m3 m−3). Se is the effective porosity of soil. Parameter
B, α, and m are the constants that vary with soil texture (Burdine 1953). Parameter
B is soil pore size distribution index, as pore size and its distribution decide the
relationship between soil adsorption and moisture. The experiments of Clapp and
Hornberger indicated that B Parameter for sand is the smallest while B parameter for
clay is the largest. The Clapp–Hornberger relation and Brooks–Corey relation come
to existence only whenψ < ψs ; whenψ > ψs , θl = θs . The Van Genuchten relation
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can better describe the relationship between soil water potential and soil moisture
content, especially when soil is approximate to saturation. However, this relation
has not been adopted by many land-surface process models due to its complicated
nonlinear relationship. By contrast, the more concise Clapp–Hornberger relation is
used more widely.

When soil is frozen, ice will affect soil moisture potential and conductivity. There-
fore, in the case of frozen soil, the Clapp–Hornberger relation can be used (Jame and
Norum 1980; Koren et al. 1999):

ψ = ψs

(
θl

θs

)−B

(1 + Ckθi )
2 (4.9)

Kl(θl) = 10−Eθi Ksat

(
θl

θs

)3+2B

(4.10)

where Ck is an empirical constant (with certain value range) and taken as 8 here. E is
determined according to the saturated hydraulic conductivity relevant rule-of-thumb
relation brought up by Shoop and Bigl (1997).

It can be thus seen that when soil texture varies in the vertical direction and shows
obvious inhomogeneity, the soil texture relevant parameters (such as Ksat , ψs, θs , B,
Ck, E, etc.) in SWCCwill change correspondingly. Note that Eq. (4.7) in many land-
surface process models (Engelmark and Svensson 1993; Koren et al. 1999; Mölders
and Walsh 2004) is written as

ql =
[

−D(θl)
∂θl

∂z
+ Kl

]

(4.7a)

where D(θl) is moisture diffusivity of unsaturated soil (m s−2) and D = Kl
∂ψ

∂θl
; and

liquid water flow of unsaturated soil is characterized by moisture gradient. It can be
said that moisture potential and moisture content of homogenous and unfrozen soil
vary continuously in the same direction. Equation (4.7a) can describe the variation
of the flow speed of liquid water reasonably. For inhomogeneous soil or frozen oil,
however, themoisture potential is continuous in spatial distribution andwater content
is not continuous at the interface of different soil textures and will jump; moisture
potential increases (decreases)might be in a direction different frommoisture content
increasing (decreasing) direction. Therefore, the water flow direction determined by
Eq. (4.7) may be different from soil moisture decreasing direction, and the water
flow decided by moisture content gradient (i.e., decided by Eq. (4.7a) cannot reflect
the flow of the liquid water of soil correctly. Equation (4.9) also shows that moisture
potential of inhomogeneous soil is not only related to the liquid water content of soil,
but also to ice content when soil is frozen, and will also be significantly affected by
saturated moisture potential and parameter B. Hence, when soil moisture diffusivity
is used to characterize the flow of liquid water in soil, Eq. (4.7) should be written as
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ql = Kl

[

−
(

∂ψ

∂θl

∂θl

∂z
+ ∂ψ

∂θi

∂θi

∂z
+ ∂ψ

∂ψs

∂ψs

∂z
+ ∂ψ

∂B

∂B

∂z
+ ∂ψ

∂Ck

∂Ck

∂z

)

+ 1

]

(4.7b)

For simplification, (4.7b) can be written as

ql = Kl

[

−
(

∂ψ

∂θl

∂θl

∂z
+ ∂ψ

∂θi

∂θi

∂z
+ ∂ψ(B,Ck, ψs)

∂z

)

+ 1

]

(4.7c)

The first term of (4.7c) represents the moisture flow caused by the gradient of
liquid water content in soil. The second term represents the liquid water flow caused
by the influence of vertical inhomogeneity of ice content on moisture potential. The
third terms characterize the influence of inhomogeneity on liquid water flow caused
by different soil textures (B,Ck, ψs) when liquid water content and ice content are
given. Therefore, the vertical motion of soil moisture described by Darcy’s law is
not purely given by ∂ψ

∂z = ∂ψ

∂θl

∂θl
∂z . In consideration of inhomogenous soil and frozen

soil in a land-surface process model, it is only reasonable to describe liquid water

flow using soil moisture potential gradient
(

∂
∂z

(

Kl
∂ψ

∂z

))

or the expansion Eq. (4.7b).

From the perspective of model simplicity and application, however, the expression
based on soil moisture potential gradient will be more reasonable.

2. Influence of various parameters on the hydraulic characteristics of soil in
Clapp-Hornberger relation

In the SWCC relations (4.9) and (4.10) characterizing unsaturated soil, parameters
includ ing Ksat , ψs, θs , B, Ck, and E are crucial for SWCC. Since the influences of
Ck and E on the water and heat transfer in freezing and thawing soils were studied
by Zhang et al. (2007), we will not repeat them there. As B is found affecting the
hydraulic characteristics of soil in an exponential form through observations, B is
taken as the very example to describe the influence on soil moisture potential and
conductivity quantitatively.We discuss how soil moisture potential and soil hydraulic
conductivity change with B under different soil humidity.

Figure 4.19a shows that the logarithm ((lg(−ψ)) of the absolute value of soil
moisture potential varies with B changes under different liquid water contents when
the total soil moisture content (θτ ) is 0.4 and the extent of porosity (θs) is 0.45. We
can see that the absolute value of soil moisture potential increases as B increases.
However, it increasesmore quicklywhen soil is dry or containsmuch ice. At the same
time, the absolute value of soil moisture potential of clay (B= 11.4) is larger than that
of sand (B = 4.05) when their water contents are the same. Hydraulic conductivity
decreases as B increases (Fig. 4.19b). Moreover, it decreases more obviously when
soil is dry or deeply frozen.A largerB leads tomore significant hydraulic conductivity
changes with moisture content, which shows the hydraulic conductivity of clay is
obviously lower than that of sand, and the change of soil moisture content can cause
a greater change of hydraulic conductivity when soil texture is clay. In addition to B,
saturated hydraulic conductivity can affect soil hydraulic conductivity to some extent.
Obviously, soil hydraulic conductivity increases as saturated hydraulic conductivity
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Fig. 4.19 a Relationship between the logarithm ((lg(−ψ)) of the absolute value of soil moisture
potential and B (θτ = 0.40 , θs = 0.45 , ψs = −0.3). b Relationship between the logarithm
(lg(Kl )) of soil hydraulic conductivity and B (θτ = 0.40 , θs = 0.45 , Ksat = 4e−6). c Relationship
between the logarithm (lg(Kl)) of soil hydraulic conductivity and the logarithm (lg(Ks)) of saturated
hydraulic conductivity (θτ = 0.40, θs = 0.45, B = 5)

increases (Fig. 4.19c); that is to say, the hydraulic conductivity of sand is higher than
that of loam or clay when they have the same moisture content.

By observing the relation (4.9), we also find that the saturated hydraulic conduc-
tivity of different soil texture also affects soil moisture potential obviously. It can be
clearly seen that the larger the absolute value of soil saturated hydraulic conductivity
is, the larger the absolute value of soil hydraulic potential is, which means under the
same temperature, soil particle is more absorptive to soil moisture, and soil moisture
will start to freeze when the temperature becomes lower. Therefore, we can judge
the cause of the deviation more easily when simulating vertical inhomogeneous soil
with land-surface process model so long as we know about the influences of basic
soil property parameters on soil moisture simulation.

The above discussion gives the theoretical analysis on the promoted Darcy’s
law that is commonly used in land-surface process model to describe the vertical
flow of inhomogeneous soil moisture. It points out the reasonability and superiority
to characterize moisture flow with soil moisture potential gradient, and the irra-
tionality to characterize moisture flow with soil moisture content gradient in some
currently used land-surface process models. It also points out that the simulation
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of soil humidity is affected significantly by soil moisture potential and hydraulic
conductivity depending on soil texture. To be specific, saturated moisture poten-
tial, saturated hydraulic conductivity, and soil pore size and distribution index B
play a critical role in the simulation of soil humidity. B is especially important as
its increase causes a significant drop of hydraulic conductivity, thus affecting the
vertical distribution of moisture in soil greatly. The above results reveal that it is
of great importance to consider the vertical inhomogeneity of soil in land-surface
process model and adopt effective soil characteristic parameters.

4.2.2 Influences of Land–Atmosphere Interaction on Spring
and Summer Climate Variability in Southeast Asia
and Its Surrounding Areas, and Mechanism

1. Climatic effects of biophysical processes of underlying surface vegetation on
the South China Sea and its surrounding areas

The vegetation of tropical regions is regarded as the main source of global surface
evaporation, and also one of the factors that drive global atmospheric circulation and
water cycle (Numaguti 1993; Larson et al. 1999; Werth and Avissar 2004). Besides,
the response of the latent heat of vaporization in tropical regions to climate changes
is quite important (Hulme and Viner 1998). Moreover, the tropical ecological system
generates half of the Gross Primary Productivity GPP and contains 40% carbon of
the terrestrial biosphere. There are many types of land underlying surfaces in South
China, the South China Sea, and their surrounding areas, mainly dominated by trop-
ical and subtropical rainforests. As the biophysical process of vegetation (including
radiation transfer inside vegetation canopy, vegetation roots pumping, vegetation
evapotranspiration, and moisture interception by canopy) plays an important role in
land–atmosphere interaction, we conducted sensitivity test using land–atmosphere
coupled models to further discuss the influence of Vegetation Biophysical Process
(VBP) on the South China Sea and its surrounding area in spring and summer.

a. Model and experimental design

The atmospheric circulation model used in the study is the AGCM (Mechoso et al.
2000) of the University of California, Los Angeles (UCLA), which has a horizontal
resolution of 2.5° and 29 layers in the vertical direction from the ground up to the top
layer at 1 hpa. Its predictor variables include horizontal wind, potential temperature,
water-vapor mixing ratio, cloud liquid water, cloud ice water, height of planetary
boundary layer, surface pressure, and surface temperature.

We coupled the UCLA AGCM to two different land-surface process models,
including SSiB (Xue et al. 1991) and a simple land-surface parameterization scheme.
The difference between the two land-surface process models is given in Table 4.11.
The model experiment involving SSiB is called LA-VBP, which takes VBP into
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Table 4.11 Important Differences between Two Land-surface Process Schemes

Simple land-surface process
scheme

SSiB

Surface albedo Specified monthly average Two-stream approximation with
diurnal changes

Surface roughness Specified monthly average The specified monthly average
based on vegetation
characteristics

Soil moisture Specified monthly average Soil humidity of three layers,
interactive

Aerodynamic surface
impedance

Refer to Deardorff (1972) 3, depending on vegetation
status

Stomatal resistance No Yes

Snow process Snow albedo is the specified
monthly average

Calculate according to surface
energy balance

Vegetation parameter (LAI,
VCR, etc.)

No Yes

consideration. The model experiment involving a simple land-surface parameteriza-
tion scheme is called LA-NOVBP, which does not take VBP into consideration. Each
model is integrated for one year using five different initial values from the reanalysis
data.

b. Analysis of experimental results

In terms of surface energy balance, the net shortwave in summer of LA-VBP
decreases as albedo increases in South China, but it increases when the cloud
decreases. The net radiation tends to increase although net longwave radiation
decreases. Sensible heat is dominant. In the Indochinese Peninsula, albedo increases
but cloud cover does not change obviously. Therefore, the net shortwave decreases
obviously, and the net longwave radiation decreases, leading to reduced net radia-
tion. Latent heat increases and sensible heat decreases, so sensible heat is dominant.
Around the Malay Archipelago, the net radiation decreases. Latent heat decreases
and sensible heat increases, and latent heat is dominant. In spring, the net radiation
at surface tends to decrease and latent heat decreases obviously although surface
temperature and sensible heat increase due to VBP.

In terms of the water cycle, the summer precipitation decreases in South China
and the Malay Archipelago but increases in the Indochinese Peninsula according to
LA-VBP simulation results (Fig. 4.20a). Themain reason for decreased precipitation
is the reduced moisture flux convergence and divergence in the areas of South China
and Southeast Asia. Although surface evaporation decreases as well, precipitation is
controlled by moisture flux convergence and divergence in South China and South-
east Asia. In spring, precipitation also decreases in South China considering VBP.
However, it increases in the Malay Archipelago but decreases in the Indochinese
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Fig. 4.20 Precipitation difference between the South China Sea and its surrounding areas in
Summer a and Spring b simulated by LA-VBP and LA-NOVBP, respectively. Units: mm/day

Peninsula (Fig. 4.20b). Considering VBP, the precipitation in the above regions is
also caused by the moisture flux convergence and divergence.

For atmospheric circulation, LA-VBP shows the positive vorticity at 850 hpa
weakened. Both the positive vorticity of the Indochinese Peninsula and the negative
vorticity of theMalayArchipelago at 850hpa strengthen, comparedwithLA-NOVBP
results. Changes of these circulations also result in precipitation changes in different
regions (Fig. 4.21).

2. Influences of land–atmosphere interaction on Spring and Summer climate
variability over South China and Its surrounding areas, and mechanism analysis

To analyze the influences of land–atmosphere interaction on climate in South China,
the South China Sea, and their surrounding areas and understand corresponding

Fig. 4.21 Wind (vector) and
vorticity (shade) fields of
South China, the South
China Sea, and their
surrounding areas at 850 hpa
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Table 4.12 Main Physical Process Parameterization Schemes

Land-surface
process

Microphysical
process

Shortwave
radiation

Longwave
radiation

Boundary
layer

Cumulus
convection

SSiB WSM6 CAM CAM YSU Kain-Fritsch

mechanisms, we adopted regional climate models (RCMs) to conduct longer simu-
lation experiments in the South China Sea and its surrounding area. We carry out
analysis based on results of better spatial and temporal resolution.

a. Introduction to regional climate model

As an important tool for studying atmospheric science, RCMs have been widely used
in dynamical downscaling, including the downscaling of global reanalysis data and
GCM. In addition to numerical weather prediction, RCMs have been widely used
in climatic modeling in recent years. However, many factors may affect dynamical
downscaling performance, such as the selection of an RCM, lateral boundary condi-
tion, the scope and resolution of the simulation area, and the selection of physical
process parameterization scheme.

Land-surface processes are an important member of the climatic system. Espe-
cially in the regions with strong land-atmosphere coupling, the simulation of land-
atmosphere interaction process is a key part of regional climate simulation. TheRCM
that is coupled with SSiB land-surface parameterization scheme, WRF/SSiB model
(Advanced Weather Research & Forecasting Model, WRF-ARW, Version 3.6.1) can
better simulate the basic characteristics of winter and summermonsoons in East Asia
and the Qinghai–Tibet Plateau snow cover, according to Li et al. (2016). Therefore,
we adopted the WRF/SSiB model to conduct simulation experiment on South China
and Its surrounding areas. The parameterization schemes used in the WRF/SSiB
model are shown in Table 4.12.

b. Experimental basics

(1) Model domain and resolution

In consideration of the influence of the boundaries of the RCM, we selected the
model center at (115° E, 35° N), and adopted the Lambert projection that covers a
domain of 9,250 km × 6,350 km with a horizontal resolution of 50 km. The model
has 28 layers.

(2) Forcing data and boundary conditions

The initial and boundary conditions to drive the WRF are from the National Centers
for Environmental Prediction/Department of Energy (NCEP/DOE) Reanalysis 2,
referred to as NCEP2.

c. Experimental design

Control experiment: We simulated 21 springs and summers from 1995 to 2015, and
from April 23 to August 31 of each year, covering the whole spring and summer
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seasons. The first 8-point accumulation days each year were regarded as the “sta-
tionary phase” of the model, and June–August were regarded as summer. The vege-
tation types in the control experiment are shown in Fig. 4.22 (top). One can conclude
that the underlying surface of the South China region is mainly dominated by shrub
forest, broad-leaved forest, and coniferous forest.

Sensitivity test: The importance of land-surface processed in the climatic system
ismainly shown by their influences on surface energy balance and atmospheric circu-
lation above the land surface. The surface energy balance is mainly shown by the
sensible and latent heat fluxes at the surface. The sensible and latent heat fluxes
transported by land surface upward can affect atmospheric circulation significantly.
To analyze the influence of land-atmosphere interaction on climate characteristics in
South China region, we replaced the vegetation type of the underlying surface in this
region (107–125° E, 18–25° N) with bare soil, and carried out the simulation experi-
ment for 21 springs and summers aswedid in the control experiment. The comparison

Fig. 4.22 Control experiment (Top) and sensitivity experiment (Bottom): vegetation types of the
underlying surfaces in South China and its surrounding areas
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clearly shows the influence of land-surface processed in spring and summer climate
variability and correspondingmechanism. Figure 4.22 (bottom) shows the vegetation
of South China region is replaced with bare soil in the sensitivity test.

d. Analysis of experiment results

(1) Analysis of control experiment results

To inspect the basic climate characteristics in spring and summer in East Asia by the
WRF/SSiB, we evaluated several main factors preliminarily. During the East Asian
summer monsoon, continuous warm temperature weathers and hot waves are typical
meteorological disasters endangering most areas in the East Asia continent. So, 2-m
temperature is an important diagnosis variable.

Fig. 4.23 Observation (yop) and simulation (bottom) of the average 2-m temperature (°C) in
summer (June–August) from 1995 to 2015
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Figure 4.23 shows the average 2-m temperature observed and simulated in the
summers of 1995–2015. TheWRF/SSiB simulated fairly well the spatial distribution
characteristics of 2-m temperature, especially in Southeast and Northeast China.

Precipitation is also one of the most fundamental and important climate diagnosis
factors. Figure 4.24 shows the average precipitation in the summers of 1995–2015.
TheWRF/SSiB simulated fairlywell the spatial distribution characteristics of precip-
itation for summer monsoon rainfall, especially in Southeast China and Southwest
China. The WRF/SSiB is capable of simulating the north-south movement of the
rain band during the monsoon onset period according to Li et al. (2016), laying a
solid foundation for our studies on the climate characteristics of South China region
using the WRF/SSiB.

Fig. 4.24 Observation (top) and simulation (bottom) of precipitation (mm/day) in summer (June–
August) from 1995 to 2015
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Fig. 4.25 Differences between summer averages in 1995–2015 by sensitivity experiment and
control experiment: (1) albedo, (2) upward shortwave radiation flux (W/m2), (3) net shortwave
radiation flux (W/m2), and (4) net radiation flux (W/m2)

(2) Analysis of sensitivity experiment results

Figure 4.25 indicates that when the vegetation type of underlying surface is changed,
the albedo simulated by the model will change significantly, as the albedo of bare
soil is larger than that of broad-leaved forest and shrub forest. Figure 4.25 also shows
that the albedo of South China region increased obviously by 0.2–0.4, making the
upward shortwave radiation of surface increased significantly, the net shortwave
radiation decreased and the net radiation absorbed by the surface decreased corre-
spondingly. As the surface energy balance characteristics are significantly affected,
the net radiation of surface decreases, and the upward sensible and latent heat fluxes
also change. Figure 4.26 indicates that the sensible heat flux of surface increases
slightly as a result of the temperature increase caused by the replacement of surface
vegetation with bare soil. However, latent heat flux changes most significantly; it
decreases by 40–50 W/m2.

There is no doubt that a significant decrease of surface latent heat flux will affect
the atmospheric circulation above. So, we analyze the wind fields of 850 and 500 hpa
aboveSouthChina and its surrounding areas.Obviously, the decrease of surface latent
heat flux in the sensitivity experiment leads to abnormal anticyclonic circulation over
South China and Southeast China (Fig. 4.27), which causes an obvious decrease
(3–4 mm/day) of precipitation and increase in temperature (2–3 °C) (Fig. 4.28).
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Fig. 4.26 Differences between summer averages from 1995 to 2015 by sensitivity experiment and
control experiment: a latent heat flux and b sensible heat flux. Units: W/m2

(a) (b)

Fig. 4.27 Differences between summer averages from 1995 to 2015 by sensitivity experiment and
control experiment: (Left) 850 hpa wind and (right) 500 hpa wind. Units: m/s

Fig. 4.28 Differences between summer averages from 1995 to 2015 by sensitivity experiment and
control experiment: (Left) 2-m temperature (°C) and (right) precipitation (mm/day)
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4.3 Land–Air Interaction and Climate Variation
in Southeast Asia and Its Surrounding Areas

4.3.1 Relationships Among Surface Energy, Water Balance
Characteristics, and Regional Climate Anomalies
of Typical Underlying Surface in Southeast Asia

The influences of land-surface processes on atmospheric conditions are compli-
cated, involving soil moisture, soil temperature, surface albedo, and other factors.
Among these factors, soil moisture is an important variable that affects land-surface
processes. Over the past several decades, a substantial body of research has provided
valuable insight into soil moisture. Delworth and Manabe (1988) proposed the
concept of Soil Moisture Memory, which suggested that soil moisture has a certain
degree of sustainability. According to the global climate model (GCM) test reported
by Koster and Squarez (1996), the memory of soil moisture can be applied to the
time scale of precipitation. Shukla and Mintz (1982) pointed out that soil moisture
anomalies can last long enough to change atmospheric circulation on different time
scales, from seasonal to interannual. Barnett et al. (1989) showed that the Asian
summer monsoon may be influenced by the Eurasian continent’s snow cover in
spring, thus associating the Asian summer monsoon and snow cover with soil mois-
ture.Meehl (1994) derived a positive feedback relationship between soilmoisture and
precipitation in South Asia by comparing the relative contributions of external condi-
tion (albedo) and internal condition (soil moisture). Yang and Lau (1998) used the
Goddard Laboratory for Atmospheres (GLA) GCM to study the interaction between
tropical SST and certain land-surface processes, which could affect the change of the
westerly jet inwinter and spring seasons in the subtropical regions ofAsia. The results
of 12 coupled atmospheric circulation models in the global land–air coupling exper-
iment were used to analyze the intraseasonal interrelationship between soil moisture
and atmosphere. Orlowsky and Seneviratne (2010) statistically analyzed the results
of 15 IPCC AR4 coupled models, and concluded that the effect of soil moisture
on summer precipitation is as much as that of SST. Koster et al. (2004) investigated
areas with optimal soil moisture and precipitation coupling, referred to as “hot spots,”
most of which are located in dry and humid transition zones. These studies empha-
sized the importance of evaporation, and found that the evaporation process greatly
influences changes in precipitation, which is an important land-surface process that
affects atmospheric conditions.

Several studies inChinahave shown that thewarmingof theQinghai–Tibet Plateau
can lead to an increase in temperature difference between sea and land, which affects
the summer monsoons in the South China Sea (Li 1996; Wu and Zhang 1998). In
addition, studies have been conducted on the Indochinese Peninsula, which indicates
that its latitudinal temperature gradient and that of the South China Sea can affect the
summer wind induced by temperature gradients on a large scale (Liu et al. 2003a,
b). The thermal difference between the Indochinese Peninsula and the South China
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Sea is an additional factor that influences large-scale sea and continental thermal
differences, and it plays a critical role in the onset of the South China Sea monsoon
(Wang and Qian 2001; Ren and Qian 2002). Meng and Zheng (2006) pointed out
that there is a relationship between the thermal difference in the South China Sea
and the Indochinese Peninsula’s land-surface processes. More specifically, the dry
anomalies of soil moisture and precipitation lead to a decrease in the difference of
temperature between the central and southern regions of the peninsula and the South
China Sea, and the monsoon intensity is weakened. The difference between SST in
the South China Sea and near-ground temperature in the Indochinese Peninsula is a
necessary condition for the summer monsoon in South Asia (Liu et al. 2009).

The above research indicates the importance of soil moisture in land-surface
processes, which has an obvious influence on the South China Sea summermonsoon.
In this subsection, we first analyze the relationship between summer precipitation
in the South China Sea and its surrounding areas and the spring soil moisture in
the Indochinese Peninsula. Then, by analyzing the difference among atmospheric
circulation, land-surface processes, and land–air energy in spring, we discuss soil
moisture anomalies and the mechanisms that drive summer precipitation.

1. Data and Methods

The soil moisture data used here were obtained from the ERA-Interim reanalysis
data of the European Centre for Medium-Range Weather Forecasts (ECMWF), with
a resolution of 1° × 1°. Precipitation data are the Global Precipitation Climatology
Project version 2.2 (GPCP-v2.2), which consist of satellite data, exploration data,
and precipitation data from ground observatory stations with a resolution of 2.5° ×
2.5°. The NCEP/NCARReanalysis Project provides monthly precipitation data from
1979 to 2014.

In a related analysis, the vector field of correlation coefficient was used to analyze
the correlation between wind and near-surface temperature. The definition of the
correlation coefficient vector field is

R = Ru&t i + Rv&t j (4.11)

where Ru&t = Correlation (u, t) is the correlation coefficient field of u wind and
time series t; Rv&t = Correlation (v, t) is the correlation coefficient field of v wind
and time series t; and i and j are unit vectors of the x and y directions, respectively.

2. Correlation between Soil Moisture and Summer Precipitation

Spring soil moisture data from 1979 to 2014 (March to May, or MAM) in the 0.1-
m depth layer of the Indochinese Peninsula and summer (June–August, or JJA)
precipitation in the areas surrounding the South China Sea were selected for SVD
analysis (Fig. 4.29). The first mode accounts for 56% of all the variance contribution.
In spring, soil moisture in most areas of the Indochinese Peninsula is significantly
correlated with summer precipitation over the South China Sea and its surrounding
areas. When the spring soil moisture in the Indochinese Peninsula has a positive
(negative) anomaly, the summer precipitation in the eastern tropical Indian Ocean
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Fig. 4.29 Heterogeneous correlation coefficient of 0.1-m depth layer soil moisture and precipi-
tation using SVD analysis of the first mode. The shading indicates the significance level of the
heterogeneous correlation over 0.1: the dark shading indicates a negative correlation, and the light
shading indicates a positive correlation

(EIO) is negative (positive), with less (more) precipitation, and the summer precip-
itation in the western tropical Pacific (WP) has a positive (negative) anomaly, with
more (less) precipitation.

The Indochinese Peninsula region(10° N–20° N,95° E–110° E,ICP)was selected
as the key area affecting the summer precipitation in the South China Sea and its
surrounding areas. The distribution pattern of correlation coefficient (Fig. 4.30) is
similar to that in Fig. 4.29. There are negative correlation in the EIO and positive
correlation in the WP. The soil moisture at a 0.1-m depth in the ICP has a significant
influence on summer precipitation in the EIO and WP.

The soilmoisture data from the depths of 0.1, 1, and 2m represent the land surface;
they indicate that soil moisture in the middle and root regions is roughly the same in
terms of temporal variation of soil moisture in the three layers (not shown). The soil
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Fig. 4.30 Correlation coefficient distribution of precipitation and the average soil moisture in the
0.1-m depth of the Indochinese Peninsula. The shading indicates a significant level of over 0.1

moisture correlation coefficient is above 0.94 between the middle and root regions,
thus, soil moisture data from the 0.1-m depth layer are used from now on.

3. Precipitation and Circulation Characteristics of Soil Moisture Anomaly Years

The composite analysis was carried out for the years with the absolute value of
the standardization of soil moisture in spring greater than 1 (Fig. 4.31a). A total of
seven years showed high soil moisture (HSM), namely, soil moisture greater than 1:
1985, 1989, 1999, 2000, 2001, 2008, and 2011. A total of six years with low soil
moisture (LSM), namely, soilmoisture less than 1: 1983, 1992, 1995, 1998, 2005, and
2010. Figure 4.31b is the normalized time series of soil moisture in summer. From
spring and summer, the HSM years demonstrated a positive anomaly in summer soil
moisture, whereas the LSM years had a negative anomaly in summer soil moisture.
The positive correlation of the soil moisture time series between spring and summer

Fig. 4.31 Averaged,
normalized spring (a) and
summer (b) soil moisture
time series in the ICP region
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reached 0.52, which indicates significant correlation. It can be inferred that the soil
moisture anomaly has a certain continuity from spring to summer.

In the HSM years (Fig. 4.32a), the summer precipitation in theWP shows positive
anomalies in most areas, with weak negative anomalies in a small number of regions.
In the EIO, summer precipitation in most areas shows negative anomaly, with only a
small number ofweak positive anomalies in the region. In theLSMyears (Fig. 4.32b),
the summer precipitation anomaly in the WP is negative, but the EIO shows obvious
positive anomaly. This suggests that in spring when the soil in the Indochinese
Peninsula region is more humid (dry), the summer precipitation in the eastern Indian
Ocean is less (more) abundant, and the summer precipitation in the western Pacific
is more (less) abundant.

Fig. 4.32 Summer precipitation anomaly in HSM years (a) and LSM years (b). The shading
indicates the 0.05 significance level. Units: mm
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Fig. 4.33 The 200-hPa (a, b) and 850-hPa (c, d) anomaly wind fields (units: m/s) of HSM and
LSM years. The contour represents the 500-hPa potential height field (units: gpm)

In the summer 500-hPa potential height field, the 588 contour of LSM years
(Fig. 4.33b, d) extends to the north of the South China Sea, its control range is
very large, and the subtropical high pressure plays an inhibitory role in the summer
precipitation of theWP in the LSM years. The 588 contour associated with the HSM
years (Fig. 4.33a, c) withdraws by 15° longitudes from the east of the LSM years and
shrinks by 10° latitudes to the north. The control area is reduced. This subtropical
high has little impact on the monsoon rainfall in the Western Pacific. In the HSM
years, the anomalous cyclonic circulation at 850 hPa occurs along the eastern coast of
China (Fig. 4.33c),which is conducive to the occurrence of precipitation in the region.
In the WP, the convergence of anomalous westerly and easterly winds is a potential
cause of the high level of precipitation associated with the summer monsoon. In the
EIO, there is a southwesterly wind anomaly in the equatorial region and a positive
horizontal shear in the EIO, indicating that the wind field is divergent, which is not
conducive to precipitation. At 200 hPa (Fig. 4.33a), an anticyclonic anomalous wind
field appears on the east coast of China.

In theWP, there is an anomaly of divergence, which is conducive to the occurrence
of precipitation. For the LSM years, there is a large-scale anticyclonic anomaly at
the lower level of East China (Fig. 4.33d), which overlaps with the 588 contour. The
whole area is controlled by an anticyclone anomaly (Fig. 4.33b), prone to subsidence,
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which is not conducive to the upward transport of water vapor. At 850 hPa, theWP is
controlled by the easterly wind anomaly, stretching into the EIO; the wind anomaly
then meets the northwesterly wind from the Bay of Bengal. They converge in the
EIO, with wind divergence at 200 hPa, which is conducive to the development of
ascending motion and precipitation.

In addition, there is anomalous northeasterly at the upper level in the Southeast
Asia region in the HSM years. westerly winds are abnormal at the lower level and
the monsoon is strengthened. In contrast, the larger southwesterly wind anomaly in
the LSM years is in the upper level and the easterly anomaly is in the lower level,
which weakens the monsoon.

4.3.2 Physical Process of Soil Moisture Affecting Summer
Precipitation

The Earth’s surface thermal condition can affect precipitation amount by influencing
the development of summer monsoon. The different states of the Indochinese Penin-
sula surface process affect the SouthChina Sea summermonsoon through the temper-
ature gradient in and around the Indochinese Peninsula and the South China Sea
(Amenu et al. 2005). The annual variations in land-surface temperature and soil
moisture are negatively correlated (Fig. 4.34). The correlation coefficient is −0.65,
passing the 99% significance test. Surface temperature is related to ground radiation
and evaporation, and surface processes can affect atmospheric conditions through
radiation. Previous studies reported that changes in soil moisture have a signifi-
cant impact on surface energy flux (Meng and Zheng 2006), and are considered the
primary influence in surface processes, because they directly affect the energy and
hydrologic exchanges between land and air.

As shown in Fig. 4.34, the surface temperature inMay is similar to that throughout
the spring. The correlation coefficient of land-surface temperature in May and soil

Fig. 4.34 Averaged, normalized time series of spring soil moisture, surface temperature in May,
and spring surface temperature in the ICP region. Correlation coefficients of surface temperature in
May, spring surface temperature and spring soil moisture are given in the upper left corner
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moisture is −0.77 (Fig. 4.34). May is also the key period for the South China Sea
summer monsoon. Therefore, the conditions in May can affect the spring soil mois-
ture and summer precipitation in the later period, while also influencing the physical
process of precipitation during the summer months.

a. Terrestrial Radiation

The longwave and shortwave radiation are the main processes of land–air energy
exchange. Figure 4.35 presents the difference between longwave and shortwave radi-
ation inMay of theHSMandLSMyears, respectively. The longwave radiation differ-
ence is negative in the northern region of the Indochinese Peninsula (Fig. 4.35a), and

Fig. 4.35 Diagram of longwave radiation (a) and shortwave radiation (b) during May of HSM and
LSM years (contour; units: W/m2). The shading indicates that the correlation at 0.1 significance
level (the dark shading is a negative correlation, and the light shading is a positive correlation)
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Fig. 4.36 Normalized time series of upward longwave radiation, upward shortwave radiation, and
spring soilmoisture in the ICP region inMay.Correlation coefficients of upward longwave radiation,
upward shortwave radiation, and spring soil moisture are given at the upper left corner

significant negative correlation with soil moisture completely covers the Indochi-
nese Peninsula and its surrounding areas. This indicates that the soil moisture on
the Indochinese Peninsula has a substantial influence on local longwave radiation.
Different distribution of shortwave radiation on the Indochinese Peninsula also shows
the distribution of different fields of similar longwave radiation (Fig. 4.35b), with
the center located on the peninsula. Although the Indochinese Peninsula is an area of
negative correlation, the intensity of the negative correlation center is not particularly
strong, and the significant negative correlation with soil moisture is only observed
in the western and northern parts of the Indochinese Peninsula.

InMay, the relationships of longwave and shortwave radiation in spring soil mois-
ture with spring soil moisture are negatively correlated (Fig. 4.36). The correlation
between longwave and shortwave radiation is greater than 0.4, which is consistent
with Fig. 4.35. Thus, for soil moisture in the spring of a positive (negative) abnormal
year, the longwave and shortwave radiation will show negative (positive) anomaly.
The responses of longwave and shortwave radiation are consistent with the findings
by Delworth et al. (1993). Because surface albedo is inversely proportional to the
surface soil’s water capacity, the wetter (drier) soil reduces soil albedo and more
shortwave radiation is absorbed (Idso et al. 1975).

b. Sensible and Latent Heat Fluxes

In May, the zero contour of latent heat flux surrounds the southeastern region of
the Indochinese Peninsula (Fig. 4.37a), whereas a positive center appears in the
northwestern region. There is also a positive correlation between latent heat flux
and soil moisture in spring. Moreover, the correlation coefficient passes the 90%
significance test. Compared with Fig. 4.29, the area of the northwestern region of the
Indochinese Peninsula that passes the significance test also corresponds to the most
obvious change in latent heat. The distribution of sensible heat fluxon the Indochinese
Peninsula (Fig. 4.37b) is similar to that of latent heat flux, but was a negative value.
A more intense negative center appears in the northwest. The significant areas of
negative correlation basically coincide with negative centers. When the soil moisture
on the Indochinese Peninsula is positive (negative) during spring, the latent heat flux
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Fig. 4.37 Diagrams of latent heat flux (a) and sensible heat flux (b) difference in May of HSM and
LSM years (contour; units: W/m2). The shading depicts the significance level exceeding 0.1 (the
dark shading represents negative correlation, and the shading color represents positive correlation)

in most regions in May shows a weak positive (negative) anomaly. In addition, the
heat flux is shown to be a strong negative (positive) anomaly, and the interannual
change in energy between land and air is more dependent on the thermal effect.

Studies have shown that convection in the northern South China Sea is enhanced
by convective activity during the Bay of Bengal summer monsoon. This convec-
tion promotes the release of condensation latent heat in the northern South China
Sea during the Bay of Bengal summer monsoon, which affects the South China
Sea summer monsoon (Liu et al. 2003b). The enhancement of convective activity
translates into increases in precipitation and soil moisture. Therefore, although soil
moisture change is not the primary factor affecting the change in latent heat flux at
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Fig. 4.38 Spring latent heat flux difference in HSM and LSM years (contour; units: W/m2). The
shading indicates the significance level over 0.1. The dark shading is a negative correlation, and the
light shading is a positive correlation

the end of spring, soil moisture in spring may correlate well with the latent heat flux
throughout spring.

A center of latent heat flux difference is also located in the northwest of the ICP
region (Fig. 4.38). In contrast to the latent heat flux in late spring, the zero contour of
the difference field in spring does not exist in the ICP region, which is dominated by
positive values. In addition, the correlation between the averaged normalized time
series of soil moisture field and the area of latent heat flux reaches 0.54, passing the
99% significance test. The release of latent heat flux on the ICP may coincide with
the change in soil moisture.

c. Temperature and Humidity

Soilmoisture can influence atmospheric condition due to evaporation (Dirmeyer et al.
2009), which also affects the relative humidity of the atmosphere near the ground.
In May, the near-ground relative humidity in the ICP region shows positive values
(Fig. 4.39), and the center is in the northwest. Owing to the correlation distribution of
soil moisture in spring, local near-ground relative humidity has a positive response
to changes in soil moisture, and more surface evaporation is caused by more soil
moisture.

The transformation of energy between land and air causes a change in the near-
surface temperature, which is the most direct reflection of soil moisture in spring.
For the near-surface temperature (Fig. 4.39b) in the HSM and LSM years, the entire
Indochinese Peninsula is covered by negative values. The center of difference is
also in the northwestern region of the Indochinese Peninsula, which is also nega-
tively correlated with what, and the correlation coefficient of local near-surface
temperatures and soil moisture is −0.73.
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Fig. 4.39 Differences (contour) of relative humidity (a; units: %) and surface temperature (b; units:
K) inMay. The shading indicates the significance level exceeding 0.1. The dark shading is a negative
correlation, and the light shading is a positive correlation

To sum up, the spring soil humidity anomaly in the ICP region has two effects.
On the one hand, the positive (negative) anomaly of soil moisture in spring leads to a
decrease (increase) in albedo in late spring, more (less) shortwave radiation absorp-
tion, corresponding to upward shortwave radiation decrease (increase), and energy
transfer from the land to the atmosphere decrease (increase). On the other hand,
the increase (decrease) of surface moisture content leads to more (less) evaporation.
Therefore, at the end of spring, there will be a corresponding decrease (increase) in
the temperature of the near-surface atmosphere, and both upward shortwave radiation
and heat flux will decrease (increase).



196 4 Land–Atmosphere Interaction and Climate Variability …

4.3.3 Effect of Soil Moisture on the South China Sea
Summer Monsoon

Studies have indicated that the lower-level temperature difference between the
Indochinese Peninsula and the South China Sea has an effect on the South China Sea
summer monsoon (Zheng and Meng 2006; Meng and Zheng 2006). To evaluate the
relationship between monsoon intensity and temperature difference, the East Asian
summer monsoon index (Zhang et al. 2003) was selected to conduct correlation
analysis with the regional average temperature difference between the Indochinese
Peninsula region and the South China Sea in May.

For the South China Sea, the selected range was (110°–120° E, 10°–20° N). The
normalized time series of the East Asian summermonsoon index and the temperature
difference were obtained (Fig. 4.40), with a correlation coefficient of −0.47, which
passed the 99% significance test. In May, when the temperature difference is large
(small), the East Asian summer monsoon will be weak (strong), with a correlation
coefficient of−0.44, which also passes the 99% significance test. The negative corre-
lation between temperature difference and soil moisture is presented in Fig. 4.39b,
which indicates that the Indochinese Peninsula is the difference center between the
near-surface temperature in the HSM and LSM years. Although the South China Sea
area has the same negative correlation, its absolute value is relatively small, indicating
that the negative feedback effect on soil moisture is stronger for local near-ground
temperature. When the soil moisture is increased (decreased), the decrease in the
near-ground temperature on the Indochinese Peninsula is larger than that over the
South China Sea, and the difference in temperature between the two places will be
small (large).

Because there is a good correlation between surface temperature and themonsoon
index, surface temperature also has an effect on circulation. The potential height over
the large area of the South China Sea and its surrounding areas in the HSM years is
much smaller than that in the LSM years (Fig. 4.41a). The southeastern part of China
is the low-value center of the difference field, indicating that cyclonic activity in this

Fig. 4.40 Regional average soil moisture, East Asian summer monsoon index, and normalized
time series of the average temperature difference between the Indochinese Peninsula and the South
China Sea in May. The correlation coefficients are provided at the upper left corner
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Fig. 4.41 Summer 850-hPa potential height difference in HSM and LSMyears (units: gpm) (a) and
correlation of near-surface temperature and summer 850-hPa potential height (contour; the shading
indicates where the significance level is more than 0.01), correlation of near-surface temperature
and 850-hPa wind (the vector field shows only the vector where the significance level is more than
0.1) (b)
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region is more active in the HSM years than in the LSM years. The potential height
correlation field shows a significant positive correlation over the South China Sea
and its surrounding areas (Fig. 4.41b), especially in the region between 10°N and 30°
N. The location of the positive center is close to (150° E, 25° N), which is consistent
with the negative center location of the difference field in Fig. 4.41a. These results
indicate that spring soil moisture, near-ground temperature, and summer potential
height are all connected to each other.

According to the relation (4.11) and Fig. 4.41b, positive correlation is associated
with the easterlywind in the zonal direction, positive correlation is the southerlywind
in the meridional direction. The correlation vector that passes the significance test
is also located in the latitude range of 10°–30° N; as a whole, the correlation vector
field of an anticyclone is presented. Previous analysis indicated that soil moisture
and temperature in spring display a good negative correlation, which results in the
difference between precipitation level in the vicinity of 30° N for the HSM and LSM
years. There is an obvious unity among the vectors of 10°–20°N,which indicates that
the wind belt in the region is significantly affected by the near-surface temperature,
and the anomaly of soil moisture determines wind direction in the area. The 850-hPa
wind field in this region has a high sensitivity to humidity, which determines the
location of convergence anomaly. For the HSM years, the easterly wind is unusually
weak, the westerly wind is unusually strong, and the convergence is eastward. For the
LSM years, the easterly wind is unusually strong, and the convergence is westward
and reaches the EIO.

This creates a difference in precipitation near the equator. In addition, the easterly
wind belt covers the ICP region, which indicates that when the temperature of the
ICP is increased because of the decrease in soil moisture, the local lower-level wind
becomes an easterly anomaly that hinders themonsoon development andweakens the
southwest monsoon. Considering the negative correlation between the temperature
difference in the ICP region and the South China Sea, as well as the East Asian
summermonsoon depicted in Fig. 4.40, the temperature gradient between the ICP and
the SouthChina Sea is abnormalwhen soil moisture is reduced, so that the sea surface
wind is unusually strong, which also intensifies the formation and development of
the southwest monsoon.

Combining the methods used to define the South China Sea summer monsoon
onset index (He et al. 2000; Liang et al. 1999), the onset superiority pentad is derived.
A sequence of high-frequency onsets in the same year is selected as the dominant
onset interval sequence. Figure 4.42 indicates that the onset superiority pentads of the
South China Sea summer monsoon in the HSM years are the 30th, 28th, 24th, 26th,
26th, 25th, and 29th pentad, and the average onset time is the 26.8th pentad, earlier
than the climate average of the 28th pentad. The corresponding onset times in the
LSMyears are the 29th, 30th, 27th, 28th, 29th, and 29th pentad, with an average onset
time of the 28.7th pentad, and later than the average onset time of climatology. In
addition, the correlation coefficient between the onset time and spring soil moisture is
obtained, and the correlation coefficient reaches−0.34, passing the 95% significance
test. The thermal difference between the ICP and SCS is a necessary condition for the
onset of the South China Sea summer monsoon. Further, in the HSM years the ICP’s
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Fig. 4.42 The onset superiority pentad of South China Sea summer monsoon

near-ground temperature decreases, and the thermal differences between the ICP
and SCS change from positive to negative more easily. In the LSM years, the ICP’s
near-ground temperature is high, which is not good for the difference of thermal
difference between the two regions. Therefore, owing to the influence of thermal
difference, the South China Sea summer monsoon onset occurs early in the HSM
years, whereas it is late in the LSM years.

By means of SVD analysis and correlation analysis, we obtained the mode of
summer precipitation in the South China Sea and the ICP region.When soil moisture
in spring has anomaly, precipitation in the Western Pacific near the South China Sea
is higher than normal, and that in the eastern Indian Ocean is lower. In contrast, dry
soil decreases the summer precipitation in the Western Pacific, whereas it increases
the summer precipitation in the eastern Indian Ocean, and extends to the Western
Pacific region. According to the positive and negative dipole mode of precipitation,
seven years were selected as HSM (dry), and six years, as LSM (wet). The composite
analysis shows that the configuration of circulation fields is the direct cause of the
summer precipitation dipole mode.

Higher soil moisture in the ICP region during spring decreases the near-ground
temperature in late-spring, because evaporation is more active, surface moisture
increases, and the latent heat flux between the ground and the atmosphere increases.
Higher soil moisture content also reduces albedo, and the absorption of solar short-
wave radiation is more intense, resulting in a corresponding decrease in the amount
of upward shortwave radiation. In short, the near-ground temperature, heat flux, and
longwave radiation decrease, and the opposite occurs when soil moisture is low.

May is a critical period for the onset of the South China Sea summer monsoon.
The surface temperature in the ICP region during late spring plays an influential role
in atmospheric circulation. When soil moisture is abnormal, the temperature of the
lower atmosphere in spring is low. The lower- level temperature difference between
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the ICP and the South China Sea is negative, which pushes the South China Sea
summer monsoon across the ICP into the South China Sea. This type of southwest
monsoon is strong, the subtropical high pressure retreats eastward, and the south-
westerly carries abundant moisture to the WP to form precipitation. It also meets
with the easterly wind at the high-pressure system’s edge near the equator, forming
an updraft and increasing precipitation. This eastward transport of water vapor can
explain the correlation between soil moisture and local latent heat in the ICP region.
Increased water vapor is transported to where, and the increase in latent heat is not
obvious. However, when soil moisture is low on the ICP in spring, the temperature
of the local area increases, and there is a positive anomaly in temperature difference
between land and sea, which creates a unfavorable condition that limits the amount of
southwesterly entering the South China Sea. The wind stays in the EIO for a longer
period, resulting in more precipitation and longer rainfall events in the region.

Finally, when soil moisture in spring is high (low), the surface temperature is
low (high), and the thermal difference between ICP and SCS is reduced, which is
(is not) conducive to the strengthening of the summer monsoon. The South China
Sea summer monsoon starts early (late), which is advantageous (disadvantageous)
to the EIO moisture advance to the WP. Thus, the summer precipitation in the EIO
is less (more) than normal, and the summer precipitation in the WP is more (less)
than normal.

References

Amenu GG, Kumar P, Liang XZ (2005) Interannual variability of deep-layer hydrologic memory
and mechanisms of its influence on surface energy fluxes. J Clim 18(23):5024–5045

Avissar R, Pielke RA (1991) The impact of Plant stomtal control on mesoscale atmospheric
circulations. Agric For Metror 54:353–372

Barnett TP, Menil LD, Schlese U, Roeckner E, Latif M (1989) The effect of Eurasian snow cover
on regional and global climate variations. J Atmos Sci 46:661–685

Brooks RH, Corey AT (1966) Properties of porous media affecting fluid flow. J Irrig Drain Div
ASCE 92:61–90

Burdine NT (1953) Relative permeability calculations from pore size distribution data. J Petrol
Technol 5(3):71–78

Chen Y, Zhang Y, Wang S et al (2014) Seasonal variation of turbulence characteristics over alpine
meadow ecosystem (in Chinese). Plateau Meteorol 33(03):585–595

Clapp RB, Hornberger GM (1978) Empirical equations for some soil hydraulic properties. Water
Resour Res 14:601–604

Deardorff JW (1972) Numerical investigation of neutral and unstable planetary boundary layers. J
Atmos Sci 39:91–115

Delworth TL, Manabe S (1988) The influence of potential evaporation on the variabilities of
simulated soil wetness and climate. J Clim 1(5):523–547

Delworth TL, Manabe S, Stouffer RJ (1993) Interdecadal variations of the thermohaline circulation
in a coupled ocean-atmosphere model. J Climate 6:1993–2011

Dirmeyer PA, Schlosser CA, Brubaker KL (2009) Precipitation, recycling, and land memory: an
integrated analysis. Journal of Hydrometeorology 10(1):278–288

David CH, Frederick M, John WT (1983) Understanding robust and exploratory data analysis[M].
Wiley, pp 127–139



References 201

Engelmark H, Svensson U (1993) Numerical modelling of phase change in freezing and thawing
unsaturated soil. Nord Hydrol 24:95–110

Foken T,Wichura B (1996) Tools for quality assessment of surface-based fluxmeasurements. Agric
Forest Meteorol 78:83–105

Foken T (2003) Angewandte meteorologie. Mikrometeorologische Methoden, Springer, Berlin,
Heidelberg, p 289

Guo J, Bian L, Dai Y (2007) Measured CO2 concentration and flux at 16 m Height during corn
growing period on the north China plain (in Chinese). Chin J Atmospheric Sci (Chin) 31(4):695–
707

He HY, Wen ZP, Jian MQ (2000) A Study on the Onset of the Asian Summer Monsoon During
1982~1996, PARTI: Basic features of the Asian Summer Monsoon circulation and its onset
index(in Chinese). Acta Scientiarum Naturalium Universities Sunyatseni 39(1):91–96

Hulme M, Viner D (1998) A climate change scenario for the tropics. Climat Change 39(2–3):145–
176

Idso SB, Aase JK, Jackson RD (1975) Net radiation-soil heat flux relations as influenced by soil
water content variations. Bound-Lay Meteorol 9(1):113–122

Jame YW, Norum DI (1980) Heat and mass transfer in a freezing unsaturated porous medium.
Water Resour Res 16:811–819

Jiang D, Huang F, Huang J (2013) Observational study on surface-layer turbulent parameters over
the South China coast. Periodical Ocean Univers China (Chin) 43(12):007–015

Koren V, Schaake J, Mitchell K et al (1999) A parameterization of snowpack and frozen ground
intended for NCEP weather and climate models. J Geophys Res 104:19569–19585

Kormann R, Meixner F (2001) An analytical model for non-neutral stratification. Bound Lay
Meteorol 103:205–224

Koster RD, Dirmeyer PA, ZhichangG et al (2004) Regions of strong coupling between soil moisture
and precipitation. Science 305(5687):1138–1140

Koster RD, Suarez MJ (1996) The Influence of Land Surface Moisture Retention on Precipitation
Statistics. J Clim 9(9):2551–2567

LarsonK,HartmannDL,Klein SA (1999) The role of clouds, water vapor, circulation, and boundary
layer structure in the sensitivity of the tropical climate. J. Climate 12:2359–2374

Lee X, Michael LG et al (2011) Observed increase in local cooling effect of deforestation at higher
latitudes. Nature 479:384–387

Li W, Guo W, Xue Y et al (2016) Sensitivity of a regional climate model to land surface parame-
terization schemes for East Asian summer monsoon simulation. Climate Dyn. 47:2293–2308

Li C (1996) The onset and interannual variability of the Asian summer monsoon in relation to
land-sea thermal contrast. J Clim 9(2):358–375

Liang JY, Wu SS, You JP (1999) The research on variations of onset time of the SCS summer
monsoon and its intensity. Acta Meteorologica Sinica 15(02):97–105 (in Chinese)

Liu Huizhi and Hong Zhongxiang (2000) Turbulent Characteristics in the Surface Layer over Gerze
Area in the Tibetan Plateau (in Chinese). Chin J Atmospheric Sci 24(3):289–300

LiuXF,LiQ,He JH,PingWang (2009)Effects of the thermal contrast between Indo-ChinaPeninsula
and South China Sea on SCS monsoon onset. Acta Meteorologica Sinica 67(1):100–107 (in
Chinese)

Liu YM, Chen ZL,Mao JY (2003a) Impacts of the onset of the Bay of Bengal monsoon on the onset
of the South China Sea monsoon. Part I: A case study. Acta Meteorologica Sinica, 61(1):1–9 (in
Chinese)

Liu YM, Chen ZL, Wu GX (2003b) Impacts of the onset of the Bay of Bengal monsoon on the
onset of the South China Sea monsoon. Part II: Numerical experiments. Acta Meteorologica
Sinica 61(1):10–19 (in Chinese)

Mechoso CR, Yu J-Y, Arakawa A (2000) A coupled GCM pilgrimage: from climate catastrophe
to enso simulations. book chapter in general circulation model development: past, present, and
future., D. A. Randall, Eds., Academic Press, pp 539–575



202 4 Land–Atmosphere Interaction and Climate Variability …

Meehl GA (1994) Influence of the land surface in the asian summer monsoon: external conditions
versus internal feedbacks. J Clim 7(7):1033–1049

MengWG, Zheng B (2006) The features of south china sea summer monsoon onset of 2004 and the
possible effects of land-surface process in Indo-China Peninsula II: numerical simulation. Acta
Meteorologica Sinica 64(1):81–89 (in Chinese)

Mölders N, Walsh JE (2004) Atmospheric response to soil-frost and snow in Alaska in March.
Theor Appl Climatol 77:77–105

Numaguti A (1993) Dynamics and energy balance of the Hadley circulation and the tropical
precipitation zones: significance of the distribution of evaporation. JAtmosSci 50(13):1874–1887

Orlowsky B, Seneviratne SI (2010) Statistical analyses of land-atmosphere feedbacks and their
possible pitfalls. J Clim 23(14):3918–3932

Peng J, Wu X, Jiang Z, Liu H (2008) Characteristics analysis of energy budget over urban and
suburban underlying surfaces in Nanjing (in Chinese). SCIENTIA METE0R0L0GICA SINICA
28(1):21–29

Ren XJ, Qian YF (2002) Numerical simulation experiments of the impacts of local sea-land ther-
modynamic contrasts on the SCS summer monsoon onset. J Tropical Meteorol 18(4):327–334
(in Chinese)

Shukla J,MintzY (1982) Influence of land-surface evapotranspiration on the earth’s climate. Science
215(4539):1498–1501

ShoopSA,Bigl SR (1997)Moisturemigration during freeze and thawof unsaturated soils:modeling
and large scale experiments. Cold Reg Sci Technol 25:33–45

Stull RB (1988) An Introduction to Boundary Layer Meteorology. Kluwer Academic Publishers,
Dordrecht, Boston and London, p 666

Van Genuchten MT (1980) A closed-form equation for predicting the hydraulic conductivity of
unsaturated soils. Soil Sci Soc 44:892–898

Wang J (1999) Land surface process experiments and interaction study in China—From HEIFE to
IMGRASS and GAME-TIBET/TIPEX(in Chinese). Plateau Meteorol 18(3):80–294

Wang BM (2004) A study on synthetic differentiation method for basia meteorological data quality
control (in Chinese). J Appl Meteorological Sci 15(Suppl):50–59

Wang HJ, Yang ZB, Yang DC et al (2007) The method and application of automatic quality
control for real time data from automatic weather stations (in Chinese). Meteorological Monthly
33(10):102–109

Wang C, Wei ZG, Li ZC et al (2010) A quality control routine for dunhuang gobi meteorology
tower data (in Chinese). J Arid Meteorol 28(2):121–127

Wang HJ, Liu Y (2012) Comprehensive consistency method of data quality controlling with its
application to daily temperature(in Chinese). J Arid Meteorol 23(1):69–76

Wang SY, Qian YF (2001) Basic characteristic of surface heat field in 1998 and the possible
connections with the SCS summer monsoon onset (in Chinese). Acta Meteorologica Sinica
59(1):31–40

Wu G, Zhang Y (1998) Tibetan plateau forcing and the timing of the monsoon onset over South
Asia and the South China Sea. Mon Weather Rev 126(126):913–927

Wen Xuefa, Yu Guirui, Sun Xiaomin, Liu Yunfen, 2005: Turbulence flux measurement above the
overstory of a subtropical Pinus plantation over the hilly region in southeastern China., Science
in China Ser. D, 48 Supp.I: 63–73

Werth D, Avissar R (2004) The regional evapotranspiration of the Amazon. J Hydrometeorol 5:100–
109

Wu H, Ye B, Wu J et al (2013) Analysis on turbulent feature of apline meadow in the upper reach
of shule River (in Chinese). Plateau Meteorol 32(2):2368–2376

Xu Y, Zhou C, Li Z et al (1993) Microstructure and spectral characteristics of turbulence in the
surface-layer atmosphere over guangzhou. Chin J Atmospheric Sci (in Chin),17(3):338–348

Xu J, Sui B, Chen X (2014) Observational analysis on turbulent characteristics of the atmospheric
surface layer above Forest (in Chinese). J Arid Meteorol 32(1):1–9



References 203

Xue Y, Fernando DS, Ratko VC et al (2010) Global and seasonal assessment of interaction
between climate and vegetation biophysical process: a GCM study with different land-vegetation
representations. J. Climate 6(23):1411–1433

Xue Y, Sellers PJ, Kinter JL et al (1991) A simplified biosphere model for global climate studies. J
Climate 4:345–364

Xue Y, Juang HMH, Li WP et al (2004a) Role of land surface processes in monsoon development:
East Asia and West Africa. J Geophys Res 109(D3):215–229

Xue Y, Juang HMH, Li WP et al (2004b) Role of land surface processes in monsoon development:
East Asia and West Africa. J Geophys Res Atmospheres 109(D3):215–229

Yang S, LauKM (1998) Influences of sea surface temperature and groundwetness onAsian summer
monsoon. J Clim 11(12):3230–3246

Zhang QY, Tao SY, Chen LT (2003) The inter-annual variability of East Asian summer monsoon
indices and its association with the pattern of general circulation over East Asia. Acta
Meteorologica Sinica 61(5):559–568 (in Chinese)

Zhang X, Sun SF, Xue YK (2007) Development and testing of a frozen soil parameterization for
cold region studies. J Hydrometeor 8(4):690–701

Zhang R, Huang J,Wang X et al (2016) Effects of precipitation on sonic anemometer measurements
of turbulent fluxes in the atmospheric surface layer. J Ocean Univ China 15(3):389–398

Zheng B, MengWG (2006) The features of south china sea summer monsoon onset of 2004 and the
possible effects of land-surface process in Indo-China Peninsula I: Diagnostic study (in Chinese).
Acta Meteorologica Sinica 64(1):72–80



Chapter 5
Effects of the Tibetan Plateau on Climate

5.1 Introduction

The Tibetan Plateau (TP) is located in the northwest of Southeast Asia, which is the
highest plateau in the world. It covers about 25% of the land territory of China, with
an average elevation of >4 km. There is a significant contrast between the western
and eastern TP with regard to land surface features, vegetation, and meteorological
characteristics (Ye and Gao 1979). The air mass above the TP (in a unit column) is
only about 60% of that above the land at sea level. Because of its distinct geograph-
ical features, the TP exerts a significant impact on the weather and climate over
many places of the world through both mechanical and thermal-dynamic effects
(Yanai and Wu 2006). In winter, the mechanical effect of the TP is the dominant
driving force influencing atmospheric circulation. From winter to summer, however,
the importance of surface sensible heating increases rapidly due to the strong solar
radiation over the TP (Ye and Gao 1979), and effect of elevated plateau heating plays
an important role in the evolution of the Asian summer monsoon (ASM).

The thermal forcing over the TP regulates the onset time and location of the ASM,
and influences the precipitation and atmospheric circulation during both South Asian
monsoon andEastAsianmonsoon.Many studies have investigated the characteristics
of the heating source over the TP through the analyses of surface sensible heat
(SH) or the total diabatic heating (Q1) (Luo and Yanai 1984; Yanai and Wu 2006;
Yanai et al. 1992). According to the theory of the TP “SH-driven air pump” (TP-
SHAP) (Wu et al. 1997), SH on the surface of the TP can cause low-level moisture
in surrounding regions to converge rapidly over the TP, resulting in considerable
condensation and precipitation over the southern TP and northern parts of South
Asia. However, the spatial distribution of precipitation over the southern slope of the
TP is not uniform. Moreover, the water vapor transport along the Somali jet from
the Southern Hemisphere does not ascend uniformly over the southern slope of the
TP. One branch of the moisture transport deviates northward over the northern Bay
of Bengal (BoB). It then ascends over the southern slope of the TP, forming a center
of heavy rainfall there in summer. Conversely, less precipitation appears over the
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western TP (Wang et al. 2017). Therefore, the dominant summer diabatic heating
over the TP should include two different types: surface SH and atmospheric latent
heating (LH) that is influenced by the SH. In addition, the precipitation over the TP
can in turn change the surface heat budget and the SH. Therefore, it is necessary to
reveal the characteristics and interactions of these two different types of heating over
the TP.

On the other hand, although the thermal effect of the TP has long been concerned,
most of the previous studies focused on the climatic impacts in the downstream
regions or South Asia (e.g., Kitoh 2004; Wu et al. 2007, 2012). The potential influ-
ences of TP thermal forcing on climate over the upstream regions (like Central Asia,
North Africa, southern Europe) have received attention rarely. In Sect. 5.3 of this
chapter, the upstream effects of surface heating over the TP on weather and climate
will be investigated using an air–sea-coupled global model, and the associated phys-
ical mechanism will be clarified. Moreover, the South Asian high (SAH, also called
the TP high), which is closely related to the TP thermal forcing, will be discussed in
this chapter.

5.2 Effects of the TP Summer Heating on Climate
in Regional Models

Compared with the atmospheric general circulation models used previously, the
weather research and forecasting (WRF) regional model has a higher resolution
that can represent topography and land surface processes more accurately. It is a
useful tool for studying weathers and climate over the TP. The WRF model has
been employed as a regional model to simulate the variation of the ASM and the
climatic effects of TP forcing (e.g., Yang et al. 2012; Ma et al. 2014; Wang et al.
2014a). In this section, the characteristics and interactions of the summer surface SH
and LH over the main body of the TP (where the terrain is higher than 2000 m in
the area of (70°–105° E, 23°–40° N)) are investigated using the WRF model. The
impacts of these two types of TP heating on local vertical motion and monsoonal
meridional circulation are compared. To further the understanding of themechanisms
via which these two types of heating over the TP affect the ASM, their influences
on the configuration of temperature and circulation in the upper troposphere are also
explored. Furthermore, the potential regulation on the climatic effect of TP heating
by tropical air–sea coupling is investigated in this section.

5.2.1 Models and Experimental Design

The WRF model version 3.4.1 (Skamarock et al. 2008) is used here. The physical
packages incorporated in theWRFmodel used here include theWRFSingle-Moment



5.2 Effects of the TP Summer Heating on Climate in Regional Models 207

6-Class microphysics scheme, the Grell–Devenyi convective scheme, the Noah land
surface model, the BouLac planetary boundary layer scheme, the Goddard short-
wave scheme, and the Rapid Radiative Transfer Model for longwave radiation. More
details of these physical schemes can be found in theWRFuser’s guide (http://www2.
mmm.ucar.edu/wrf/users/docs/user_guide_V3/). The spatial domain of the simula-
tions covers most parts of Asia and its adjacent oceans with the Lambert projection
(195 × 133 grids) centered at (95° E, 30° N). The model has 45-km horizontal
resolution and 35 vertical layers with a terrain-following sigma coordinate and a
prescribed model top at 50 hPa. The initial state of the atmosphere and the lateral
boundary conditions (updated every 6 h) are obtained from the Final Analysis of
the National Centers for Environmental Prediction (NCEP, http://rda.ucar.edu/dat
asets/ds083.2/). The sea surface temperature (SST) dataset used in the WRF model
is the Optimum Interpolation SST (OISST; Reynolds et al. 2007) from the National
Oceanic and Atmospheric Administration (NOAA), which is updated daily during
model integration.

To investigate the air–sea interaction involved in the process of TP thermal effect,
we embed a one-dimensional (1-D) ocean mixed-layer model (OMLM; Noh and
Kim 1999) into the WRF model (Wang and Duan 2012), which is referred to as the
WRF-OMLM hereafter. This regional coupled model has shown good performances
on simulating typhoons (Wang and Duan 2012), and seasonally modeling the East
Asian summer monsoon (EASM; Wang et al. 2014a). More detailed information
about the WRF-OMLM can be found in Wang and Duan (2012) and Wang et al.
(2018a).

Based on the WRF and WRF-OMLM models, seven ensemble experiments are
performed; each covers six summers (2003–2008) with the initial conditions at 0000
UTC on 1 May. The model is integrated for four months in each summer, i.e.,
every experiment ends at 1800 UTC 31 August, and the ensemble output in the
past 3 months (June–August, or JJA) is analyzed. Table 5.1 gives more details of
experimental design. The base experiment with theWRFmodel is named the control
experiment (CTL). Studies have demonstrated that the WRF model can reproduce
both monsoon circulation and precipitation reasonably well during the ASM (e.g.,
Wang et al. 2014a, b, 2016), indicating that CTL can serve as the base experiment
of the summer monsoon. Figure 5.1 shows the spatial distributions of the JJA mean
surface SH and atmospheric LH over the TP and its surrounding areas in CTL. In
agreement with the pattern of observed summer precipitation (Wang et al. 2017), the
LH center is located over the southern slope and southeastern areas of the TP with
a maximum of >300 W m−2. Conversely, SH is the weakest (<40 W m−2) over the
southeastern TP but is the strongest (>100Wm−2) over the northwestern TP.We also
design several sensitivity experiments. In Exp TP_NL, the LH of the entire vertical
atmospheric column over the main body of the TP (where terrain is 2000 m over the
region (70°–105° E, 23°–40° N)) is removed (Table 5.1). In Exp TP_NS, the surface
SH released over the main TP area is suppressed (Table 5.1). Their differences from
CTL can reflect the climatic effects of the two types of TP heating, respectively.

http://www2.mmm.ucar.edu/wrf/users/docs/user_guide_V3/
http://rda.ucar.edu/datasets/ds083.2/
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Table 5.1 Experimental design

Exp (model used) Experimental description

1. CTL (WRF) Background, climate mean

2. TP_NL (WRF) No latent heating over the main body of the TP (h ≥
2000 m)

3. TP_NS (WRF) No surface sensible heating over the main body of the TP
(h ≥ 2000 m)

4. STP_NS (WRF) No surface sensible heating over the southern slope of the
TP

5. ALLTP_NS1 (WRF) No surface sensible heating over both the main body and
southern slope of the TP

6. CTL-O (WRF-OMLM) Background, climate mean

7. ALLTP_NS2 (WRF-OMLM) No surface sensible heating over both the main body and
southern slope of the TP

The main body of the TP is defined as the area of (70°–105° E, 23°–40° N) with the terrain higher
than 2000 m

Fig. 5.1 Simulated a surface sensible heating (Wm−2) and b latent heating (Wm−2) in CTL. The
thick gray contour denotes the terrain of 2000 m

5.2.2 Two Types of TP Heating and Their Interactions

The difference between CTL and TP_NS represents the effect of surface SH over
the main TP. The thermal forcing of SH by the TP forms an evident surface cyclonic
convergent circulation, which is centered over the TP, with air converging from
the lower regions surrounding the TP (Fig. 5.2a). The SH also induces increased
precipitation over the central, eastern, and southern TP, with a maximum over the
southeastern TP that exceeds 6 mm day−1. Precipitation also increases over the BOB
and East Asia, but decreases over the South Asia continent. In the areas outside the
main body of the TP, the precipitation anomalies lead to different responses of surface
SH. The weakened precipitation over Northwestern India results in intensified local
SH, while the enhanced precipitation over the eastern and southeastern TP leads
to decreased local SH (Fig. 5.2c). On the other hand, the responses of low-level
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Fig. 5.2 a Summer precipitation (shading; mm day−1) and surface wind at σ = 0.98 level (vector;
m s−1) for the difference between CTL and TP_NS. b Same as (a), except for the difference between
CTL and TP_NL. c Same as (a), except for surface sensible heat (W m−2). d Same as (c), except
for the difference between CTL and TP_NL. Stippling denotes statistical significance above the
95% level. Only the wind difference with statistical significance above the 95% level is plotted in
(a) and (b). The thick gray contour denotes the terrain of 2000 m. Modified from Wu et al. (2016)

circulation and precipitation outside the main body of the TP due to TP LH are
similar with the results achieved in the experiment without surface SH (Fig. 5.2a, b).
But within the TP area, the effect of TP LH increases precipitation in the south and
reduces it in the north, in good agreement with the east–west-oriented convergence
zone in the surface wind field located over the southern TP (Fig. 5.2b). The difference
in the spatial pattern of precipitation has a strong feedback on the distribution of SH,
which decreases in the southern TP where precipitation is enhanced and increases in
the north where precipitation is reduced (Fig. 5.2d).

It should be noted that the aforementioned relationship between precipitation
(namely, LH) and SH over the TP is not a one-way causality. To understand
their complex interaction and feedback, we conduct another sensitivity experiment
(STP_NS), in which the surface SH over the southern slope of the TP was removed.
The northern boundary of the TP’s southern slope is defined by the highest elevation
at each latitude. The differences in the results between CTL and STP_NS show the
consequence of the effect of surface SHover the southern slope of the TP, and they are
used for comparison with the results induced by diabatic heating over the main body
of the TP. Figure 5.3 shows that the responses induced by surface SH on the TP’s
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Fig. 5.3 Differences in
summer precipitation
(shading; mm day−1) and
850-hPa wind (vector;
m s−1) between CTL and
STP_NS (a), between CTL
and TP_NS (b), and between
CTL and TP_NL (c).
Stippling denotes the
statistical significance of
precipitation anomalies
above the 95% level. Wind
differences significant above
the 95% level are plotted in
red. The thick gray contour
denotes the terrain of
2000 m. After Wu
et al. (2016)

southern slope (Fig. 5.3a) are similar to those induced by the LH over the main body
of the TP (Fig. 5.3c). They both induce cyclonic circulation in the lower troposphere
surrounding the TP, enhance summer precipitation over East Asia and the BoB, but
reduce precipitation over the South Asia continent. Meanwhile, they lead to positive
rainfall over the southern TP and negative rainfall over the northwestern TP. Despite
these similarities, the precipitation difference presented in Fig. 5.3a is the conse-
quence of the surface SH over the southern slope of the TP, while that presented in
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Fig. 5.3c leads to decreased surface SH in the south and increased surface SH in the
north of the TP (Fig. 5.2d). In other words, the surface SH over the southern slope of
theTP can result inmore precipitation over the southernTP.Conversely, the enhanced
precipitation over the southern TP can further weaken surface SH over the southern
slope, leading to reduced local precipitation. Thus, we can infer that precipitation
(i.e., LH) and surface SH over the TP interact strongly and that their distributions,
as observed or seen in a numerical model, represent the quasi-equilibrium state of
such a complex interaction and feedback mechanism. Additionally, when surface
SH exists over the main body of the TP (Fig. 5.3b), although the distributions of
both low-level circulation and precipitation are similar to those in Fig. 5.3a, c, their
intensities are remarkably intensified in Fig. 5.3b.

5.2.3 Effects on Meridional Circulation and on Temperature
and Circulation in the Upper Troposphere

Figure 5.4 shows themeridional circulation over the BoB (averaged over 85°–95° E).
In CTL, two distinct branches of ascendingmotion are located over the tropical ocean
and over the southern slope of the TP (Fig. 5.4a). They correspond to the southern and
northern branches of the South Asia summermonsoon, respectively (Wu et al. 2012).
From the differences between CTL and TP_NL/TP_NS, we can see that the surface
SH over the main body of the TP significantly enhances the ascending motion over
the entire TP (including themain body and its southern slope area) (Fig. 5.4b). But for
the atmospheric LH over the main body of the TP, this type of heating enhances the
ascendingmotion over the southern TP and its southern slope, correspondingwith the
descending motion over the northern BOB and northern TP. The descending motion
over the northern TP is associated with weakened local precipitation (Fig. 5.2b) and
enhanced surface SH (Fig. 5.2d). It can be concluded that both SH and LH over
the main body of the TP can remarkably enhance the southerly wind and ascending
motion over the southern TP, which increases precipitation. However, the effect of
SH is stronger than the effect of LH. That is because SH can trigger the occurrence
of precipitation over the main body of the TP (Fig. 5.3b), and the condensational
heating associated with precipitation thus overlays on the effect of SH. As a result, it
is not surprising that the pumping effect due to SH over the TP is stronger than that
triggered by LH.

Figure 5.5a illustrates the summermean air temperature and circulation at 300 hPa
in CTL.We can see the huge upper-level warm anticyclone located over the southern
TP and the west of strong precipitation center of the TP. The diabatic heating of the
main body of the TP not only intensifies the warm anticyclone but also shifts its
center northwestward, resulting in downstream energy dispersion and the formation
of a cold cyclonic circulation over the region of Mongolia and Northeast China
(Figs. 5.5c, d). These two warm anticyclonic anomalies are located to the west of the
corresponding precipitation centers (Fig. 5.3b, c),which agreeswith theT-Qz relation
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Fig. 5.4 Pressure–latitude cross sections of circulation (vector; v and−50*ω) and vertical velocity
(shading; 0.02 Pa s−1) averaged between 85° E and 95° E for the CTL (a), and for the differences
between CTL and TP_NS (b), and between CTL and TP_NL (c). Stippling in (b) and (c) denotes the
statistical significance of vertical velocity difference above the 95% level. Only vertical circulation
differences in (b) and (c) with statistical significance above the 95% level are plotted. Modified
from Wu et al. (2016)

(temperature and diabatic heating vertical gradient;Wu et al. 2015), implying that the
variation of the upper-tropospheric warm center is a consequence of the difference
in LH induced by diabatic heating over the main body of the TP. Meanwhile, the
effect of surface SH over the main body of the TP on the warm anticyclone is more
significant than the effect of LH (Fig. 5.5c, d). The distributions of summer mean air
temperature and wind at 100 hPa in CTL are presented in Fig. 5.5b. The South Asian
anticyclonic circulation at 100 hPa is similar to that at 300 hPa, but the distributions
of temperature at these two levels are completely different. The warm center over
southern TP disappears and the temperature increases polewards. The difference in
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Fig. 5.5 Summer air temperature (shading; K) andwind field (vector; m s−1) at 300 hPa (a, c, d) and
100 hPa (b, e, f). a and b are from CTL; c and e are from the difference between CTL and TP_NS;
d and f are from the difference between CTL and TP_NL. Stippling in c–f denotes the statistical
significance of temperature anomalies above the 95% level. Wind differences in c–f significant
above the 95% level are plotted in black. The thick gray contour denotes the terrain of 2000 m.
Modified from Wu et al. (2016)

the circulation at 100 hPa (Fig. 5.5e, f) is similar to that at 300 hPa but the intensity
is greatly intensified. Most importantly, this 100-hPa anticyclonic center has a cold
core, which contrasts with the warm feature of the anticyclone anomaly at 300 hPa.
This implies that diabatic heating over the main TP can have a remarkable influence
on the spatial configurations of temperature and circulation near the tropopause.
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5.2.4 TP Heating and Potential Vorticity Forcing Near
the Tropopause

Figure 5.5c–f reveal that the two types of diabatic heating over the main TP force
similar anticyclonic flows but opposite temperature distributions at 100 hPa and
300 hPa respectively. Thus, we assume there exists a level (named Pc) between the
100-hPa cold anticyclonic anomaly and the 300-hPa warm anticyclonic anomaly
(100 hPa < Pc < 300 hPa), and a neutral anticyclonic anomaly appears at the level
Pc. Then, we can show that this neutral anticyclone is the strongest anticyclone in
the upper troposphere (Fig. 5.6) using the thermal wind relation. The existence of a
strong anticyclone in the upper troposphere provides an important dynamic condi-
tion for the development of the monsoonal circulation. That is because there are
two types of atmospheric meridional circulation responses to axisymmetric heating:
the thermal equilibrium (TE) type and the angular momentum conservation (AMC)
type (Schneider 1977, 1987; Schneider and Lindzen 1977; Plumb and Hou 1992).
In mid-to-high latitudes, the atmospheric inertial stability is strong and the response
is a TE-type circulation. In the tropical and subtropical areas, however, when abso-
lute vorticity becomes small or even negative, the criteria deviate and the response
is an AMC type, and the monsoonal circulation develops easily. Both surface SH
and atmospheric LH over the main body of the TP can reduce upper-level abso-
lute vorticity, and form the minimum absolute vorticity in the upper troposphere
over the TP (not shown). This favors the excitation of monsoonal circulation to the
south of the TP, corresponding with the northern branch of the South Asian summer
monsoon. Therefore, the strongest anticyclonic response at the Pc level triggered by
TP’s thermal forcing can provide important conditions for the development of the
meridional circulation in theAsianmonsoon area.Moreover, thePc level is very close
to 100 hPa near the tropopause, which shows that the diabatic heating of the main TP

Fig. 5.6 Schematic for the formation of minimum potential vorticity forcing near the tropopause
due to thermal forcing over the main TP. After Wu et al. (2016)
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in summer can induce the strongest anticyclonic circulation in the tropopause (Wu
et al. 2016).

More interesting is that the thermal characteristics of the anticyclone (cold aloft
andwarmbelow) lead to aminimumstatic stability (Fig. 5.6).As a result, the potential
vorticity at the anticyclonic center (P = Pc) shows a minimum, namely,

P = α( f + ζ )
∂θ

∂z
= Minimum, p = pc (5.1)

Figure 5.7 shows the potential vorticity responses to the two types of TP heating.
It indicates that either surface SH or atmospheric LH over the main body of the TP
can trigger a center of minimum potential vorticity at the level near the tropopause
(100–150 hPa). Compared with the minimum potential vorticity induced by LH
(Fig. 5.7a), the intensity of that induced by SH is stronger, and the center is located
further westward (Fig. 5.7b). Moreover, because this forcing is located within the
westerly flow, it can trigger a downward-propagating Rossby wave train, as shown
in Fig. 5.5c–f. We conclude that diabatic heating over the TP can influence the
circulation and climate in the Northern Hemisphere, mainly through changing the
configuration of temperature and circulation in the upper troposphere and forming a
minimum potential vorticity forcing near the tropopause.

Fig. 5.7 Potential vorticity (PVU = 10−6 Km2 s−1 kg−1) difference induced by TP heating. aCTL
minus TP_NS along 35° N due to surface sensible heating; b CTL minus TP_NL along 32.5° N
due to latent heating. Stippling denotes the statistical significance of the difference above the 95%
level. After Wu et al. (2016)
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5.2.5 Potential Regulation by Tropical Air-Sea Coupling

In the above, we show the effects of two types of TP heating on summer monsoon
based on the WRF regional model. In most of previous modeling studies (Boos and
Kuang 2010;Wu et al. 2012;Duan et al. 2013;Wang et al. 2014b), where atmospheric
general circulation models (AGCMs) were used, the SST was prescribed as the
lower boundary condition. However, in a study of the effect of TP mountain uplift
on the East Asian summer climate, Kitoh (2004) revealed that there exist obviously
different responses between coupled general circulation model (CGCM) and AGCM
experiments. Overall, the CGCM showed a larger sensitivity of climate response to
mountain uplift than the AGCM, suggesting that SST changes in a coupled model
be the cause of the difference. If we also apply a regional air–sea-coupled model
to revisit the effects of TP heating on climate, will the response of atmospheric
circulation to the TP forcing induce changes in SST over the adjacent oceans? The
changed SST, especially that in the tropics, may in turn produce a feedback to the
atmosphere and regulate the thermal forcing of the TP on the ASM. Consequently,
there may be some evident differences between the WRF and WRF-OMLMmodels
when we conduct the same TP thermal forcing sensitivity experiments. Therefore,
similar experiments are designed next but use the coupledmodel of theWRF-OMLM
(Wang and Duan 2012), and the potential regulation of air–sea interaction on TP’s
climatic effects will be discussed.

In Table 5.1, we also list the experiments designed to understand the impacts of
surface SH over the entire TP (including the main body of the TP and its southern
slope area) on the ASM, which are simulated using the WRF (Exp ALLTP_NS1)
and its air–sea-coupled mode WRF-OMLM (Exp ALLTP_NS2). We can see that
the WRF-OMLM can simulate a reasonable ASM (both the monsoon circulation
and precipitation) and associated summer SST in the tropical oceans (Wang et al.
2018a). Figure 5.8a and b show the anomalous 850-hPawind and precipitation during
the ASM forced by the surface SH of the TP in the uncoupled and coupled WRF
models, respectively. The features of low-level wind and precipitation anomalies in
the WRF-OMLM are similar to those in the WRF. The TP heating enhances the dry
cold northwesterly flow surrounding the west of the TP. Pronounced moist warm
air from the tropical oceans converges toward the southern TP, with statistically
significant precipitation increase over the southern and eastern slopes of the TP.
From the difference between Fig. 5.8a, b, however, it seems that the response of
monsoon circulation to the TP heating is weaker in the coupled model. The low-level
wind anomalies become weaker after the air-sea coupling is considered (Fig. 5.8c).
Specially, the difference of moist warm air flow converged toward the southern TP
from the northern BoB is more evident. This weak moist warm airflow directly
influences the water vapor transport to the TP, which induces negative precipitation
response due to the heating over the TP. In addition, the well-known feature that the
thermal forcing over the TP can enhance the warm high-pressure center in the upper
troposphere (e.g., Duan and Wu 2005; Wang et al. 2016) is verified by the WRF
and WRF-OMLM simulations (Fig. 5.9). Such upper-level anticyclonic anomaly
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Fig. 5.8 a Differences in summer mean precipitation (shading; mm day−1) and 850-hPa wind
(vector; m s−1) between CTL and ALLTP_NS1 using the WRF model. b Same as (a), except
between CTL-O and ALLTP_NS2 using the WRF-OMLM model. c Same as a, except between
(b) and (a). Stippling denotes the statistical significance of precipitation anomalies above the 90%
confidence level. The wind differences significant above the 90% confidence level are plotted in
red. The thick gray contour denotes the terrain of 2000 m. After Wang et al. (2018a)

induced by the TP heating also becomes weaker in the coupled run of the WRF-
OMLM, characterized by an obvious cold cyclonic anomaly (Fig. 5.9c). The above
analyses indicate that the air–sea coupling in the adjacent oceans of the TP can
weaken the summer mean effects of the TP thermal forcing on climate.

How does the air–sea coupling regulate the TP heating effect?We know that in the
uncoupled experiments, observational SST is prescribed in CTL and ALLTP_NS1.
While the SST in the WRF-OMLM is simulated by the ocean model, and it can be
affected by the variation of atmospheric conditions as well. Figure 5.10 shows the
SST difference between the control run of CTL-O and the no TP SH experiment
of ALLTP_NS2 using the WRF-OMLM. We can clearly see that obvious cold SST
anomalies appear in most of the oceanic areas, especially in the BoB and the Arabian
Sea. The primary reason for such cold SST anomalies is the intensified southwesterly
monsoon circulation over the tropical regions induced by the TP thermal forcing
(Fig. 5.8b). The strong surface wind stress takes more surface turbulent heat fluxes
away from the ocean (not shown) and cools the sea surface mainly through the
wind-evaporation process under the TP thermal forcing.

Importantly, the cold SST anomalies induced by the TP thermal forcing in the
WRF-OMLM further suppress monsoon convective activity over the tropical oceans.
The weakened convective upward motion leads to decreased precipitation over and
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Fig. 5.9 Same as Fig. 5.8, except for the mass-weighted vertical-mean temperature (shading; K)
and wind (vector; m s−1) for 400–200 hPa. After Wang et al. (2018a)

Fig. 5.10 Difference of summer mean SST (units: °C) between CTL and ALLTP_NS2 using the
WRF-OMLM model. Stippling denotes the statistical significance of difference above the 90%
confidence level. The thick gray contour denotes the terrain of 2000 m. After Wang et al. (2018a)
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Fig. 5.11 Pressure–latitude cross sections of diabatic heating (K day−1) in CTL using the WRF
model (a), the CTL-O using the WRF-OMLM (b), and the difference between CTL and CTL-O
(c). Stippling in (c) denotes the statistical significance of diabatic heating anomalies above the 90%
confidence level. Modified from Wang et al. (2018a)

around theBoB (Fig. 5.8c), alongwith theweakened southerlywindover the southern
slope of the TP and decreased precipitation over the TP’s platform. The decreased
rainfall over the TP can in turn influence the local heating source of the TP, because
the atmospheric latent heating associated with rainfall dominates the total diabatic
heating over the TP in summer. Compared with the WRF control experiment (CTL)
in which a higher SST is prescribed persistently (Fig. 5.11a), not only the diabatic
heating corresponding to the southern branch of the South Asian summer monsoon
is weakened, but also the atmospheric heating source over the TP is reduced in the
coupled run (CTL-O; Fig. 5.11b). The above analyses show that the influence of air–
sea coupling over the adjacent oceans is significant on the TP heating effect, namely,
the TP local heating source is significantly weakened (Fig. 5.11c). As a result, the
weakened TP heating has a subdued impact on the ASM system under the framework
of air–sea interaction. We suggest that air–sea coupling should be fully considered
in sensitivity experiments for the effect of the TP heating on climate.

5.3 Key Effect of TP on Eurasian Teleconnection

The North Atlantic Oscillation (NAO) is known as a large-scale seesaw in atmo-
spheric mass between the subpolar low and the subtropical high over and around the
North Atlantic Ocean. The winter NAO has the strongest signal, while the summer
NAO (SNAO) possesses a relatively smaller spatial extent, with a farther north-
ward location, and its southern node is over northwestern Europe. Most studies have
focused on the climate impact of wintertime NAO. Folland et al. (2009) reported the
characteristics of SNAO and their effects on climate, and pointed out that the SNAO
also has an important impact on the climate of northern Europe, West Africa, and
even East Asia. Recently, it was reported that the SNAO has a close connection with
the climate variation in China (e.g., Sun et al. 2008, 2012; Linderholm et al. 2011).
The TP, which is located between Europe and East Asia, serves as a huge heating
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source in summer. So, our question here is whether there is any potential influence
by TP thermal forcing on the teleconnection between SNAO and East Asian climate.

5.3.1 Data and Model

Data used in Sect. 5.3 include: (1) monthly rainfall from the Global Precipitation
Climatology Centre (GPCC; Schneider et al. 2014) with a horizontal resolution
of 1.0° × 1.0°; (2) monthly atmospheric data is employed from Japanese 55-year
reanalysis (JRA-55;Kobayashi et al. 2015),which has a horizontal resolution of 1.25°
× 1.25° and extends from 1000 to 1 hPa with 37 vertical pressure levels; (3) monthly
SNAO index calculated following the definition of Folland et al. (2009), which is
represented by the first principal component (PC1) time series corresponding to the
leading Empirical orthogonal function (EOF) mode of mean sea level pressure over
the extratropical North Atlantic–European sector (70° W–50° E, 25–70° N) using
the JRA-55 data; (4) monthly SST from the Hadley Centre (HadISST; Rayner et al.
2003) for calculating the El Niño–Southern Oscillation (ENSO) index, which also
has a horizontal resolution of 1.0° × 1.0°. In this study, we focus on boreal peak
summer (July and August) for the period of 1958–2014. All analyses are performed
using 8-year high-pass-filtered time series, to focus on the interannual time scale.

The AGCM used in this study is the Finite-volume atmospheric model (FAMIL)
developed by the State Key Laboratory of Numerical Modeling for Atmospheric
Sciences and Geophysical Fluid Dynamics, the Institute of Atmospheric Physics of
the Chinese Academy of Sciences (CAS) (Zhou et al. 2015). This model has been
successfully used in the studies of East Asian climate and ASM, and of the climatic
effect of TP (e.g., Hu and Duan 2015). For the model’s physical parameterizations,
readers are referred to the introduction in Hu and Duan (2015). The horizontal reso-
lution of C48 (1.875° × 1.875°) and 32 vertical levels with the top level at about
2.16 hPa are chosen here.

5.3.2 The Bridge Effect of TP on Eurasian Teleconnection

Figure 5.12 shows the regression patterns of summer precipitation and 850-hPa wind
against the SNAO index. To compare the regression results to the dominant mode of
theEASMmore easily, the SNAO index is reversed (multiplied by−1) here before the
calculation. Corresponding to the negative SNAO phase, apparent negative rainfall
anomalies occur in Southeastern China near the coast, and positive anomalies appear
from the Yangtze River basin to South Korea and Japan. Such a spatial pattern of
rainfall anomalies over East Asia is similar to the leading mode of rainfall variation
associated with the interannual variability of the EASM (Wang et al. 2008b). For
the low-level circulation, an anomalous cyclone is formed north of East Asia, while
an anticyclonic response appears south of East Asia, which enhances the southerly
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Fig. 5.12 Patterns of regression of summer rainfall (shading;mmday−1) and 850-hPawind (vector;
m s−1) upon the negative SNAO time series. The impacts of Niño 3.4 SST were excluded before
these regression analyses were conducted. Stippling denotes the significance exceeding the 90%
confidence level for rainfall, and black vector indicates the 90% confidence level for wind. The bold
gray contour denotes the topographic height of 1500 m, and the red curve represents the Yangtze
River over central China. The red rectangular box (85–105° E, 25–35° N) denotes the averaging
area for the TP rainfall index. Modified from Wang et al. (2018b)

wind anomalies in Southeastern China. As a result, the cold dry airflow from the
mid-to-high latitudes converges with the anomalous southerlies along the Yangtze
River basin, leading to positive rainfall anomaly.

Another important feature is that the rainfall anomaly over the southeastern TP
is significantly positive under the negative SNAO phase (Fig. 5.12). Here, we define
a TP rainfall index as the area-averaged summer (July–August) rainfall over the
southeastern TP (85–105° E, 25–35° N), where the topography is above 1500 m.
On the interannual time scale, the correlation coefficient between SNAO and the TP
rainfall index is −0.58, which becomes −0.57 after removing the effect of ENSO
(Fig. 5.13a). Because the atmospheric latent heating associated with the rainfall over
southeastern TP dominates the local total diabatic heating in summer (Ye and Gao
1979; Hu and Duan 2015), it suggests that the SNAO possibly regulates the heating
source over the TP. On the other hand, previous studies have shown that TP heating
can directly influence the summer rainfall variation in East China (e.g., Wang et al.
2014b). Figure 5.13b shows the regression patterns of 200-hPa stream function and
wave-activity flux upon the negative SNAO time series. We can see that an evident
wave train extending from the North Atlantic–European region to its downstream
regions. Apparent divergence of wave-activity flux appears at the negative anomaly
center of stream function. Such center corresponds to the south node of the SNAO,
indicating a wave source region. The wave-activity flux diverges southeastward from
the source region, and converges around the west of the TP. As a result, a positive
stream function anomaly is formed in the upper troposphere over the southern TP
(Fig. 5.13b). In other words, the SAH is intensified due to the influence of upstream



222 5 Effects of the Tibetan Plateau on Climate

Fig. 5.13 a Time series of normalized SNAO (black) and rainfall over the southeastern TP (red)
during the period of 1958–2014 using the filtered data to highlight the interannual variability, R is
the correlation coefficient between the two curves, while PR is the partial correlation coefficient
with the influence of Niño 3.4 SST excluded. b Patterns of regression of 200-hPa stream function
(shading; 105 m2 s−1) and wave-activity flux (vectors are omitted for the zonal wind less than
1 m s−1; m2 s−2) against the negative SNAO index. Stippling denotes the significance exceeding
the 90% confidence level for stream function in (b). The bold gray contour in (b) denotes the
topographic height of 1500 m. Modified from Wang et al. (2018b)

SNAO, which enhances the baroclinic vertical structure and the pumping effect of
the TP. Such atmospheric circulation structure thus benefits the increase of rainfall
over the TP. Overall, the SNAO can directly modulate the interannual variability
of the TP summer rainfall through large-scale wave disturbance, and modulate the
corresponding TP thermal forcing.
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Fig. 5.14 a Patterns of regressions of summer rainfall (shading; mm day−1) and 850-hPa wind
(vectors;m s−1) against the TP rainfall index.bSame as (a), except for the partial regression patterns
with the impact of SNAO excluded. c Same as Fig. 5.1a, except for the partial regression patterns
with the impact of TP excluded. The effects of Niño 3.4 SST were excluded before these regression
analyses were conducted. Stippling denotes the statistical significance of rainfall exceeding the 90%
confidence level, and black vector indicates the wind exceeding the 90% confidence level. The bold
gray curve denotes the topographic height of 1500 m. After Wang et al. (2018b)

Furthermore, we show the regression patterns of summer precipitation and 850-
hPa wind upon the TP rainfall index (which can represent the interannual variation of
TP thermal forcing) in Fig. 5.14a. This regression result is similar to that in Fig. 5.12,
strong TP summer heating corresponds to low-level wind convergence and positive
rainfall anomaly over central East China. Thus, the question becomes whether or
not the teleconnection between SNAO and East China rainfall is influenced by the
TP heating. To answer this question, partial regression analysis is used here to better
understand the relationships of the SNAO and TP thermal forcing with the variations
of East China climate. When the impact of SNAO is removed, the regressions of
rainfall and 850-hPa wind over East Asia upon the TP rainfall index (Fig. 5.14b)
show little change from the original results (Fig. 5.14a), suggesting that the impact
of the TP on East China summer rainfall is not strongly dependent on the effect of
SNAO.However,when the influence of TPheating is excluded, the partial regressions
of rainfall and low-level wind upon the SNAO index (Fig. 5.14c) are significantly
different from the original results (Fig. 5.12). Therefore, the TP does exert an inter-
mediate bridge effect on the Eurasian teleconnection, in which the SNAO primarily
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regulates the interannual variability of summer precipitation and diabatic heating
over the TP, and the changed TP heating in turn influences the East China summer
rainfall.

5.3.3 Direct Impact of TP Heating on East China Summer
Rainfall in AGCM Experiments

To verify the direct impact of TP thermal forcing on the East China summer rainfall,
which was diagnosed by the statistical methods discussed above, three experiments
are designed using the FAMIL. Following Hu and Duan (2015), the summer latent
heating anomaly employed in the sensitivity runs has almost the same magnitude as
the natural interannual variability of total TP diabatic heating. Figure 5.15a shows
the vertical profiles of condensational latent heating from the control run (CTL),
Exp TPHs that is a sensitivity experiment with positive TP heating anomaly, and
Exp TPHw that is a sensitivity experiment with negative TP heating anomaly. In
this study, the anomalies with 2.5σ latent heating (based on the JRA-55 reanalysis
data) are added to (subtracted from) the diabatic heating output of CTL, and then
serve as the positive (negative) heating source in Exp TPHs (TPHw) over the south-
eastern TP. From the differences between Exp TPHs and Exp TPHw, we can see that
positive heating over the TP can substantially enhance the SAH (Fig. 5.15b). To the
northeast of the TP, a cyclonic anomaly exists from 850 to 200 hPa, suggesting a
barotropic response in the troposphere. This cyclonic anomaly can be viewed as part
of aRossbywave train originated from the anticyclonic anomaly over theTPdue to its
thermal forcing (Wang et al. 2008a, 2014b). Meanwhile, the TP heating also induces
an anomaly of southerly flow at 850 hPa over southern China. Subsequently, the
northerly and southerly anomalies converge over East China, increasing the summer
rainfall along the convergence belt (Fig. 5.15c). These responses of both atmospheric
circulation and rainfall to the TP heating in the sensitivity experiments are similar
to the regression patterns upon the TP rainfall index in observations (Fig. 5.14a, b),
illustrating the direct impact of the TP thermal forcing on the East China summer
rainfall.

Using the data diagnose and modeling studies, we have confirmed the interme-
diate bridge effect of TP thermal forcing on the Eurasian teleconnection. The overall
physical processes can be clearly illustrated by a schematic diagram (Fig. 5.16).
The SNAO primarily regulates the interannual variability of summer precipitation
over the southeastern TP through the southeastward propagation of large-scale wave
disturbance. In other words, a negative SNAO always increases TP rainfall, accom-
panied by enhanced local diabatic heating that subsequently excites a Rossby wave
propagating northeastward in the upper troposphere, which then generates low-level
northerlywind anomalies over northernChina.Meanwhile, theTPheating also gener-
ates low-level southerly wind anomalies over southern China. These northerly and
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Fig. 5.15 a Vertical profiles of condensational latent heating (units: K day−1) in different experi-
ments over the southeastern TP (see the red rectangular box in (b) or (c)). b Difference in 200-hPa
wind (units: m s−1) between the positive (TPHs) and negative (TPHw) TP heating experiments.
c Same as (b), except for 850-hPa wind and rainfall (shading; mm day−1). Black vector in (b) and
(c) indicates the wind exceeding the 90% confidence level, and stippling in (c) denotes the statistical
significance of rainfall above the 90% confidence level. The bold gray curve in (b) and (c) denotes
the topographic height of 1500 m. After Wang et al. (2018b)

southerly wind anomalies converge in the lower troposphere, increasing the summer
rainfall across the whole central East China.

5.4 Thermal Effect of TP on Climate Variation Over
the Upstream Regions

It is well known that the dynamic and thermal effects of the TP are important for
regional and global climate (e.g., Hahn and Manabe 1975; Ye and Wu 1998; Kitoh
2004; Wu et al. 2014). In summer, the TP is viewed as a powerful heating source,
and its role in general circulation cannot be ignored (Flohn 1957; Yeh et al. 1957).
There are a great number of studies on the effects of the TP on climate in South,
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Fig. 5.16 Schematic for the overall structure of the TP’s bridge effect in the teleconnection between
SNAO and East China summer rainfall. After Wang et al. (2018b)

East, and Southeast Asia (Wu et al. 1997, 2007, 2012; Duan et al. 2008; Abe et al.
2013; Wang et al. 2014b).

Regarding the influence ofAsianmonsoon heating on the climate in its “upstream”
region, studies have shown that the North African desert-Mediterranean climate is
closely linked to the Asian monsoon heating via the zonal vertical circulation caused
by the difference in thermal conditions between the Asian monsoon and the desert
regions over Africa and by Rossby wave induced by monsoon heating (Yang et al.
1992; Rodwell and Hoskins 1996, 2001). Zhao et al. (2012) clarified that the source
of atmospheric circulation and SST variation in the North Atlantic can be traced to
the Asian continent. Over the past decades, the surface temperature over the TP has
shown a significant warming trend, with a value of approximately 1.0 °C/50 years
(Fig. 5.17). Wang et al. (2008a) concluded that the future warming of the TP could
lead to an increase in summer rainfall over East Asia. Duan and Xiao (2015) pointed
out that despite global warming hiatus, the TP has experienced an evident warming
trend since the late 1990s.

However, relatively less work has been done on the effects of TP surface heating
on the upstream climate over West Asia, South Europe, North Africa, and the North
Atlantic (Wu et al. 2009). Therefore, we use a fully coupled climate model to inves-
tigate the effect of TP surface heating on the summer climate over the upstream
regions and try to understand possible physical processes and mechanisms involved.
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Fig. 5.17 Time series of summer surface temperature anomalies over the TP (red solid line; °C)
and corresponding trend (black dashed line). After Lu et al. (2018)

In addition, we discuss the relative importance of TP heating compared to the Asian
continent heating in Sect. 5.4.

5.4.1 Data, Model, and Experimental Design

Surface air temperature used here is from the Goddard Institute for Space Studies
(GISS/NASA) surface temperature analysis (Hansen et al. 2010).

We conduct several numerical experiments to investigate TP’s climate effects on
the upstream climate and its relative importance to the Asian continent by using the
Community Earth System Model Version 1.2.2 (CESM 1.2.2). This model is a fully
coupled climate model with good performance (Neale et al. 2013). Our control run
(CTL) is a free run, which is integrated for 300 years. Studies have shown that land
processes have important effects on regional and even global climate variation (Yeh
et al. 1984; Yang and Lau 1998; Wu Z. et al. 2012; Si and Ding 2013). The surface
albedo effect, as an important component of land processes, can affect the surface
temperature and modulate the ASM by changing thermal contrast between land and
ocean (Barnett et al. 1989). Changing albedo to understand the surface thermal effect
on atmospheric circulation has become a method used in numerous studies (Wang
et al. 2008a; Boos and Kuang 2010; Liu et al. 2012). For example, when local albedo
decreases, the land surface absorbsmore shortwave solar radiation and its temperature
will rise accordingly. Therefore, in our sensitivity experiment, we reduce the surface
albedo over the TP. We restart a TP heating experiment (TP_Alb0.5) from the 251st
year of CTL for a 50-year integration, in which external forcing is consistent with
that used in CTL, but the surface albedo over the TP domain (62° − 105° E, 23° −
45° N; terrain height greater than 1500 m) is reduced by half. Years 261 − 300 of
outputs are selected for analysis.
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5.4.2 Impact of TP Surface Heating on Climate Variation
Over West Asia, North Africa, South Europe,
and the North Atlantic

1. Variations of sensible heat flux, horizontal circulation, and surface climate

Differences in summer surface temperature, sensible heat flux, 500-hPa vertical
velocity, and precipitation between TP_Alb0.5 and CTL are depicted in Fig. 5.18.
In TP_Alb0.5, surface temperature over the main body of the TP increases by more
than 2 °C when the surface albedo over the TP decreases (Fig. 5.18a). Tempera-
tures increase over the regions to the west of the TP, especially over South Europe,
the Middle East, and the extratropical North Atlantic, but decrease over Sahara and
the subtropical North Atlantic. The apparent change in sensible heat flux mainly
occurs over the Eurasian continent (Fig. 5.18b), which is generally consistent with
the change in surface temperature.

As the TP surface temperature increases, the local sensible heating increases
accordingly, thereby strengthening the local ascending motion. Due to the important
role of TP thermal forcing in summer precipitation over East Asia (Wang et al. 2008a;
Wu et al. 2012), there exists a significant increase in rising motion and rainfall over
East Asia (Fig. 5.18c and 5.18d). However, it is interesting to note that subsidence
motion enhances and precipitation decreases in the regions to the west of the plateau,
even to the extratropical North Atlantic. According to Rodwell and Hoskins (1996,
2001), the heating in the remote monsoon region can induce Rossby wave response
in the regions to the west. Similarly, we find that the variations of vertical motion
and precipitation over the regions to the west of the TP could be the result of the
atmospheric response to the intensified diabatic heating over the TP. In addition, the

Fig. 5.18 Differences in a surface temperature (units: °C), b sensible heat flux (units: W m−2),
c 500 hPa vertical velocity (multiplied by 200; units: Pa s−1) and d precipitation (units: mm day−1)
betweenTP_Alb0.5 andCTL.Stippling indicates the value is significantly above the 95%confidence
level. The thick black contour indicates the terrain is greater than 1500 m. After Lu et al. (2018)
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risingmotion and precipitation over the Sahel increase significantly, while those over
northern India decrease.

Figure 5.19 shows the climatological distributions of atmospheric circulation and
tropospheric temperature during summer and the corresponding differences between
TP_Alb0.5 andCTL. In climatology, the anticyclonic circulation and high pressure in
the lower atmosphere dominate over the subtropical North Atlantic, centered around
(45° W, 30° N) (Fig. 5.19a). Strong low pressure and cyclonic circulation form over
the Asian continent, southwesterly and southerly winds prevail in south and east of
the cyclonic circulation, respectively. In the mid-troposphere, the giant anticyclonic
circulation over the mid-latitude North America–North Atlantic–North Africa can
be seen, and a relatively low pressure with cyclonic circulation still exists over the
Asian continent (Fig. 5.19c). The most obvious high-level atmospheric circulation
system is the SAH, with its center near northern India (Fig. 5.19e). We can see that
a tropospheric warm center corresponds well to the SAH.

When the TP surface temperature rises, the increase in sensible heating causes an
abnormal rising motion (Fig. 5.18c), which strengthens the local low-level cyclonic

Fig. 5.19 Differences in a sea level pressure (shading; units: hPa) and 850-hPa wind (vector;
units: m s−1), c 500-hPa geopotential height (shading; units: m) and wind (vector; units: m s−1),
e tropospheric temperature (shading; units: °C) and 200-hPawind (vector; units:m s−1) inCTL.b,d,
and f are the same as (a), (c), and (e), except for differences between TP_Alb0.5 and CTL. Stippling
indicates the value exceeds the 95% confidence level. In b, d, and f, only the wind differences above
the 95% confidence level are plotted. The thick black contour indicates the terrain is greater than
1500 m. After Lu et al. (2018)
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circulation and high-level SAH, and the high extends westward (Fig. 5.19b, d,
f), resulting in enhancement of both low-level convergence and high-level diver-
gence. These characteristics are consistent with those of air pumping effect of
the TP proposed by Wu et al. (1997, 2007). Abnormal rising motion induces an
increase in condensation heating, which in turn strengthens large-scale convergent
airflow, producing a positive feedback between large-scale convergence and small-
scale convective activities. In the regions to the west of the TP, significant anticy-
clonic anomalies form over the North Atlantic–Mediterranean Sea regions in the
entire troposphere, indicating a quasi-barotropic structure. Tropospheric tempera-
ture warms up accordingly. These tropospheric anticyclonic anomalies are likely to
be the Rossby wave response to the strengthened TP heating. Correspondingly, the
Atlantic subtropical high (ASH) strengthens and the center shifts northwestward,
located near (50°W, 35° N). The high-level SAHmoves westward. However, a weak
cyclonic anomaly at 850-hPa forms over the eastern subtropical Atlantic (Fig. 5.19b),
indicating that the southeast portion of the ASH weakens. Westerly wind anomalies
on the south side of the cyclonic circulation can transport more water vapor from
the tropical Atlantic to the Sahel, causing increased precipitation over the Sahel. The
westerly wind anomaly on the south side of the cyclonic circulation over the plateau
reduces the water vapor transport from the BoB (Jiang and Ting 2017), resulting in
a significant reduction in precipitation over northern India (similar to the results in
Fig. 4f of Wang et al. 2016 and in Fig. 3b of Wu et al. 2016). Recently, He et al.
(2017) pointed out that the increased monsoon heating over South Asia could lead to
reduced precipitation over the Sahel. It is worth noting that the results of our model
experiments also indicate that the precipitation over northern India and the Sahel
shows an opposite relationship, meaning that the TP can play an important role in
connecting Asian–African climate.

Height–longitude cross section of differences in tropospheric temperature and
diabatic heating betweenTP_Alb0.5 andCTLare given inFig. 5.20. The tropospheric
temperature distribution is characterized by a uniformwarming with the warm center
forming over the TP and extending westward to the North Atlantic. The diabatic
heating is enhanced significantly over the plateau, which means that the TP heating
is the source of Rossby wave response to the west, and the atmospheric Rossby wave
response causes the high temperature to extend westward. To verify the presence of
the Rossbywave response over the west of the TP, we also calculate the wave-activity
flux (not shown) defined by Takaya and Nakamura (2001). In the climatological
state, due to the position of the westerly jet stream in summer, the wave-activity flux
appears to uniformly propagate eastward in the mid-latitudes and becomes weaker in
the subtropical region. In Exp TP_Alb0.5, the eastwardwave flux in themid-latitudes
weakens. It can be said that the TP heating results in the weakening of Rossby wave
that originally propagates eastward, forming the Rossby wave response in the mid-
latitude Eurasia–North Atlantic regions, which is manifested as the quasi-barotropic
structure with anticyclonic anomalies in the entire troposphere, leading to the change
in the upstream climate.
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Fig. 5.20 Height–longitude cross section of differences averaged over 30°–40° N of tropospheric
temperature (shading; units: °C) and diabatic heating (contour; units: K s−1) between TP_Alb0.5
and CTL. Stippling indicates the value is above the 95% confidence level. The contours are −1.5,
−1.0, −0.5, 0.5, 1.0, and 1.5. Black shading indicates terrain. After Lu et al. (2018)

2. Variation of vertical circulation

Since the TP is located in the subtropics, a transition zone between tropics and
mid-to-high latitudes. In the tropics, the divergence component of the atmospheric
circulation is the most important, while the rotational component dominates in the
mid-high latitudes. Therefore, when studying climatic effects of the TP, we must
consider not only the Rossby wave characteristics of atmospheric responses to the
plateau, but also the vertical circulation features driven by the TP heating, which are
discussed next.

Figure 5.21 shows the climatological distributions of zonal and meridional circu-
lations in CTL and their changes in Exp TP_Alb0.5. Climatologically, there is a
strong ascending motion in the Asian monsoon region, while subsidence occurs in
the regions to the west, as far as the North Atlantic (Fig. 5.21a). As the TP diabatic
heating increases, both the ascending motion over the Asian monsoon region and
subsidence to the west are strengthened, forming an anomalous zonal vertical cell
over themid-latitude Atlantic–European–African sector (Fig. 5.21b). In other words,
the anomalous zonal circulation excited by the TP heating induces the deepening of
the subsidence from the west of the TP to the North Atlantic, resulting in the forma-
tion and development of an anomalous warm center between the anomalous rising
motion over the east and the subsidence over the west. The above characteristics
are basically consistent with the temperature-heating vertical gradient (T-Qz) theory
described by Wu et al. (2015). The theory was derived from the thermal wind theory
and Sverdrup vorticity balance:

∂v

∂ ln p
= − R

f

(
∂T

∂x

)
(5.2)
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Fig. 5.21 a Vertical velocity (shading; units: Pa s−1) and zonal circulation (vector; zonal wind in
m s−1; vertical velocity is in Pa s−1 and is multiplied by 200) averaged over 30°–40° N in CTL,
and b differences between TP_Alb0.5 and CTL. c Vertical velocity (shading; units: Pa s−1) and
meridional circulation (vector; meridional winds in m s−1; vertical velocity is in Pa s−1 and is
multiplied by 200) averaged over 75°–105° E in CTL, and d differences between TP_Alb0.5 and
CTL. Stippling indicates it exceeds the 95% confidence level. In b and d, only the values of the
vertical cell above the 95% confidence level are plotted. Black shading indicates terrain. After Lu
et al. (2018)

βv ≈ ( f + ζ )θ−1
z

(
∂Q

∂z

)
, θz �= 0, �V · ∇ζ → 0. (5.3)

A causal relationship has been obtained between temperature and heating vertical
gradient, which is applicable to upper troposphere in the subtropics (see Wu et al.
2015 for details): In the upper troposphere, deep convection heating is dominant,
i.e., the heating vertical gradient is negative, while the cooling is mainly radiation
cooling, i.e., the heating vertical gradient is positive. From Eq. (5.3), there exists
northerly vertical shear in the heating region and southerly vertical shear in the
cooling region. Then, we can see from Eq. (5.2) that the warm (cold) center must
appear over the west (east) side of the heating zone and the east (west) side of the
cooling zone. By applying the above theories to our results, anomalous diabatic
cooling occurs over the west due to the strengthened TP diabatic heating, leading
to an anomalous warm center and an anticyclonic circulation between abnormal
heating and cooling regions. In addition, Fig. 5.21b shows that the vertical velocity
distribution between 60° W and 120° E is significantly enhanced compared to the
climatological one, implying that in the regions to the west the Rossbywave response
to the diabatic heating demonstrated by Rodwell and Hoskins (1996) intensifies.
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Therefore, Fig. 5.21b reflects the integrated results of anomalous zonal circulation
and atmospheric Rossby wave response excited by TP heating, and it also reflects
their mutual effects on the upstream climate. Figure 5.21c shows strong ascending
motion over the Asian monsoon region and the existence of two rising centers in
climatology. In Exp TP_Alb0.5, an anomalous meridional vertical cell occurs with
an ascending branch over the plateau and a subsidence branch over northern India,
implying an increase in precipitation over the TP and a decrease in precipitation over
northern India.

From the precipitation variation shown earlier (Fig. 5.18d), we can see that a
precipitation dipole appears over the eastern tropical Atlantic and West Africa, indi-
cating that the Atlantic Intertropical Convergence Zone (ITCZ) shifts northward due
to the northward shift of the ASH. The Sahel rainfall increases due to the weak-
ening of trade winds and local evaporation caused by the northward shift of the
ASH. So, what happens to the local Hadley circulation if the Atlantic ITCZ moves
northward? The climatology of local Hadley circulation and associated differences
between TP_Alb0.5 and CTL averaged over 10° W–30° E are given in Fig. 5.22. In
the climatological state, the rising center of the Hadley cell is located near 10° N
and the sinking center is near 35° N (Fig. 5.22a). Obviously, the anomalous rising
and sinking branches of the local Hadley circulation in Exp TP_Alb0.5 are shifted
approximately 5° northward (Fig. 5.22b). Therefore, when the ITCZ moves north-
ward, the local Hadley cell also moves northward, weakening the subsidence over
the desert regions in North Africa and enhancing the sinking motion in the Mediter-
ranean region. This anomalous meridional cell also contributes to the drier condition
in the Mediterranean region.

3. Possible physical processes and mechanisms

In short, the physical processes and mechanisms for the impact of TP surface heating
on the upstream climate can be summarized as follows. In the TP region, the surface
temperature increases with the decrease of surface albedo, enhancing both surface
sensible heating and ascending motion. The low-level convergence intensifies, and
the SAH strengthens and extends westward. At the same time, the release of latent
heat increases, which further exacerbates the low-level convergence and ascending
motion. In the regions to the west of the TP, Rossby wave response appears due
to the strengthened TP heating. As a result, the anomalous anticyclonic circulation
and the warm tropospheric temperature control the entire troposphere, and the rela-
tionship between anomalous warm center and anomalous zonal circulation fits the
temperature-heating vertical gradient theory. In the lower atmosphere, the ASH is
reinforced with eastward extension, and the center moves northwestward, strength-
ening the subsidence over the extratropical North Atlantic. Meanwhile, the Atlantic
ITCZ and the localHadley cell alsomove northward, resulting in increased ascending
motion and precipitation over the Sahel, weakening of the subsidence over the desert
regions of North Africa, and causing an increase in the subsidence and decrease in
rainfall over the Mediterranean Sea region. The ASH moves northward, accompa-
nying the weakening of its southeastern portion. Westerly anomalies appear over the
south side of the corresponding cyclonic anomalies, which increases the water vapor
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Fig. 5.22 aVertical velocity (shading; units: Pa s−1) andmeridional circulation (vector; meridional
wind in m s−1; vertical velocity is in Pa s−1 and is multiplied by 200) averaged over 10° W–30°
E in CTL, and b differences between TP_Alb0.5 and CTL. Stippling in b indicates it is above the
95% confidence level. Only the values of the vertical cell exceeding the 95% confidence level are
plotted. After Lu et al. (2018)

transport from the tropical Atlantic to the Sahel and then intensifies the Sahel rain-
fall. In the regions to the south, especially over northern India, anomalous meridional
circulation caused by plateau heating leads to decreases in rising motion and precipi-
tation over northern India. Furthermore, the westerlies to the south of the anomalous
cyclonic circulation over the TP cuts off the water vapor transport from the BoB
to northern India, which also plays a role in the reduction of rainfall over northern
India. In addition, in Exp TP_Alb0.5, the reversed change between the Sahel and
Indian precipitation (also found in He et al. 2017) reflects the bridge role of the TP
in connecting Asian–African climate to some extent.
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5.4.3 Conclusions and Discussion

We use a fully coupled model to investigate the effects of TP surface heating on the
upstream climate, especially over West Asia, South Europe, North Africa, and the
North Atlantic. We also examine the physical processes and possible mechanisms
by conducting numerical experiments. Since the TP is located in the subtropics,
its thermodynamic effects are not only on the rotational component of the atmo-
spheric circulation (i.e., Rossby wave response to anomalous diabatic heating) but
also on the divergent component (i.e., thermal-driven vertical circulation). First, the
apparentRossbywave response occurs in the regions to thewest of theTP, as far as the
North Atlantic, causing anticyclonic circulation anomalies and subsidence motion.
Correspondingly, the tropospheric temperature is warmer. In addition, the ASH is
enhanced and the center shifts northwestward, resulting in the northward shifts of
the Atlantic ITCZ and the local Hadley cell. Thus, the Sahel rainfall increases. The
westerly anomalies to the south side of the cyclonic anomalies over the subtropical
North Atlantic play an important role in the increase of Sahel precipitation. More-
over, the anomalous vertical circulations driven by the TP heating is also significant.
When the TP diabatic heating is enhanced, anomalous zonal circulation appears with
ascending motion over the plateau and descending motion over the Mediterranean
Sea region, inducing intensified subsidence and reduced precipitation west of the
plateau. Therefore, the impact of Rossby wave response to the TP heating is almost
in phase with that of the zonal circulation. In the regions to the south, anomalous
meridional circulation results in anomalous descending motion and decreased rain-
fall over northern India. It is worth noting that the reversed change in precipitation
over the Sahel and India reflects the role of the TP in linking Asian-African climate.

We also conducted anAsian heating experiment (not shown; the results are similar
to those in Zhao et al. 2012), which is the same as Exp TP_Alb0.5 except the surface
albedo in the Asian domain (60°–120° E, 25°–50° N) was reduced by half. The
purposes were to use it as a reference for Exp TP_Alb0.5 and to analyze the role of
TP heating in the effect of the Asian continent heating on the upstream climate. We
found that the distributions of surface temperature, precipitation, and atmospheric
circulation in the Asian heating experiment were generally similar to those in Exp
TP_Alb0.5, but the amplitude of the upstream climate variation in Exp TP_Alb0.5 is
relatively smaller, accounting for about 40–50% of that in the Asian heating experi-
ment. However, the TP domain is only one-third of the Asian domain in our exper-
iments, indicating that the TP heating can largely explain the impact of the Asian
continent heating on the upstream climate. Although some of the previous studies
were conducted to understand the important role of Asian monsoon heating in the
formation of African deserts (Rodwell and Hoskins 1996) and the effect of Asian
summer tropospheric temperature on SST and atmospheric circulation over theNorth
Atlantic (Zhao et al. 2012). However, here we focused on analyzing the effect of
the plateau, describing how the atmospheric circulation and surface climate in the
upstream regions respond to the TP-intensified heating and comparing the changes
with those caused by the Asian continent heating.
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5.5 Climate Effect of SAH Variability Over TP

The SAH is the most intensive and stable subtropical anticyclone in the upper tropo-
sphere and lower stratosphere during boreal summer (Mason and Anderson 1963;
Tao and Zhu 1964). Being influenced by both sensible and latent heating over the
TP and by the latent heating over the Asian monsoon region (Krishnamurti et al.
1973; Huang 1985; Liu et al. 1999, 2001), the SAH persists over the plateaus of
southern Asia and spans from North Africa, Eurasian continent to theWestern North
Pacific. As one of the key members in the Asian monsoon systems (Krishnamurti
and Bhalme 1976), the SAH plays an important role in affecting the Indian summer
monsoon (ISM; Raman and Rao 1981; Krishnamurti et al. 1989; Bansod et al. 2003;
Ashfaq et al. 2009) and the summer rainfall over China (Luo et al. 1982; Zhang and
Wu 2001; Zhang et al. 2002). The SAH can be an important factor for predicting
summer weathers and climate in China.

5.5.1 Zonal Shift of SAH and Its Relationship with Asian
Summer Monsoon Rainfall

The zonal shift is a notable feature of the SAH (Mason and Anderson 1963; Tao and
Zhu 1964; Zhang et al. 2002). Previous studies suggested that the summer rainfall
over China can be affected by the zonal shift of the SAH (Luo et al. 1982; Chen and
Liao 1990; Zhang and Wu 2001; Huang and Qian 2003). Besides, the active phase
and break of the ISM are also known to be closely related to the variation of the SAH
(Mason and Anderson 1963; Krishnamurti and Bhalme 1976; Bansod et al. 2003;
Ashfaq et al. 2009). As the common upper-level system in the East Asian and Indian
summer monsoon systems, the SAH interacts with the monsoon rainfall over these
two regions. What is the relationship between the zonal shift of the SAH and the
monsoon rainfall in the ISM and EASM regions? What is the physical mechanism
for the interactions among the SAH, the ISM rainfall, and the EASM rainfall? In
Sect. 5.5, we will discuss the zonal shift of the SAH on the interannual time scale
and its role in connecting the ISM and EASM.

The zonal shift of the SAH is significant on the synoptic time scale (Tao and Zhu
1964; Krishnamurti et al. 1973; Luo et al. 1982) and on the subseasonal time scale
(Zhang et al. 2002; Liu et al. 2007; Yang and Li 2016). On the interannual time
scale, the zonal displacement of the SAH is also obvious in each summer with its
center over the TP (TPmode; about 75%) or over the Iranian Plateau (IPmode; about
25%) (Wei et al. 2014). A SAH index IEW is defined as the difference of geopotential
height between the east center region (85°–105° E, 22.5°–32.5° N) and the west
center region (55°–75° E, 22.5°–32.5° N) to quantify the zonal displacement of the
SAH. Composites of the 12520-gpm isolines based on the IEW show the locations
of the SAH in both TP mode and IP mode. In the TP mode, the SAH is located
eastward with its center over the TP and the eastern ridge extends to about 115°
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Fig. 5.23 Regressed horizontal wind (vector; units: m s−1) and geopotential height anomalies
(shading; units: gpm) at 200 hPa against the IEW. Composites of the SAH for IEW > 1 (red solid
contour) and IEW < −1 (red dashed contour) are indicated by the 12520-gpm contour

E (red solid contour in Fig. 5.23). In the IP mode, the SAH is located westward
with its center over the IP and the western ridge extends to about 35° E (red dashed
contour in Fig. 5.23). Regressed geopotential height and horizontalwind anomalies at
200 hPa against IEW show an anomalous anticyclone and positive geopotential height
anomalies are located over the eastern Eurasian continent with the centers in the mid-
latitude, and an anomalous cyclone and negative geopotential height anomalies are
located to the west (Fig. 5.23). These circulation anomalies may have an impact
on the summer rainfall over China. In the following sections, we will discuss the
relationship between the zonal shift of the SAH and summer monsoon rainfall. What
is the physical mechanism for the zonal shift of the SAH on the interannual time
scale? How does the zonal shift of the SAH influence the summer rainfall over
China?

5.5.2 Relationship with the ISM and EASM Rainfall

The ISM is the most prominent tropical monsoon in the world, with abundant
monsoon rainfall over the Indian subcontinent. All Indian rainfall index (AIRI) can
well depict the intensity of the ISMand the convective activity over the Indian subcon-
tinent (Parthasarathy et al. 1992; Sontakke et al. 1993; Wang and Fan 1999; Zhang
et al. 1999). Time series of AIRI and IEW show an opposite variation of the ISM and
the SAH (Fig. 5.24). The linear correlation coefficient between the detrended AIRI
and IEW is −0.57, exceeding the 0.01 significance level, suggesting a significant
negative relationship between the ISM and the zonal shift of the SAH. When the
SAH is located eastward in the TP mode, the ISM is weak. When the SAH is located
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PC1CN     IEW  AIRI

Fig. 5.24 Standardized time series of IEW (red solid curve), AIRI (blue dashed curve), and PC1 of
the rainfall over China (gray bar) from 1958 to 2002

westward in the IPmode, the ISM is strong. Regressed rainfall anomalies show nega-
tive rainfall anomalies are significant over the northern Indian subcontinent in the
TP mode of the SAH (Fig. 5.25). It indicates that the strong (weak) ISMwith intense
(week) convection and more (less) rainfall over the northern Indian subcontinent is
closely related to the westward (eastward) displacement of the SAH.

In East Asia, the relationship between monsoon rainfall and the zonal shift of the
SAH is significant. Regressed rainfall anomalies show positive rainfall anomalies
over the Yangtze River valley (YRV), South Korea, and Japan, while negative rainfall
anomalies over northern and southern China (Fig. 5.25). The tripole rainfall pattern
is obvious from the north to the south of eastern China, which is similar to the first
spatial pattern (negative–positive–negative) of the EOF on the summer rainfall over

Fig. 5.25 Regressed JJA mean rainfall anomalies against IEW (shading; units: mm). Stippling
highlights the areas exceeding the 0.05 significance level. The green contour indicates the TP
region with topography exceeding 3000 m
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Fig. 5.26 Regressed vorticity (shading; units: 106 s−1) and horizontal wind (vector; units: m s−1)
at 850 hPa against IEW. Red contours indicate composite western North Pacific subtropical high
(isolines 5860 and 5880 gpm) at 500 hPa for IEW > 1 (solid contour) and IEW <− 1 (dashed contour).
The green contour indicates the TP region with topography exceeding 3000 m

China (Zuo et al. 2011; Wei et al. 2015). Time series of IEW and the first principal
component of summer rainfall over China (PC1CN) show a positive relationship
between the zonal displacement of the SAH and the variation of the tripole rainfall
pattern. The correlation coefficient between the IEW and the PC1CN is 0.35,exceeding
the 0.05 significance level. Obviously, the zonal status of the SAH is closely related
to the EASM rainfall, especially the tripole rainfall pattern over eastern China.

The circulation anomalies associated with the eastward shift of the SAH show
strong easterly wind anomalies over the Indian subcontinent and the Arabian Sea at
850 hPa, implying a weaker-than-normal ISM (Fig. 5.26). In East Asia, an anoma-
lous anticyclone is located over southern China and northern South China Sea at
850 hPa, indicating a westward extension of the Western North Pacific subtropical
high, which suppresses rainfall over southern China. The anomalous southerly wind
on the western flank of this anticyclone converges with the northerly wind anomalies
from the north over the YRV, which favor more rainfall over the YRV. These circula-
tion anomalies associatedwith the zonal displacement of the SAH are consistent with
the rainfall distributions. In the next section, we will discuss the physical processes
of the zonal shift of the SAH connecting the ISM and EASM rainfall.

5.5.3 Impact of ISM Rainfall on the Zonal Shift of SAH

The formation and variation of the SAH are affected by the sensible heating from
the surface of the plateau and by the latent heating in the atmosphere (Krishnamurti
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et al. 1973; Huang 1985; Liu et al. 1999, 2001; Zuo et al. 2011; Wu et al. 2013).
Thus, the anomalous heating distribution is analyzed to find out the possible cause of
the zonal displacement of the SAH on the interannual time scale. Regressions of the
integrated apparent heating source < Q1> and integrated apparent moisture sink <
Q2> against the IEW show that the most significant heating anomalies appear over the
northern Indian subcontinent. The nearly equivalent values of <Q1> and <Q2> over
northern India indicate the condensational latent heating induced by convection is
the dominant heating in this region. It indicates the zonal shift of the SAH is closely
related to the condensational latent heating associated with the convective activity
and the monsoon rainfall over northern India. When the SAH is located eastward
(westward), the ISM is weak (strong) with weak (strong) convection activities and
less (more) rainfall over northern India. Over the TP, deep convection is smaller than
that over the ISM region in terms of frequency, vertical scale, and horizontal scale
(Luo et al. 2011). Figure 5.27 also shows the heating source anomalies are much
weaker and opposite to those over the Indian subcontinent. Therefore, the release
of latent heat by condensation of deep convection over the Indian subcontinent may
play a dominant role in affecting the zonal displacement of the SAH.

According to the simplified vorticity Eq. (5.1), the meridional wind along the
ridge of the subtropical high (u ≈ 0) is associated with the vertical distribution of
diabatic heating (Liu et al. 1999; Wu and Liu 2003; Liu et al. 2001):

βv ∝ f + ς

θz

∂Q

∂z
, θz �= 0 (5.4)

where Q is diabatic heating, ζ is vertical vorticity, and θ z is static stability. In the
upper troposphere over the heating source, f +ς

θz

∂Q
∂z < 0. Thus, the northerly wind

anomalies will appear at the upper level accompanied by an anomalous anticyclone
to the west and an anomalous cyclone to the east according to Eq. (5.4) (Liu et al.
1999, 2001). On the contrary, southerly anomalies will appear over the cooling center
accompanied by an anomalous cyclone to the west and an anomalous anticyclone
to the east. Thus, in the weak ISM condition, negative latent heating over northern
India can excite an anomalous anticyclone to the east and an anomalous cyclone to
the west, resulting in an eastward shift of the SAH (Fig. 5.23).

Numerical experiments are conducted by using anomalous AGCM (Jiang and Li
2005; Li 2006) to further test the impact of the ISM rainfall on the SAH. Two ideal-
ized numerical experiments are used: the positive heating run (PHR) and the negative
heating run (NHR). Based on the observed vertical profile ofQ1 anomalies, an ideal-
ized 5-σ level vertical profile of heating anomalies is estimated to be prescribed over
northern India (78° E, 30° N) in the experiments. In the two experiments, the central
heating rates at levels σ = 0.1, 0.3, 0.5, 0.7, and 0.9 are 0.2/−0.2, 0.8/−0.8, 1.0/−1.0,
0.5/−0.5, and 0.1/−0.1 K day −1, respectively. The experiments are conducted by
running the anomalous AGCM for 120 days under a fixed summer (JJA) basic state.
The ensemble means of the last 90 days are used to analyze the responses of upper-
level atmospheric circulations to the prescribed heating anomalies associated with
the ISM rainfall. The differences of horizontal wind anomalies at 200 hPa between
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Fig. 5.27 Regressed (a) < Q1> and (b) < Q2> anomalies against IEW (shading; units: W m−2).
Stippling highlights the areas exceeding the 0.05 significance level. The green contour indicates the
TP region with topography exceeding 3000 m

Exp NHR and Exp PHR show obvious southerly wind anomalies over the heating
source, being consistent with the proportional relationship between the meridional
wind and the vertical gradient of the diabatic heating discussed in the above subsec-
tion. An anomalous anticyclone and a cyclone are excited to the east and the west of
the heating source, respectively (Fig. 5.31a). This circulation pattern is similar to the
observation shown in Fig. 5.23, indicating an eastward shift of the SAH. This result
further demonstrates that the latent heating anomaly associated with the ISM is the
main cause of the zonal displacement of the SAH.
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5.5.4 Impact of Zonal Displacement of SAH on the Summer
Rainfall Over China

The zonal displacement of theSAH is closely related to the tripole rainfall pattern over
China (Fig. 5.25). In this subsection, we discuss the physical mechanism for different
rainfall anomalies over the YRV, northern China, and southern China. The rainfall
anomaly is directly related to vertical motion. When the SAH is located eastward
in the TP mode, negative rainfall anomalies and anomalous descending motion are
over northern China. Positive rainfall anomalies and anomalous ascending motion
are over the YRV. To find out the physical mechanism for the zonal shift of the
SAH influencing the summer rainfall over China, we apply the quasi-geostrophic ω

equation to determine themain causes of the vertical velocity anomalies over northern
China and the YRV. The quasi-geostrophic ω equation is written as follows:

(
σ∇2 + f 20

∂2

∂p2

)
ω = f0

∂

∂p

[
⇀

Vg · ∇(
ζg + f

)] − R

p
∇2

[
⇀

Vg · ∇T

]
(5.5)

where σ denotes the static stability, f 0 is the Coriolis parameter, p is pressure, ζ g is

geostrophic relative vorticity,
⇀

V g represents the geostrophic horizontal wind, R the
gas constant for dry air, andT temperature. Eachvariable inEq. 5.5 canbedivided into
a time-averaged basic state and its departure (Peixo´to and Oort 1984). Considering
that the basic state variables themselves satisfy the equation, the quasi-geostrophic
ω Eq. (5.5) can be rewritten as follows:
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where the variables with bar and prime are their basic state and perturbation, respec-
tively. Terms B1–B7 in Eq. (5.6) represent the terms related to vorticity advection,
and terms C1–C6 represent the terms related to temperature advection. These 13
terms represent 13 factors that contribute to the vertical velocity anomalies.

The diagnosis of the ω equation is applied over Northern China (110°–120° E,
35°–42.5° N) and the YRV (110°–120° E, 27.5°–35° N), respectively, at the non-
divergence level 500 hPa (Palmén 1958; Serreze and Etringer 2003) to calculate the
main contributors to the opposite vertical velocity anomalies over northern China and
theYHR. The results show themain contributors to the descendingmotion anomalies
over northernChina are the advection of relative vorticity anomalies by the basic-state
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westerly wind (B2) and the cold advection by the anomalous northerly wind over
eastern China (C4). Over the YRV, the main contributors to the ascending motion
anomalies are the advections of the basic-state relative vorticity (B4) and the vorticity
of the Earth (B7) by the anomalous northerly wind over eastern China on the east
flank of the anomalous anticyclone (Fig. 10 ofWei et al. 2014). The quasi-geostrophic
ω equation cannot be used to diagnose the vertical velocity anomalies over southern
China, because it is close to the tropic. Figure 5.26 shows the western North Pacific
subtropical high extends westward when the SAH is in the TP mode, which favors
the descending motion over southern China. These circulation anomalies associated
with the zonal shift of the SAH result in the tripole vertical motions and rainfall
anomalies over eastern China.

5.5.5 Impact of YRV Rainfall on the Zonal Shift of SAH

In Section 5.5.2, we show the zonal variation of the SAH is closely related to
the tripole rainfall pattern, which is the first EOF pattern of summer rainfall over
China. Similar tripole rainfall pattern is also associated with the meridional varia-
tion of the SAH (Wei et al. 2012). When the SAH is located southward and east-
ward, the YRV is wetter than normal, while southern China and northern China are
drier than normal. When the SAH is located northward and westward, more rainfall
appears over southern China and northern China, and less rainfall is over the YRV.
Comparing with the location of the anomalous anticyclone in the TP mode of the
SAH (Fig. 5.23), the circulation anomalies at 200 hPa associated with the summer
rainfall over China (PC1CN) show a southward shifted anticyclone over southern
China, indicating a southeastward displacement of the SAH (Fig. 5.28). It implies
that the zonal movement may be accompanied by the meridional movement in the
SAH.

The correlation coefficient between the detrended zonal shift index IEW and the
meridional shift index INS (Z200 (50°–100° E, 27.5°–32.5° N) - Z200 (50°–100° E,
22.5°–27.5° N)) is−0.44, exceeding the 0.05 significance level. It indicates the east-
ward (westward) movement is always accompanied by the southward (northward)
movement. The result of EOF analysis on 200-hPa geopotential height also suggests
that the southeast–northwest (SE–NW)movement is the dominant movement pattern
on the interannual time scale (Wei et al. 2015).

An index ISE–NW is defined as the difference of 200-hPa geopotential height
between the southeast part (85°–115° E, 20°–27.5° N) and the northwest part (50°–
80° E, 27.5°–35° N) of the SAH to quantify the SE–NW movement of the SAH and
its relationship with monsoon rainfall (Wei et al. 2015, 2017). Regressed summer
rainfall against the ISE–NW shows the most significant rainfall anomalies appear over
the ISM and EASM regions (Fig. 5.29). Negative rainfall anomalies over the northern
Indian subcontinent, northern China, and southern China, and the positive rainfall
anomalies over the YRV, South Korea, and Japan all exceed the 0.05 significance
level. The rainfall anomalies over the ISM region and theYRV are opposite, as shown
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Fig. 5.28 Regressed horizontal wind (vector; units: m s−1) and relative vorticity (shading; units:
10−6 s−1) at 200 hPa against PC1CN. Composites of 12520 gpm contours for PC1CN > 1 (solid
line) or PC1CN < −1 (dashed line) are indicated by red contours. The green contour indicates the
TP region with topography exceeding 3000 m. After Wei et al. (2015)

Fig. 5.29 Regressed summer rainfall anomalies against ISE–NW (shading; units: mm). Stippling
highlights the areas exceeding the 0.05 significance level. The green contour indicates the TP
region with topography exceeding 3000 m. Modified from Wei et al. (2015)

in previous studies (Zhang et al. 1999; Zhang 2001). The correlation coefficient of all
Indian rainfall index AIRI with the ISE–NW is −0.64, exceeding the 0.01 significance
level. This correlation coefficient is much higher than those with the IEW (−0.49)
and the INS (0.47). Besides, the correlation coefficient of the PC1CN with the ISE–NW
(0.50) is also much higher than those with the IEW (0.35) and the INS (−0.40). It
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Fig. 5.30 Same as Fig. 5.28, except for the ISE–NW index. After Wei et al. (2015)

indicates the SE–NW variation of the SAH can better reflect the relationship among
the SAH, the ISM rainfall, and the EASM rainfall.

Regressed 200-hPa horizontal wind anomalies against the ISE–NW show an anoma-
lous anticyclone over southern China and two cyclones over central Asia and north-
eastern Asia (Fig. 5.30). This circulation pattern indicates a southeastward shifted
SAH when the ISE–NW is positive. The composite of 12520-gpm contours based on
the high/low ISE–NW also suggests that the SAH extends southeastward to southern
China when the ISE–NW is larger than 1, and the SAH retreats northwestward when
the ISE–NW is smaller than −1. This circulation pattern is similar to the circulation
against PC1CN, especially the eastern part over eastern China. The similarity implies
the rainfall over eastern China may contribute to the SE–NW shift of the SAH.

Condensational latent heating associated with summer rainfall over the Western
North Pacific and East Asia plays a key role in maintaining the summertime atmo-
spheric circulation (Liu et al. 2004; Lu and Lin 2009). So, the rainfall over the
EASM region can influence the upper-level circulation besides of the ISM rainfall.
In Fig. 5.29, the rainfall anomalies over the YRV are opposite, but with similar ampli-
tude, with those over the northern Indian subcontinent (Wei et al. 2015). Thus, we
speculate that the southeastward extension of the anomalous anticyclone over East
Asia may be caused by the rainfall anomalies over the YRV.

The anomalous AGCM (Jiang and Li 2005; Li 2006) is utilized to investigate the
possible impact of the YRV rainfall on the displacement of the SAH. Three groups
of experiments are conducted to compare the effects of latent heating over the ISM
region and over the YRV. In Exp I, a cooling center of −1 K day−1 is placed at the
mid-level atmosphere over the northern Indian subcontinent, indicating a weak ISM
with less rainfall. An anomalous anticyclone and an anomalous cyclone are excited
to the east and to the west of the TP, respectively, with two centers at the same
latitude near 32.5° N, indicating an eastward displacement of the SAH (Fig. 5.31a).
In Exp II, a heating center of 1 K day−1 is placed at the mid-level atmosphere over
the YRV, indicating positive rainfall anomalies over the YRV. The heating anomalies
also excite an anomalous anticyclone to the east and an anomalous cyclone to the
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Fig. 5.31 Differences of ensemble horizontal winds at 200 hPa (vector; units: m s−1) between the
positive run and the negative run in a Exp I, b Exp II, and c Exp III. The red contours indicate the
horizontal distribution of diabetic heating anomalies (units: K day−1) at the height σ = 0.5. The
green contour indicates the TP region with topography exceeding 3000 m. Modified fromWei et al.
(2015)
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west. However, the center of the anticyclone is located southward over southern
China near 27.5° N, compared with that near 32.5° N in Exp I (Fig. 5.31b). When
the ISM cooling and the YRV heating are both considered in Exp III, an anomalous
anticyclone is excited over southern China and an anomalous cyclone is excited to
the west of the TP. The axis of these two centers is oriented along the southeast-
northwest direction, resulting in a SE–NW movement of the SAH (Fig. 5.31c). The
results of these three experiments suggest that the latent heating associated with ISM
rainfall mainly cause the zonal movement of the SAH,which can further exert impact
on the summer rainfall over China. And the latent heating anomalies associated with
the rainfall over the YRV excite a southward shifted anticyclone over eastern China,
leading to the southeastward shifted SAH.

5.5.6 Conclusions and Discussion

The zonal displacement of the SAH is significant during boreal summer on the
interannual time scale, which is closely related to the ISM rainfall and the EASM
rainfall. When the SAH is located eastward in the TP mode, less rainfall and convec-
tive activity can be found over the northern Indian subcontinent, indicating a weak
ISM. Over East Asia, more rainfall can be found over the YRV and less rainfall,
over northern and southern China. When the SAH is located westward in the IP
mode, the ISM is strong with more rainfall over the northern Indian subcontinent,
and the EASM is strong with the positive–negative–positive rainfall pattern over
eastern China. Diagnostic analysis and numerical experiments based on the anoma-
lousAGCMshow the latent heating associatedwith the ISM rainfall over the northern
is the main contributor to the zonal shift of the SAH. When the ISM is weak, the
negative heating anomalies excite southerly wind over the cooling center, accompa-
nied by an anomalous anticyclone to the east and an anomalous cyclone to the west,
resulting in an eastward displacement of the SAH. The circulation anomalies associ-
ated with the eastward located SAH can further lead to opposite vertical motions over
the YRV and northern and southern China, resulting in the tripole rainfall pattern
over China. These results indicate that SAH plays an important role in the effect of
ISM on the EASM.

Further analysis shows that the zonal shift of the SAH is always accompanied by a
meridional displacement. The SE–NW displacement is the dominant moving feature
of the SAH on the interannual time scale, which is related to the feedback effect of
the EASM rainfall. A closer relationship can be found among the SAH, ISM rainfall,
and EASM rainfall after considering both zonal and meridional displacements of
the SAH. The correlation coefficient of AIRI/PC1CN with the ISE–NW is −0.64/0.50,
which is much higher than those with IEW (−0.49/0.35) and INS (0.47/−0.40). It
suggests that the SE–NW variation of the SAH can better reflect the relationship
among the SAH, the ISM rainfall, and the EASM rainfall.

Physical mechanisms of the interactions among the ISM, the EASM, and the
SAH are revealed by numerical experiments. Latent heating anomalies associated
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with ISM rainfall over the northern Indian subcontinent mainly cause the zonal shift
of the SAH. The positive latent heating anomalies over the YRV excite a southward
located anticyclone over eastern China, exerting a feedback effect on the SAH and
leading to the SE–NW displacement of the SAH.
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Chapter 6
Feedback Attributions of Climate
Changes Over the Globe and Over
Southeast Asia and Its Adjacent Regions

6.1 Overview

The global mean surface temperature has experienced a rapid warming from the
1980s to the early-2000s, but a muted warming since then, referred to as the global
warming hiatus in the literature (Trenberth and Fasullo 2013; Meehl 2015). During
the period of accelerated warming, the spatial distribution of the trend of global
surface temperature mainly had the following characteristics (Hu et al. 2017): (1)
warming over most places around the globe, especially over the tropical oceans; (2)
pronounced polar warming amplification (PWA), especially in the Arctic region; and
(3)warmer land but colder ocean over the extratropical regions in theNorthernHemi-
sphere. The evidence of global warming is also present in other climatic variables,
such as stratospheric temperatures (Ramaswamy et al. 2001; Forster et al. 2011),
water vapor (Trenberth et al. 2005), cloud cover (Wylie et al. 2005), and precipita-
tion (Simon andMontanari 2019). Stratospheric cooling is one important evidence of
the greenhouse effect caused by the increased CO2 concentration. From the perspec-
tive of energy balance, it has been shown that CO2 adjusts energy distribution within
the climate system, trapping more energy in the troposphere and causing strato-
spheric cooling (Thompson et al. 2012). A large number of studies have revealed
the causes of global warming in many aspects. In this chapter, we attempt to provide
a more comprehensive picture on the attribution of global warming, and quantita-
tively analyze relative contributions by external forcing of the climate system and by
internal processes to global warming.

During global warming, the internal variability of the climate system has also
undergone significant changes. El Niño-Southern Oscillation (ENSO) is the most
typical ocean–atmosphere coupled event in the climate system on the time scale of
interannual variability, which has important impacts on global weathers and climate
at various time scales, especially on the climate change in Southeast Asia. In the
warming world, ENSO has shown new features. Since the 1990s, the frequency of
emergence of the central Pacific (CP) El Niño (Yu and Kao 2007) has increased, with
its maximum warm sea surface temperature (SST) anomaly located in the central
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equatorial Pacific, also known as El Niño Modoki (Ashok et al. 2007) or warm-pool
El Niño (Kug et al. 2009). In contrast to the traditional El Niño, also referred to as
the eastern Pacific (EP) El Niño, the CP El Niño has new features in many aspects,
including the spatial distribution and intensity of SST anomaly, the mechanism of
development and evolution, etc. Correspondingly, the impact of ENSO on climate
in Southeast Asia has also changed. Therefore, the attribution of different spatial
distributions of SST anomalies of the two types of El Niño can help us have a better
understanding of climate change in Southeast Asia.

Southeast Asia is located in the junction of the world’s largest continent—Asia–
Europe continent and the largest ocean—the Pacific. It experiences the longest period
in the world affected by the monsoon. Both the East Asian winter monsoon (EAWM)
and the East Asian summer monsoon are the products of the coupling between the
ocean and the atmosphere. TheEAWMis not only themost powerfulwintermonsoon
in the world, but also the most active circulation system in winter in the Northern
Hemisphere (Chang et al. 2004), causing changes in atmospheric circulation over
the globe. However, the EAWM is also affected by the surrounding atmospheric
circulation, especially the circulation in the mid- and high-latitudes, and by the
thermal contrast between sea and land. The anomalous atmospheric circulation,water
vapor transport, cloud cover, and aerosols all affect the evolution and intensity of
the EAWM. Due to the interaction between the factors in the low-latitude and the
mid-to-high- latitudes, the intensity of the EAWMhas obvious interannual variation.
Therefore, factors affecting the intensity of the EAWM are also one of the issues
discussed in this chapter.

The Maritime Continent (MC) is one of the major terrestrial groups in Southeast
Asia. It includes the Malay Peninsula, Indonesia, Borneo, New Guinea, and many
other islands, including their surrounding regions. Since the MC is located in the
middle of the Asian monsoon region and the Australian monsoon region, the climate
over the MC is regulated by these two monsoon systems. At the same time, as the
key component of the “atmospheric bridge,” the climate change in the MC can affect
the climate in the other regions over the globe (Hung et al. 2004; Chang et al. 2016).
For example, the Madden–Julian Oscillation (MJO) passes over the MC during its
mature phase, as the deep convection of the MJO positive phase weakens, and the
land-separated rain bands reconverge in the South Pacific convergence zone after
passing through the MC (Sui and Lau 1992; Chang et al. 2005). The MC is likened
to a “boiling box” (Ramage 1968; Simpson et al. 1993), because the strong deep
convection over the MC is one of the equatorial heat sources (Neale and Slingo
2003). Strong convection releases large amount of latent heat at high-altitude, exciting
Rossby wave trains to transmit energy beyond the equator, which can affect the
winter atmospheric circulation and surface temperature over North America (Yanai
and Tomita 1998; Yang et al. 2002), Northeast Asia and Europe (Neale and Slingo
2003). Under this complex circulation, the attribution of temperature changes in the
MC and the South China Sea region needs to fully consider the internal climate
variability and external forcing.

The dynamical diagnostic method used in this chapter for attribution of climate
change is the “climate response-feedback analysis method” (CFRAM; Cai and Lu
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2009; Lu and Cai 2009). The CFRAM is a statistical diagnostic method that uses
temperature to characterize the contributions of external forcing and internal climatic
processes to the observed changes in energy or temperature. It is possible to quan-
tify the partial energy or temperature changes caused by individual external forcing
or internal climate processes, and to exam the relative contributions of all factors.
Changes in the climate system can be represented by the differences between the
two climate states, namely, the initial and final states. External forcing includes solar
radiation, CO2 concentration, ozone, and aerosols. The internal climate processes
include dynamic and thermodynamic components. The dynamic process includes
the energy transport by the large-scale atmospheric circulation and convection, and
oceanic heat storage and energy transport. Thermodynamic processes include surface
sensible and latent heat fluxes, water vapor feedback, cloud feedback, and albedo
feedback. These processes interact with each other and ultimately equilibrate with
the radiative cooling due to temperature change. The CFRAMhas been used to quan-
tify the contribution of the atmospheric dynamic process to the PWA (Lu and Cai
2009) and the relative contributions of climate feedback processes to global warming
(Hu et al. 2017), compare the similarities and differences between climate responses
to a doubling of CO2 and a 2% increase in solar radiation (Cai and Tung 2012),
analyze the relative contributions of radiation and dynamic processes to different
spatial distributions of SST anomalies related to the two types of El Niño (Hu et al.
2016), among others.

In summary, global warming is an indisputable fact based on observed data.
However, except for the change in temperature, the trends of other climate factors in
the observed datasets and model simulations are not highly consistent. The largest
uncertainty exists in the trend of cloud. Some studies have shown that since the
end of the 1980s, the global mean cloud volume has decreased, but the total cloud
coverage over most of the land surface has increased. However, some regions showed
reduced cloudiness, such asChina, Italy, andCentral Europe. The variability of global
mean precipitation is a nonlinear process. Since the 1980s, the global average annual
precipitation had decreased, but has continued to increase after the 1990s, which
means the water vapor circulation in the atmosphere has been accelerated, and more
water vapor has been transported from the tropics to the mid- and high-latitudes. The
uncertainties of precipitation and cloud in the model directly affect the simulation
and projection of global warming. Therefore, in the last section of this chapter, the
uncertainties of tropical precipitation and SST in the model will be discussed.

6.2 Climate Response-Feedback Analysis Method

All the data used by the CFRAM are obtained from the latest European Centre for
Medium-Range Weather Forecasts (ECMWF) Reanalysis Interim (ERA-Interim;
Dee et al. 2011), as in Deng et al. (2012) and Park et al. (2012). The variables
include temperature, specific humidity, ozone mixing ratio, cloud amount, cloud
liquid/ice water content, downward solar energy flux at the top of the atmosphere
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(TOA), surface albedo, and surface sensible and latent heat fluxes. The time series
of the annual mean CO2 concentration from 1984 to 2013, is downloaded from the
Earth System Research Laboratory website (http://www.esrl.noaa.gov/gmd/ccgg/tre
nds/).

Every climate variable that responds to global surface temperature change and
affects the Earth’s radiation budget may constitute a climate feedback agent (Bony
et al. 2006). However, the commonly used framework for climate feedback analysis,
based on the premise that the temperature change is the response to (radiative) energy
exchange with outer space, has focused on the radiation perturbation at the TOA, or
at the tropopause for troposphere–surface system. Popular TOA-based climate feed-
back analysis methods include the “partial radiative perturbation” method (PRP;
Wetherald and Manabe 1988), the cloud forcing analysis method (Cess et al. 1990),
and the radiative kernel method (Soden and Held 2006; Soden et al. 2008). However,
none of these TOA-based methods calculates the partial temperature changes due to
individual feedback processes. In addition, the TOA-based feedback analysis frame-
work cannot explicitly take into consideration the internal non-radiative processes
(e.g., oceanic heat storage, convective and large-scale atmospheric energy transport,
and surface turbulence fluxes such as evaporation and sensible heat flux). All the
aforementioned methods are offline climate feedback diagnosis methods. However,
there is an online feedback suppression method to calculate partial temperature
change due to a specific feedback process. It requires running the same climate
model twice: once with all processes on (original climate system), and the other
time with one specific process turned off (a virtual climate system). The difference
between these two simulations corresponds to the partial temperate change due to
the process under consideration (Hall and Manabe 1999; Schneider et al. 1999). The
partial temperature change due to specific feedback inferred by the online feedback
suppression method also includes the difference in the other feedbacks between the
original and virtual climate systems.

The CFRAM considers the energy budget for the atmosphere-surface column due
to all radiative and non-radiative feedbacks. By applying the CFRAM, we can calcu-
late partial temperature changes associated with individual feedbacks. The resultant
partial temperature changes are addable, and their sum gives rise to the total temper-
ature response to the external forcing. Therefore, the total temperature change calcu-
lated using the CFRAM can be directly compared with its counterpart in the obser-
vations or model simulations. In this sense, we isolate the contributions to the (total)
temperature change from the external forcing alone, and from individual feedbacks,
although physically speaking, these feedbacks are not independent of one another.

According to Lu and Cai (2009), when considering two different equilibrium
climate states, the CFRAMmethod allows us to calculate the vertical profile of partial
temperature change,�T(X), by using the correspondingvertical profile of (linearized)
thermal radiative cooling perturbation,

(
∂R
∂T

)
�T, to be in radiative-equilibrium

balance with �H(X), namely

http://www.esrl.noaa.gov/gmd/ccgg/trends/
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�T(X) =
(

∂R
∂T

)−1

�H(X) (6.1)

where
(

∂R
∂T

)
is the Planck feedback matrix whose jth column represents the vertical

profile of (linearized) thermal radiative cooling perturbation due to 1 K warming
in the jth layer alone. Note that, as in Lu and Cai (2009), all the vertical profiles
are denoted in the form of a vector with the bottom component corresponding to the
surface layer and the remaining components corresponding to the atmospheric layers
from the layer next to the surface layer to the top layer.

Using the ERA-Interim data, we can evaluate each of the vertical profiles of non-
temperature-induced radiative heating perturbations between the two periods listed
on the right-hand side (RHS) of Eq. (6.2)

�Hrad = �(CO2)(S − R) + �(WV )(S − R) + �(CLD)(S − R) + �(AL)S + �(O3)(S − R) (6.2)

where S and R denote the vertical profiles of the solar energy absorbed and the net
longwave radiation emitted (or cooling rate) in each layer, respectively. In (6.2), the
superscripts “CO2,” “WV,” “CLD,” “AL,” and “O3” after the symbol “�” denote the
partial radiative heating perturbations due to changes, respectively, inCO2 concentra-
tion alone, in atmospheric water vapor alone, in atmospheric cloud properties alone
(which include cloud area as well as ice and water cloud concentrations), in surface
albedo alone, and in ozone alone.

In addition to these non-temperature-induced partial radiative heating perturba-
tions, we also calculated partial radiative heating perturbation due to changes in the
vertical profile of temperature, which is denoted as �(T emp)R. We have verified

(
∂R
∂T

)
�T ≈ �(T emp)R (6.3)

where ∂R
∂T is evaluated using the input taken from the climatemean state, and�T is the

vertical profile of differences in atmospheric and surface temperatures between two
different climate states. Equation (6.3) implies that partial radiative heating pertur-
bation due to changes in the vertical profile of temperature can be calculated under
the linear approximation. The total radiative heating perturbation, �total(S − R),
can also be calculated as the difference of two calculations of the Fu-Liou radiative
transfer model: one with all input fields are taken from one climate mean state, and
the other with all input fields from the other climate mean state. We also verified that
(not shown here)

−
(

∂R
∂T

)
�T + �(CO2)(S − R) + �(WV )(S − R) + �(CLD)(S − R)

+�(AL)S + �(O3)(S − R) ≈ �total(S − R) (6.4)
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This is equivalent to state that the changes in radiative heating rates between the
two mean states of the two periods are small enough that they can be partitioned as
the sum of individual partial radiative heating perturbations due to changes in one
variable/parameter alone. This is the basis of our decomposition at the process level.

Besides radiative heating perturbations, changes in atmospheric and surface
temperatures are also due to non-radiative heating perturbations and heat storage
terms. The ERA-Interim only has very limited non-radiative heating fields, such as
surface latent and sensible heat fluxes. As in Deng et al. (2012), we estimated the
sum of non-radiative heating perturbations and storage terms based on the energy
balance equation below

�Hnon_rad = −�total(S − R) (6.5)

�Hnon_rad = �QAT M + �QS (6.6)

Note that the surface component of �Hnon_rad represents the sum of changes in
surface latent and sensible heat fluxes, land surface heat storage (plus some heat
loss/gain due to runoff and snow/ice melting/freezing) when the grid point is land.
Over a grid point in the ocean, it represents the sum of changes in surface latent and
sensible heat fluxes, the net convergence of energy transport by oceanic motions
into the entire oceanic column, and the oceanic heat storage term. For an easy
reference, we simply denote the surface component of �Hnon_rad as �Qs and the
remaining components of�Hnon_rad for the atmospheric layers are all zero (referred
to as surface processes hereafter). Similarly, we denote the atmospheric components
of �Hnon_rad as �Q(AT M) whose surface component is zero and the atmospheric
components equal to their counterparts of �Hnon_rad . Because the atmospheric heat
storage is very small when taking the decadal mean, �Q(AT M) represents atmo-
spheric dynamic processes, including latent heat perturbations due to changes in
convection and large-scale atmospheric motion, and to changes in dry static energy
flux convergence in each atmospheric layer by vertical and horizontal atmospheric
motions, as well as due to changes in sensible heat flux that enters the atmosphere
from the surface below.

Using the surface latent heat (QLH ) and sensible heat (QSH ) fluxes provided by
the ERA-Interim, we can further decompose changes in net non-radiative heating in
the surface layer based on the surface energy balance equation, namely,

�QOCH = �Qs − �QSH − �QLH (6.7)

Note that the sign convention ofQLH andQSH is that negative value that indicates
upward energy fluxes, which causes cooling at the surface. The term �QOCH repre-
sents changes in land surface heat storage when the surface is land. Over the ocean,
it represents the sum of the net convergence of energy transport by oceanic motions
into the entire oceanic column and the storage term at a given grid point. Since the
term �QOCH is small over land compared to that over the ocean, we simply refer to
this term as the oceanic dynamic and heat storage term.
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Replacing�H(X) in Eq. (6.1), with each of the five terms on the RHS of Eq. (6.2),
we obtain the vertical profile of partial temperature changes, �T(X), where “X”
denotes the superscript of the corresponding term. Replacing �H(X) with �Q(AT M)

whose surface component is zero and the atmospheric components equal their coun-
terparts of �Hnon_rad , we obtain �T(AT M) by solving (6.1). We obtain �T(OCH)

by letting the surface component of �H(X) be �QOCH and setting its atmospheric
components to zero. Through the procedures outlined above, we can obtain a total
of nine vertical profiles of partial temperature changes: five for radiative processes
and four for non-radiative processes. The surface components of these nine vertical
profiles of �T(X) correspond to partial surface temperature changes associated with
the process “X” (denoted as �T (X)

s hereafter). Note that �T (AT M)
s is purely associ-

ated with the change in the downward thermal radiation resulting from changes in
air temperature in response to �Q(AT M) since its surface component is zero.

Note that as any other offline feedback analysis methods, our feedback analysis
is a post-processing diagnostic that cannot predict changes in other fields. However,
the CFRAM method allows us to explicitly calculate partial temperature changes
associated with individual processes without requiring the information of the total
temperature change. The sum of these partial temperature changes can be directly
compared to the total temperature change in the observation. The small differences
between �T OBS

s and
∑

X �T (X)
s are due to errors introduced in linearization of the

radiative transfer model, namely, approximating the RHS of (6.4) with the terms on
the left-hand side. Furthermore, numerical values of (

∑
X �T (X)

s −�T OBS
s ) are very

close to zero, much smaller than individual �T (X)
s .

6.3 Attribution of Decadal Climate Difference Between
2002–13 and 1984–95

Figure 6.1 shows the annualmean and5-yr runningmeanglobalmean surface temper-
ature (GMST) anomalies from 1979 to 2014, presenting a strongwarming trend since
the mid-1980s to the end of the twentieth century but coming to a warming hiatus

Fig. 6.1 Time series of
annual global mean surface
temperature anomalies
(black solid line) and 5-yr
running mean (red dashed
line) from 1979 to 2014,
based on the climatology of
1981–2010. After Hu et al.
(2017)
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Fig. 6.2 Contributions from individual partial surface temperature changes between two periods
associated with changes in “X” alone to the observed surface temperature change and their sum:
aGMST anomalies and b their global pattern–amplitude projection (PAP) coefficients. The hatched
portion of the bar labeled as SUM corresponds to the values derived from the ERA-Interim directly
(units: K). After Hu et al. (2017)

since 2000. In Hu et al. (2017), we use the slowdown-warming decade 2002–13 as
the end decade of the fast warming and 1984–95 as the beginning decade. A process-
level attribution of the decadal climate difference between 2002–13 and 1984–95 is
discussed in this section to find the sources of fast global warming.

Figure 6.2a shows the partialGMSTanomalies associatedwith different processes
and the observed GMST anomalies between the two periods. It indicates that the
partial GMST change due to the increase of CO2 from 1984 to 2013, alone can
explain nearly half of the observed global warming between these two periods. The
largest contributor to global warming is oceanic heat storage term with the most
heat released into the atmosphere by the enhanced evaporation. Changes in clouds
contribute 0.14K to the observedwarming.The increase inGMST is further amplified
by positive water vapor feedback. The major negative feedback processes are ozone
feedback and atmospheric dynamic process, totally contributing a cooling of−0.3 K
to the GMST anomaly. The offline radiative transfer model calculation causes an
error of 0.99 K, which is mainly due to replacing instantaneous radiation fluxes with
climate mean values.

As we discussed in the overview, the changes in surface temperature over the
globe are not uniform. To quantify the relative contributions of individual processes
to the spatial pattern and amplitude of surface temperature anomalies, we introduce
the pattern-amplitude projection (PAP) coefficient below
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PAP (X)
A =

A−1
∫

A
a2�T (X)

s �T OBS
s cosφdλdφ

√
A−1

∫

A
a2(�T OBS

s )2 cosφdλdφ
(6.8)

where � and λ are latitude and longitude, respectively, and a is the
mean radius of the Earth. For an easy reference, the term

∑
X P AP (X)

A =√
A−1

∫
A a

2(�T OBS
s )2 cosφdλdφ is the amplitude of the spatial pattern of observed

surface temperature anomalies over the globe. Figure 6.2b shows the PAP coeffi-
cients,with large values indicatingmajor contributors to spatial pattern and amplitude
of global surface temperature anomalies. Compared to Fig. 6.2a, the contribution of
the albedo feedback is larger but that of the CO2 greenhouse effect is smaller. These
differences between Figs. 6.2a, b, are due to the most significant feature of the spatial
pattern of the observed surface temperature change being the PWA, which is mainly
caused by the albedo feedback.

Displayed in Fig. 6.3, are partial surface temperature anomalies due to individual
processes. The greenhouse effect due to a uniform increase in CO2 tends to be
stronger over the regionswhere climatologicalwater vapor and cloud cover are scarce
(Fig. 6.3a). The partial surface temperature changes due to ocean heat storage term
(Fig. 6.3c) and surface latent heat flux over the ocean (Fig. 6.3d), largely resemble
each other, indicating that most of the heat released by the ocean goes into the
atmosphere in the form of latent heat. Abnormal heat entered the atmosphere is
further transported from the tropics to the Arctic polar region, resulting in the PWA
(Fig. 6.3j). The albedo feedback is also a major contributor to the PWA in the Arctic
region (Fig. 6.3f).Moreover, an increase inwater vapor content in thewarmer climate
results in surface warming (Fig. 6.3g), and more clouds over the tropical oceans. The
net radiative effect ofmore clouds cools the tropical oceans (Fig. 6.3h). The reduction
of the solar energy flux reaching the surface (Fig. 6.3i), is due to the upward trend
of the stratosphere ozone. Because of a stronger increase of the stratosphere ozone
in the tropics, as well as more available incoming solar energy, the reduction in the
downward solar energy flux at the surface is stronger in the tropics. The sum of all
partial temperature changes (Fig. 6.3l), is almost the same as the observed surface
temperature change (Fig. 6.3k).

6.4 Feedback Attribution of Interannual Variability

6.4.1 Attribution of the Distinct Spatial Patterns of SST
Anomalies for Two Types of El Niño

According to the location of the warmest SST anomalies, El Niño can be roughly
divided into two types: eastern Pacific (EP) El Niño (Fig. 6.4b; citations) and central
Pacific (CP) El Niño (Fig. 6.4a; Yu and Kao 2007). The CFRAM is applied to explain
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Fig. 6.3 Maps for partial surface temperature changes (units: K) due to individual processes
between two periods: a �TCO2

S , b �T SR
S , c �T OCH

S , (d) �T LH
S , e �T SH

S , f �T AL
S , g �TWV

S ,

h �TCLD
S , i �T O3

S , j �T atmos_dyn
S , k �T ERR

S , and (l) the sum of (a) to (j)
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Fig. 6.3 (continued)

Fig. 6.4 DJF mean SST anomalies: observed SST anomalies a, b and the sum of partial SST
anomalies for the CP El Niño (left panels) and EP El Niño (right panels) in winter derived via the
CFRAM at the surface (c, d). Stippling in a and b indicates the 90% confidence level of statistical
significance. Units: K. After Hu et al. (2016)
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the different spatial distributionsSSTanomalies for the two types ofElNiño inwinter.
In Figs. 6.4c, d, we can see that the partial SST anomalies do add up to the total SST
anomalies reasonably well, which gives us the confidence to carry out attribution
analysis. Next, we focus on the contributions of individual feedback processes to the
SST anomaly patterns of the two types of El Niño.

As shown in Figs. 6.5a and b, oceanic processes lead to positive SST anomalies
over the central and eastern equatorial Pacific as the root causes for both types of El
Nino. The oceanic processes are also responsible for the cold SST anomalies over
the western equatorial basin. Figures 6.5c–j illustrate that all other negative feed-
back processes, except for the water vapor feedback, act collectively to suppress the
SST anomalies induced by oceanic processes. The abnormal energy released by the
oceanic processes induces anomalous energy going into the atmosphere via evapo-
ration (Figs. 6.5c, d) and sensible heat flux (Figs. 6.5e, f). More energy and water
vapor in the air enhance the convection over the central equatorial Pacific, taking
more energy from the lower troposphere to the mid and upper troposphere, resulting
in SST cooling (Figs. 6.5i, j). At the same time, more cloud cover over the central
equatorial Pacific also suppresses the initial warming caused by oceanic processes
via the shortwave effect of cloud (Figs. 6.5g, h). The water vapor feedback is the
only positive process that amplifies the ocean-related initial warming (Figs. 6.5k, l).
The most significant difference in partial SST anomalies between EP and CP El Niño
events is that the location of the maximum partial SST anomalies for CP El Niño in
winter is located to the west of the location for EP El Niño in winter.

To gain a better understanding of the contributions to the difference in the
longitudinal distributions of SST anomalies between the two types of El Niño from
individual feedback processes, we plot the longitude profiles of total (Fig. 6.6a) and
partial (Figs. 6.6b–h), SST anomalies averaged over the equatorial band of 5° S–5°
N. As shown in Fig. 6.6a, the peak of observed SST anomalies of the CP type is
weaker than that of the EP type, and is located about 25° west of that for the CP type.
However, the oceanic processes that induce partial SST anomalies of the CP type
are stronger than those of the EP type (Fig. 6.6b), which indicates that the collective
negative effect (Fig. 6.6c), of surface latent (Fig. 6.6e) and sensible (Fig. 6.6f) heat
fluxes, cloud feedback (Fig. 6.6g), and atmospheric dynamic process (Fig. 6.6h), of
the CP type is stronger than that of the EP type. All these aforementioned processes
mainly affect SST anomalies over the central equatorial Pacific, and the water vapor
feedback is the major source of the different SST anomalies over the eastern equato-
rial Pacific between the two types of El Niño. The water vapor feedback is the sole
factor that explains the feature that the warming over the eastern basin is stronger in
the EP type than in the CP type (Fig. 6.6d).
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Fig. 6.5 CFRAM-derived partial SST anomalies for the EP El Niño in the boreal winter due to
oceanic process (a), latent heat flux (c), sensible heat flux (e), cloud (g), atmospheric dynamic
feedback (i), and water vapor feedback (k) processes at the surface. b, d, f, h, j, and l are the same
as (a, c, e, g, i, and k), except for the CP El Niño. Units: K. After Hu et al. (2016)
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Fig. 6.6 Composite patterns of total SST anomalies and CFRAM-derived partial SST anomalies
(specified in the y-coordinate) meridionally-averaged over 5° S–5° N for the EP El Niño (black
line) and CP El Niño (blue line) in winter. Units: K. After Hu et al. (2016)

6.4.2 Variations of Dominant Modes of the East Asian Winter
Monsoon

a. Coupling of the East Asian winter monsoon system

The movement and development of the East Asian winter monsoon (EAWM) affect
global atmospheric circulation.At the same time, its intensity is controlled by changes
in the atmospheric circulation, especially by the changes from the mid and high
latitudes (Chang 2004; Wang et al. 2009). For example, when the Arctic Oscillation
(AO) is in its negative phase, the frequency and intensity of cold surges increase, and
the EAWM is stronger (Wu andWang 2002; Gong andWang 2003; Park et al. 2014).
The emergence and enhancement of the Ural blocking can usually affect the intensity
of the Siberian high, which further influences the intensity of the EAWM and the
path and extent of its southward invasion (Chang and Lau 1982; Gong and Ho 2002;
Wang et al. 2010; Cheung et al. 2012). Climate change in the low latitudes can also
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significantly affect the interannual variation of EAWM intensity. For example, in the
winter of La Niña, the EAWM is stronger, while in the El Niño winter, the EAWM
is weak (Li 1990). The ENSO mainly influences the strength of the EAWM through
the anomalous anticyclone over the northwestern Pacific Ocean (Wang et al. 2010).
In the strong years of EAWM, strong northeasterly cold air can advance southward
to reach the South China Sea and the MC, inducing deep convection in the region
(Chang et al. 2004). The latent heat released from deep convection at high altitudes
acts on the upper atmosphere, strengthening the East Asian jet stream, affecting
teleconnection patterns and thus global climate change (Lau and Chang 1987; Yang
and Webster 1990; Lau and Nath 1996; Yang et al. 2002; Chang 2004).

According to previous studies, the meteorological elements that characterize the
strength of the EAWM include near-surface temperature, wind speed, sea surface
pressure, and 500 hPa geopotential height. The meteorological elements for the
mode analysis of the EAWM mainly include near-surface air temperature (Wang
et al. 2010), 850 hPa wind (Wu et al. 2006), and precipitation (Wang and Feng 2011).
Taking into account the spatial distribution uniformity of themeteorological elements
and the record length of the data, we chose 2-m air temperature to characterize the
intensity of the EAWM.

b. Data and methods

The data used in this chapter are mainly from the monthly ERA-Interim reanalysis
(Dee et al. 2011), with a spatial resolution of 1° × 1° and 37 isobaric surfaces.
They cover the period of 1979–2013. The meteorological variables include CFRAM
variables (consistent with the CFRAMmethod, see Sect. 6.1), wind field and geopo-
tential height. Precipitation data are from the GPCP, which has a spatial resolution
of 2.5° × 2.5°.

We apply the EOF analysis on air temperature 2 meters in winter. The strong
and weak monsoon years are selected using one standard deviation of the principal
component (PC) of each mode. Then, we use the CFRAM to analyze the temperature
difference between the strong and weak EAWM years, using Eq. (6.9)

� �T =
(

∂ �R
∂ �T

)−1[

(��Swv − � �Rwv) + (��Sc − � �Rc) + (��SO3 − � �RO3 ) + ��Sα + (� �Q − ∂ �E
∂t

)

]

(6.9)

where �
−→
T is the temperature difference between the strong and weak EAWM

years, “wv” is water vapor, “c” is cloud, “O3” is ozone, and “α” is albedo. Since
the changes in solar radiation and carbon dioxide are too small between the two
EAWM states to have any effect on the EAWM interannual variation, we set the two
factors as constants in the two states. According to the energy balance, we decom-
pose the temperature change into partial temperature changes (PTCs) caused by all
radiative and non-radiative processes that affect the energy balance in the Earth-
atmosphere system. The magnitude and spatial distribution of each PTC determine
its contribution to the overall temperature change.
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c. Dominant modes of the East Asian winter monsoon

Our study domain is (100°–140° E, 0°–60° N), the same as that inWang et al. (2010)
and Sun et al. (2016). An EOF analysis indicates that in the first mode (EOF1;
Fig. 6.7a), accounts for 52.2% of the total variance. The negative anomalies are
located north of 40°Nwith its cold core over theMongolia-Siberia region.The second
mode (EOF2; Fig. 6.7b), accounts for 18.7% of the total variance. It illustrates that
temperature decreases overmost of southeastern China and the cold area extending to
the equatorial region in strong EAWM years. In addition to the obvious interannual
variation, both modes exhibit interdecadal variability. The EOF1 exhibits strong
EAWM phases in the early-1980s and late-2010s, and weak phases during the 1990s
and the 2000s (Fig. 6.7c), while the EOF2 shows weak phases in the late-1980s, the
late-1990s and the 2000s, and a strong phase in the early-1980s (Fig. 6.7d), which is
consistent with Ding et al. (2014). Due to the record length of the data analyzed in

Fig. 6.7 Spatial patterns of a the first and b second EOF modes of boreal winter (December to
February) mean 2-m air temperature and the PCs of c the first and d second EOF modes. The black
solid lines in (c, d), indicate the values corresponding to one standard deviation. After Li and Yang
(2017)
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this study, the results of this study focus mainly on interannual features rather than
on interdecadal variation of the EAWM.

From the spatial distributions of the two main modes and the related circula-
tion (not shown), the EOF1 is closely related to the circulation in the mid-to-high
latitudes. In the years of strong EAWM-EOF1, the cold air from the Arctic polar
region intrudes southeast toward southeastern China, eastern China, Japan, and the
Northwest Pacific, and an abnormal barotropic system exists in northern Siberia. The
system extends fromnear surface to 500 hPa. It ismuchmore stable and accompanied
by an anomalous easterly wind. At the same time, the East Asia trough is located
more to the west-northwest, and the 200 hPa jet stream strengthens over central
and northern China. Therefore, the cold source of EAWM-EOF1 is located in the
mid-to-high latitudes, which is intercepted by the abnormal low-level strong easterly
wind along with the anomalous high-pressure system in northern Siberia, and the
strong westerly wind along the East Asia trough. Such anomalous circulations do not
facilitate the southward intrusion of cold air. The EOF2 is coherent with low-latitude
atmospheric circulation. In the strong years of EAWM-EOF2, the cold air is mainly
accumulated in the southern part of East Asia and the western North Pacific. The
abnormal high-pressure over the East Asian continent and low- pressure over the
western North Pacific strengthen the ocean-land pressure gradient in winter, which
is favorable to the strengthening of the northeasterly monsoon along the East Asian
coast. At the same time, the East Asian trough deepens to the southeast, and the
high-level westerly jet weakens. Such circulations facilitate the enhancement of the
EAWM, which further affects the southern part of East Asia and even the equatorial
region.

d. Crucial factors of strong and weak monsoon years

To explore the main contributing factors that affect the intensity of the EAWM, we
apply the CFRAM to quantitatively determine the key factors affecting the strength
of the two main modes. The factors include all radiative and non-radiative processes:
water vapor, cloud, atmospheric dynamics, surface latent/sensible heat flux, oceanic
dynamics and ocean/land heat storage (OCH), albedo, and ozone.

We define strong (weak) EAWM years using one standard deviation of each PC.
For EOF1, 1985, 2001, 2005, 2006, 2010, 2011, 2012, and 2013 are eight strong
EAWM years (referred to as strong EAWM-EOF1 years), while 1989, 1992, 1993,
1995, 1999, 2002, 2004, and 2007 are eight weak EAWM years (referred to as weak
EAWM-EOF1 years). For EOF2, 1981, 1984, 1986, 1996, 2008, and 2012 are six
strong EAWM years (strong EAWM-EOF2 years), and 1979, 1987, 1998, 1999,
2001, 2007, and 2009 are seven weak EAWM years (weak EAWM-EOF2 years).
According to Eq. (6.9), we separately decompose T2m changes (�

−→
T �T) of the

two main modes between the weak and strong EAWM into the PTC due to each
feedback process. Since both albedo and ozone contribute insignificantly to changes
in T2m, the following analyses will focus on the other factors.

For EOF1 (Fig. 6.8), the changes in water vapor, cloud, atmospheric dynamic
processes, and surface sensible heat flux are positive contributors for the EOF1 cold



270 6 Feedback Attributions of Climate Changes Over …

Fig. 6.8 For EOF1, the partial temperature changes near the surface due to the changes in a other
feedback processes (albedo and ozone), b water vapor, c cloud, d atmospheric dynamics, e oceanic
dynamics and ocean/land heat storage (OCH), and f sensible heat flux at the surface, and g latent
heat flux at the surface. h is the sum of (a) to (h), and the observation is shown in (i). Stippling
indicates it is significant at the 95% confidence level. j shows pattern-amplitude projections (PAPs)
of eight partial temperature anomalies onto the changes in temperature near the surface at the cold
core (100°–120° E, 50°–60° N). After Li and Yang (2016)

center (around 40° N), while the changes in land heat storage and surface latent heat
flux are negative contributors, which is not favorable for the formation of the cold
center. It is worth mentioning that change in OCH cools the land in the southern part
of the cold center, but exerts heating effect on the adjacent sea. Therefore, the land
is abnormally cold and the ocean is abnormally warm, strengthening the regional
ocean-land thermal contrast, which facilitates the strengthening of the northeasterly
wind.However, at the low-latitudes (south of 30°N) themagnitude of oceanic cooling
is greater than that over the adjacent land, thus weakening the ocean-land thermal
contrast, which is not conducive to the strengthening of low-latitude northeasterly
wind. Although the change in surface latent heat flux in lower latitudes weakens
the influence of sea-land thermodynamic processes on EAWM intensity to a certain
extent, it does not completely offset that influence.

For EOF2 (Fig. 6.9), the changes in water vapor, atmospheric dynamic processes,
and surface sensible heat flux during the strong and weak EAWM years cool the
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Fig. 6.9 Same as Fig. 6.8, except for EOF2 and (j) of the cold core (105°–120° E, 25°–45° N).
After Li and Yang (2016)

surface, favoring the formation of a cold center (in northern and central China). The
cold center of the PTC of water vapor is in northern China, while the changes in
atmospheric dynamics are over central and eastern China; and the change in surface
sensible heat flux is located along the coast of China, cooling the entire East Asia.
The change in cloud mainly cools southern China and heats up northern and central
China, which is not conducive to the formation of a cold center in this area. The
change in OCH significantly warms up eastern China and its adjacent ocean surface,
and the change in surface latent heat flux heats up land and cools the ocean, both of
which are not conducive to the formation of terrestrial cold centers of EOF2.

In the following, we discuss the relative contribution of each factor to T2m spatial
distribution and amplitude variation based on the “pattern-amplitude” projection
(PAP) coefficient (Deng et al. 2012; Park et al. 2012). From the perspective of spatial
distribution and contribution magnitude (Figs. 6.8j and 6.9j), the cold centers of
the two main modes obtain positive contributions from the changes in water vapor,
cloud, surface sensible heat flux, and atmospheric dynamics, and negative ones from
the changes in surface latent heat flux and OCH, warming the surface. However, the
relative magnitude of each factor varies for eachmainmode. The positive contributor
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of the cold center of EOF1 is the atmospheric dynamic process, while those of EOF2
are the atmospheric dynamic process and surface sensible heat flux.

Based on the results of CFRAM quantitative analysis, we further analyze the
causes of strong and weak EAWM years from the perspective of the evolution of
atmospheric circulation. First, we select the AO and ENSO indices to characterize
the high-latitude and low-latitude circulation systems, respectively, to explore the
main sources of forcing signals that affect the intensity changes of EOF1 and EOF2,
respectively. As shown by the lag correlation coefficient (Table 6.1), fromNovember
to February PC1 is significantly related to the AO, but weakly related to the ENSO,
while PC2 is significantly related to the ENSO from September to December but
poorly related to theAO (Table 6.2). Therefore, the intensity of EOF1 is dominated by
the high-latitude circulation, while that of EOF2 is greatly affected by the equatorial
Pacific.

For EOF1 (Fig. 6.10), an anomalous high around the Arctic polar region is estab-
lished in the preceding autumn. The accompanying strong easterly wind weakens the
westerly jet in the higher latitudes, favoring the dry and cold air moving southward
from the polar region. The barotropic anomalous cold high strengthens gradually
over time. In winter, the anomalous cold high near the surface expands southward
to 50° N; and along with the 500 hPa East Asia trough more northwest, the anoma-
lous westerlies near 40° N strengthen the East Asian westerly jet stream, which is
not conducive to the dry and cold air moving more southward. At the same time,
the enhancement of OCH increases the ability to absorb heat in the East Asian
coastal areas south of 30° N, resulting in anomalous cooling of the offshore surface,
thereby weakening the regional ocean–land thermal contrast south of 30° N; this is
not conducive to dry and cool air moving southward. In the spring of the following
year, the atmospheric circulation signals related to EOF1 are no longer significant.

For EOF2 (Fig. 6.11), the anomalous signals in the preceding autumn circulation
are not as significant as those of EOF1, except for an anomalous high at 500 hPa over
the Siberian region. In winter, anomalous high exists over the East Asian continent,
and an anomalous low appears over the western Pacific; thus, the enhancement of
ocean-land pressure gradient over the East Asian coastal region will benefit the
northeasterly trade wind. As the Siberian high rapidly strengthens, the anomalous
easterlywind at its southern part weakens thewesterly jet, thus facilitating the dry and
cold air moving southward. The OCH in the entire east coast of East Asia weakens
as its heat storage rate weakens, leading to anomalous heating over this region. Such
anomalous circulations strengthen the ocean–land thermal contrast, which favors dry
and cold air moving southward, strengthening the EAWM. In the following spring,
there is an abnormally high near the barotropic structure over the Okhotsk Sea. The
trade winds along the eastern coast of East Asia continue to exist in the following
spring. Therefore, EOF2 can be used as one of the predictors for climate change in
the following spring.

This section starts with the two main modes of the EAWM as EOF1 and EOF2,
and we use the CFRAM to quantitatively analyze the main contributors of monsoon
intensity of the two modes. EOF1 explains a variance of 52.2% with its cold center
located north of 40° N, closely related to the mid-to-high-latitude circulation system,
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Fig. 6.10 Spatial patterns of correlation coefficients between PC1 and a Ts (shading), sea-level
pressure (SLP; contour with interval of 0.15 hPa/K) and 850 hPa wind (vector), and d precipitation
(shading), 200 hPa wind (vector) and 500 hPa geopotential height (contour with interval of 0.2
gpm/K) with PC1 in the preceding autumn (SON(-1)). b and e are for winter (DJF(0)); c and f for
the following spring (MAM(+1)). The magnitude of vectors in each panel varies. Note that 0.1 cm
refers to 1 m/s in (a), (c), (d), and (f), while 0.1 cm refers to 2 m/s in (b) and (e). The correlation
coefficients in the areas with shading or vector are all above the 95% confidence level
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Fig. 6.11 Same as Fig. 6.10, except for PC2

and the correlation coefficient with the AO is as high as -0.53. The variance of EOF2
is 18.7%, and the cold center is located south of 40° N, which is closely related to
the low-latitude circulation, with a correlation coefficient of −0.37 with the ENSO.

The main contributors to the two EAWM modes are the same, but the relative
contribution strengths vary. The changes in water vapor, clouds, surface sensible heat
flux, and atmospheric dynamic processes cause cooling of the cold center, namely,
as positive contribution factors. However, the changes in surface latent heat flux,
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oceanic dynamic processes, and ocean–land heat storage are not conducive to the
formation of a cold center due to their heating impact; they are negative contribution
factors. Atmospheric dynamic process is the main positive contribution factor of
EOF1, while the atmospheric dynamic process and surface sensible heat flux are the
main positive contribution factors of EOF2.

6.5 Feedback Attributions of Climate Changes Over
the South China Sea and Its Adjacent Regions

6.5.1 Annual Cycles of Surface Temperature

Compared with deep convective precipitation, less research has been carried out on
variation of temperature over the MC and its surrounding regions, although it is an
integral part of the regional energy and moisture circulations (Sui and Lau 1992).
Nicholls et al. (1996) pointed out that the spatial distribution of MC convective
precipitation is closely related to the MC near-surface temperature and its adjacent
SST, because changes in near-surface temperature can be used to predict sea-level
pressure change; and sea-level pressure anomalies indicate anomalous atmospheric
divergence, which can trigger deep convection. Therefore, the change of MC near-
surface temperature plays an important role in regulating the large-scale circulation.
Because the MC sea-land thermal contrast varies with season, the deep convection
zone jumps northward during winter, while deep convection gradually moves south-
ward during summer (Sukanto 1969; Hung et al. 2004; Chang et al. 2005). “Dry”
biases over the MC land occur in most models, mainly due to models’ inability to
mimic the sea-land thermodynamic difference (Simpson et al. 1993; Van den Dool
and Saha 1993; Chang et al. 2005). Webster and Yang (1992) pointed out that the
weather forecast obstacles in spring over the western tropical Pacific were mainly
due to the rapid development of errors in spring. Therefore, it is extremely important
to understand the MC temperature change and to deepen our understanding of the
mechanism involved. Next, we first analyze the climatic annual cycle of thermal
characteristics over the MC, and then use the CFRAM to analyze the attribution of
the annual cycle, and finally explain the underlying mechanism.

The data used in this subsection aremainly from themonthly ERA-Interim reanal-
ysis (Dee et al. 2011), which has a spatial resolution of 1° × 1° and 37 isobaric
surfaces. The data cover the period of 1981–2010. Meteorological elements include
the CFRAM variables (consistent with the CFRAM method described in Sect. 6.2)
and outgoing longwave radiation.

Themonthly climate statewasobtainedover theperiodof 1981–2010.The temper-
ature difference between two adjacent months is defined as the temperature change
between the twomonths. For example, temperature in Januaryminus that in February
is the monthly temperature change between January and February, and the time is
recorded as January; and the “December” of the monthly temperature difference
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indicates the temperature change from December to January. We use the CFRAM to
analyze the MC near-surface temperature change, as shown in Eq. (6.10)

�T =
(

∂R

∂T

)−1[
�Ssolar + (�S − �R)wv + (�S − �R)c + �Sα + �Qatmos_dyn + �Qsur f ace)

]

(6.10)

where �T is the temperature change in each month, “solar” is the solar radia-
tion at the TOA, “wv” is water vapor, “c” is cloud, α is albedo, “atmos_dyn” is
atmospheric dynamic process, and “surface” indicates the surface process including
surface sensible/latent heat fluxes and OCH. According to the energy balance, we
decompose the temperature change into PTCs caused by all factors that affect the
energy budget in the climate system. The contribution of each process to the overall
temperature change and its magnitude is represented by PAP coefficient.

PAP is used for quantitative analysis of each month. On this basis, to obtain the
contribution of each factor to the annual cycle of surface temperature, we extend it
to “temporal-PAP” (TPAP), as shown in Eq. (6.11):

T P APi =
∑12

1 (PAPin ∗ �Tn)
∑12

1 (�Tn)2
(6.11)

where i and n denote the i-th factor and the nth month (interval), respectively. �Tn
denotes the average temperature during 12months in areaA. Therefore, the combina-
tion of PAP and TPAP can be used to quantitatively analyze the relative contribution
of each factor in space and time.

a. Observations

TheMC is located in the warmest part of the world ocean. Although the near-surface
temperatures are above 300 K throughout the year, obvious seasonal variation in
temperature exists (Fig. 6.12). The northern MC (north of the equator) gradually
warms up from February to May, and gradually cools from June to the following
January. The southern MC (south of the equator) gradually warms up from February
to April and from August to November, and gradually cools from May to July and
from December to the following January. Due to the small thermal inertia on land,
the land surface temperature changes significantly annually, compared with the SST
in the adjacent sea. As we all know, solar radiation is one of the major forces that
drive seasonal change. Comparing the annual cycle of solar radiation at the TOA
with that of near-surface temperature (Fig. 6.12i), both have double peaks, and the
temperature peaks lag behind the peaks of solar radiation for 1–2 months.

The MC gradually warms up during February–May and September–November,
and becomes colder during June–August and December–January (January of the
following year). Rapid warming occurs in March–April and September–October,
while rapid cooling is in June–July. The peak of month-to-month variation in near-
surface temperature is later than the peak of solar radiation by twomonths (Fig. 6.12j).
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Fig. 6.12 Left (eight panels): Month-to-month variation in near-surface temperature during 1981–
2010 (shading; K), significant at the 95% confidence level. The contours indicate the climatology
for each month. For example, the contours in a represent the climatology in January, and those in
h is the climatology in December. Right (two panels): iMonthly mean TOA solar radiation (W/m2;
yellow curve that uses the y-coordinate on the left) and near-surface temperature (K; black curve
that uses the y-coordinate on the right) over (90°–165° E, 10° S–10° N) during 1981–2010. j is the
same as (i), except for month-to-month variation. After Li et al. (2017)

b. Attribution analysis

To explore the main factors affecting the annual cycle of temperature, we apply the
CFRAM to decompose the temperature evolution between two neighboring months
into PTCs to obtain the spatial distribution of temperature change due to each factor
in each month from January to December (not shown). Then, we use the PAPmethod
to obtain the contribution of each factor to the monthly temperature change.

According to the results of PAP (Fig. 6.13) and from theperspective of contribution
magnitude, the contributions of solar radiation and OCH are the largest, about±5 K.
The contributions of surface latent heat flux and cloud are the second major factors,
about ±2 K; those of water vapor, atmospheric dynamics and surface sensible heat
flux are about ±0.6 K. As a whole, the PAP of solar radiation is in the same phase
as that of the observed monthly temperature change (both being positive or negative
at the same time) except for March–May, June–July, and December–January. The
OCH is out of phase with temperature change. In the warm pool region, the intensity
of surface sensible and latent heat fluxes over the MC is mainly determined by the
thermal condition of the ocean surface. The near-surface heat fluxes are in phase with
the temperature change, but their contribution magnitude is much smaller than the
OCH. Since the surface heat fluxes act as a compensator to the negative contribution
of the OCH, the net surface process including the three processes (Fig. 6.13c), is still
out of phase with the observed temperature evolution. Water vapor and clouds are in
phase with near-surface temperature changes. Atmospheric dynamic processes are
out of phase with temperature changes in April–May and August–October, and are
in phase in the other months.
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Fig. 6.13 Annual cycle of PAP coefficient of surface temperature averaged over (90°–165° E, 10°
S–10° N) due to changes in a solar radiation at the TOA, b oceanic dynamic and ocean/land heat
storage (OCH), c OCH and surface heat flux, d water vapor, e cloud, f atmospheric dynamics,
g surface latent heat flux, h surface sensible heat flux, and i the sum of all individual feedback
processes. The black curve in a–i refers to observations. j Temporal PAP (TPAP) coefficients
associated with each radiative and non-radiative forcing of the areal averaged surface anomalies
over (90°–165° E, 10° S–10° N). The stippled bar (labeled as Sum) in j refers to observations

To obtain the effect of each factor on the annual cycle of near-surface temperature,
we calculated TPAP according to Eq. (6.11). For the entire MC (Fig. 6.13j), all
radiative and non-radiative terms except for OCH positively contribute to the annual
cycle of near-surface temperature. Because of the strong heat storage capacity, the
ocean first stores some of the shortwave radiation like a buffer and then influences
the surface temperature change through surface heat fluxes. This is why the peak
of solar radiation is ahead of the peak of near-surface temperature by 1–2 months
(Fig. 6.12i, j). The contribution of each factor to the north and south parts ofMCvaries
in magnitude (not shown). For example, the largest positive contribution factors in
the north and south of the MC are the surface latent heat flux and solar radiation,
respectively. Due to the low heat storage capacity of land, shortwave solar radiation
can immediately affect near-surface temperature change, while oceans can absorb a
large amount of solar shortwave radiation and store it. Therefore, the ratio of land
and sea can regulate the influence of solar radiation on near-surface temperature.
The ratio of sea to land south of the MC is lower than that north of the MC, so
the influence of solar radiation on the near-surface temperature south of the MC is
greater than that north of the MC.

From March to April (Fig. 6.14), the MC is warming up overall, and the temper-
ature increase in the north is greater than that in the south. As the Sun gradually
moves northward, the PTC of solar radiation is positive north of 5° N and negative
south of it. The variation in OCH cools the western tropical Pacific and heats up the
southern MC. The PTCs of surface latent heat flux and OCH are asymmetric. The
magnitude of PTC of surface sensible heat flux is far smaller than that of surface
latent heat flux and OCH. Warming over land and cooling over the ocean increases
the sea–land thermal contrast. The PTC patterns of atmospheric dynamic process
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Fig. 6.14 Partial temperature changes (units: K) at the surface fromMarch to April due to changes
in a solar insolation, b surface processes including OCH and surface latent/sensible heat fluxes,
c atmospheric dynamics,d cloud, and ewater vapor. f is the sumof all individual feedback processes.
i PAPs of a–g at the surface over (90°–165° E, 10° S–10° N). The stippled bar (labeled as Sum) in
i refers to observations

and cloud are similar: heating in the southern MC, cooling east of the Bay of Bengal
and the western tropical Pacific. The water vapor mainly heats up the southern MC.

From June to July (Fig. 6.15), the total surface temperature of the MC decreases,
and the temperature in the south is larger than that in the north. Solar radiation heats

Fig. 6.15 Same as Fig. 6.14, except for changes in T2m between June and July
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up the entire area, so the radiative forcing of the Sun is not the factor for surface
cooling. At this time, the spatial distribution of OCH is quite different. The two
heating zones are located in the eastern Indian Ocean to the Northwest Pacific and
the eastern part of New Guinea, while a cooling zone is located in the southern MC
to the equatorial central Pacific. The PTC distribution of surface latent heat flux is
almost the same as that of OCH,which is the same as the change fromMarch toApril.
Although the PTC scale is small, the PTC spatial distribution of surface sensible heat
flux is similar to that of surface latent heat flux, when heating the ocean and cooling
land, which is opposite to that in March–April. Same as in March–April, the PTCs
of the atmospheric dynamic processes and clouds are similar: heating the southern
MC to the western tropical Pacific, cooling the eastern Indian Ocean and the South
China Sea. The spatial distribution of cooling effect of water vapor is similar to the
observed change in near-surface temperature over the MC.

From the PAP, in the two warming months from March to March (Fig. 6.14i),
warming over the MC mainly comes from the radiative and dynamic feedback
processes, including water vapor (increased), surface latent heat flux (weakened),
cloud volume (decreased), and atmospheric dynamic processes (energy conver-
gence); from September to October (not shown), the warming over the MC mainly
comes from solar radiation. In the rapid cooling month from June to July (Fig. 6.15i),
themain factors that cause the cooling are the same as those inMarch–April, as water
vapor (decreased), cloudiness (increased), surface sensible heat flux (enhanced),
and atmospheric dynamic process (energy divergence). The atmospheric circulation
changes in March–April and June–July are almost asymmetric.

Based on the energy balance in individual atmosphere-surface columns, we apply
the CFRAM to quantity the contributions of various radiative and non-radiative
(dynamic) processes to the annual cycle of surface temperature of the MC. Solar
forcing and surface latent flux changes have the largest contributions to the near-
surface temperature annual cycle in the MC region. The change in oceanic dynamics
and heat storage often works against the month-to-month temperature change, and
therefore, is out of phase with the annual cycle. Changes in clouds, water vapor,
atmospheric dynamics, and surface sensible heat flux have the secondary but positive
contributions to the annual cycle although the magnitudes of contributions vary
across processes and differ over various parts of the MC (e.g., south vs. north of
the equator). Therefore, in contrast to most extratropical regions where seasonal
variation in the solar insolation drives the annual cycle of near-surface temperature,
the annual cycle of the near-surface temperature in the MC is jointly determined
by the seasonal march of the maximum solar insolation and the work of multiple
atmospheric/oceanic radiative and dynamic processes.

Throughout a year, there are two positive peaks (rapid warming) in the month-to-
month temperature increment, occurring in March–April and September–October,
and one negative peak (rapid cooling), occurring in June–July, in the MC. The rapid
warming in March–April is mainly a result of the changes in water vapor, surface
latent heat flux, clouds, and atmospheric dynamics, while the contributions from
direct solar forcing and OCH are negative. This is in contrast to the warming in
September–October, which is driven directly by the changes in solar forcing with
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considerable contributions from water vapor and latent heat flux change. The main
contributors to the rapid cooling in June–July are the same as those for the rapid
warming inMarch–April, and the cooling also has negative contributions from direct
solar forcing andOCH.As the largest contributor of the quick atmospheric processes,
changes in water vapor contribute positively to the total temperature change in all
three periods, and they are associated with the changes in the location of the center
of large-scale moisture convergence during the onset and demise stages of the East
Asian summer monsoon.

The contributions from individual processes differ between the two periods of
rapid warming months, both of which are in the seasons of Asian and Australian
monsoon transition. We provide a quantitative analysis of all radiative and non-
radiative feedback processes in the two rapid warming months in monsoon transition
seasons. Differences in quick atmospheric processes (i.e., the feedback processes of
water vapor, clouds, surface latent heat flux, and atmospheric dynamics) and ocean–
atmosphere coupling between the two periods are accompanied by temporal asym-
metricmovement of the deep convection belt.With almost symmetric solar insolation
into the surface of the MC in the two periods, more contributions from quick atmo-
spheric processes in March–April coexist with the sudden establishment of the East
Asian summer monsoon over the northern MC and its adjacent regions, while there
is relatively smaller effect by quick atmospheric processes in September–October,
due to the stepwise retreat of the deep convection belt. Chang et al. (2005) proposed
a “mass redistribution” hypothesis based on the difference in land-ocean thermal
memories that the quick atmospheric processes and ocean–atmosphere coupling are
linked to land–ocean distributions, which needs further investigation. The results
allow us to look further into the asymmetric seasonal transition in precipitation by
directly linking near-surface temperature and related precipitation-driving circula-
tion anomalies to individual radiative and non-radiative processes, which will be one
of the main issues to address in our future research.

6.5.2 Interdecadal Change in Troposphere Temperature

As one of the main energy sources in the equatorial region, the effects of the South
China Sea and its surrounding areas on global climate anomalies, especially tropical–
subtropical interaction and teleconnection patterns, are mainly achieved through
latent heat released from deep convections over this region (Ramage 1968; Yanai
and Tomita 1998; Hendon 2003; Chang et al. 2016; McBribe et al. 2003; Neale
and Slingo 2003). Under the context of global warming, the tropospheric warming
in the equatorial region in recent years is much more significant than the surface
warming, and the equatorial belt has widened (Seidel et al. 2008). Based on satellite
data, Fu and Johanson (2005), showed that the upper-tropospheric warming in the
equatorial region was greater than the near-surface warming and gradually increased
with height. The IPCC AR4 GCMs also predict that the upper troposphere warming
will gradually increase with height, reach the maximum around 200 hPa and then
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gradually weaken. In this subsection, the interdecadal variation of the troposphere
mid-upper temperature and its causes are discussed using monthly reanalysis data.

The data used in this subsection mainly comes from the monthly ERA-Interim
and NCEP reanalysis products. The data from the ERA-Interim include tempera-
ture, wind, vertical velocity (spatial resolution 1° × 1°, 37 isobaric layers, time
period1979–2016) andgeopotential height (spatial resolution2.5°×2.5°, 37 isobaric
surfaces, time period 1979–2016). The NCEP data used include geopotential height,
diabatic heating rate Q1/Cp (spatial resolution 2.5° × 2.5°, 10 isobaric layers, time
period 1979–2016), and tropospheric height (horizontal resolution of 2.5° × 2.5°,
10 isobaric layers, time period 1979–2016).

a. Interdecadal variation

According to the pressure-height formula, we use the thickness of atmosphere
referred to as “air thickness,” as an indicator to characterize the temperature change
of the troposphere. The 700–200 hPa air thickness is obtained from 200 hPa geopo-
tential height minus 700 hPa geopotential height, which represents the temperature
of the entire troposphere between 700 and 200 hPa. Figure 6.16 shows the warmest
region of 700–200 hPa is in the western Pacific warm pool region, and the warming
in the mid and high latitudes is faster than that in the low latitudes. In the equa-
torial region, with the exception of the central-eastern Pacific, the 700–200 hPa
troposphere shows a significant warming trend, especially in the Atlantic, Sahara,
and the western Pacific warm pool regions. In terms of monthly mean (not shown),
the 700–200 hPa air thickness over the South China Sea and its surrounding areas
is significantly warmer except for June. To improve the objectivity of the analysis
results, we compare the results of two sets of reanalysis data from ERA-Interim
and NCEP. The analysis results of the two data sets have similar spatial patterns,
and the result obtained from ERA-Interim shows stronger magnitude than that from
the NCEP. Since the upper-tropospheric warming over the South China Sea and its
surrounding areas is the most significant in the boreal winter, we mainly discuss the
causes of the interdecadal changes in December-February next.

The significant upper-tropospheric warming in the boreal winter is over (100°–
150° E, 20° S–20° N). From the vertical-latitude distribution of zonal average over
100°–150° E of this area (Figs. 6.17a–c), the warming in December is the greatest,
covering the whole area between 1000 and 150 hPa in the low latitudes (30° S–30°
N), with a strong center at 400–200 hPa. In January and February, the troposphere
is warmer than the lower troposphere, mainly at 400–200 hPa. In January, there are
two strong centers located near 30° S and 30° N, respectively, and the strong center
in the Southern Hemisphere is stronger than that in the Northern Hemisphere. The
strong center in February is mainly around 30° N. For the vertical distribution, the
400–200 hPa troposphere is the strongest and most significant area of warming in the
Northern Hemisphere in winter. Therefore, we focus on the warming at 400–200 hPa
in the South China Sea and its surrounding areas (100°–150° E, 20° S–20° N) in the
following analyses.
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Fig. 6.16 Trends in 700–200 hPa air thickness over the period 1979–2015 (shading; m/10 years)
and its climatology (contour; m) in 1981–2010 from a ERA-Interim and b NCEP reanalysis. The
stippled areas are significant at the 95% confidence level. After Li et al. (2019)

b. Interdecadal attribution analyses

From 1979, to the present (Fig. 6.17d), the upper-tropospheric temperature shows
a significant warming trend, with an interdecadal abrupt change in the late-1990s.
The air thickness at 400–200 hPa increased by about 150 m2/s2. The interannual
variation before the late-1990s was strong, and that after the late-1990s, was weak.
That means the troposphere over this region has been in a more stable state since the
2000s. We select the two periods of 1986–1995 and 2004–2013 to represent the two
anomalously cooling andwarming periods, and to explore the underlyingmechanism
for the formation of the interdecadal upper-tropospheric warming.

Local temperature changes are determined by temperature advection − �Vh ∗ ∇T ,
temperature vertical transport −ω ∗ T

θ
∗ ∂θ

∂p and diabatic heating rate Q1/Cp. The
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Fig. 6.17 Vertical-latitude cross section of trends of 100°–150° E zonal mean troposphere temper-
ature in a December, b January, and c February over 1000–70 hPa during 1979–2015 (shading;
K/10 years). The stippled areas are significant at the 90% confidence level. The black curve indi-
cates the climatological tropopause height in each month (from the NCEP data). d Variation of
the seasonal mean air thickness at 400–200 hPa over (100°–150° E, 20° S–20° N) (m2/s2) from
December to January (dotted yellow curve) from 1979 to 2015. The black curve shows the result
of 5-year running mean

interdecadal changes in these three items are significant and have decisive effects
on the decadal change in temperature. The decadal strengthening of − �Vh ∗ ∇T is
mainly contributed by the enhancement of −�uh ∗ ∂T

∂x (not shown).

Compared to − �Vh ∗ ∇T , −ω T
θ

∂θ
∂p is one order of magnitude larger (Figs. 6.18a–

c), which negatively contributes to local temperature changes. In winter, −ω T
θ

∂θ
∂p

significantly strengthens over the South China Sea and its surrounding areas. More
explicitly, in December, the enhanced cooling zone due to strengthened −ω T

θ
∂θ
∂p is

mainly located at (80°–120° E, 10° S–10° N); in January, the enhanced cooling zone
is mainly located at (120°–160° E, 5° S–10° N), and a weakening trend is over (80°–
90° E, 10°–5° S); that is to say, there are a significant cooling anomaly north of the
climatological center and a warming anomaly on the southern side, indicating the
climatological cold center of −ω T

θ
∂θ
∂p moves from the Southern Hemisphere to the
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Fig. 6.18 Differences in a–c temperature vertical transport term−ω T
θ

∂θ
∂p , d–f diabatic heating rate

Q1/Cp, and g–i lapse rate ∂θ
∂p averaged over 100°–150° E in December (left), January (middle), and

February (right) between 1986–1995 and 2004–2013 (shading; K/s). Contours indicate the clima-
tology in each month during 1981–2010. The stippled areas are significant at the 90% confidence
level

equator in January. In February, the enhanced −ω T
θ

∂θ
∂p is mainly located at (120°–

150° E, 10° S–10° N), which is similar to that of January. The cooling center moves
toward the equator.

Moreover, −ω T
θ

∂θ
∂p is determined by two parts, vertical velocity ω and lapse rate

∂θ
∂p . From the interdecadal variation of ω (not shown), the decadal enhancement of

−ω T
θ

∂θ
∂p in winter is mainly due to the enhancement of ω in the region. Therefore,

the cold center moving toward the equator in January and February is caused by the
enhanced ω near the equator and by weakened ω south of the cold center. Mean-
while, ∂θ

∂p (Figs. 6.18g–i) shows an interdecadal weakening anomaly in the upper
troposphere and an interdecadal strengthening anomaly in the lower troposphere
in December–January. Note that the intensity in December is stronger than that in
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January–February. The ∂θ
∂p in the lower andmiddle troposphere strengthens, implying

the stratification instability is strengthened, which is conducive to deep convection,
while ∂θ

∂p weakens in the upper troposphere, indicating the stratification stability is
strengthened, which is not conducive to the enhancement of ω.

The diabatic heating rate Q1/Cp also shows a significant interdecadal trend
(Figs. 6.18d–f). In winter, the anomalous warming center caused by changes in
Q1/Cp spans from 10° S to 10° N in December, and shifts slightly to the Southern
Hemisphere in January and February. The significant interdecadal enhancement zone
of Q1/Cp is mainly located below 200 hPa in the troposphere. In December, the
enhancement area is mainly over (60°–120° E, 15° S–5° N), and the climatological
warming center in the Southern Hemisphere is enhanced. In January, the significant
enhancement zone is mainly over (120°–150° E, 0°–10° N), and the climatological
warming center in the Northern Hemisphere significantly strengthens. In February,
the enhanced zone ismainly located near 10° S–5°N, and the climatologicalwarming
center near the equator is significantly enhanced.

The interdecadal trends of Q1/Cp and ω are almost opposite. The interdecadal
changes in Q1/Cp are mainly due to the increased latent heat released by the
condensation in the upper troposphere caused by the strengthened deep convection.

From 1979 to 2015, except for the central and eastern Pacific, the tropospheric
temperature in the equatorial region has showna significantwarming trend, especially
over the western tropical Pacific. Since the troposphere temperature in the South
ChinaSea and its surrounding areas is thewarmest inwinter and has obviouswarming
trend, our analyses are focused on the period of December–January.

The upper-tropospheric warming is mainly located at 400–200 hPa. In winter, the
air thickness of 400–200 hPa over (100°–150° E, 20° S–20° N) experiences a signif-
icant interdecadal change in the late-1990s, and its interannual variation weakens
since the 2000s. In this subsection, we further explore the causes of the interdecadal
variation in upper-tropospheric warming. Two periods of 1986–1995 and 2004–2013
are selected. The difference between these two periods represents the interdecadal
variation. The factors affecting local temperature change include horizontal temper-
ature advection term − �Vh ∗ ∇T , vertical temperature transport term −ω T

θ
∂θ
∂p and

diabatic heating rate Q1/Cp. The interdecadal enhancement of − �Vh ∗ ∇T is mainly
contributed by the enhancement of zonal temperature transport term−�uh ∗ ∂T

∂x , which
positively contributes to the formation of a tropospheric warming center. However,
the magnitude of − �Vh ∗ ∇T is smaller than that of the remaining two terms. Due
to the enhancement of vertical velocity ω, the cooling effect of −ω T

θ
∂θ
∂p presents a

significant enhancement. At the same time, the significant enhancement of ∂θ
∂p in the

middle and lower troposphere enhances the convective instability, which facilitates
the enhancement of vertical velocity. Thus, the strengthened upward motion results
in enhanced release of latent heat of condensation in the upper and middle tropo-
sphere. This anomalous circulation is the direct cause of the formation of significant
upper-tropospheric warming in this region.
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6.6 Uncertainty in Tropical Climate Change Under Global
Warming

The tropical SST and rainfall changes are critical to global climate disasters, agri-
culture, ecology, and economy. As an indispensable part of climate change in the
western tropical Pacific, the climate over the South China Sea is influenced by the
whole tropical climate change. Therefore, understanding the tropical climate change
under global warming is substantial to further comprehend the changes in global
moisture and energy balances and in hydrological cycle (Kummerow et al. 1998;
Adler et al. 2000; IPCC 2013a).

Nowadays, the projection of tropical climate changes under global warming
primarily depends on the results simulated by numerical models, such as the models
participating in the Coupled Model Intercomparison Projection (CMIP). In the fifth
report of the Intergovernmental Panel on Climate Change (IPCC), more than 60
models from different nations and regions joined the Phase 5 of the CMIP (CMIP5).
The abundant model outputs offer us multifarious ways to study the projections of
future tropical climate change. A conventional way to project the tropical climate
change is based on the multimodel ensemble mean (MME), which regards inter-
model spreads as noise and removes them from the MME to improve the reliability
of projection (IPCC 2013b). However, the MME result lacks persuasiveness and
credibility when there are large intermodel spreads among models. Previous studies
have revealed that the projections of the future tropical climate, such as changes in
tropical precipitation andSST, both involve pronounced inconsistency amongCMIP5
models (Hawkins and Sutton 2009; Huang and Ying 2015; Kent et al. 2015; Long
et al. 2016; Ying and Huang 2016). Therefore, an investigation for the uncertainty in
the projections of tropical climate change and the underlying causes is an effective
way to improve the credibility of model projections for tropical climate change under
global warming.

In this subsection,wediscuss the intermodel uncertainty in tropical climate change
and the corresponding sources of uncertainty by mainly focusing on the changes in
tropical precipitation and SST changes, the two factors that are critical to the climate
change in response to global warming.

6.6.1 Uncertainty in Tropical Rainfall Change

The monthly outputs in the historical and Representative Concentration Pathway
(RCP) 4.5 runs from 18 CMIP5 models are used here. The models are BCC-
CSM1.1, CanESM2, CCSM4, CNRM-CM5, CSIROMk3.6.0, GFDL CM3, GFDL-
ESM2G, GISS-E2-R, GISS-E2-H, HadGEM2-ES, INM-CM4, IPSL-CM5A-LR,
IPSL-CM5A-MR, MIROC5, MIROC-ESM, MIROC-ESM-CHEM, MRI-CGCM3,
and NorESM1-M. The historical climatology is defined as the long-term mean from
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Fig. 6.19 The annual mean a and summermean b intermodal standard deviation of tropical rainfall
change

1981 to 2000, in the historical run, and the future climatology is defined as the long-
term mean from 2079 to 2098, in RCP4.5. The future change (denoted as �) is
defined as the difference between the historical and future climatology. The summer
season is defined as the average of June, July, and August. The MME is the average
of outputs from all 18 models. All the model outputs are interpolated onto 2.5° ×
2.5° grid using bilinear interpolation before analysis.

Figure 6.19 shows the intermodel standard deviation (SD) of future rainfall change
among the 18 CMIP5 models. The intermodel SD is commonly used to examine
intermodel discrepancies of the projection. The intermodel uncertainty of rainfall
change is large in the tropics, which means low reliability.

Moisture budget decomposition (MBD) is widely used to study the mechanism
of tropical rainfall change (Chou and Neelin 2004; Chou et al. 2009; Seager et al.
2010; Huang et al. 2013; Huang 2014; Long and Xie 2015). Here, we use the MBD
given in Huang et al. (2013)

�P
∧

H ∼ − 1

ρwg
(�ω · q20 + ω20 · �q), (6.12)

Here, SD and signal-to-noise ratio (SNR) is used to measure intermodel uncer-
tainty in rainfall change. The SNR is the ratio of the MME to the SD of rainfall
change. Figure 6.20 shows the intermodel SD and SNR of the thermodynamic and
dynamic components in Eq. (6.12). The SD of the thermodynamic component is
less than 0.6 in most tropical regions, which is much smaller than the SD of the
dynamic component. The SNR of the thermodynamic component is greater than 1
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Fig. 6.20 a, b SD and c, d SNR of the thermodynamic (–ω�q) and dynamic (–�ωq) components.
Contours in (a) and (b), are theMME changes in thermodynamic and dynamic components (contour
interval 0.3mmday−1 and negative contours dashed), respectively. Stippling in (c) and (d), indicates
that more than 70% models agree on the sign of the MME change

and passes the sign agreement test, revealing that the thermodynamic component is
robust among the models. In addition, the dynamic component contributes most to
the intermodel uncertainty in tropical rainfall change.

Figure 6.21 presents the intermodel SD of each term in Eq. (6.12). The SD of the
term related to the circulation change (�ω) is the largest, and the SD of the term
related to specific humidity (q) is the smallest among these four terms. For the two
terms in the thermodynamic component, the SDof the term related toω is greater than
the SD of the term related to �q, indicating ω is the major cause of the uncertainty
in the thermodynamic component. By comparing SD and SNR (Fig. 6.22) of each
term, we can conclude that �ω is the major source of the intermodel uncertainty

Fig. 6.21 The SD of the thermodynamic (–ω�q) components contributed by the SD of a �q and
b ω. The SD of the dynamic (–�ωq) components contributed by the SD of c q and d �ω. Note that
the color scale used in d differs from the rest
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Fig. 6.22 SNR of a �q, b ω, c q, and d �ω. Stippling in d indicates that more than 70% models
agree on the sign of the MME change

of tropical rainfall change. For the other terms in Eq. (6.12), q is robust enough to
be neglected, �q is almost consistent within the projections of all models, and ω is
also an important source of intermodel uncertainty of tropical rainfall change. The
improvement of tropical rainfall projection is a crucial way to make the projection
of tropical rainfall change more robust.

In this subsection, we attribute the key factor of intermodel uncertainty of tropical
rainfall change to circulation change. However, the causes of large uncertainty in the
circulation change remain unclear (Shepherd 2014).

6.6.2 Uncertainty in Tropical Pacific SST Change

Previous studies indicated that the ocean warming in the tropics is spatially nonuni-
form under global warming, with some regions warming fast. The nonuniform ocean
warming, which is found mainly in the tropical Pacific, is important for regulating
the changes in tropical precipitation and circulation. However, projecting the tropical
Pacific SST warming (TPSW) pattern based on current coupled ocean–atmosphere
models has large intermodel uncertainty, especially for the projections of zonal SST
warming. Although the majority of CMIP5 models project an El Niño-like SST
warming pattern, a few models project a zonally uniform or even a La Niña-like
SST warming pattern (Clement et al. 1996; DiNezio et al. 2009; Zhang and Li 2014;
Huang and Ying 2015; Zheng et al. 2016). Such intermodel uncertainty is a dominant
source of uncertainty in the projection of regional climate changes, such as changes
in tropical precipitation and atmospheric circulation (Long and Xie 2015).

In climate models, there are several distinct mechanisms affecting future TPSW
pattern, such as the changes in the shortwave radiation-SST feedback (Ramanathan
and Collins 1991), the ocean dynamic thermostat (Clement et al. 1996), and the
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Walker circulation (Vecchi and Soden 2007). Any intermodel differences in these
mechanisms could be the sources of intermodel uncertainty in predicting the TPSW
pattern. Among these physical mechanisms, the cloud-radiation feedback is an
outstanding one due to the fact that it involves both parameterized cloud processes
and the climatological distribution of clouds, the two aspects that are known to carry
large model biases (Cess et al. 1990; Arakawa 2004; Stephens 2005; Soden and
Held 2006; Calisto et al. 2014). Therefore, in this subsection, we focus on the role
of cloud-radiation feedback on the intermodel uncertainty in the TPSW pattern and
elaborate on the corresponding mechanism of its climate impact.

To explore the spatial coupled relationship between the TPSW pattern and the
cloud-radiation feedback, an intermodel singular value decomposition (SVD) anal-
ysis is performed on multimodel TPSW patterns and the cloud-radiation feedback.
The left singular vector field is the TPSW pattern, while the right singular vector
field is the cloud-radiation feedback, defined by regressing the monthly surface net
shortwave radiation anomalies onto the monthly SST anomalies in the historical run
(cloud-SST feedback index, or CSFI). The result shows that the first intermodel SVD
modes of the TPSW pattern and CSFI explains 24% and 32% of the total intermodel
variance, respectively. In addition, the spatial pattern of the first SVD model of the
TPSW pattern is very close to the first intermodel EOF of the TPSW pattern (not
shown), with the correlation between the two PCs up to 0.59 (t-test, 99% confidence
level). This indicates the first SVD model of the TPSW pattern shown in Fig. 6.23,
is the dominant mode for the intermodel spread in the TPSW pattern. Moreover, the
linear correlation between the PCs associated with the modes of the TPSW pattern
and CSFI is up to 0.65, which is also significant at the 99% confidence level based on

Fig. 6.23 The first intermodel SVD modes of a TPSW pattern and b CSFI. The percentage of
intermodel variance explained by the respective vector field is shown in the upper right corner of
each panel. c Scatter plot of normalized PC1s associated with the TPSW pattern and CSFI of the
first SVD mode, with their correlation coefficient shown in the upper right of the panel



294 6 Feedback Attributions of Climate Changes Over …

the χ2 test. These results indicate that the intermodel spread in the cloud-radiation
feedback must be a leading source of intermodel uncertainty in the TPSW pattern.

Figure 6.23 shows that the first SVD mode of the TPSW pattern has a broad
positive pattern in the central-western equatorial Pacific, whereas the first SVDmode
of CSFI features a positive area that is confined to the central equatorial Pacific. The
two coupled spatial patterns could be explained as follows: A model with a positive
CSFI deviation relative to the negative MME CSFI indicates a weak negative cloud-
radiation feedback over the central Pacific when compared with the MME result, the
relatively weak negative cloud-radiation feedback cannot suppress the SST warming
as sufficiently as that in the MME, thus inducing a positive SST warming deviation
relative to the MME result. However, the spatial patterns of the first SVD modes of
TPSW and CSFI possess some apparent discrepancies, even though both are located
around the central Pacific. The positive center of the deviation of the TPSW pattern
is located in the western Pacific around 170° E (Fig. 6.23a), whereas that of the CSFI
is much closer to the central Pacific (around 160° W; Fig. 6.23b). Such discrepancy
implies there could be a dynamic process in the cloud-radiation feedback that affects
the TPSW pattern, which is not as simple as stated above.

To figure out the mechanism via which the cloud-radiation feedback impacts the
intermodel uncertainty in the TPSW pattern, the changes in the surface ocean heat
budget are analyzed. For the long-term change under global warming, the balance
of the surface ocean heat budget can be written as

�QE + �QH + �QLW + �QSW + �DO = 0 (6.13)

where � denotes the change in the RCP8.5 run relative to the historical run, �QE,
�QH,�QLW,�QSW, and�DO represent changes in surface latent heat flux, sensible
heat flux, net longwave radiation, net shortwave radiation, and ocean dynamics,
respectively. In these terms, �QE can be decomposed as follows:

�QE=�QEO+�QEA (6.14)

In (6.14),�QEO = αQE�T , where α=L(RvT 2) ≈ 0.06K−1, L is the latent heat
of evaporation, Rv is the gas constant for water vapor, and T is SST; it represents the
Newtonian cooling effect. �QEA is the effect of atmospheric forcing, which can be
further decomposed as follows:

�QEA = �QEW + �QER = QE�V/V + �QER (6.15)

where the first term on the right-hand side represents the effect of change in wind
speed, the key factor in the wind-evaporation-SST (WES) feedback process, while
the second term is regarded as a residual term, representing the combined effect of
changes in relative humidity and surface stability.

Figure 6.24 shows the intermodel regression pattern of the changes in surface heat
fluxes onto the normalized PC1 associated with the first SVD mode of the TPSW
pattern. Based on such spatial regression patterns, we propose a dynamic process via
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Fig. 6.24 Intermodel regression patterns of changes in surface energy budget onto normalized PC
associated with the first SVD mode of the TPSW pattern. a Latent heat flux (�QE), b shortwave
radiation (�QSW), c ocean dynamics (�DO), d the Newtonian cooling effect (�QEO), e the effect
of changes in surface wind speed (�QEW; shading), and f the effect of changes in relative humidity
and surface stability (�QER). Stippling indicates that regression is significant at the 95% confidence
level based on the Student’s t-test. The vectors in c and e are the regression patterns of changes in
surface wind stress (Pa K−1; values smaller than 5 × 10−5 Pa s−1 omitted) and the surface wind
vector (m s−1 K−1; values smaller than 5 × 10−2 m s−1 K−1 omitted). The contours in e are the
regression patterns of changes in the scalar speed of surface wind (m s−1 K−1)

which the cloud-radiation feedback influences intermodel uncertainty in the TPSW
pattern, which is depicted in Fig. 6.24. Given a positive deviation of CSFI relative to
the negative CSFI in the MME result as shown in Fig. 6.23b, in a particular model,
the relatively weak negative cloud-radiation feedback over the central Pacific cannot
suppress the local SST warming as efficiently as the MME cloud-radiation feed-
back, thus leading to a positive local �QSW deviation and a positive SST warming
deviation (Fig. 6.24a). The induced positive SST warming deviation will further
force a low-level convergent deviation over the central Pacific (Fig. 6.24e, vector;
Fig. 6.25a, blue arrow). Against the background of prevailing easterlies over the
equatorial Pacific, the low-level convergence will increase (decrease) the surface
wind speed and the evaporative cooling over the eastern (western) Pacific through
theWES feedback (Fig. 6.24e, contour; Fig. 6.25b). On the other hand, the low-level
convergent deviation will produce a similar deviation pattern in surface wind stress
(Fig. 6.24c, vector), which will enhance (suppress) the cold equatorial ocean advec-
tion in the eastern (western) Pacific through theBjerknes feedback (Fig. 6.24c, vector;
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Fig. 6.25 Schematic diagram of the physical process of the cloud-radiation feedback impacting
the TPSW pattern in CMIP5 simulations

Fig. 6.25b). Under the two feedback processes, the original positive SST warming
deviation in the central Pacific induced by the local CSFI deviation will shift west-
ward to the western Pacific (Fig. 6.24c). After moving to the west, the positive SST
warming deviation will further induce a positive deep convection deviation and a
resultant negative shortwave radiation deviation over the western Pacific, leading to
a suppression of local �QSW and forming the final pattern of �QSW (Figs. 6.24b,
6.25c). During the westward moving of the positive SST warming deviation, the
deviation patterns of surface wind, �DO and �QEW also move to the west.
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In this subsection, we investigate the uncertainty in the projections of changes
in tropical precipitation and SST under global warming in CMIP5 models. The
results show the thermodynamic component of the changes in tropical precipitation
projected by CMIP5 models—the enhanced precipitation induced by the increased
moisture—is quite reliable, while the dominant source of intermodel uncertainty
in tropical precipitation change comes from the projections for the changes in the
atmospheric circulation.Moreover, as previous studies have revealed, the uncertainty
in the tropical atmospheric circulation originates from that in tropical ocean warming
pattern; here, we further indicate that the intermodel difference in the cloud-radiation
feedback is the leading source of intermodel uncertainty in the TPSW pattern based
on our surface heat budget analysis. These studies reveal the features of uncertainty in
future tropical climate change and their associated formationmechanisms, improving
the credibility on the projections of future tropical climate change.
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Chapter 7
Impact of Climate Change Over
Southeast Asia and Its Adjacent Regions
on Global Climate

7.1 Long-Term Trend and Interannual Variation
of Springtime Precipitation

The blue contours in Fig. 7.1a, show that in southern China, Taiwan, and southern
Japan, the ratio of climatological springtime (March–April–May, or MAM) rainfall
to the annual rainfall is more than 25%. In the mountain areas of Guangdong and
Fujian provinces, the ration even approaches 40%. Meanwhile, the spring rainfall
in southern China and southern Japan in the past 35 years (1979–2013) had clear
declining trends. In the most significant precipitation reduction area of the coastal
areas in southernChina, precipitation decreased by2.0mm/dayover the past 35 years.
This reduction is equivalent to ~50% of the climatological MAMprecipitation in this
area. At the same time, in the southern Indochinese Peninsula, the southern South
China Sea (SCS) and the Philippines Sea (PhiSea), precipitation showed a significant
increasing trend in spring. The increased precipitation rate was about 2.5 mm/day
over the past 35 years. This increased rate is considerable, reaching more than 40%
of the 35-year springtime climatological precipitation in the region.

Changes in regional precipitation are accompanied by changes in the circulation
system. To reveal the changes in atmospheric circulation associated with the precipi-
tation change, we use Fig. 7.1b, to show the trends of spring sea level pressure (SLP),
the mid-level tropospheric vertical velocity and the low-level wind at 850 hPa. We
can see that the SLP in East Asia, the Japan Sea, and the western Pacific decreases
significantly, along with increased SLP in the inland regions of the Asian continent.
Low-level northerly anomalies appear along the East Asian coast. The linear trend of
the vertical velocity at 500 hPa is located over northern Vietnam, and there are subsi-
dencemovements in southernChina and southern Japan (see the red hatched regions).
These features indicate that the convective activity of the atmosphere is weakened in
this region. Note that the 850 hPa wind field shows an unusual wave-like structure,
with anomalous cyclones over the SCS and the PhiSea. This circulation–convection
coupling feature is close to the Gill-type atmospheric circulation response due to the
deep convection enhancement in the tropics (Gill 1980).
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Fig. 7.1 a Shaded areas showing the linear trend of MAM precipitation [mm day−1 (35 yr)−1]
during 1979–2013. Stippling indicates a 90% confidence level. Blue contours at 5% interval show
the areas where the ratio of climatologicalMAMprecipitation to climatological annual precipitation
exceeds 25%. b Shading and stippling are used the same way as in (a), but for sea level pressure
[Pa (35 yr)−1]. Vectors denote the linear trend of 850 hPa wind, and hatching indicates where the
linear trend of 500 hPa vertical velocity is above 0.025 [Pa s−1 (35 yr)−1]. Both are statistically
significant at the 90% confidence level. c MAM climatology, and climatology plus 35-yr linear
trend, of heating profile averaged over the black box in a. Black curves are for Q1 derived from
the NCEP-DOE reanalysis data. Red and blue curves are for diabetic heating and deep convection
latent heating, respectively, from the 1-h NCEP CFS forecasting data. After Li et al. (2016)

We further estimated the changes in the latent heating rate of the atmosphere in
the SCS and the PhiSea over the past 35 years. In Fig. 7.1c, the solid curves depict the
springtime climatological profiles for deep convective heating, atmospheric diabatic
heating, and apparent heat (Q1), respectively. The dashed curves show the clima-
tological states of these variables plus a 35-year linear trend. We can see that there
is a significant increase in both diabatic heating and deep convective heating in the
troposphere from 800 to 200 hPa. Among them, the most intense change of latent
heating occurs from 600 to 300 hPa, and there is a daily maximum heating rate of
about+0.9 K at 450 hPa. Compared to the latent heating profile of the climatological
state, the increase in heating in the mid and upper troposphere is greater than the
increase in shallow convective heating in the lower layers. In addition, the increase in
diabatic heating is similar to the change in the latent heating profile, indicating that
the change in deep convective heating dominates the change in diabatic heating in the
SCS and the PhiSea. Similar enhancement can also be found through the diagnosis
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of Q1, which verifies the robustness of the strengthened convective heating over the
SCS and the PhiSea.

7.2 Effect on East Asian Climate

Studies have shown that spring (MAM) rainfall in southern China is related to the
vortex activity in southwestern China and to the activity of the western North Pacific
subtropical high (WNPSH): The frequent southwest vortex activity often contributes
to the water vapor transport from the warm, moist ocean surface of the SCS to
mainland China. As a result, continuous precipitation occurs; and the southerly wind
on the western rim of the WNPSH also contributes to water vapor transport from
the warm ocean to southern China, inducing continuous precipitation (Yang and
Lau 1998). In addition, the sea surface temperature (SST) anomaly in the western
Pacific (Qiang and Yang 2013) and the thermal and dynamic processes from the
Tibetan Plateau (TP; Wan and Wu 2007), also affect spring precipitation in southern
China.We can see that these studiesmainly focused on the interannual variability and
prediction of spring precipitation in southern China. The trend of spring precipitation
in southern China, under the background of long-term climate change, however, has
not receivedmuch attention.Oneof our aimshere is to use observations and reanalysis
data from the SCS and the PhiSea (through cross-validation of various data sets) to
study the changes in convective heating sources and reveal their roles in driving
atmospheric circulation, which affects precipitation changes in southern China.

7.2.1 Impact of Convection Over the South China Sea
and the Philippine Sea on Southern China Precipitation

Figure 7.1 shows the atmospheric convective heating over the SCS and the PhiSea
had significantly increased in the past 35 years. Since deep convective heating is diffi-
cult to observe via instruments, especially over the oceans, it can only be diagnosed
through other means, for example, using reanalysis data that contain observations.
Adequate cross-validation of the heating trend should then be conducted. First, the
trends and magnitudes of the Climate Prediction Center merged analysis of precip-
itation (CMAP) and Global Precipitation Climatology Project (GPCP) data sets are
generally consistent across the SCS and the PhilSea (see Fig. 7.2a, b). In addition,
the significant reduction in outgoing longwave radiation (OLR; Fig. 7.2c) also indi-
cates the enhancement of deep convection. However, since longwave radiation is
only an indicator of the strength of convection, a lower OLR may also be caused by
observational biases in satellite products due to increased probability of more cloud
overlap over the tropical regions (Huang et al. 2005, 2006). Further analysis showed
that the SLP decreases significantly. The cyclonic response of the lower troposphere
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Fig. 7.2 a and b: Long-term trends of CMAP andGPCP spring precipitation in 1979–2013, respec-
tively. c Long-term trend of NOAA spring OLR in 1979–2013. d Long-term trend in convective
available potential energy in the ERA-Interim reanalysis data. After Li et al. (2016)

wind (Fig. 7.2b) and the increasing trend of the convective available potential energy
(Fig. 7.2d), are consistent with the precipitation change over the SCS and the PhiSea.
In summary, reanalysis and observational data consistently indicate that changes in
the atmospheric circulation in spring have been accompanied by increased rainfall
and convection over the SCS and the PhiSea. At the same time, rainfall in southern
China decreased significantly over the 35 years.

To describe the potential link between precipitation changes over the SCS and the
PhiSea and changes in springtime (MAM) rainfall over southern China, we analyze
the precipitation time series averaged over these two regions. Figure 7.3 shows the
area-weighted spring precipitation in the two boxes shown in Fig. 7.1a, calculated
based onmultiple data sets. During the period from 1979 to 2013, the average precip-
itation in southern China decreased year by year, and the three-year moving average
decreased steadily (Fig. 7.3a). Three different data sets show a consistent drying
trend, and even the gauge-based precipitation data (PREC/L) show the same trend.
On the other hand, the spring rainfall over the SCS and the PhiSea increased signif-
icantly (Fig. 7.3b). Although the CMAP and GPCP data sets show some systematic
differences, their trends and magnitudes of the changes are consistent. On the inter-
annual timescale, the amount of spring precipitation over the SCS and the PhiSea is
highly correlated with the rainfall in southern China (the correlation between 1979
and 2013 was as high as −0.56, with the 99.9% confidence level). Based on these
results, we wonder whether there is a causal link between this high correlation: Was
it because of the enhancement of convection over the SCS and the PhiSea that caused
a long-term drying trend in southern China? If so, is the physical mechanism similar
to that for the Pacific–Japan teleconnection in the summertime mean flow?
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Fig. 7.3 a Time series of
precipitation change from
1979 to 2013 over southern
China. b Time series of
precipitation change over the
SCS and the PhiSea from
1979 to 2013. After Li et al.
(2016)

7.2.2 Results from Numerical Model Simulations

We conducted several numerical experiments using the Community Earth System
Model Version 1.2.2 (CESM1.2.2). Specifically, we enhanced the convective heating
over the SCS and the PhiSea in an air–sea–land fully-coupled system. A parallel
atmospheric dynamic core simulation was also conducted to investigate the thermo-
dynamic process. In the CESM, we use a horizontal resolution of 1.9° (lat) × 2.5°
(lon) in the atmosphere component model, with 26 layers in the vertical; and we use
an ocean component model of approximately 1° horizontal resolution, with xx layers
in the vertical. We designed a fully-coupled control experiment (CTRL_CP). It was
based on the cold start initial condition, and continuously integrated for 200 years
as the spin-up for the ocean circulation; it was then integrated for 80 years. Years
201–280 outputs are used as CTRL_CP for investigation. In a sensitivity experiment,
we restarted fromYear 151 of CTRL_CP, and enhanced the deep convective conden-
sation heating over the SCS and the PhiSea. It was integrated for another 130 years to
reach Year 280. This experiment is called HEAT_CP. By analyzing the differences
between the outputs of the two experiments in the period of Years 201–280, we
can reveal the climate responses produced by the enhancement of deep convective
heating over the SCS and the PhiSea.

First, from the differences between HEAT_CP and CTRL_CP outputs, we can see
that in the springtime of the Northern Hemisphere, the convective heating over the
SCS and the PhiSea is enhanced (Fig. 7.4b. The characteristics of “enhancement of
convection over the SCS-PhiSea–and reduction of precipitation in southern China”
can be well captured. Compared to the observations (Fig. 7.4a), although there are
some systematic biases, they do not affect our conclusions.
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Fig. 7.4 a Thirty-five years trend of springtime precipitation and low-level wind at 850 hPa.
Stippling represents the linear trend exceeds the 90% confidence level. Vectors denote the linear
trendof 850hPawind,maskingout the areas<90%confidence level.Red contours show the locations
of rain-belts, defined by the grids where precipitation rate >6.0 mm day−1 in CTRL_CP b Same as
(a), except for CESM-simulated differences betweenHEAT_CP and the CTRL_CP. c Shading areas
show the linear trend of convergence of vertical integrated water vapor flux (CVIMF) [mm day−1

(35 yr)−1]. Green hatching denotes where the convergence term takes up more than 50% of CVIMF
change, and stippling indicates the advection term takes up more than 50% of CVIMF change.
d Same as (c), except for CESM-simulated differences between HEAT_CP and CTRL_CP. After
Li et al. (2016)

First, the drought trend in southern China is smaller than that in the observations.
This is acceptable because the process that contributes to this observational trend is
not only the low-latitude thermodynamic forcing process. The observations show that
the atmospheric circulation had undergone through significant changes in the mid-
latitudes over the past 35 years, and anomalous northerly wind over the mid-latitude
continent had also contributed to the transport of dry air advection to southern China,
thereby aggravating the drought trend (Fig. 7.4a). In HEAT_CP, we only changed
the convective heating in the low-latitudes, so the suppressed spring precipitation in
southern China should be attributed only to the convective heating change, and did
not include the effects of latitude changes in the mid- latitudes.

Second, the simulated precipitation enhancement in the PhiSea (Fig. 7.4b), has a
northwestward shift compared to the observation (Fig. 7.4a). This difference may be
related to two factors. (1) In CTRL_CP, the main rain belt over the western tropical
Pacific shifts approximately 5° northward and 10° westward. Thus, the location of
rainfall response also shifts due to this bias. (2) According to the Gill-type response
theory and the heating profile added to HEAT_CP, the anomalous cyclone, which



7.2 Effect on East Asian Climate 309

is essential for the convergence in the planetary boundary layer and the ascending
motion in the troposphere, is located to the northwest of the anomalous heating center
(Gill 1980). Therefore, the anomalous precipitation center corresponding to thewater
vapor convergence is also located in the northwest of the heating center. Despite
the above-mentioned biases, the consistency between observations and CESM fully-
coupled experiments is clear, whichmeans that the enhanced convective heating over
the SCS and the PhiSea is conducive to the reduction of precipitation in southern
China.

To understand the mechanism through which convective changes over the SCS
and the PhiSea affect precipitation in southern China, we conducted a diagnostic
analysis of the overall water vapor budget. In general, the convergence or divergence
of vertical integrated water vapor flux (CVIMF) is balanced by precipitation minus
evaporation (P-E; Rodwell and Hoskins 2001). In addition, CVIMF can be further
divided into water vapor convergence term caused by convergence or divergence of
themeanwind field, andmoisture advection term dominated by nonuniformmoisture
field. To understand the effect of convective heating over the SCS and the PhiSea on
springtime precipitation in southern China, we calculated changes in CVIMF and
its two components. In the observations and model simulations (Fig. 7.4c, d), the
CVIMF changes correspond well with the changes in precipitation over East Asia
and the western Pacific, where the increase (decrease) in precipitation is consistent
with positive (negative)CVIMF.Acloser examination of changes inCVIMFsuggests
some inconsistencies compared to the observed rainfall trend, which is mainly due
to the change in the residual term, namely, evaporation (E).

When focusing on the relative contributions of the two terms in the convergence
of vertically integrated moisture flux (CVIMF), several significant features can be
discovered from the observations. Specifically, regardless of positive or negative
values, changes in CVIMF are dominated by convergence term in the low-latitude
regions because of the warm SST there, abundant water vapor supply, and rela-
tively low moisture gradient in the boundary layer (Fig. 7.4c). Note that in southern
China, CVIMF is also mainly attributed to the convergence or divergence of the
wind. However, over the East China Sea near the southeastern coast of China, the
contribution mainly comes from the advection term. The difference between the
two regions indicates that there are different mechanisms for controlling changes in
precipitation on land and at sea (Fig. 7.4c). Although the simulated CVIMF shifted
northward by about 5° in southern China, it is mainly limited to the southern inland
area (Fig. 7.4d). In the model simulation, CVIMF changes are dominated by the
convergence term in East Asia and the western Pacific (Fig. 7.4d). Indeed, water
vapor divergence contributes more than 80% of the reduction of CVIMF in southern
China. This remarkable dynamic effect leads us to speculate that the rapid and direct
atmospheric dynamic response caused by increased convective heating over the SCS
and the PhiSea inhibits springtime precipitation in southern China.

To verify the above inference, we used the prescribed heating profile over the SCS
and the PhiSea in the idealized simplified atmosphere model to investigate the atmo-
spheric response. The idealizedmodel is theCommunityAtmosphericModel version
5 (CAM5) dynamic core embedded with the idealized physical package. Figure 7.5
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Fig. 7.5 Sea level pressure anomalies (shading; Pa). Blue (or red) contours at 0.004 interval show
500 hPa negative (or positive) anomalies (Pa s−1) of vertical velocity. Vectors show 850 hPa wind
anomalies, masking out wind speed smaller than 0.5 m s−1 . a–c Three different snapshots: differ-
ences on day 3, day 6, and day 9 between HEAT_IDEAL and CTRL_IDEAL of the CAM dynamic
core integration with idealized physics. d Eighty-year-mean differences between HEAT_CP and
CTRL_CP of the coupled climate model CESM with CAM4 full physics packages. After Li et al.
(2016)

shows the 80-year-averaged results for the fully-coupled CESM experiment and 3-
day-averaged snapshots for the idealized model simulation. The given heating over
the SCS and the PhiSea results in local updraft associated with the southerly wind
in the lower troposphere and a decrease in SLP (Fig. 7.5a). Note that after three
days of integration, there is a sinking motion over mainland China. On the 6th day,
anomalous ascending motion around the heating center intensifies, accompanied by
a predominantly lower-tropospheric anomalous cyclone and significant SLP drop. At
the same time, the sinkingmotion in southern China spreads eastward (Fig. 7.5b). On
the 9th day, the low-level anomalous cyclone marches to the northwest of the heating
center (Fig. 7.5c). The ascending branch is located around the heating center, and
extends over the ocean. Importantly, another more powerful sinking center emerges
near the southeastern coast of China. In most parts of East Asia, large-scale sinking
motion occurs after the anomalous circulation matures. The six ensemble members
from perturbed initial conditions also capture this response pattern (Fig. 7.6), which
means that the anomalous overturning circulation response is robust in the context
of spring atmospheric conditions. The results of 80-year-averaged fully-coupled run
using the CAM4 physical scheme also produced a response similar to that of the
idealized experiment, although the result was smoother (Fig. 7.5d).
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Fig. 7.6 a–c Sea level pressure (shading; Pa), 500 hPa vertical velocity (contour; Pa s−1), and
850 hPa wind (vector; m s−1) from idealized heating experiment driven by springtime mean flow
on day 3, day 6, and day 9. d–f Same as (a–c), except for the results of six ensemble members with
different perturbed initial conditions. After Li et al. (2016)

The similarity between the idealized model simulation (Fig. 7.5a, c) and the fully-
coupled experiment (Fig. 7.5d), illustrates that the thermodynamic circulation caused
by convective condensation latent heating over the SCS and the PhiSea affects the
springtime rainfall over southern China directly. More specifically, the enhanced
convective heating over the SCS and the PhiSea in spring results in a decrease in
local SLP, a cyclonic response in the lower troposphere, and an anomalous rising
motion. At the same time, subsidence appears in southern China. Sinkingmotion and
low-level divergence together reduce the moisture convergence in southern China,
and thus reduce precipitation. Although this thermal response process is regulated by
synoptic-scale fluctuations under the mean flow in spring, the subsidence in southern
China continues to emerge with the dynamic effects of convection over the SCS and
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Fig. 7.7 a Thirty-five years trend of 850 hPa wind (vector; m s−1) and SST (shading; K) during
the springtime of 1979–2013. Stippling represents the trend exceeds the 90% confidence level. The
vectors show the wind trend above the 90% confidence level. After Li et al. (2016)

the PhiSea. Therefore, this low-latitude convective activity is a rapid dynamic process
that modulates precipitation in southern China.

Note although the spring drought trend in southern China is modulated by the
deep convection over the SCS and the PhiSea, the mechanism that controls the
convection enhancement over the SCS and the PhiSea remains unclear. Accompanied
by a stronger low-level easterly wind and warmer SST in the boreal spring (Fig. 7.7),
the atmospheric circulation has changed into a more La Niña-like pattern over the
western equatorial Pacific. Although from the average annual perspective, the long-
term change of the Walker circulation is still an open question (Vecchi et al. 2006;
L’Heureux et al. 2013; McGregor et al. 2014; Ma and Zhou 2016), at least in spring
the enhanced Pacific trade winds are associated with enhanced convection over the
SCS and the PhiSea, which further intensifies the release of atmospheric latent heat.
In addition, the intensification of convection activities over the SCS and the PhiSea
can only partially explain the reduction in precipitation in southern China. Howmuch
does the circulation change in the mid-latitudes contribute to the rainfall decrease?
How will precipitation in this region change in the future, and to what extent can this
change be attributed to human activities? For example, recent studies have shown
that limited amount of aerosol pollution may have caused an increase in local rainfall
in eastern China in summer, whereas local precipitation decreases in the case of
an excessive aerosol concentration (Guo et al. 2017). Heavy air pollution events
sometimes prevail in spring in southern China. What effect does it have on spring
precipitation in the area? These issues deserve more comprehensive research.

7.3 Influence of Climate Change Over Southeast Asia
on Sahel Summer Monsoon Rainfall

In Sect. 7.3, we discuss enhanced summer latent heating over the South Asian and
western Pacific summer monsoon (SAWPSM) region on the decadal timescale (He
et al. 2017). We also illustrate the dynamic effect of the heating on the decreased
Sahel summer rainfall (He et al. 2017).
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The Sahel is located in Afro-Eurasia. Its summer rainfall exerts a significant
influence on both local ecology and local economy. Its rainfall variation ranges
apparently from synoptic timescale to decadal timescale. During the second half of
the twentieth century under global warming, an obvious drying trend was seen in
the Sahel in summer (Nicholson 1980; Ma and Fu 2007). The Sahel rainfall shifts
from a humid state in the 1950s and 1960s to a lesser humid one in the 1970s and
1980s, with an abrupt change around 1969 (L’Hôte et al. 2002; Ozer et al. 2003;
Greene et al. 2009). Furthermore, the Sahel droughts can influence the transport of
desert dust and thus global climate by means of the radiative properties of dust and
its climatic effects (Prospero and Lamb 2003).

In addition to the consequences of Sahel rainfall, the causes of droughts are
researched. The drying trend in the Sahel is primarily related to global SST vari-
ability (Folland et al. 1986; Palmer 1986), such as the Pacific Decadal Oscillation
(PDO;Ma andFu2007), ElNiño-SouthernOscillation (ENSO), andSSTfluctuations
in the South Atlantic. These SST patterns contribute to different rainfall variation
through several mechanisms, for instance, the Pacific– North America Oscillation
(Ward 1998; Hunt 2000; Camberlin et al. 2001; Giannini et al. 2003). The reduc-
tion in Sahel rainfall can be attributed to both the internal variability of SST and
the externally forced change in SST (Held et al. 2005). Apart from SST variation,
previous studies discovered that the rainfall variation on different timescales is influ-
enced by different factors. First, the synoptic-scale Sahel rainfall is mainly regulated
by cloud clusters, which are modulated by the mid-tropospheric African easterly jet
stream and the tropical easterly jet stream (Nicholson and Grist 2003). Therefore,
the variations of the West African westerly jet stream and the African easterly waves
intimately alter the variation of the rainfall (Pu and Cook 2012; Skinner and Diff-
enbaugh 2014). This feature indicates the remote connection to the Sahel rainfall
through the jet stream. Second, an increase in local albedo due to desertification
can decrease precipitation on the interannual to decadal timescales (Charney et al.
1975, 1977; Courel et al. 1984; Tucker et al. 1991; Yongkang and Shukla 1993),
and local vegetation interaction intensifies the rainfall variability (Zeng et al. 1999;
Giannini et al. 2003). Third, increased greenhouse gasses (GHGs) and changes in
anthropogenic aerosols affect the Sahel rainfall on the decadal timescale. However,
these effects vary among models, with some model results indicating droughts and
while some others indicating normal rainfall condition (Held et al. 2005; Biasutti
and Giannini 2006; Dong and Sutton 2015).

Afro-Eurasia contains influential climate systems that interact with each other. For
instance, there are major summer heat sources in Afro-Eurasia (Yanai and Tomita
1998; Li et al. 2001), and monsoon systems with substantial latent heating (Webster
and Yang 1992; Webster et al. 1998a, b). Particularly, the Asian summer monsoon is
part of the influential systems. Since both mean diabatic heating and its fluctuation
affect the mean climate (Sardeshmukh and Sura 2007), the climate of the Sahel
region can be affected remotely by the changes in the Asian monsoon. Two factors
are involved in spreading the influence of the Asian monsoon to the Sahel region.
One is a zonal cell of the Asian summer monsoon circulation, which is associated
with the diabatic heating gradient over Afro-Eurasia (Song et al. 1992; Li et al.
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2001). The other is the Rossby wave response to the west of subtropical monsoon
heating. They can influence theSahel summer rainfall directly or affect it indirectly by
modulating local meridional circulation (Liu et al. 2001a, b; Rodwell and Hoskins
2001). In addition, the Asian summer monsoon (Yang and Lau 1998), and Sahel
summer rainfall as a whole are influenced by the same factors and are demonstrated
to coexist as twin features of multi-scale forcing (Wu et al. 2009). In short, there is
a close connection between the Asian summer monsoon and Sahel summer rainfall.

Hence, what is the role of the monsoon–desert mechanism provided by Rodwell
and Hoskins (2001), in Sahel rainfall reduction? In this subsection, we analyze the
NOAA’s Precipitation Reconstruction over Land and the NCEP/NCAR Reanalysis,
and conduct numerical model simulations. These results demonstrate that the inter-
decadal change in the Asian summer monsoon plays a vital role in changing Sahel
summer rainfall.

7.3.1 Observed Features

The Sahel is a narrow semiarid region. Its precipitationmainly occurs during summer
(from July to September), ranging up to over 14 mm/day. Therefore, a small change
in the summer rainfall makes a big difference in its annual precipitation. The early-
1980s witnesses the driest years of the Sahel. The difference between 1960–1969 and
1980–1989 indicates a considerable decrease in Sahel summer rainfall (by 20.5%)
and a slight increase to the south (Figs. 7.8a and 7.9a). Meanwhile, as indicated
by the observed changes in divergent/convergent wind, anomalous ascents emerge
over southern Asia and the western Pacific while anomalous descents appear over the
Sahel (Fig. 7.10).Moreover, an interdecadal change in precipitation (of 5.2% increase
in the NCEP/NCAR Reanalysis and of 23.3% increase in the ERA40) occurred in
the SAWPSM region between 1960–1969 and 1980–1989 (Fig. 7.8b–c). The coin-
cidence of the decrease in Sahel rainfall and the increase in SAWPSM precipitation
suggests an anti-correlationbetween the twoduring1960–1989, and thus a hypothesis
that the remote latent heating of the SAWPSM region modulates the Sahel rainfall.
Figure 7.9b–c show the change in precipitationmainly emerged in thewestern Pacific
and around the Strait of Malacca, aside from a slight decrease near the equator. The
precipitation increase in the SAWPSM region is also verified by the increase in local
cloudiness (Fig. 7.8d). In addition, the changes in Asian and African precipitation
over land show coherent variability (Fig. 7.9a) (Feudale and Kucharski 2013; Wang
et al. 2014).

In this subsection, we focus on the role of themonsoon heating over the SAWPSM
region (Rodwell and Hoskins 2001), since this region includes vast tropical-
subtropical oceans with considerable diabatic heating (Fig. 7.11). However, when
precipitation over the oceans is considered along with the connection between the
Sahel and the SAWPSMregion, changes in Sahel rainfall and SAWPSMprecipitation
may be out of phase (Feudale and Kucharski 2013).
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Fig. 7.8 Time series (bar) of
a JAS rainfall over the Sahel
in the PRECL precipitation
data, b June-August (JJA)
SAWPSM precipitation in
the NCEP reanalysis data,
c JJA SAWPSM
precipitation in the ERA40,
and d JJA SAWPSM
cloudiness. The black curve
indicates the weighted
running average with 9-year
Lanczos low-pass filter of
each time series. After He
et al. (2017)

Fig. 7.9 Differences
between 1980–1989 and
1960–1969 (1980–1989
minus 1960–1969) in a JAS
Sahel rainfall in the PRECL
precipitation data, b JJA
SAWPAM precipitation in
the NCEP reanalysis data,
and c JJA SAWPAM
precipitation in the ERA40
reanalysis data. The boxes
define the Sahel (a) and
SAWPSM (b and c) areas.
Stippling denotes the 95%
confidence level based on
Student’s t-test. After He
et al. (2017)
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Fig. 7.10 Differences in
JAS divergent wind (vector)
and velocity potential
(shading) at a 250 hPa and
b 925 hPa between
1980–1989 and 1960–1969
(1980–1989 minus
1960–1969). Only the
vectors significant at the
95% confidence level
(Student’s t-test) are plotted.
After He et al. (2017)

Fig. 7.11 Climatology of
JAS OLR from 1979 to
2010. The boxes define the
regions (A, W, and E) of
anomalous deep
convectional latent heating
for sensitivity experiments.
After He et al. (2017)

This increase in SAWPSM precipitation is probably linked to the increase in the
northern Indian Ocean and western Pacific SSTs (Xie et al. 2010), and to the increase
in their heating, whereas the high-frequency variation of Sahel rainfall results from
ENSO and tropical Atlantic SST (Ward 1998; Camberlin et al. 2001; Giannini et al.
2003). However, both the precipitation over the Sahel and that over the SAWPSM
region has increased since the 1990s (Fig. 7.8). Because of themuchmissing data over
the tropical oceans, the decrease in cloudiness since the 1980s, shown in Fig. 7.8d,
mainly reveals the features over the subtropical oceans, which indeed indicates an
opposite trend of precipitation over the subtropical oceans since the 1980s.
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7.3.2 Numerical Experiments with SAWPSM Latent Heating
Anomalies

To explore the possible influence of the decadal change in SAWPSM latent heating
on Sahel summer rainfall, the CESM 1.2.2 was employed (Kay et al. 2015). The
component set of F_2000_CAM5 was chosen. It features the CAM5 on 1.9° × 2.5°
grid and 26 levels. Experiments were forced by monthly climatology of SST and sea
ice from 1950 to 2010; other external forcing includes CO2, ozone, and aerosol with
their values set at those in 2000. Each model integration was 18 years from January
1st, 2000, and the mean values of the last 15 years are analyzed. Predicted heating of
deep convection was multiplied by an invariant coefficient over different parts of the
SAWPSM region in several sensitivity experiments from June to September when
the predicted heating of deep convection in the model was positive for each air parcel
at each integration step. Specific coefficient is chosen according to the interdecadal
change in the Sahel or SAWPSM precipitation (Table 7.1).

The first experiment, referred to as Exp SEN_A, was performed to identify the
effect of the heating anomaly over the whole SAWPSM region on Sahel rainfall. In
this experiment (Fig. 7.12a), precipitation increases substantially over the northern
SAWPSM region but diminishes slightly over the southern SAWPSM. These features
of precipitation indicate that precipitation increases due to the increase in SAWPSM
latent heating. The local responses of precipitation to the heating anomaly in the
model match the general features of the observed precipitation anomaly. In accor-
dancewith the observedSahel rainfall, the precipitation over theSahel regiondeclines
with enhanced SAWPSM heating (Fig. 7.8a). At the same time, there exist anoma-
lous rising motion over the SAWPSM region and anomalous sinking motion over the
Sahel region (Fig. 7.13a). Over the SAWPSM region, anomalous moist convective
heating is balanced by the adiabatic cooling associated with the ascent (Rodwell and
Hoskins 1996).

Table 7.1 List of model experiments and experimental design

Exp Region applied Heating
coefficient

Integration (year) Spin up
(year)

CON/CON_60/CON_80 None \ 18 3

SEN_A 70°–150° E, 10°
S–30° N

1.1

SEN_W 70°–110° E, 10°
S–30° N

1.1

SEN_E 110°–150° E,
0°–20° N

1.1

SEN_COOL1 70°–150° E, 10°
S–30° N

0.8

SEN_COOL2 20° W–35° E,
10°–20° N

0.8
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Fig. 7.12 a Differences in JAS precipitation between SEN_A and CON, b between SEN_W and
CON, c betweenSEN_EandCON,d betweenSEN_COOL1andCON, and e betweenSEN_COOL2
and CON. The boxes indicate the anomalous heating regions for sensitivity experiments. Stippling
denotes the 95% confidence level based on Student’s t-test. After He et al. (2017)

Fig. 7.13 Differences in
JAS a omega and zonal wind
(vector), and meridional
wind (shading) at 14.2° N
between SEN_A and CON,
and b water vapor flux
(vector) and its divergence
(shading) at 900 hPa
between SEN_E and CON.
The meridional winds and
vectors denote the changes
are statistically significant at
the 95% confidence level
based on Student’s t-test.
Omega is scaled so that the
vertical motion is visible.
After He et al. (2017)
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The features of the anomalous circulation indicate an enhancement of the zonal
cell of the Asian summer monsoon circulation that links the Sahel and tropical
Asia (Yang et al. 1992). Additionally, there are anomalous southerlies below the
maximum rising motion over the SAWPSM region and anomalous northerlies below
the maximum sinking motion over the Sahel. The anomalous northerlies are caused
by the vortex shrinking associated with the SAWPSM-induced sinking motion, in
agreement with the Sverdrup relation that a vertical column of air is squashed when
it moves toward the equator (Rodwell and Hoskins 2001). Thus, more water vapor is
transported from the Indian Ocean and the SCS to maintain stronger Asian monsoon,
whereas the Sahel region receives less moisture supply from the Gulf of Guinea.

Weconducted additional experiments by increasing the heating of deep convection
over Southeast Asia and the western North Pacific (WNP), respectively (Fig. 7.11),
referred to as Exps SEN_W and SEN_E, to identify the atmospheric responses over
surrounding regions to these heating anomalies. The features of the summermonsoon
over Southeast Asia are unlike those over the WNP. These two monsoons exhibit
different life cycles and are characterized by different moisture influxes and modes
with different symmetric and asymmetric components (Murakami et al. 1999). There-
fore, they should be investigated separately. Moreover, we reduced the heating over
the SAWPSM region in Exp SEN_COOL1 and reduced the heating over the Sahel
region in Exp SEN_COOL2. Exp SEN_COOL1 was conducted to make clear the
linear atmospheric response, which implies anomalies on the condition of decreased
SAWPSM heating, and such anomalies are the inverse of those when SAWPSM
heating increases. If that is the case, an increase in Sahel rainfall is then expected.
Exp SEN_COOL2 is aimed to discern the feedback effect of decreased Sahel rainfall.
In Exp SEN_W (Fig. 7.12b), precipitation increases over South Asia and decreases
over the Sahel. Meanwhile, there is an anomalous atmospheric circulation similar to
that in Exp SEN_A. In Exp SEN_E (Figs. 7.12c and 7.13b), precipitation increases
over the SAWPSM region and diminishes over the Sahel. Similar to Exp SEN_A,
there exists an anomalous vertical motion, which connects the Sahel and tropical
Asia. Furthermore, an intensification of the WNP monsoon heating is accompanied
by an increase in South Asian monsoon precipitation, which overlaps with a cyclonic
anomaly in the lower levels of the atmosphere (Fig. 7.13b). The cyclonic anomaly
may be caused by the increasing heating to its east, in agreement with the Gill-type
response (Gill 1980).

In Exp SEN_COOL1 (Fig. 7.12d), the precipitation reduction over the SAWPSM
region results in an increase in Sahel rainfall. Within this limit, the Sahel summer
rainfall changes monotonously along with the change in the precipitation over the
SAWPSM region (Fig. 7.12a, d). In Exp SEN_COOL2 (Fig. 7.12e), a decrease in
Sahel rainfall results in a slight increase in precipitation over the SAWPSM region
through the enhancement of the thermally-driven zonally asymmetric circulation.
This feature indicates a positive feedback between Sahel rainfall and the precipitation
over the SAWPSM region. In other words, the enhanced SAWPSMmonsoon heating
diminishes Sahel rainfall and local latent heating. In return, the diminished rainfall
and latent heating slightly increase the originally enhanced SAWPSM precipitation.
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Fig. 7.14 Differences in JJA
precipitation between Exps
CON_80 and CON_60 (Exp
CON_80 minus Exp
CON_60). After He et al.
(2017)

In addition, Exps CON_60 and CON_80 were performed to distinguish whether
the global SST changes are the main cause of the SAWPSM heating anomaly. All the
settings in Exps CON_60 and CON_80 are the same as those in Exp CON, except
for the monthly climatology of SST and sea ice: for Exp CON_60, the period is
from 1960 to 1969, whereas for Exp CON_80, the period is from 1980 to 1989.
Although there exist some disparities between the results from the model and those
from the observation, comparedwith ExpCON_60, the precipitation in ExpCON_80
increases substantially over the western Pacific and the Bay of Bengal (BOB) instead
of the Strait ofMalacca and decreases slightly near the equator (Fig. 7.14). Themodel
responses to the SST anomalies match the general features of observed precipitation
anomaly. The results from Exps CON_60 and CON_80 imply that the global SST
change can be a primary cause of the SAWPSM heating anomaly (Xie et al. 2010).
Further research is needed to reveal the mechanism at work.

7.3.3 Summary and Discussion

From the 1960s, the Sahel region has experienced summer rainfall deficit. The rain-
fall variations from seasonal to interdecadal timescales have generated substan-
tial research interests due to the drought. Note that an interdecadal change in the
SAWPSM latent heating emerged along with the change in Sahel rainfall (Fig. 7.8).
In this subsection, we pay close attention to the role of the monsoon–desert mech-
anism in Sahel rainfall reduction. Meanwhile, there exists an enhancement of the
zonal cell of the Asian summer monsoon circulation. The circulation connects the
Sahel with the SAWPSM region (Fig. 7.10). Also, a negative correlation is found
between Asian heating and Sahel rainfall on the interdecadal timescale (with a corre-
lation coefficient of −0.58, which significantly exceeds the 99% confidence level).
On the contrary, the increased heating does not reduce the rainfall variability on the
interannual timescale (with a correlation coefficient of 0.22, significant at the 90%
confidence level).
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The absence of a negative correlation between the two since the 1990s, is another
interesting feature (Fig. 7.8). Note that the Atlantic multidecadal oscillation switched
to its warm phase in the early-1990s, and the warm SST may weaken the longitu-
dinal heating gradient over Afro-Eurasia. Consequently, weakening occurs in the
thermally-driven zonal cell of the Asian summer monsoon circulation (Song et al.
1992), and in the Rossby wave propagation from Asia to the Atlantic along with
anomalous westerlies. The weakening in these two factors implies a decline in the
monsoon–desert coupling. In addition to the weakening in the circulation, the warm
Atlantic multidecadal oscillation phase itself can generate anomalous westerlies with
moist air to increase Sahel rainfall (Knight et al. 2006). To reveal the dominant
mechanism, further investigation is needed.

The results of several numerical experiments designed to examine this
phenomenon also showed that the enhanced heating over different parts of the
SAWPSM region exerts a remote dynamic effect on Sahel rainfall. The Asian
monsoon conveys signals to the west through two mechanisms. One is the Rossby
wave propagation to the west, which is induced by diabatic heating of the Asian
monsoon (Rodwell and Hoskins 2001). The propagation of the wave produces
sinking motion over Africa. The other is the transverse circulation connecting the
Sahel region and SAWPSM region. The circulation is modulated by the longitudinal
heating gradient over Afro-Eurasia, for instance, between the Sahel and SAWPSM
region (Fig. 7.13a) (Song et al. 1992). The results from the numerical experiments
in this subsection support the two mechanisms stated above. Thus, the role of the
monsoon-desertmechanism in Sahel rainfall reduction is confirmed. Further research
is needed to explore the role of the monsoon-desert mechanism under the influence
of oceans. In Exp SEN_COOL2, a change in convection over the Sahel affects the
Asian monsoon by enhancing the longitudinal heating gradient. Then, reinforcement
occurs in the transverse Asian summer monsoon circulation, along with the increase
in SAWPSM precipitation.

Note that although it may not be optimal to multiply the predicted heating of deep
convection by an invariant coefficient, this method should be sufficient to confirm the
linkage between Sahel rainfall and SAWPSM precipitation. The fact that the local
responses over the Sahel and SAWPSM region to the heating anomaly match the
features of the observed precipitation anomalies also confirms the effectiveness of
the method (Figs. 7.9 and 7.12). Nonetheless, it is suggested to replace the predicted
heating in themodel with amodel-derived latent heating climatology in further inves-
tigation. Apart from applying model-derived heating, coupled experiments are also
proposed to explore the role of air–sea interaction induced by the heating anomaly
over the SAWPSM region in future. The reason is that the along-shore anomalous
northerlies over the Sahel induced by the heating anomaly (Fig. 7.13a), may result
in offshore Ekman transport and upwelling, which can lead to cold SSTs. Conse-
quently, the intertropical convergence zone (ITCZ) may shift to the south (Philander
et al. 1996), with less Sahel summer rainfall. In addition, the causes of increased
heating and its relationship with the warming in the northern Indian Ocean await
future studies.
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7.4 Impact of Precipitation and Associated Latent Heat
Release Over South China Sea and Western Pacific
on Global Climate During Boreal Spring and Summer

The latent heat release in the troposphere undoubtedly is important for the large-scale
atmospheric circulation changes (Matsuno 1966; Webster 1972). Previous studies
showed that the east-west asymmetric circulation in the tropics can be illustrated
by solutions due to heating placed in specific areas (Gill 1980). The location and
magnitude of the westerly jet stream is also modulated by the tropical heating in the
boreal summer (Yang and Webster 1990). Rodwell and Hoskins (2001) pointed out
that the equatorward portion of each subtropical anticyclone may be viewed as the
Kelvin wave response to monsoon heating over the continent to the west. In the upper
troposphere, the decadal intensification of upper-troposphere temperature maximum
over the Asian continent in the boreal summer may be attributed to the increasing
latent heating over East Asia (Wu et al. 2015). Therefore, it is worth investigating the
changes of latent heating over the SCS and its surrounding regions under the global
warming background, and their climate effects. These studies can provide us a new
understanding of global climate change.

7.4.1 Recent Change in Precipitation

Global warming is one of the most significant climate change signals at the Earth’s
surface. According to the recent Fifth Assessment Report (AR5) of the Intergovern-
mental Panel on Climate Change (IPCC 2013), the GHGs increased rapidly after
the 1950s, and the rise of surface temperature from the 1950s to the present almost
contributed 85% of the total warming from the 1850s to the present. To identify the
changes in surface temperature and precipitation under recent global warming, we
first define two climate mean states to distinguish climate background between rela-
tively low and relatively high global warming states. The climatemean of 1949–1958
is regarded as the relatively low global warming climate state, and the climate mean
of 1999–2008 is regarded as the relatively high global warming climate state. Their
difference represents the total climate response to recent global warming effect.

Based on the above definitions, we examine the spatial differences in surface
temperature from the Goddard Institute for Space Studies (GISS) data set, SST
from the Hadley Centre Sea Ice and Sea Surface Temperature data set (HadISST),
and precipitation from the NOAA Precipitation Reconstruction data set (PREC)
between the two states (Fig. 7.15). For the observed June–July–August (JJA) surface
temperature (Fig. 7.15a), the strongest warming over land covers the central and
northeastern Asian continent, and the strongest warming over the ocean occurs in the
tropical Indian Ocean. A similar SST warming pattern can be found in the HadISST
(Fig. 7.15b), but the warming in the tropical oceans is somewhat weaker. Different
from the consistent warming pattern of SST, the changes in JJA precipitation show
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Fig. 7.15 Differences in JJA
mean fields between the
relatively high global
warming state (1999–2008
mean) and the relatively low
global warming state
(1949–1958 mean) for
a GISS SST (°C) and
b HadISST (°C). c Same as
(a), except for precipitation
(mm day−1) in PREC. The
black contours in (c) denote
the 1000 and 3000-m
topography. Stippling
denotes the value exceeds the
95% confidence level based
on Student’s t-test. (After He
et al. 2016)

large regional features (Fig. 7.15c). Precipitation increases significantly over the
SCS, the western Pacific Ocean, and southern China, while it decreases significantly
over the BOB, the India subcontinent, the Arabian Sea, the tropical Indian Ocean,
and northern China. Theoretically, these changes in precipitation also represent the
spatial pattern changes of latent heat release in the middle troposphere.

The changes in precipitation are connected with the changes in atmospheric
circulation anomaly. Here, we show some observed evidence from the SLP and
clouds in the International Comprehensive Ocean–Atmosphere Data Set (ICOADS).
Figure 7.16 shows the difference in JJA mean between the high and low global
warming states defined above. SLP drops significantly over the SCS and WNP
but increases over the entire Indian Ocean. This pattern is highly consistent with
that of precipitation (Fig. 7.15c). From the viewpoint of atmospheric dynamics, the
decreased SLP suggests that convergence and ascending atmospheric motion may
be intensified over the SCS and WNP, while the increased SLP implies that diver-
gence and descending motion may be dominant over the Indian Ocean. Moreover,
Fig. 7.16b, shows increased cloud cover over the SCS and the WNP, while a clear
reduction in cloud cover over the BOB and the tropical Indian Ocean. Therefore,
the differences in the changes of SLP, clouds, and precipitation suggest latent heat
release has been strengthened over the SCS and WNP, but weakened over the Indian
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Fig. 7.16 a Difference in
JJA mean SLP (hPa)
between the relatively high
global warming state
(1999–2008 mean) and the
relatively low global
warming state (1949–1958
mean) using the ICOADS.
b Same as in (a), except for
the observed cloud cover
(okta) using the ICOADS.
Stippling denotes the value
exceeds the 95% confidence
level based on Student’s
t-test. (After He et al. 2016)

Ocean during recent decades. This observation evidence is consistent with the study
of Annamalai et al. (2013).

7.4.2 Teleconnection of Precipitation and Atmospheric
Circulation Anomaly

It is well known that teleconnection patterns link the variability of extratropical large-
scale circulation with tropical heating (Wallace and Gutzler 1981; Simmons 1982;
Simmons et al. 1983; Kasahara and Silva Dias 1986). Extensive studies (Ferranti
et al. 1994; Graham et al. 1994; Kumar et al. 1994; Lau and Nath 1994; Kharin 1995)
showed that the tropical SST and associated latent heating can affect extratropical
atmospheric circulation via Rossby wave train in the upper troposphere. As summa-
rized in Trenberth et al. (1998), the distribution of deep convection varies along with
the changes in heating, low-level convergence, and upper-level divergence, thereby
altering the generation of atmospheric vorticity and forcing large-scale atmospheric
Rossby waves that can propagate into higher latitudes.

To investigate possible connections of latent heating over the SCS and its
surrounding regions with extratropical atmospheric circulation anomaly during the
boreal spring, we first identify the major modes of the latent heating in these areas
(40°–160° E, 20° S–30° N), which mainly cover the Indian Ocean, SCS, the western
Pacific, the Maritime Continent, and South Asia. Due to consistency in spatial and
temporal variation, precipitation is often used to infer condensational heating by
simply multiplying the latent heating coefficient (Li et al. 2012). For simplicity,
we examine the major modes of the empirical orthogonal function (EOF) in the
observed precipitation in the following, instead of studying condensational heating.
The monthly GPCP data during MAM from 1979 to 2014 is used.
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Fig. 7.17 Spatial patterns of the first EOF mode (EOF1) of precipitation in a March, b April,
and c May during 1979–2014 from the GPCP data. d, e, and f are the same as (a), (b), and (c),
respectively, except for EOF2. The explained variance is shown on the top right of each panel.
The black rectangle denotes the region (120–155° E, 15° S–10° N) in (a) and (b), and the region
(90–150° E, 5°–20° N) in (c). (After He and Yang 2018)

The spatial pattern of the first two modes is shown in Fig. 7.17. During March,
the first EOFmode (EOF1) accounts for 20% of the total variance (Fig. 7.17a), while
the second EOF model (EOF2) only accounts for 9.5% (Fig. 7.17d). The EOF1
pattern shows a positive phase over the Maritime Continent and western tropical
Pacific (WTP), with a maximum over the southern PhiSea (Fig. 7.17a). The EOF2
pattern shows two obvious negative centers over the tropical Indian Ocean andWTP
(Fig. 7.17d). The spatial patterns of EOF1 and EOF2 in April (Fig. 7.17b, e), show
similar patterns as those in March (Fig. 7.17a, d), except that the intensity over
the PhiSea is somewhat weaker. However, the EOF1 pattern in May (Fig. 7.17c) is
substantially different from those in March and April, due to the Asian summer
monsoon onset. The positive phase in May covers the BOB, the SCS, and the
PhiSea, while the negative phase covers the entire southern Indian Ocean. The EOF2
(Fig. 7.17f), shows an overall negative phase in South Asia, the Indian Ocean, and the
tropics, which accounts for 9.2% of the total variance. The above analysis suggests
that the major mode of precipitation appears in the WTP region in recent decades.
To find the associated teleconnection patterns of the precipitation major modes in
the WTP during the boreal spring, we show correlation, regression, and composite
analysis next.

Figure 7.18 shows the correlation coefficients between the time series of EOF1
(PC1) and the geopotential height field in the upper, middle, and lower troposphere,
respectively. At 200 hPa (Fig. 7.18a, d, g), large negative values appear over the
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Fig. 7.18 Spatial patterns of Pearson’s correlation coefficient between the time series of precipi-
tation EOF1 and geopotential height for a 200 hPa, b 500 hPa, and c 850 hPa in March. d–f Same
as (a–c), except for April. g–i Same as (a–c), except for May. Stippling denotes the value exceeds
the 95% confidence level of Student’s t-test. (After He and Yang 2018)

tropics in all spring months, which indicates that increase in tropical heating lowers
the pressure associated with the change in theWalker circulation. In the extratropics,
two Rossby wave trains occur in both hemispheres in March (Fig. 7.18a), but the
wave train pattern is clearer in the Northern Hemisphere, which is characterized by
three positive and two negative geopotential height anomalies across the Asian and
North American continents (Fig. 7.18a). The correlation becomes weaker in April
and May (Fig. 7.18d, g). At 500 hPa, the correlation patterns of MAM (Fig. 7.18b,
e, h) are all similar to those at 200 hPa, except that the correlations are weaker in the
extratropical regions. However, in the lower troposphere (850 hPa), the correlation
patterns show substantially different features from those at 200 and 500 hPa. The
negative correlation over Asia-Pacific is the dominant signal in all spring months
(Fig. 7.18c, f, i), and the strongest signal presents in March.

The above analysis implies that the teleconnection between WTP precipitation
and extratropical atmospheric circulation anomaly is more solid in March than in
April and May. We also obtain the regressions of geopotential height, SLP, and air
temperature to the precipitation PC1 in March (Fig. 7.19). The regression pattern
for 200 hPa geopotential height shows a series of anticyclone-cyclone circulation
anomalies in the high latitudes (Fig. 7.19a), and resembles the correlation pattern
(Fig. 7.18a). The extratropical response of geopotential height is more apparent
than the tropical response at 500 hPa (Fig. 7.19b), which is in phase with that at
200 hPa and is consistent with the regressions of SLP (Fig. 7.19c). In the subtropics,
under the constraints of quasi-geostrophic balance, hydrostatic balance, and thermal
wind balance, the air temperature anomaly is often in phase with the upper-level
geopotential height anomaly (Wu et al. 2015). Therefore, we show the regressions
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Fig. 7.19 Regression patterns of standardized time series of precipitation EOF1 in March on
geopotential height and wind at a 200 hPa and b 500 hPa. c Same as (a), except for SLP (1000 hPa
for wind). d–f Same as (a), except for air temperature at d 200 hPa, e 500 hPa, and f 925 hPa.
Stippling denotes the value exceeds the 95% confidence level based on Student’s t-test. (After He
and Yang 2018)

of air temperature at 300, 500, and 925 hPa in Fig. 7.19d–f, respectively. These
results indicate that the spatial distributions of temperature and geopotential height
regressions in the upper troposphere are highly consistent with those in the lower
troposphere, known as equivalent barotropic structure. This is helpful for us to infer
that the variation of near-surface temperature over the extratropical regions can be
attributed to tropical heating and the associated teleconnection pattern. In summary,
the above analyses indicate that the intensified WTP precipitation in March leads
to an equivalent barotropic Rossby wave train from South Asia to North America
in the upper troposphere, which causes surface warming over the North American
continent.

Next, we investigate the associated changes in SST and surface air temperature
using composite analysis. Based on the precipitation PC1 in March, we list the
composite years in Table 7.2. The years when the PC1 is above (below) its 0.5 (−0.5)
standard deviation are recognized as the years of strong (weak) WTP precipitation.

The SST differences (Fig. 7.20a), indicate a La Niña pattern, with strong nega-
tive anomalies over the central and eastern tropical Pacific and positive anoma-
lies over the WTP. This result suggests that the warmer SST could trigger stronger
moist convection and intensifies latent heat release in the middle troposphere in the
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Table 7.2 Strong and weak years of precipitation in March (Fig. 7.17a), from 1979 to 2014, based
on the criterion of 0.5 standard deviation of the standardized PC1

Strong years 1982, 1986, 1988, 1989, 1999, 2000, 2001, 2004, 2006, 2008, 2011, 2012

Weak years 1981, 1983, 1987, 1991, 1992, 1993, 1997, 1998, 2002, 2010, 2014

Fig. 7.20 Differences in a SST (K), b 2-m air temperature (K), c 200 hPa geopotential height, and
d 500 hPa air temperature (K) in March between strong and weak precipitation years defined in
Table 7.2. Stippling denotes the value exceeds the 95% confidence level. (After He and Yang 2018)

WTP region. The composite 2-m air temperature (t2m) overland (Fig. 7.20b), illus-
trates strong surface warming mainly appearing over the North American continent.
The composite 200 hPa geopotential height (Fig. 7.20c) and 500 hPa temperature
(Fig. 7.20d), present similar patterns, as shown in the correlation map (Fig. 7.18a)
and regression map (Fig. 7.19a). Therefore, correlation, regression, and composite
analysis together provide a clear image that the SST warming in the WTP triggers
local moist convection; this causes strong precipitation and associated condensa-
tional heating in the middle troposphere, and induces Rossby wave propagation in
the upper troposphere from theWTP toNorthAmerica andwarm the surface climate.
However, it is not clear why this physical process is only seen in March during the
boreal spring.

To understand the Rossby wave propagation features in the boreal spring, we
investigate the key elements that control the propagate in the upper troposphere.
Previous theoretical studies (Hoskins et al. 1977; Hoskins and Karoly 1981; Webster
1981, 1982; Hoskins and Ambrizzi 1993; Ting and Sardeshmukh 1993), proposed
that the westerly jet is the waveguide of the Rossby wave propagation. The extrat-
ropical Rossby wave propagation related to tropical heating can be understood using
the vorticity equation. For simplicity, the linearized vorticity equation about a basic
state consisted of a zonal mean flow on the β plane (Trenberth et al. 1998) is used
here

(
∂

∂t
+ [ū] ∂

∂x

)
∇2ψ ′ + ∂ψ ′

∂x

(
β − ∂2[ū]

∂y2

)
= Q (7.1)
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where [ū] denotes climatological zonal flow, ψ ′ is perturbation stream function,
and Q is vorticity forcing, i.e., the heating anomaly. A Wentzel–Kramers–Brillouin
(WKB) solution to Eq. (7.1), exists in the form ofψ ′ = A exp[i(kx + ly−σ t)], with
a dispersion relation of

σ = [ū]k − β∗k
K 2

(7.2)

where

β∗ = β − ∂2[ū]
∂y2

(7.3)

Equation (7.3) is themeridional gradient of absolute vorticity, and K = (k2+l2)1/2

is the total wavenumber. For stationary Rossby waves (σ = 0),

K =
(

β∗
[ū]

)1/2

(7.4)

Therefore, Rossby wave propagation is largely affected by the mean zonal flow,
the meridional gradient of vorticity, and the β effect. This helps us to understand
why the teleconnection patterns in March, April, and May are different.

Based on Eq. (7.4), we show the climatological mean 200 hPa zonal wind, diver-
gence, and vorticity, respectively, in Fig. 7.21. The strong divergence (blue contour)
in the upper troposphere is in the same location as the strong precipitation in the
WTP region. Although the distributions of divergence in March (Fig. 7.21a), April
(Fig. 7.21b), andMay (Fig. 7.21c) are similar, the intensity of the westerly jet stream,

Fig. 7.21 Climatological
mean (1979–2014) 200 hPa
zonal wind (shading; m s−1),
divergence (blue contour; 2
× 10−6 s−1) and vorticity
(red dashed contour; −3 ×
10−5 s−1) in a March,
b April, and c May. (After
He and Yang 2018)
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especially that over East Asia, is strongest in March than in the other two months.
Specifically, [ū] exceeds 50 m s−1 over southern Japan in March, associated with
strong vorticity (red dashed contour) to the south of the westerly jet stream where
the meridional gradient of [ū] is strong (Fig. 7.21a). In April (Fig. 7.21b), both
[ū] and vorticity are weakened above Japan. In May (Fig. 7.21c), the westerly jet
stream breaks down over the eastern subtropical Pacific and vorticity forcing is not
apparent. The above results indicate that the teleconnection between the major mode
of latent heating over the WTP and surface temperature change over North America
is sensitive to the change in the intensity of westerly jet stream during the boreal
spring.

7.4.3 Heating Effect During Boreal Summer

The local and remote effects of latent heat release in the WTP region documented
in Sect. 7.4.2, are further studied by a series of numerical simulations next. To
investigate the influences of heating over the WTP on Asian summer climate, five
experiments are carried out (Table 7.3). Two types of control runs are based on atmo-
spheric general circulation model (AGCM) SAMIL2 and coupled GCM (CGCM)
FGOALS-s2, respectively. SAMIL2 (version 2 of the spectral atmospheric model)
and FGOALS-s2 (Flexible Global Ocean-Atmosphere-Land System Model spectral
version 2) are developed at the State Key Laboratory of Numerical Modeling for
Atmospheric Sciences and Geophysical Fluid Dynamics, Institute of Atmospheric
Physics (LASG/IAP). The first control experiment (CON) is performed by using
SAMIL2 with the climatological mean SST from 1949 to 1958. The model is inte-
grated for 30 years, and the mean fields of the last 20 years are analyzed. The second

Table 7.3 Experiment design

Exp Description

CON AGCM run, the climatology SST from 1949 to 1958 is used as low boundary, and
other external forcing is prescribed by the 1949 values. The model is integrated for
30 years

CON_CP CGCM run, the external forcing is the same as in CON but SST is simulated. The
model is integrated for 50 years

SEN AGCM run, the climatological SST from 1999 to 2008 is used as low boundary,
and other external forcing is prescribed by the 1999 values. The model is
integrated for 30 years

HEAT AGCM run, the same SST and other external forcing as in CON, but a specific
heating profile is added in the region (110°–150° E, 0°–30° N) during JJA. This
specific heating is derived from the monthly mean outputs from SEN minus those
from CON in the same region. The model is integrated for 30 years

HEAT_CP CGCM run, the same as HEAT but SST is simulated. The model is integrated for
50 years
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control experiment (CON_CP) is performed by using FGOALS-s2. The model setup
is the same as CON, except that SST is simulated in CON_CP. The model is inte-
grated for 50 years, and the mean fields of the last 20 years are analyzed. Three
sensitivity runs are then performed to identify the atmospheric response to the WTP
heating. The first sensitivity experiment is referred to as SEN, using SAMIL2 with
the climatological mean SST from 1999 to 2008, while other external forcing is
set to their values in 1999. The difference between SEN and CON denotes climate
changes in response to global warming. To distinguish the effect of heating over the
WTP, another sensitivity experiment (Exp HEAT) is performed, in which external
forcing is the same as in CON, but heating is added over the region (110°–150° E,
0°–30° N) during JJA. This specific heating is the monthly mean difference between
SEN and CON outputs in the same region. Finally, to study the air–sea interaction
induced by the WTP heating, a coupled experiment (HEAT_CP) is performed using
FGOALS-s2. All the settings are exactly the same as in CON_CP, except for adding
the same heating as in Exp HEAT. The model integrates 50 years and the results of
the last 20 years are analyzed.

The basic model response to global warming is shown in Fig. 7.22a. The JJA
mean precipitation difference between SEN and CON shows a substantial increase
over theWTP region and decreases over the southern slope of the TP and the Arabian
Sea. This pattern is similar to the observed (Fig. 7.15c). The associated total column
heating change (Fig. 7.22b), is similar to the precipitation pattern (Fig. 7.22a), which
implies the change of the total atmospheric heating is dominated by the condensation
heating in the free troposphere.

We derive the heating difference profile from SEN and CON (SEN minus CON),
and show the regional (110°–150° E, 0°–30° N) mean vertical diabatic heating
profiles of JJA in Fig. 7.22c. The total diabatic heating reaches its maximum over
400–500 hPa in both experiments as in the ERA40 Reanalysis. The heating profiles
of CON, CON_CP, and ERA40_B (1958–1967 mean in ERA40 Reanalysis), which
represent the relatively low global warming state, closely match each other. Note that
the heating profiles of both Exp HEAT (red line) and HEAT_CP (blue line) are close
to that of SEN, indicating that our sensitivity experiments successfully capture the
heating characteristics over the WTP region under the global warming.

The responses of summer monsoon precipitation and 850 hPa winds to the WTP
heating are derived by the difference of Exp HEAT and CON (Exp HEAT minus
CON; Fig. 7.23a) and of HEAT_CP minus CON_CP (HEAT_CP minus CON_CP;
Fig. 7.23b). It is not surprising that the local precipitation, where heating is added,
increases significantly. However, precipitation decreases over the southern slope
of the TP in South Asia, consistent with the feature over the continental South
Asia in the observation (Fig. 7.15c). At 850 hPa, a cyclone appears over the SCS
and western Pacific, and the cross-equatorial flow also intensifies over the tropical
Indian Ocean.When the air–sea interaction is considered (Fig. 7.23b), the magnitude
of the increased precipitation over the WTP decreases, and the positive precipita-
tion anomaly over the BOB also weakens to a large extent. Additionally, the east-
erly anomaly at 850 hPa near the equator in the AGCM run (HEAT minus CON)
(Fig. 7.23a) vanishes in the coupled experiment of (HEAT_CP minus CON_CP)
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Fig. 7.22 a Difference in
JJA precipitation
(mm day−1) between CON
and SEN (SEN minus CON).
Stippling denotes the value
exceeds the 95% confidence
level based on Student’s
t-test. The black contours
denote the 1000- and 3000-m
topography. b Difference in
total column latent heating
(W m−2) between SEN and
CON. c Total diabatic
heating profile (K d−1) for
the region (110°–150° E,
0°–30° N) in each
experiment. (After He et al.
2016)

(Fig. 7.23b). Moreover, the precipitation pattern in the CGCM run (HEAT_CPminus
CON_CP) (Fig. 7.23b), is closer to the observed one (Fig. 7.15c), than that in the
AGCM run (HEAT minus CON) (Fig. 7.23a), which indicates that the active air-sea
coupling is important in regulating the Asian summer monsoon.

To understand the decrease in monsoon precipitation over the continental South
Asia,we analyze the subtropical dynamics according to the vertically inhomogeneous
diabatic heating theory (Liu et al. 2001a, b;Wu andLiu 2003). An increase in diabatic
heating forces local ascending motion based on the thermodynamical constraint, and
the intensity of vertical velocity is proportional to the magnitude of diabatic heating
(Matsuno 1966; Gill 1980). Here, the changes of vertical velocity in the upper and
lower troposphere are proportional to the heating added. At the surface, the vertical
velocity anomalies are weak in both AGCM run of name (Fig. 7.24e) and CGCM
run of name (Fig. 7.24f), since the added heating at the surface is weak (Fig. 7.22c).
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Fig. 7.23 a Differences in JJA precipitation (shading; mm day−1) and 850 hPa wind (vector;
m s−1) between Exp HEAT and CON (Exp HEAT minus CON). The black contours denote the
1000 and 3000-m topography. Stippling denotes the value exceeds the 95% confidence level based
on Student’s t-test. b Same as in (a), except for the differences between HEAT_CP and CON_CP.
(After He et al. 2016)

Fig. 7.24 a Difference in JJA 200 hPa vertical velocity (hPa s−1) between Exp HEAT and CON
(Exp HEAT minus CON). The negative (positive) values indicate ascending (descending) motion.
Stippling denotes the value exceeds the 95% confidence level based on Student’s t-test. The black
contours denote the 1000 and 3000-m topography. c Same as (a), except for the difference at
500 hPa. e Same as (a), except for the difference at surface. b, d, and f are the same as (a), (c), and
(e), respectively, except for the difference between HEAT_CP and CON_CP. (After He et al. 2016)

However, maximum ascending motion appears at 500 hPa, where the maximum
heating is added, and the ascending motion further extends to the upper troposphere
(Fig. 7.24a, b). Under the quasi-geostrophic balance and thermal wind balance, the
adiabatic descendingmotion is forced just to the west of theWTP heating throughout
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the upper (Fig. 7.24a, b), middle (Fig. 7.24c, d), and lower troposphere (Fig. 7.24e,
f) over the South Asian continent, which dry northern India.

Liu et al. (2001a, b) revealed that in the region where the upward vertical gradient
of diabatic heating is positive, southerly wind will be triggered, causing a cyclonic
convergence. In our experiments, we see a robust response of water vapor conver-
gence over the SCS and western Pacific, which is induced by the heating added
(Fig. 7.25a, b). The moisture convergence is instrumental in increasing the precipita-
tion over the WTP. Meanwhile, the cyclonic circulation anomaly also causes north-
easterly wind over the continental South Asia, which leads to less water vapor being
transported to inland India. The adiabatic descending motion in the troposphere
provides a less cloudy condition over the South Asian continent (Fig. 7.25c, d), asso-
ciated with less precipitation and increased surface temperature (Fig. 7.25e, f). In
the coupled experiment (HEAT_CPminus CON_CP), the results are similar to those
in the AGCM run (HEAT minus CON) but SST decreases in the SCS and increases
in the tropical Indian Ocean in the coupled experiment (Fig. 7.25f), dynamically
coordinated with changes of precipitation (Fig. 7.23b).

Fig. 7.25 a Difference in JJA total column water vapor content (shading; kg m−2) and 850 hPa
water vapor flux (vector; kg m−1 s−1) between Exp HEAT and the CON (Exp HEAT minus CON).
Stippling denotes the value exceeds the 95% confidence level based on Student’s t-test. The black
contours denote the 1000 and 3000-m topography. b Same as (a), except for the difference between
HEAT_CP and CON_CP. c Differences in JJA total cloud cover (%) between Exp HEAT and CON.
d Same as (c), except for the difference between HEAT_CP and CON_CP. e Difference in JJA
surface temperature (°C) between Exp HEAT and CON. f Same as (e), except for the difference
between HEAT_CP and CON_CP. (After He et al. 2016)



7.4 Impact of Precipitation and Associated … 335

7.4.4 Heating Effect During Boreal Spring

As documented in Sect. 7.4.2, the teleconnection between the WTP heating and
climate change over North America is sensitive to the location of the heating and the
intensity of the westerly jet stream during the boreal spring. To better understand the
related physical processes, we conduct a series of sensitive experiments using both
Linear Baroclinic Model (LBM) and AGCM here.

Nine sensitive experiments are carried out (Table 7.4). A heating source of ideal-
ized ellipse located over the WTP region, with its center over (140° E, 5° N), is
prescribed in the model. The vertical structure of the heating source is an ideal-
ized latent heating, with a maximum heating rate of 9 K day−1 at 400 hPa. Three
basic backgrounds in the boreal spring are tested, which are named Exps TWP_Mar,
TWP_Apr, and TWP_May for March, April, and May, respectively. To compare the
Rossby wave propagation induced by the WTP heating with the heating over other
tropical regions, six additional experiments for the heating source over the central
tropical Pacific (Exps CP_Mar, CP_Apr, and CP_May) and over the western Indian
Ocean (Exps WIO_Mar, WIO_Apr, and WIO_May) are also performed for March,
April, and May, respectively.

For the three Exps TWP (Fig. 7.26), the 200 hPa geopotential height (HGT)
anomalies from different basic flows all show a positive anomaly in the forcing
region on day 1 (Fig. 7.26a, d, g), which is attributed to the local latent heating. On
day 3 (Fig. 7.26b, e, h), theHGT anomalies extend to the surrounding regions, similar
to the Gill-type pattern (Gill 1980). Additionally, weak Rossby wave propagating
to the high latitudes can be found in all three cases. On day 7 (Fig. 7.26c, f, i), the
Rossby wave propagation becomes different under these three basic flows. In March
(Fig. 7.26c), a Rossby wave path is clearly seen from East Asia to North America
with three pairs of positive/negative HGT anomaly centers, in which the anomalies
over the northwestern Pacific are the strongest. In April (Fig. 7.26f), the Rossby
wave propagation becomes weaker in the Northern Hemisphere, but stronger in the
Southern Hemisphere. In May (Fig. 7.26i), the HGT anomalies in the Southern
Hemisphere are stronger, while the anomalies over the Northern Hemisphere are

Table 7.4 Experimental
design for LBM simulations

Exp Center of heating Background field

TWP_Mar 140° E, 5° N March

TWP_Apr 140° E, 5° N April

TWP_May 140° E, 5° N May

CP_Mar 160° W, 5° N March

CP_Apr 160° W 5° N April

CP_May 160° W, 5° N May

WIO_Mar 60° E, 5° N March

WIO_Apr 60° E, 5° N April

WIO_May 60° E, 5° N May
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Fig. 7.26 Geopotential height anomaly (units: gpm) at 200 hPa in Exp TWP_Mar for a day 1,
b day 3, and c day 7. d–e Same as (a–c), except for Exp TWP_Apr. g–i Same as (a–c), except for
Exp TWP_May. (After He and Yang 2018)

weaker than those in April. In the above experiments, the heating forcing is identical;
therefore, the different Rossby wave propagation features are due to the change of
the basic flow. It is thus testified that the location and intensity of the westerly jet
stream are crucial for the teleconnection pattern in the Northern Hemisphere.

To understand the importance of heating location in producing Rossby wave,
two other groups of the experiments with the heating over the central Pacific and
western Indian Ocean are compared next. For the heating over the three Exps CP
(Fig. 7.27), the 200 hPa HGT anomaly patterns on day 1 (Fig. 7.27a, d, g) and day

Fig. 7.27 Geopotential height anomaly (gpm) at 200 hPa in Exp CP_Mar for a day 1, b day 3, and
c day 7. d–e Same as (a–c), except for Exp CP_Apr. g–i Same as (a–c), except for Exp CP_May.
(After He and Yang 2018)
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Fig. 7.28 Geopotential height anomaly (gpm) at 200 hPa in Exp WIO_Mar for a day 1, b day
3, and c day 7. d–e Same as (a–c), except for Exp WIO_Apr. g–i Same as (a–c), except for Exp
WIO_May. After He and Yang (2018)

3 (Fig. 7.27b, e, f), are similar as those in Exps TWP. However, on day 7, although
the basic backgrounds are different in CP_Mar (Fig. 7.27c), CP_Apr (Fig. 7.27f),
and CP_May (Fig. 7.27i), the HGT anomalies show a solid Pacific–North American
teleconnection pattern.

For the results from the three Exps WIO (Fig. 7.28). The HGT anomaly patterns
on day 1 (Fig. 7.28a, d, g) and day 3 (Fig. 7.28b, e, h), are similar to those in
Exps TWP and Exps CP. However, on day 7, a Rossby wave train is triggered from
tropical Africa to the North Pacific during March (Fig. 7.28c) and April (Fig. 7.28f).
Meanwhile, Rossby wave propagation becomes weaker in the Northern Hemisphere
and stronger in the Southern Hemisphere and is confined in the eastern hemisphere
in May (Fig. 7.28i).

The different Rossby wave propagations induced by these three heating sources
can be understood by the changes in heating location andwesterly jet stream intensity.
The westerly jet streams have two cores over the northwestern Pacific and North
America, respectively, and they weaken gradually from March to May. In Exps CP,
the heating source is just located at the entrance of the North American jet stream;
therefore, it can trigger a similar Rossby wave pattern from March to May under
all the basic flows. Similarity, in Exps WIO, the Rossby wave is able to propagate
along the East Asian jet stream from Central Asia to the western Pacific, but cannot
propagate east to North America. In Exps TWP, the westerly jet stream is strong,
with its maximum exceeding 60 m s−1 in March; but it weakens obviously from
April to May. Therefore, the Rossby wave propagation is only apparent in March; it
weakens and even ceases on the edge of the westerly jet stream in April and May. In
summary, whether the WTP heating can exert a remote influence on North America
depends on both the location of the heating source and the strength of the westerly
jet stream.
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Fig. 7.29 Difference
between SEN_M and
CON_M (SEN_M minus
CON_M) during March for
a SST (K) and
b precipitation (mm day−1)

SST (SEN_M - CON_M)

PR (SEN_M - CON_M)

The LBM simulations provide a clear physical picture on how the location of
atmospheric heating and intensity of thewesterly jet could influence the Rossbywave
propagation in the upper troposphere. However, the observed connections between
the precipitation over theWTP and the surface temperature over North America have
not been verified yet. In this subsection, we perform additional AGCM experiments
to test the connection of SST warming in the WTP and surface temperature change
in North America during March. The control experiment is named CON_M, which
is forced by climatological SST. Themodel is integrated for 35 years, and the outputs
from the last 30 years are used for analysis. The sensitivity run is named SEN_M,
which is the same as CON_M, except with prescribed SST anomaly in March only
in the WTP (130°–160° E, 0°–10° N) using the climatological values, as shown in
Fig. 7.29a.

The precipitation differences between SEN_M and CON_M are shown in
Fig. 7.29b. The precipitation not only increases over theWTP but also extends north-
ward to the mid-latitudes. Meanwhile, the deep convection also causes a decrease
in precipitation over the SCS and Maritime Continent. These simulation results are
consistent with those of He et al. (2016), which showed the summer latent heating
in the middle troposphere over the WTP generated local anticyclonic anomaly that
led to a strong divergence in the upper troposphere. Consequently, this divergence
caused descending anomalies on the west, leading to a decrease in precipitation on
the south slope of the TP.

In response to the increase of WTP precipitation and the associated condensa-
tional heating, the 200 hPa HGT anomaly (Fig. 7.30a), exhibits an apparent Rossby
wave train from southern China to North America. This pattern is similar to the
result from the LBM experiment TWP_Mar and the composite analysis, showing
negative and positive anomalies over western and central-eastern North America,
respectively. At the surface, the response of surface temperature (Fig. 7.30b), also
shows a similar pattern as the upper-tropospheric HGT, with cooling over northern
North America and warming over central-eastern North America, which is also close
to the observations. These results of AGCM experiments testify our hypothesis that
the atmospheric heating over theWTP triggered by local SSTwarming contributes to
the remote surface warming over North America through Rossby wave propagation.
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Fig. 7.30 Difference
between SEN_M and
CON_M (SEN_M minus
CON_M) during March for
a 200 hPa geopotential
height (gpm) and b surface
temperature (K) over land

hgt (SEN_M - CON_M)

Mar TS (SEN_M - CON_M)

7.4.5 Summary and Discussion

The main results of Sect. 7.4, can be concluded as follows. The observed changes in
JJA SST indicate a large increase in the SST of the Indian Ocean, the SCS, and the
western Pacific, with amaximum in the tropical IndianOcean, under global warming.
Different from the SST changes, the precipitation changes show a distinct east–west
spatial pattern, with increased precipitation over theWTP but decreased precipitation
over South Asia and the tropical Indian Ocean. The changes of the observed SLP,
clouds, and atmospheric circulations all indicate that moist convection intensifies
over the WTP and associated condensational heating increases in the troposphere.

During the boreal spring in recent decades, precipitation mainly occurs in the
WTP in March and April, and the main rain-belt shifts northward to the Indochinese
Peninsula and the SCS in May after the Asian summer monsoon onset. The EOF1 of
precipitation shows a strong positive center over theWTP, explains about 20% of the
total variance in March, which is the largest among the three spring months. Mean-
while, precipitation is strongly positive correlated with local SST inMarch, implying
that SST is an important trigger for the occurrence of local convection. Further anal-
ysis suggests that the WTP heating is an important Rossby wave source in the upper
troposphere. The strength of the westerly jet stream, which acts as a waveguide,
decreases substantially from March to May, and the strength of the Rossby wave
train decreases accordingly. The surface temperature over North America increases
in phase with the HGT anomalies aloft, as the vertical structure of the Rossby wave
train is equivalent barotropic.

The influences of increased condensational heating in the TWP on the Asian
summer climate are investigated by a series of sensitivity experiments using both
AGCM and CGCM. Results indicate that the WTP heating strengthens the upper-
tropospheric South Asian high and forms a cyclonic circulation below the lower-
tropospheric heating center.An adiabatic descendingmotion occurs in the continental
SouthAsia, andmoist convergence appears over the SCS andwestern Pacific regions.
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Thus, a positive feedback forms, which intensifies the dry and warm climate in
continental South Asia.

The Rossby wave propagation during the boreal spring is also testified using
the LBM and AGCM. The results suggest that only the heating prescribed over the
WTP on the south edge of the East Asian westerly jet core can produce an apparent
wave train from southern China to North America. Our AGCM experiments testify
a more physically meaningful feature, that is, the warming of WTP SST triggers
local convection and produces Rossby wave train in March, which, in turn, causes
an increase in surface temperature in central-eastern North America. These results
ensure the robustness of our conclusions.

These studies highlight the role of tropical heating on regulating global climate
in the boreal spring and fill a gap in the extensive studies that focused on the Rossby
wave propagation inwinter and summer seasons. Previous studies (Nitta 1987;Huang
and Sun 1992; Lau 1992), emphasized theWTP heating could produce Rossbywaves
that propagate northeastward in the boreal summer. The basic PJ pattern (Fig. 1 in
Nitta 1987), is a sandwich-type teleconnection with a positive correlation center east
of the SCS and two negative centers over Japan and New Guinea, respectively. The
correlation of heating with 500 hPa HGT (Fig. 17 in Nitta 1987), showed two pairs
of HGT anomalies across the Pacific from the east to the west. Therefore, an increase
in heating over the WTP leads to a decrease in surface air temperature over North
America in June. Lau (1992) roughly repeated the experiments in Nitta (1987). He
found that the Rossby wave train over the Pacific is sensitive to the heating over
95°–140° E. Meanwhile, the stream function showed a pair of negative and positive
anomalies over North America, which was somehow different from that in Nitta
(1987), but supported by our current study. These findings suggest that the location
and strength of heating and westerly jet stream are crucial in determining Rossby
wave pattern on the global scale.

7.5 Impacts of Climate Change in the Central-to-Western
Tropical Pacific on Arctic Climate

7.5.1 Expansion of the Central-Western Pacific Warm Pool
Under Global Warming

The SST in most of the central-western tropical Pacific (110° E–160° W) is higher
than 28 °C (Fig. 7.31), which is referred to as the central-western PacificWarm Pool.
The SST in the eastern tropical Pacific (145° W–80° W) is relatively cooler and is
often referred to as the cold tongue. This SST distribution contributes to the locations
of the rising branch and the sinking branch of theWalker circulation; the rising branch
largely determines the convection activity over the tropical Pacific Ocean.

In the past 60 years, the globally-averaged temperature has increased significantly.
Recent studies have shown that the SST, ocean heat content, and sea surface height
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Fig. 7.31 Indo-Pacific SST trend (°C 60 yr−1) and Warm Pool expansion (dashed contour for
1953–1959 average, and solid contour for 2000–2012 average). Figure is cited from Weller et al.
(2016)

of the central-western Pacific have significantly increased due to human activities,
resulting in an expansion of the central-western Pacific Warm Pool (Weller et al.
2016). Besides, the natural variability represented by the PDO also plays a role in
the expansion of the Warm Pool, but its contribution is less than one-tenth of the
GHG forcing caused by human activities (see Fig. 1c–d of Weller et al. 2016). In the
context of global change, the expansion of theWarm Pool area will inevitably lead to
changes in ENSO and convection in the tropical Pacific, and ultimately resulting in
changes of the large-scale climate modes via teleconnections of atmospheric bridges
(e.g., Wallace and Gutzler 1981; Hu et al. 2016b).

7.5.2 Shifting Mode of El Niño in the Contexts of Global
Warming and Warm Pool Expansion

With the global warming and theWarm Pool expansion, “Warm-Pool (WP) El Niño”
(Kug et al. 2009), has appeared more and more frequently in the past three decades
comparing to the traditional eastern Pacific (EP) El Niño (Fig. 7.32, red line), with
the maximum SST anomalies in the central tropical Pacific (Fig. 7.32, green line).
Different names have been used for this type of El Niño, such as the “western Pacific
El Niño” (Fu et al. 1986), “Dateline El Niño” (Larkin and Harrison 2005), “El Niño
Modoki” (Ashok et al. 2007), and “CP warming (CPW)” (Kim et al. 2009). We use
the name of central Pacific (CP) El Niño here, as in many studies (e.g., Graf 1986;
Kao and Yu 2009; Yu and Kim 2010; Graf and Zanchetti 2012).

Most of the warm SST anomalies related to CP El Niño are located in the central-
to-eastern part of the Pacific Warm Pool (Fig. 7.31 vs. Fig. 7.32b), where the SST
background is significantly higher than that in the eastern Pacific cold tongue region.
Therefore, even if the warm SST anomaly is milder in CP El Niño than in EP El Niño,
it is still more likely to cause significant convective activity anomalies (Hoerling et al.
2001). ENSOand tropical convective activity anomalies are important to atmospheric
teleconnection modes and global climate (e.g., Shukla and Paolina 1983; Webster
et al. 1998a, b; Jiang et al. 2013; Yang and Jiang 2014).Many studies have shown that



342 7 Impact of Climate Change Over Southeast Asia …

Fig. 7.32 Equatorial Pacific (110° E–70°W, 0°) SST profile. The blue curve is the annualmean SST
in 1979–2013. The red and green curves are the annual mean SST plus the double SST anomalies
related to EP El Niño and CP El Niño, respectively. The orange line shows the convective SST
threshold at 27 °C. The red and green boxes indicate the longitude ranges of Niño3b and Niño4b,
respectively. Figure is cited from Hu et al. (2016a)

the leadingmodes of tropical Pacific SST interannual variability (i.e., EP El Niño and
CP El Niño) are important drivers of global climate “teleconnection” (Ashok et al.
2007; Yeh et al. 2009). However, atmospheric teleconnection modes are sensitive
to the characteristics of El Niño diversity. Therefore, the shifting mode of El Nino
under the background of global warming and Warm Pool expansion has attracted
much attention.

Many studies have suggested that El Niño features show considerable changes
in the context of global warming, including its frequency of occurrence, location,
intensity, and meridional dimension (e.g., An and Wang 2000; McPhaden et al.
2006; Tang et al. 2008; Yeh et al. 2009; Zhang et al. 2009; Li et al. 2011). The CP El
Niño occurs more and more frequently and strongly (e.g., Yeh et al. 2009; Lee and
McPhaden 2010; Yu andKim 2013).Meanwhile, the strongest Arctic sea ice ablation
has been observed in summer, reaching the lowest value of annual sea ice volume
in September (Serreze et al. 2009). However, in the season (i.e., summer) of severe
Arctic sea icemelting, there is no significantwarming trend in theArcticOcean (Ding
et al. 2014), suggesting the domination of interannual variability. In addition, Arctic
warming is not uniform (Bader 2014; Ding et al. 2014)—such seemingly irrelevant
two phenomena remind us of an intriguing problem: Does the almost concurrent
changes in the shifting mode of El Nino have some connection with the interannual
variability of Arctic summer climate anomalies?
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7.5.3 Teleconnection Between Shifting El Niño and Arctic
Summer Climate Anomalies

TheArctic climate has undergone tremendous changes since the satellite observations
started in the late-1970s (Duarte et al. 2012; Jeffries et al. 2013), such as rapid
warming and a sharp decline in sea ice area. Many studies have focused on Arctic
sea ice’s responses to climate change caused by external forcing and found that the
Arctic warming rate is significantly faster than the rest of the world, the so-called
“Arctic amplification effect” (Graversen et al. 2008; Screen and Simmonds 2010).
However, the ratio of surface air temperature and atmospheric circulation tends to the
detrended interannual variability is only about 10% (Fig. 7.33), suggesting that even
in the context of global warming, natural interannual variability is still dominant.

Fig. 7.33 Ratios of linear
trend to standard deviation of
interannual variability during
1979–2013. a–e show T2m,
H200, H500, H850, and SLP
(ERA-interim), respectively.
Figure is cited from the
supporting information of
Hu et al. (2016b)
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It is well established that the Arctic climatic trend is attributed to human activities
(e.g., Gillett et al. 2008; Polyakov et al. 2012) and the tropical Pacific SST (e.g., Lee
2012; Ding et al. 2014). The interannual variability of the Arctic climate, however,
may respond more strongly to the interannual variability of the leading SST modes
over the tropical Pacific.

The temporal and spatial characteristics of the EP and CP El Niños during
the boreal summer and the corresponding precipitation anomalies are shown in
Fig. 7.34a–d. Both two modes exhibit strong interannual variation, emphasizing

Fig. 7.34 The leading modes of the tropical Pacific SST anomalies and the corresponding H200
anomalies during the summers of 1979–2013. a–b SST [shadings and contours are the correlations
and regressions (interval 0.2 K)] and precipitation (regression with an interval of 0.4 mm day−1)
correlated/regressed with RPC1 and RPC2, respectively. c–d Black curves show a time series of
RPC1 and RPC2, respectively. Red sequence is the normalized and detrended EP index and CP
index, respectively. e–f ERA H200 regressions (contour interval 5 gpm) onto RPC1 and RPC2,
respectively. The thick black contour indicates the correlation passing the 90% confidence level.
Figure is cited from Hu et al. (2016b)
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the location and magnitude of the two types of ENSO-related SST warming, respec-
tively. Changes in the SST associated with El Niño can cause changes in tropical
convective activity, thereby stimulating large-scale Rossby wave activity through
convergent and divergent disturbances in the upper troposphere (Sardeshmukh and
Hoskins 1988). The 200 hPa geopotential height (H200) anomalies associated with
the two types of El Niño exhibit planetary-scale long wave characteristics, which
subsequently cause mid-latitude and Arctic climate anomalies via teleconnections.
Compared to Fig. 7.34e, Fig. 7.34f reveals a significant teleconnection between the
CP El Niño and the Arctic upper-tropospheric circulation, namely, the deepening
Arctic polar vortex, especially over the Canadian Basin, which is closely linked to
the warm SST anomalies in the tropical Pacific.

The deepening of the tropospheric Arctic polar vortex can result in Arctic climate
anomalies in the lower troposphere. Figure 7.35a–c show that 925 hPa tempera-
ture (T925), land surface temperature (LST), SST, and Arctic sea ice concentration
(SIC) are all significantly associated with CP El Niño, with the strongest correlations

Fig. 7.35 a–c Correlations of ERA T925, SST/LST, NSIDC-SIC with RPC2 in summer. d–
e Shading indicates the regressions of ERA H500 and ERA U300 onto RPC2, respectively. Arrows
are the correlations of ERA UV850 and ERA UV300 with RPC2, respectively, showing only the
vector with absolute value >0.28. The thick black contour indicates the correlation passing the 90%
confidence level. a, c The solid box outlines the area (160°–90° W, 72°–82° N), which is used to
define the T925 index and SIC index for later use. The area outlined by the purple dashed box
indicates the same region in all five panels. Figure is cited from Hu et al. (2016b)
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appearing in the Canada Basin. Here, the northwesterly wind anomalies (Fig. 7.35d,
arrows) and the resulting cold advection are conducive to local cooling and sea ice
growth. Moreover, such responses may also be magnified by some complex local
positive feedback mechanisms among atmosphere-ocean-sea ice, such as thermal
advection, ice-temperature feedback, cloud-radiation feedback, surface heat flux
exchange, etc. (e.g., Kay et al. 2008; Serreze et al. 2009; Screen and Simmonds
2010; Ogi andWallace 2012; Stammerjohn et al. 2012; Goosse and Zunz 2013). The
500 hPa geopotential height (H500) anomalies (Fig. 7.35d) also exhibits a wavelike
character similar to that in Fig. 7.34f, accompanied by the deepening of the upper
and lower polar vortexes and the strengthening of the circumpolar westerly wind
(Fig. 7.35d–e). Such high- and low-level consistent wind anomalies (Fig. 7.34d–e,
arrows), indicate that the CP El Niño-induced Arctic circulation anomaly is quasi-
barotropic. In contrast, the EP El Niño does not show any significant contribution
to the Arctic summer climate anomaly (Fig. 7.34e). Therefore, the CP El Niño can
stimulate the summer tropical-Arctic teleconnection, resulting in the deepening of
the Arctic polar vortex and the enhancing of circumpolar westerly wind, which helps
to keep more cold air in the polar region, thus inhibiting Arctic warming and sea ice
melting in summer to a certain extent.

7.5.4 Convection Differences Associated with Shifting El
Niño

To further illustrate different mechanisms of teleconnection associated with different
El Niño types, we show the spatial distribution characteristics of total SST related
to the two types of El Niño (i.e., the summer SST climatology plus the SST anoma-
lies shown in Fig. 7.34a–b), and the composites of tropical precipitation anomaly
differences associated with the two types of El Niño (i.e., the CP El Niño-related
precipitationminus theEPElNiño-related precipitation). The isotherms inFig. 7.36a,
indicate the Warm Pool area where the SST reaches 28 °C.

Note that in the key forcing area (i.e., area 155° E–115°W, 5°–20° N in Fig. 7.36),
the dashed black line (corresponding to the EP El Nino) is always surrounded by the
red solid line (corresponding to the CP El Nino). In other words, during the CP El
Niño, the 28 °C isotherm to the north of the tropical Pacific expands, suggesting an
expansionof thewestern tropical PacificWarmPool.This strengthens thebackground
SST over the key forcing area, facilitating the enhancement and northward shift of
the ITCZ. Correspondingly, the enhanced convective precipitation along the climatic
ITCZ location and its northern critical location (Fig. 7.36b) confirm the enhancement
and northward shift of the ITCZ. Linearly, the enhancement and northward shift of
the ITCZ represent the enhancement and northward shift of tropical convection,
which will inevitably lead to high-level convergence and divergence (Sardeshmukh
and Hoskins 1988), and to the northward shift of the north subsidence of the Hadley
cell and subtropical westerly jet stream (Hoskins and Karoly 1981; Jin and Hoskins
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Fig. 7.36 a–cDifferences in SST and precipitation between the two types of El Niño. a The shading
shows SST climatology in summer. The red and black contours are the total SST (only showing SST
>28 °C with 1 °C interval) related to CP El Niño and EP El Niño, respectively. b The shading shows
precipitation climatology in summer. The contours indicate the CP El Niño-related precipitation
minus the EP El Niño-related precipitation (interval is 0.4 mm d−1). The rectangle outlines the key
forcing area (155° E–115° W, 5°–20° N). Figure is cited from Hu et al. (2016b)

1995), thus favoring the poleward propagation of Rossbywaves (Hoskins andKaroly
1981; Lee and Yoo 2014) and the large-scale teleconnection from the tropics to the
polar region.

TheArctic H200 response obtained from the CAM4 simulation (Neale et al. 2013;
Hu et al. 2016a, c), is consistent with the observed H200 anomalies, both being
significant negative anomalies (Fig. 7.37), with comparable magnitude, although
there are some differences in terms of location and strength. This suggests that the
CAM4 can simulate the deepening of the Arctic vortex in summer by the CP El
Niño. The response of CAM4 simulation can also capture the enhancement of the
circumpolar westerly wind and Arctic cooling (Fig. 7.37b–c). This suggests that the
deepening of the Arctic vortex and the cooling of the polar region can be considered
as the linear response to the forcing of the given SST anomalies in the tropics. It
also confirms that the Arctic cooling and sea ice increase are indeed related to the
change of upper atmosphere circulation induced by the CP El Niño SST anomalies
in summer.

In the summers of 2014 and 2015, there were anomalous CP El Niño and EP
El Niño, respectively (Fig. 7.38a–b). As shown in Fig. 7.38c–f, the corresponding
low-level temperature anomalies and sea ice anomalies in the Arctic Canada Basin
are indeed consistent with the statistical results: in the summer of 2014, the CP El
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Fig. 7.37 CAM4-simulated summer Arctic climate response to CP El Niño forcing: a H200,
b U300, and c surface air temperature (SAT). The thick contour represents the estimated 90%
confidence level. Figure is cited from the supporting information of Hu et al. (2016b)

Niño corresponded to the anomalous cold in the Arctic Canada Basin and the relative
increase in sea ice; and in the summer of 2015, the EP El Niño corresponded to the
warmer anomalies in the Arctic Canada Basin and the relative decrease in sea ice.
The clear examples of these two years confirmed that the shifting El Niño has an
inhibitory effect on the summer Arctic warming and sea ice melting, especially over
the Arctic Canada Basin.

7.5.5 Summary and Discussion

The above results suggest that there is a significant large-range teleconnection
between tropical convective activity anomalies caused by CP El Niño SST warming
and the Arctic summer climate variability on the interannual timescale. First, the
linear response of upper troposphere circulation over the Canadian Basin to the CP
El Niño was strong, while there was no obvious linear response to the EP El Niño,
although the intensity of the SST anomaly corresponding to the EP El Niño was
almost twice that of the CP El Niño. Second, the different effects of the two types
of El Niño on Arctic atmospheric circulation can be explained as follows. The back-
ground SST of the central tropical Pacific was higher than that of the eastern tropical
Pacific, so the CP SST warming was more conducive to the deep convection over
the ITCZ and its northern waters. The enhanced and northwardly shifted ITCZ was
conducive to large-scale teleconnectedwave trains that could propagate to higher lati-
tudes. Third, the teleconnection related to the CP El Nino induced the deepening of
theArctic vortex and the enhancement of circumpolarwesterly. Such abnormalArctic
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Fig. 7.38 a, c, e Tropical Pacific SST, T1000, and SIC anomalies in the summer of 2014, respec-
tively. b, d, f Same as (a, c, e), except for the summer of 2015. The boxes in a, b) outline the CP
region (140°W–80°W, 12° S–5° N) and the EP region (145° E–150°W, 16° S–20° N), respectively.
The boxes in (c–f) indicate the same region (160° W–90° W, 72–82° N). Figure is cited from Hu
et al. (2016b)

atmospheric circulation change provided favorable large-scale dynamic conditions
for the cold air mass to stay in the polar region. As a result, the Arctic was relatively
colder and sea ice increased, especially in the Canadian Basin.

Therefore, on the interannual variability scale, the CP El Niño has an inhibitory
effect on the Arctic summer warming and sea ice melting. In other words, if there is
no CP El Niño effect in the context of global warming, summer Arctic sea ice loss
will be more dramatic than the current state. However, this may not last, because
the continuous increases of GHGs and aerosols by human activities would cause
the external forcing dominant in the Arctic warming sooner or later (Bader 2014).
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On the other hand, Kim et al. (2009), showed that there is no so-called “spring
forecasting barrier” for the CP El Niño, although there is a clear “spring forecasting
barrier” for the EP El Niño (Webster and Yang 1992; Webster 1995). Therefore, the
teleconnection between the CP El Niño and the Arctic is undoubtedly enhancing our
ability to predict Arctic summer climate change in the context of global warming.

Lee (2012) suggested that the EP El Niño cools the Arctic through a “Trop-
ical Induced Arctic Warming Mechanism (TEAM)” in winter. Although this is not
the same as the summer results discussed above, there is no evidence that the EP
El Nino can cool the Arctic through the TEAM mechanism in summer. Albeit the
patterns of the two types of El Niño SST anomalies are similar in each season, the
corresponding surface temperature anomalies over the Canadian Basin are different
in different seasons. The reason for these different teleconnection mechanisms is
mainly the seasonal differences in climate background and different air-sea interac-
tions (Alexander et al. 2002), including the location and expansion of the western
tropical Pacific Warm Pool (Wang et al. 2000), strength and location of the ITCZ
(convection heating), strength and location of the subtropical jet (Jin and Hoskins
1995). For example, studies have shown that ENSO can regulate polar vortex through
the Aleutian low and Pacific–North America teleconnection (PNA) in winter (Horel
and Wallace 1981; Jin and Hoskins 1995; Garfinkel and Hartmann 2008); however,
this mechanism was not found in summer. This is consistent with the finding of Sung
et al. (2014), which suggested that the differences in Arctic atmosphere response to
the two types of El Niño originate from the seasonal evolution of the extratropical
wave trains, which is closely related to the location of tropical convective heating.

Note that the response of the winter stratospheric Arctic vortex to ENSO is sensi-
tive to the phase of Quasi-biannual Oscillation (e.g., Garfinkel and Hartmann 2007,
2008; Garfinkel et al. 2010) and the sudden stratospheric warming (e.g., Iza and
Calvo 2015). In addition, other factors such as Arctic sea ice (Kim et al. 2014),
Eurasian snow cover (Cohen et al. 2007), tropical SST trend (Garfinkel et al. 2015),
and volcanic eruptions (Graf et al. 2014) can all strongly influence the stratospheric
polar vortex in winter. Whether or not the response of summer tropospheric polar
vortex to CP El Niño depends on other factors (such as sea ice, snow cover, MJO,
AMO, etc.) also needs investigation. Although these factors may be interrelated, the
roles played by each factor needs to be systematically studied.
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Chapter 8
Subseasonal to Seasonal Prediction
of Atmospheric Circulation and Rainfall
Over Southeast Asia

8.1 Introduction

Southeast Asia (SEA) is bordered by East Asia to the north, by South Asia and the
Bay of Bengal to the west, by the Pacific Ocean to the east, and by Australia and
the Indian Ocean to the south. Due to complex distribution of land and sea in SEA
and surrounded by the warmest sea surface temperature (SST) in the world, there
exist strong land–ocean–atmosphere interactions in the region. SEA is the key region
where Australian monsoon interacts with East Asia monsoon, and is the transition
region of South Asia monsoon to East Asia monsoon. The Indian Ocean and the
Pacific Ocean also interact with each other through SEA. The weather and climate
over SEA show strong variability on a wide range of time and space scales because
this region is affected by atmospheric and oceanic circulation originated from various
regions. The atmospheric processes over SEA and their interactions with local and
remote oceans and lands are important for subseasonal to seasonal (S2S) prediction
of atmospheric circulation and rainfall in the region and beyond.

SEA is one of the atmospheric convection centers, and the latent heating released
by convective condensation over the maritime continent (MC) fuels the global atmo-
spheric circulation (Yang and Webster 1990; Keenan et al. 2000; Neale and Slingo
2003). The latent heating over SEA can directly affect Asian climate, and it has a
close relationship with El Niño–Southern Oscillation (ENSO) through the Walker
circulation. Thus, SEA is a key region linking ENSO and Asian climate. In addition,
it plays an important role in the processes bywhich the IndianOcean (IO) affects East
Asian climate. Overall, the atmospheric circulation and rainfall over SEA interact
strongly with large-scale rainfall anomalies in the nearby regions. S2S prediction of
atmospheric circulation and rainfall over SEA is important not only for local social
and economic development, but also for climate prediction in its neighboring regions.

The MC is a typical region of complex distribution of land and sea in SEA, where
rainfall and temperature are affected by weather systems from both the tropics and
extratropics. For example, the cold surges, originated from tropospheric shortwave
trough over the Lake Baikal (Chen et al. 2004), can grow and travel southward
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to SEA, and even to the Southern Hemisphere. Because of the complex land–sea
distribution and geographical location in SEA, there are strong multi-scale variabili-
ties in atmospheric circulation and rainfall, which are associated with diurnal cycle,
synoptic weather systems, the Madden–Julian oscillation (MJO), and monsoons.

Scientists from various countries have been investigating characteristics and
mechanisms of the formation and variabilities of atmospheric circulation and rain-
fall over SEA, and studying their impacts on weathers and climate in its neighboring
regions. The convection over theMC is associated with localized thunderstorms, and
thus experiments for thunderstorm observations have been conducted (Keenan et al.
1989, 2000). The islands play an important role in the formation and variation of
regional atmospheric circulation and rainfall. Large-scale organization of thunder-
storm activity is affected by regional orography and sea-breeze circulation (Holland
and Keenan 1980). The convection related to sea-breeze convergence can aggregate
into mesoscale convective complexes. Because of the surface inhomogeneity of the
MC, the diurnal amplitude of convective rainfall over the islands can be three times
as great as that over the adjacent ocean (Yang and Slingo 2001). Thus, the complex
distribution of islands and seas plays an important part in the meteorology over SEA.

The synoptic-scale variation of convection over SEA is associatedwith the activity
of cold surges. On the one hand, cold surges can strengthen convection; on the other
hand, convective heating over theMC can strengthen the local Hadley circulation and
thereby the East Asian jet stream, which in turn favors for more southward intrusion
of cold surges into SEA (Chang and Lau 1980, 1982; Lau et al. 1983; Zhang et al.
1997; Park et al. 2011). Besides, the convection over SEA can deepen the monsoon
trough over Australia (Holland 1984; McBride 1995).

The MJO often approaches the MC during its mature phase, and has strong inter-
action with local convection (Sui and Lau 1992). TheMJO becomes weak andmoves
slowly over the MC (Zhu and Wang 1993). The enhanced convection over the MC
induced by the MJO can reduce rainfall and temperature over a large portion of East
Asia north of 20° N (He et al. 2011). The MC is a center of convection in spring in
the Asian monsoon region, and the convection plays an important role in monsoon
onset. The convective heating in spring over the northeastern MC can excite the
South Asian high, which then moves westward and triggers the monsoon onset over
the Bay of Bengal (Liu et al. 2012).

ENSO begins to develop or delay in spring. The dominator of the interaction
between ENSO and monsoon in spring determines the development of summer
climate. In contrast, monsoon in autumn is weak, and ENSO develops toward its
mature phase. Overall, the characteristics of interaction betweenENSOandmonsoon
exhibit strong seasonality and are important for seasonal prediction of both local and
remote rainfall and atmospheric circulation. The seasonality of rainfall over the MC
is different from that in the adjacent regions. The boreal winter is the wet season in
the MC, while the boreal summer is the dry season there. In addition, the climate in
the MC exhibits semiannual cycle rather than annual cycle (Chang et al. 2005a, b).

On the interannual time scale, rainfall generally decreases over the MC, the resul-
tant diabatic cooling excites two anticyclones over South Asia and the IO. The anti-
cyclone over South Asia weakens the South Asian monsoon in summer, while the
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anticyclone over the IO favors the development of the Indian Ocean dipole (IOD;
Saji et al. 1999; Webster et al. 1999; Lau and Wang 2006). Besides, ENSO impacts
the climate over East Asia by modulating the convection over the MC. Note that the
rainfall over the western MC is not significantly correlated to the ENSO, which may
be due to the orography of the MC (Chang et al. 2004).

The convection over the Philippine Sea is suppressed during ENSO events, but
the regions with suppressed convection and the underlying physical processes are
different for different phases of the ENSO. The suppressed convection over the
Philippine Sea in winter and spring is mostly caused by cold local SST, while it is
mostly excited remotely bywarm SST in the IO in summer (e.g.,Wu et al. 2010). The
suppressed convection over the Philippine Sea can excite an anomalous anticyclone
over the western Pacific, which generates significant rainfall anomalies over East
Asia. Thus, the variability of convection over the Philippine Sea is vital for predicting
East Asian climate (e.g., Jiang et al. 2013a, b, c).

S2S prediction of atmospheric circulation and rainfall is generally based on phys-
ical–statistical model and global climate model. Current global climate models can
predict some major global climate modes. For example, they can predict ENSO
several months in advance. It has become an important tool for operational climate
prediction. In spite of the advances in climate modeling, some apparent deficiencies
exist. For example, climate models cannot well predict the Arctic oscillation (AO),
which is the most dominant climate variability in the extratropics. They also have
apparent biases in simulating the teleconnection associated with ENSO. Thus, it is
imperative that how to use the useful information provided by climate models and
how to improve climate models at the same time.

State-of-the-art climate models show large biases over SEA, which are important
sources for biases in other regions. The simulation of Met Office model HadAM3
(Neal and Slingo 2003) had a significant dry bias over the MC, which was associated
with the model’s deficiency in simulating the diurnal cycle of convection. The dry
bias could lead to systematic errors over the tropical IO and Pacific Ocean, as well
as extratropical North America and Eurasia. The Climate Forecast System version 2
(CFSv2; Saha et al. 2013) from the National Centers for Environmental Prediction
has apparent dry bias in the western MC, which is partly responsible for the weak
EAWM in the model. Thus, it is necessary to investigate the characteristics and
mechanisms of the biases over SEA in state-of-the-art climate models.

Climate prediction systems have been established by major climate prediction
centers worldwide. The assessment of prediction of rainfall and atmospheric circula-
tion showed that althoughmodels’ skills in predictingmajor climate phenomena have
considerable differences, the models always have better skills for S2S prediction of
rainfall and atmospheric circulation over the tropics than over the extratropics. As
for the tropics, the predicted rainfall and atmospheric circulation over the Pacific are
more realistic compared to those over the IO. As such, in this chapter, we mostly
analyze the S2S prediction of atmospheric circulation and rainfall over SEA and its
adjacent regions by the CFSv2 from the NCEP and by the climate system model
from the Beijing Climate Center (BCC_CSM; Liu et al. 2017).
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In this chapter, we first analyze seasonal prediction of atmospheric circulation
and rainfall over SEA and its adjacent regions, and examine their possible impact
factors, including the Asian monsoon circulation and associated rainfall, dominant
mode of SST anomalies in the IO and the Pacific and its climate impacts, the western
Pacific subtropical high (WPSH), and the atmospheric circulation and rainfall over
the MC. Second, we discuss the subseasonal prediction of the North Atlantic oscilla-
tion (NAO), the blocking, and could surges over the Northern Hemisphere, WPSH,
tropical intraseasonal oscillation (ISO), as well as the seasonal transition of rainfall
over the MC and the early-season rainfall over South China. Third, we explore the
predictability source of the S2S prediction of rainfall and atmospheric circulation
over SEA and its adjacent regions. Finally, we present a summary and an outlook for
S2S prediction.

8.2 Seasonal Prediction of Atmospheric Circulation
and Rainfall Over SEA and Its Adjacent Regions

8.2.1 Prediction of the Asian Summer Monsoon

The Asian summer monsoon (ASM) exerts significant impacts on climate in and
outside Asia (Zhao et al. 2003, 2007; Yang et al. 2008a, b). Jiang et al. (2013a)
indicated that many major features of the ASM are well predicted by the CFSv2,
which includes the heavy rainfall centers, large-scale monsoon circulation pattern, as
well as monsoon onset and retreat. Figure 8.1 shows the CFSv2’s skill in predicting
the three popularmonsoon indices: theWebster-Yangmonsoon index (theWY index;
Webster and Yang 1992), the South Asian monsoon index (the SA index; Goswami
et al. 1999), and the Southeast Asian monsoon index (the SEA index; Wang and
Fan 1999). The model predicted the variability of large-scale monsoon circulation
very well, including the WY index and the SEA index, when lead time was less than
five months. However, it shows much lower skill in predicting the variability of the
meridional circulation over South Asia, with a correlation coefficient of about 0.2 for
the 2-month lead prediction. The CFSv2’s prediction shows an overall low skill in the
3- and 4-month lead for the WY and SEA indices, corresponding to the predictions
initiated in January and February. This low prediction skill was likely related to the
so-called “Spring Prediction Barrier” phenomenon (Webster and Yang 1992). The
patterns of rainfall and circulation related to these indices could also be predicted
several months in advance. Similar to the prediction of the indices, rainfall and
circulation associated with theWY and SEA indices were better predicted compared
to those related to the SA index.

Some CFSv2 biases in predicting the ASM were also reported. Weaker-than-
observed WPSH and exaggerated strong link of the ASM to ENSO were produced
by the model. The CFSv2 simulated an unrealistic zonal SST gradient in the tropical
IO during the ENSO developing phase, with a large warm SST bias over the tropical
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Fig. 8.1 Correlation coefficients between observedmonsoon indices and hindcast monsoon indices
of different lead months. Values are shown for different dynamic monsoon indices. Solid straight
line denotes the 95% significance level. The solid curves with open circles indicate the WY index,
defined as the vertical shear of zonal winds between 850 and 200 hPa averaged over (40°–110° E,
0°–20° S). The solid curves with pluses indicate the SEA index, defined as horizontal zonal wind
shear at 850 hPa between (90°–130° E, 5°–15° S) and (110°–140° E, 22.5°–32.5° S). The dashed
curves with solid dots indicate the SA index, defined as the vertical shear of meridional winds
between 850 and 200 hPa averaged over (70°–110° E, 10°–30° S). After Jiang et al. (2013a)

western IO, accompanied by anomalous easterly flow over the equatorial IO. The
easterly flow weakened the WY index, which might contribute to a strong-than-
observed link of the WY index to ENSO, since the observed WY index is weak
during the ENSO developing phase. As for the weaker-than-observed WPSH in the
model, Liu et al. (2013) attributed it to the bias of internal atmospheric variability,
since the development of this bias was often found in the prediction with lead time
less than two weeks.

Comparison of the ASM predictions by the CFSv2 and European Centre for
Medium-Range Weather Forecasts (ECMWF) System 4 indicated that although the
SST, rainfall, and atmospheric circulation predicted by the two systems showed some
differences, they shared some common features (Kim et al. 2012). Both models
produced a cold bias of SST in the equatorial Pacific, North Atlantic, and IO, but a
warm bias over the northern part of the North Pacific and North Atlantic. They had a
high skill in predicting tropical SST, rainfall, and low-level atmospheric circulation.
They captured the variability of large-scale circulation, but exhibited low skill for
monsoon rainfall prediction. The models’ skills in predicting monsoon increased
with ENSO amplitude, although both overestimated the link between ENSO and
monsoon.

Different from the ASM, the East Asian winter monsoon (EAWM) has a much
closer relationship with atmospheric circulation systems over the mid and high
latitudes. The CFSv2 can predict the major features of the EAWM, including the
Siberian high, the East Asia trough, the East Asian jet stream, the low-tropospheric
wind, surface temperature, and precipitation over East Asia (Jiang et al. 2013b).
Figure 8.2 shows correlation coefficients between observed and predicted indices
for the EAWM, AO, and Nino3.4. The model had a considerable skill in predicting
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Fig. 8.2 Correlation coefficients between observed indices and hindcast indices of different lead
months. Values are shown for the EAWM, AO, and Niño3.4. Solid straight line denotes the 95%
confidence level. The EAWMis defined asmeridional shear of zonal wind in three bands. IEAWM=
(U1-U2+U1-U3)/2, where U1=U200(30°–35° S, 90°–160° E), U2=U200(50°–60° S, 70°–170°
E), and U3 = U200(5° S–10° S, 90°–160° E). After Jiang et al. (2013b)

a recently defined dynamic EAWM index (Li and Yang 2010; see figure caption
for more details) for most lead months. As the interannual variability of EAWM is
affected by the AO and ENSO, the model’s ability in predicting both of them was
examined. The CFSv2 can predict ENSO very well, but it cannot predict the AO even
one month in advance. In addition, the CFSv2 can predict the circulation associated
with the ENSO. Therefore, the CFSv2’s skill in predicting EAWM came from its
high skill in predicting ENSO, although it overestimated the link between the EAWM
and ENSO (Jiang et al. 2013b).

The EAWM-related atmospheric circulation, 2-m temperature, and precipitation
over the oceans can be predicted several months in advance. However, the model
showed low skill predicting the EAWM-related extratropical atmospheric circulation
over land, which can be partly attributed to its inability in reproducing the AO and
its impact on atmospheric circulation. The model’s higher skill in predicting the
EAWM’s components over the oceans is attributed to its better performance in ENSO
prediction. However, the CFSv2 still had apparent bias in simulating the response of
the EAWM to ENSO.

8.2.2 Prediction of the Dominant SST Variability
in the Pacific and Indian Oceans

ENSO and related teleconnection patterns are important bases for seasonal climate
prediction in many regions (e.g., Shukla and Paolina 1983; Webster et al. 1998;
Jiang et al. 2013a, b). ENSO exerts a significant impact on climate in SEA and its
adjacent regions. The EAWM is weak and Southeast China is warmer and wetter
than normal in ENSO years (Tomita and Yasunari 1996; Zhang et al. 1996). On the
other hand, the East Asian summer monsoon (EASM) strengthens during the ENSO
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decaying summer, because it can excite an anomalous anticyclone over the western
North Pacific (WNP; Wang et al. 2000). The canonical El Niño is associated with
maximum SST anomalies in the eastern equatorial Pacific. In the recent decade, a
new type of tropical Pacific SST warming pattern, with maximum warm anomalies
in the central equatorial Pacific, has also been discussed widely (Larkin and Harrison
2005; Ashok et al. 2007; Yu and Kao 2007). It is alternatively referred to as dateline
El Niño (Larkin and Harrison 2005), El Niño Modoki (Ashok et al. 2007; Weng
et al. 2007), central Pacific (CP) El Niño (Kao and Yu 2009), and warm pool El Niño
(Kug et al. 2009). The two types of ENSO have different impacts on atmospheric
circulation and rainfall over SEA and its adjacent regions (Weng et al. 2007; Yuan
et al. 2012).

The SST variability in the IO has two dominant modes: the Indian Ocean basin
warming (IOBW; e.g., Xie et al. 2009) and the IOD (Saji et al. 1999; Webster
et al. 1999); both are linked to ENSO. The IOBW usually occurs in the ENSO
decaying summer, which suppresses rainfall over the WNP and thereby excites an
anomalous anticyclone over the region. The anomalous anticyclone can affect the
rainfall over East Asia by modulating the western North Pacific subtropical high
(WNPSH; Chang et al. 2000; Li and Wang 2005; Lau and Wang 2006; Xie et al.
2009; Yuan et al. 2012). Some IOD events co-occurred with ENSO, which could
affect the Indian summer monsoon independently and modulate the relationship
between Indian summer monsoon and ENSO (Saji et al. 1999; Ashok et al. 2001;
Saji and Yamagata 2007; Behera et al. 2005).

The three tropical anomalous SST modes have significant climate impacts. The
studies of Jiang et al. (2013a, b, c) indicated that model’s skill in predicting the
climate over SEA is linked to its skills in predicting the four anomalous SST modes.
In this chapter, we discuss CFSv2’s skills in predicting the three anomalous SST
modes.

1. Prediction of ENSO

ENSO usually first appears in May, reaches its peak in winter, and terminates in
the following summer. The CFSv2 prediction of 0-month lead can capture the life
cycle of ENSO (Fig. 8.3). The prediction skill for the Niño3.4 SST index decreases
as lead time increases. The prediction skill for ENSO decaying phase is higher than
that for ENSO developing phase. The predicted onset and decay of ENSO are later
than the observations by 1–2 months. The magnitude of interannual variability of
Niño3.4 SST is strong in winter but weak in summer. The prediction of 0-month
lead can capture the magnitude during ENSO decaying phase, but overestimates
the magnitude during ENSO developing phase. The magnitude of predicted ENSO
decreases with increasing lead time, and it is weaker than observations when lead
time is longer than five months.

2. Prediction of the Indian Ocean basin warming

Figure 8.4a and c presents the spatial patterns and principal components of the first
mode of an EOF analysis of the temporal covariance matrix of JJA-averaged SST
for observation and 0-month lead hindcast, which account for 50% and 52% of the
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Fig. 8.3 Correlations of observedDJF (0/1) Niño3.4 SST indexwith amonthlyNiño3.4 SST index,
b monthly IOBW index, and c monthly IOD index during the ENSO developing and decay years
for the OI SST (black solid line and hindcasts of different time leads (color lines). After Jiang et al.
(2013c)

total variance, respectively. This mode shows basin-wide warming, which is called
the IOBW. The CFSv2 cannot well capture the spatial pattern of SST anomalies even
for the prediction of 0-month lead, with a spatial correlation coefficient of only 0.31.
However, the prediction of 0-month lead can capture the temporal variability very
well, with a correlation coefficient of 0.93.

As the IOBW is linked to ENSO, we checked their relationship in the CFSv2
predictions. The 0-month-lead prediction captures the correlation between ENSO
and IOBW very well (Fig. 8.3b). It also captures the seasonal variation of the IOBW
magnitude: strong in summer and weak in winter, but overestimates its magnitude
in some seasons. The CFSv2-predicted duration of IOBW associated with ENSO is
longer than the observation when lead time is longer than one month (Fig. 8.3b).
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Fig. 8.4 a Spatial patterns and c principal components of the first mode of an EOF analysis of the
temporal covariance matrix of JJA-averaged SST from the OI SST (shadings for spatial pattern and
dashed lines for principal component) and from 0-month lead hindcast (contours for spatial pattern
and solid lines for principal component). b and d are the same as (a) and (c), except for the second
mode. After Jiang et al. (2013c)

Besides, it overestimates the IOBW magnitude in winter and spring due to its over-
estimation of ENSO. However, the CFSv2 underestimates the magnitude of IOBW
from July to October, which is more obvious as lead time increases.

3. Prediction of the Indian Ocean dipole

The second mode of the EOF analysis of the temporal covariance matrix of observed
JJA-averaged SST is characterized by a dipole pattern, with warm SST anomaly
(SSTA) in most central and western IO but cold SSTA in the western IO, which is
called the IOD and accounts for 11% of the total variance (Fig. 8.4b). The 0-month-
lead prediction captures this mode very well in terms of both spatial and temporal
variability, with correlation coefficients of 0.74 and 0.60, respectively (Fig. 8.4b,
d). The IOD is significantly correlated with ENSO during its developing autumn,
which is captured by the 0-month-lead prediction (Fig. 8.3c). As for magnitude,
the CFSv2 overestimates the IOD in August and September, but underestimates the
IOD in spring. The CFSv2 generally overestimates the relationship between IOD
and ENSO. These biases become larger with increasing lead time. Note that the
CFSv2 cannot capture the anomalies of wind and rainfall associated with IOD even
for 1-month-lead prediction.
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4. Prediction of the two types of ENSO

They are basically two flavors of ENSO: the eastern Pacific (EP) El Niño and CP
El Niño (Fig. 8.5). The EP El Niño features a significant warming in the equato-
rial Pacific Ocean from the developing summer to the decaying spring, although the

Fig. 8.5 Partial correlations of observed seasonal SSTAwith observed normalized DJF Niño3 (left
panels) and DJF EMI (right panels). a and f are for summer; b and g, for autumn; c and h, for winter;
d and i, for the following spring; and e and j, for the next summer. Shadings indicate the significant
correlations above the 95% and 99% confidence levels. The domains used to define the Niño3 and
EMI are outlined in (a) and (f), respectively. Niño3 index is defined by the SSTA averaged over
(90°–150° W, 5° S–5° S). EMI is defined as [SSTA]C-0.5[SSTA]E-0.5[SSTA]W, where [SSTA]C,
[SSTA]E, and [SSTA]W stand for the area-mean SSTA over the central (C: 165° E–140° W, 10°
S–10° S), eastern (E: 110°–70°W, 15° S–5° S), and western (W: 125°–145° E, 10° S–20° S) Pacific,
respectively (Ashok et al. 2007). After Yang and Jiang (2014)
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warming is small and even partly becomes cooling in the decaying summer. On the
other hand, a negative SSTA emerges from the western Pacific during the developing
summer, forming a cold “boomerang” (Trenberth and Stepaniak 2001), reaches its
peak in winter, and persists to the decaying summer. Differently, the CP El Niño is
characterized by a significant warming over the central Pacific Ocean from the devel-
oping summer to the decaying summer, with cold SSTA to the west and southeast of
the warming center (Fig. 8.5).

The cold SSTA related to El Niño in the WNP is important for the maintenance
of the anomalous anticyclone over the WNP from the El Niño developing autumn
to the following early-summer, which exerts a significant impact on the East Asian
climate (e.g., Wang et al. 2000, 2002). The strength and location of SSTA in the
WNP are different between the two types of El Niño, resulting in different impacts
on the East Asian climate (Weng et al. 2007; Yuan et al. 2012). Note also that the
SSTA patterns in the tropical IO are different between the two types of El Niño. The
tropical IO SSTA shows a dipole pattern in JJA and SON, and a basin-wide warming
pattern from DJF to JJA1 during EP El Niño. Significant negative SSTA is found in
part of the IO in JJA and SON, and positive SSTA, in most parts of the IO from DJF
to JJA (1) during CP El Niño. However, the positive SSTA over the IO during EP El
Niño is larger than those during CP El Niño.

The CFSv2 captures the spatial patterns of SST related to EP and CP El Niño, as
well as their differences several months in advance (Yang and Jiang 2014). Prediction
skills are different for different phases of El Niño cycle. Figure 8.6 indicates that the
CFSv2 has higher skill in predicting the two types of El Niño indices (the EMI and
Niño3; see caption of Fig. 8.5 for details) compared to the persistency prediction
based on observed SST in JJA and SON. The model has even higher skill in DJF in
terms of long lead predictions. The persistency of the EMI index is generally higher
than that of the Niño3 index in JJA and SON. The magnitude of SST anomalies
related to the DJF EMI is generally underestimated by the CFSv2.

The two types of El Niño have different impacts on the East Asian climate from
the developing summer to the decaying summer. The CFSv2 captures the anomalous
climate patterns related to the two types of El Niño and their differences, consistent
with its skill in predicting SST anomalies. However, it overestimates the areas where
the climate is affected by El Niño, but underestimates the magnitude of climate
anomalies related to El Niño. The model also shows lower skill in predicting climate
impacts of CP El Niño.

8.2.3 Prediction of the Western Pacific Subtropical High

TheWPSH plays a key role in the climate variability over East Asia. The ridgeline of
theWPSH is located between 18 and 20° N from February to April, when conditions
of low temperature, cloudy, and persistent rainfall occur in southeastern China. The
ridgeline moves northward to 20°–25° N in June, corresponding to the Meiyu in the
Yangtze River and the Changma in Japan. In July, it moves further northward and the
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Fig. 8.6 Lagged auto-correlation coefficients between observed seasonal mean SSTA and observed
monthly SSTA leading the seasonal mean SSTA (black lines; see text for details), and correlation
between observed seasonal mean SSTA indices and CFSv2 hindcast seasonal mean SSTA indices
of different leads (red lines). Values are shown for both Niño3 (lines with circles) and EMI (lines
with squares). Solid straight line denotes the 95% confidence level. After Yang and Jiang (2014)

rain belt moves from the Yangtze River to the Huanghe and Huaihe. In the meantime,
the Yangtze River is under the center of the WPSH, resulted in hot weather and less
rainfall in the region. If such conditions persist for a long time, a severe drought
will occur. In late-July and early-August, the ridgeline moves to the north of 30° N,
and the rain belt is located over northeastern China. In early-September, the ridgeline
moves northward quickly, so does the rain belt. Therefore, the study on the variability
of the WNPSH received much attention in the past.

The interannual variability of the WPSH is linked to SST anomalies over both
the Pacific Ocean and the IO. During the El Niño decaying summer, the WPSH
strengthens and shifts southward, resulted in a low-level anomalous anticyclone
over the WNP. Note that the location of the anomalous anticyclone changes from
June to August, showing a northward movement (Fig. 8.7). In June, cold SSTAs are
found over theWNPSH, which are replaced by warm SSTAs in July and August. The
upper-tropospheric temperature anomalies are basically zonal symmetric in June, but
exhibit a structure of Rossby wave over the western IO and of Kelvin wave over the
eastern IO and the WNP in July and August. Thus, the anomalous anticyclone in
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Fig. 8.7 aObserved correlation patterns between DJF(0/1) Niño3.4 SST index and June(1) precip-
itation (shading), and regression of June(1) 850 hPawind (m s−1; vectors) against DJF(0/1) Niño3.4
SST index; d observed correlation patterns of DJF(0/1) Niño3.4 SST index with June(1) SST and
mean temperature of 500 and 300 hPa. b and e are the same as a and d, except for July(1); c and
f are the same as a and d, except for August(1). Wind vectors with speed smaller than 0.2 m s−1

are omitted. After Jiang et al. (2013c)

June is mostly forced by cold local SST (Wu et al. 2010), while it is mostly forced
by SSTAs over the tropical IO (Xie et al. 2009).

The CFSv2 can predict the observed variation of WPSH during El Niño decaying
summer (Jiang et al. 2013c). It shows the highest skill for prediction of June anoma-
lous anticyclone, which is forced by the cold local SSTAs via suppressing local
rainfall. It can only predict the anomalous anticyclone in July and August when the
lead time is less than four months. Thus, CFSv2’s skill in predicting the anomalous
anticyclone depends on its formation mechanism (Fig. 8.8).
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Fig. 8.8 Correlation patterns of observed DJF(0/1) Niño3.4 SST index with June(1) precipitation
(shading) and SST (contour; values of the contours are −0.7, −0.48, −0.2, 0.2, 0.48, and 0.7),
and regression patterns of June(1) 850 hPa wind (m s−1; vector) against DJF(0/1) Niño3.4 SST
index. a–f are for hindcasts of 0-month lead, 1-month lead, 3-month lead, 5-month lead, 7-month
lead, and 9-month lead, respectively. Correlation coefficients of 0.32 and 0.48 are, respectively,
corresponding to the 90% and 99% confidence levels for the t-test. Wind vectors with speed smaller
than 0.2 m s−1 are omitted. After Jiang et al. (2013c)

8.2.4 Prediction of MC Rainfall and Related Atmospheric
Circulation

1. Variation of MC rainfall and its relationships with large-scale climate
anomalies

The MC lies within the Indo-Pacific warm pool, consists of multiple islands of
SEA (e.g., Sumatra, Borneo, and New Guinea) and adjacent oceanic areas (Ramage
1968). In climatology, a rain band is located over the MC from November to April,
and convergence is observed at low level over the region. In May, rainfall over the
MC decreases, with the development of southwesterlies over the northern IO and
East Asia. In October, the rain belt gradually returns to the MC, accompanied by the
establishment of the Siberian high and reversal of the cross-equatorial flow. Thus,
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the annual evolution of MC rainfall is clearly characterized by a wet season and a
dry season. According to the monthly evolution of rainfall over the MC (Fig. 8.9),
we define July–October (December–March) as the dry (wet) season. The wet season
of a particular year refers to December of the previous year and January–March of
the current year. For example, the wet season of 1984 refers to December 1983 and
January–March 1984.

An index is defined as the average rainfall over the MC (95°–145° E, 15° S–10°
N), to measure the interannual variability of rainfall over the region. Rainfall over the
MC in both dry and wet seasons shows obvious interannual variability, especially in
the wet season. In the wet (dry) season, the MC rainfall reaches a maximum of about
9.9 mm day−1 in 1999 (7.4 mm day−1 in 2010) and a minimum below 5mm day−1 in
1983 (3.2 mm day−1 in 1997). Interannual variation of MC rainfall in the dry season
is significantly (insignificantly) related to the following (previous) wet season’s MC
rainfall. The correlation coefficient between the dry season rainfall and the following
(previous) wet season rainfall is 0.64 (−0.07).

In the wet season, when the MC rainfall is increased, warm SSTAs appear from
the easternMC to the western North and South Pacific oceans and cold SSTAs appear
over the IO, western MC, and the central–eastern tropical Pacific (Fig. 8.10a). As a
Rossby response to the enhanced heating over the MC, there are anomalous cyclonic
circulations over the southern IO and the northern IO, respectively, accompanied
by westerly anomalies from the equatorial IO to the west of the MC (Fig. 8.10).
Anomalous westerlies and cyclonic circulation appear over the equatorial Pacific and
WNP, respectively (Fig. 8.10a). Low-level winds form an anomalous convergence
over the MC, favoring heavy rainfall over the region (Fig. 8.10c). The variation of
MC rainfall is significantly related to the variation of rainfall over East Asia and
North America (Fig. 8.10c).

In the dry season, positive anomalous MC rainfall is related to positive SSTAs
extending from the MC to the western South Pacific and to negative SSTAs over
the central–eastern tropical Pacific, and to westerly (easterly) anomalies over the

Fig. 8.9 Observed monthly
mean MC rainfall
(mm day−1; black line) and
its standard deviation
(shading) from January to
December. The horizontal
line denotes the annual
average MC rainfall. After
Zhang et al. (2016a)
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Fig. 8.10 Correlation (shading) of SST (OISST)/rainfall (GPCP) with MC rainfall indices, and
regression (vector) of 850 hPa wind (NCEP CFSR) against MC rainfall indices in wet season (left
panels) and dry season (right panels). Correlation coefficients exceeding the 95% and 99% confi-
dence levels are shaded, and only the regressed winds significantly exceeding the 95% confidence
level are drawn. The domain of the MC is outlined by red box. After Zhang et al. (2016a)

equatorial IO and the eastern Pacific (western–central tropical Pacific) (Fig. 8.10b).
The southwesterly flow from India to the Indo-China Peninsula weakens but the
cross-equatorial flow over the IO strengthens, accompanied by enhanced rainfall
over the Arabian Sea and the Bay of Bengal (Fig. 8.10b). On the other hand, the
cross-equatorial flow over 120°–140° E weakens (Fig. 8.10b). These SSTA and low-
level circulation patterns lead to positive rainfall anomalies over theMC (Fig. 8.10d).
Overall, the interannual variation of theMC rainfall is closely linked to ENSO devel-
oping phase in the dry season, and to ENSO maturing-decaying phase in the wet
season. Besides, the MC rainfall is negatively (positively) related to rainfall over
East Asia in the wet (dry) season, and positively related to rainfall over Australia in
both dry and wet seasons.

To separate the effect of ENSO on MC rainfall from that of other ocean-
atmospheric anomalies on MC rainfall, we conducted a partial correlation analysis
between the MC rainfall index and another variable (SST, rainfall, or 850 hPa wind).
When the ENSO influence is excluded, the negative SSTAs over the tropical IO and
Pacific Ocean almost disappear for both wet and dry seasons, but the anomalous east-
erly (westerly) flow over the east (to the west) of the MC still exists, suggesting an
independent effect of MC rainfall on the Walker circulation. For the wet season, the
positive SSTAs over the Pacific north of 20° N disappear and the strong anomalous
anticyclonic circulation over the North Pacific turns to a weak anomalous cyclonic
circulation. The anomalous cyclonic circulations over the northern and southern IO
and WNP still exist although their magnitudes become much smaller. The positive
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anomalous rainfall over northeastern Australia becomes much weaker and the asso-
ciated anomalous winds diminish as well, but the warm SSTAs over the South Pacific
become stronger. In addition, the negative rainfall-SST correlation over the western
MC disappears, but the rainfall and winds over East Asia are still significantly related
to the MC rainfall. These features suggest that in the wet season the rainfall east of
Australia is mainly modulated by the ENSO instead of by local SSTAs, and variation
of rainfall over the westernMC is partly related to the variation of the EAWM(Chang
and Lau 1982; Chang et al. 2005a, b). On the other hand, in the dry season, a narrow
band of positive SSTA is seen around the MC although with weaker magnitude, and
the low-level anomalous winds over East Asia are stronger, suggesting a combined
effect of ENSO and local SSTA on MC rainfall, and a close relationship between
MC rainfall and the climate anomalies over East Asia.

2. Prediction of MC rainfall variation and related climate anomalies in wet and
dry seasonsf

Prediction skills of MC rainfall variation and related climate anomalies in the wet
and dry seasons are evaluated using the CFSv2 hindcast outputs. The annual cycle
of MC rainfall is generally captured by the CFSv2 in 0-month lead, especially for
May and July. However, the model overestimates the MC rainfall in August and
September and underestimates the MC rainfall from October to the following June,
leading to an overall underestimation in the magnitude of the annual MC rainfall. In
the observation, heavy rainfall in the wet season lies within the MC, with maximum
centers over the west of Sumatra, between Borneo and Java, and to the south of New
Guinea (Fig. 8.11a). The westerly flow is dominant south of the equator from the IO
to the MC, while the northeasterly flow prevails north of the equator (Fig. 8.11a).
In the dry season, the rain band shifts to the north of the MC, accompanied by
southeasterly wind over the southern MC, weaker southwesterlies over the northern
MC, and development of the southwesterly monsoon wind over the IO (Fig. 8.11b).
The CFSv2 generally captures themajor features in both dry andwet seasons, such as
the location of the rain band and the reversal of the monsoon circulation (Fig. 8.11c,
d). However, the CFSv2 prediction of 0-month lead has dry bias over the region
between Borneo and Java, and south of New Guinea in the wet season, and has wet
bias near New Guinea in the dry season; the model also predicts weaker winds over
the southwestern MC in 0-month lead (Fig. 8.11c, d). The interannual variations
of MC rainfall in both dry and wet seasons are well predicted by the CFSv2 in 0-
month lead, with correlation coefficient of 0.89 between observed and predicted MC
rainfall indices in the two seasons (exceeding the 99% confidence level). However,
thewet seasonMC rainfall is generally underestimated after year 2000. Relationships
between MC rainfall variation and climate anomalies are generally well predicted
by the CFSv2 in 0-month lead, except for an overestimation of ENSO influence.

The NCEP CFSv2 shows higher prediction skill for MC rainfall from August
to October, and lower prediction skill during December–February, April, and June
(Fig. 8.12a). As shown in Fig. 8.12b, correlation coefficients between observed and
predicted MC rainfall exceeding the 95% confidence level for all leads in both dry
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Fig. 8.11 Observed and NCEP CFSv2 (0-month lead) predicted rainfall (mm day−1) and 850 hPa
wind (m s−1) in wet and dry seasons. The red box denotes the MC domain. After Zhang et al.
(2016a)

Fig. 8.12 a Correlation coefficients between observed MC rainfall and NCEP CFSv2-predicted
MC rainfall in different lead times and target months. b Correlations of observed MC rainfall with
CFSv2-predicted MC rainfall (solid lines with circles), observed Niño-3.4-predicted MC rainfall
(dashed lines), and predicted Niño-3.4-predicted MC rainfall (dotted lines) with different lead
months in wet season (black lines) and dry season (red lines). The x-coordinate indicates the
corresponding lead months. Values significantly exceeding the 95% confidence level are shaded in
(a), and straight dotted line in (b) denotes the 95% confidence level. After Zhang et al. (2016a)
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and wet seasons, indicating high prediction skills of CFSv2 for the interannual vari-
ability of MC rainfall in the two seasons. In the dry season, correlation coefficient
of the model decreases gradually from 1-month lead to 7-month lead, but correla-
tion coefficient exceeds the 99% confidence level for all lead months (Fig. 8.12b).
The skills of observed Niño-3.4 index and predicted Niño-3.4 index of the NCEP
CFSv2 in predicting the MC rainfall are generally lower than the skills of the model
(Fig. 8.12b). On the other hand, the CFSv2 skill in the wet season decreases rapidly
from 0-month lead to 2-month lead, with obviously lower prediction skill than that in
the dry season (Fig. 8.12b). The skills of both observed Niño-3.4 index and predicted
Niño-3.4 index in predicting MC rainfall are generally higher than the skills of the
model, suggesting the NCEP CFSv2 has a large bias in predicting the response of
wet-season MC rainfall to ENSO (Fig. 8.12b).

Correlations of SST and rainfall (regression of 850 hPa wind) from the hind-
cast with (against) observed MC rainfall indices are calculated, to further analyze
the model’s skill in predicting the large-scale climate features that are related to
MC rainfall variation. Overall, the prediction patterns do not vary significantly with
lead time, and the major features of anomalous rainfall, SST, and 850 hPa wind
are generally well captured in all leads by the NCEP CFSv2. However, in the wet
season the relationship between MC rainfall index and the rainfall over western MC,
especially around Sumatra and Borneo, is unrealistically predicted by the model.
Correspondingly, the CFSv2 predicts a weaker anomalous cyclonic circulation over
the IO, leading to underestimation of convergence over the western MC and the IO.
This feature is consistent with that in Neale and Slingo (2003), indicating that the
rainfall bias over theMC could be a driver for other systematic errors over the tropics
through the Walker circulation (Fig. 8.13).

The MC rainfall variation is significantly related to ENSO in both observations
and CFSv2 prediction. However, previous studies reported large biases of the rela-
tionship between the two in climate models (Luo et al. 2005; Jiang et al. 2013b).
Therefore, we analyze the relationship between ENSO and predicted rainfall over the
MC, focusing on regional features. In the dry season the anomalous patterns related
to ENSO, including the anomalous westerly (easterly) wind over the equatorial IO
(PacificOcean) and the positive rainfall anomalies over the entireMC region, arewell
predicted by the CFSv2 for all time leads (Fig. 8.12a, c, e, g). However, for the wet
season, apparent errors of ENSO-related rainfall are seen around Sumatra, Malay,
and Borneo after 1-month lead, and these errors even worsen as lead time increases
(Fig. 8.12b, d, f, and h). The relatively lower prediction skill for the wet-season
MC rainfall is partly caused by the large bias over Sumatra, Malay, and Borneo,
with insignificant correlation between observed and predicted rainfall over Sumatra,
Malay, and Borneo after 1-month lead. Correspondingly, the positive correlation
between negative Niño-3.4 SST and the rainfall over Sumatra, Malay, and Borneo in
the wet season in the observation becomes negative in the predictions. This unreal-
istically predicted relationship between ENSO and the rainfall over Sumatra, Malay,
and Borneo contributes to the lower prediction skill of the rainfall over Sumatra,
Malay, and Borneo in the wet season.
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Fig. 8.13 Correlation of rainfall with negative Niño-3.4 index, and regression of 850 hPa wind
against negative Niño-3.4 index in dry season (left panels) and wet season (right panels) for the
NCEPCFSv2hindcasts of 0-month lead (a–b), 1-month lead (c–d), 3-month lead (e–f), and 5-month
lead (g–h). The correlation coefficients between rainfall andMC indices (shading) are plotted at the
95% confidence level, and only the regressed winds exceeding the 95% confidence level are drawn.
The domains of the SMB region (100°–118° E, 8° S–5° S) and of the EMC region (120°–145° E,
15° S–10° S) are outlined by red lines. After Zhang et al. (2016a)

3. Impacts of local and remote forcing on the variation of regional MC rainfall

From the above analysis, we have learned that the NCEP CFSv2 has distinctive
prediction skills for rainfall over the western MC (WMC) and eastern MC (EMC)
with higher skill for the EMC rainfall, especially in the wet season. Here, we consider
the WMC (95°–120° E, 13° S–7° S) and the EMC (120°–145° E, 11° S–10° S)
separately. From Fig. 8.14a and b, the NCEP CFSv2 has generally high skills for
the entire MC rainfall in the dry season, but relatively lower skills in predicting the
rainfall over the MC in the wet season, especially for the WMC rainfall. The skill of
the WMC rainfall is high from July to November, during which the CFSv2 can well
predict theWMC rainfall longer than eight months in advance (Fig. 8.14c). However,
the model shows lower skill in predicting the WMC rainfall from December to June
(only 1-month lead Fig. 8.14c). The CFSv2 also shows different skills in predicting
theEMC rainfall for the dry andwet seasons, but the difference is not as remarkable as
for the WMC (Fig. 8.14). In comparison, the model shows slightly higher prediction
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Fig. 8.14 Correlations of rainfall (mm/day) between observations and CFSv2 in 1-month lead
for a wet season and b dry season, and correlations between observations and CFSv2 predictions
for area-averaged rainfall for c WMC and d EMC. Values exceeding the 90%, 95%, and 99%
confidence levels are shaded. The domains used to define WMC (95°–120° E, 13° S–7° S) and
EMC (120°–145° E, 11° S–10° S) are outlined with black boxes in (a) and (b), respectively. After
Zhang et al. (2016b)

skill for the WMC rainfall than for the EMC rainfall in the dry season, but much
lower prediction skill for the WMC rainfall than for the EMC rainfall in the wet
season (Fig. 8.14).

Variation of MC rainfall can be significantly modulated by ENSO and local
SST (e.g., Hendon 2003; Chang et al. 2004; Zhang et al. 2016a, b, c), but how
the ENSO and local SST affect the regional rainfall variation in different seasons
remains unclear. As shown in Fig. 8.15a and c, variations of both WMC rainfall and
EMC rainfall are closely linked to ENSO, and there is large resemblance between
the anomalous patterns related to the WMC rainfall and EMC rainfall variations
(Fig. 8.15a, b). However, there are also distinctive regional features, with positive
local surface temperature (ST)-rainfall relationship over the EMC while negative
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Fig. 8.15 Correlations (regressions) of observedST (850hPawind)with (against) observed aWMC
rainfall and c EMC rainfall indices in wet season. Also shown are partial correlations of observed
ST (shading) and 850 hPa wind (vector) with observed bWMC rainfall and d EMC rainfall indices
in wet season. Values (shading) exceeding the 90, 95, and 99% confidence levels are shaded, and
only the regressed winds (vector) exceeding the 90% confidence level are plotted. The domains of
WMC and EMC are outlined with black boxes. After Zhang et al. (2016b)

local ST-rainfall relationship over the WMC (Fig. 8.15a, b). When ENSO influence
is excluded, rainfall is uncorrelated with local ST over the WMC but still signifi-
cantly correlated with local ST over the EMC (Figs. 8.15a, b). The WMC rainfall is
significantly (insignificantly) correlated with the preceding Niño-3.4 indices (local
ST), while the EMC rainfall is significantly correlated with both local ST and ENSO.
The above features suggest that the WMC rainfall variation is mainly modulated by
ENSOand not forced by the local ST,while the EMC rainfall variation is significantly
modulated by both ENSO and local ST.

According to the above results, the performance of CFSv2 in predicting the rela-
tionships of MC regional rainfall variation with remote (ENSO) and local forcing
tends to have an impact on the prediction skill for local rainfall variation. In the wet
season, the local ST-rainfall relationship over the WMC in the model is opposite
to that in the observation (Fig. 8.16). There is a generally insignificant correlation
between the rainfall and local ST over the WMC region, but significant correlation
appears over the WMC in the model when the lead time is longer than 0 months
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Fig. 8.16 Correlations between ST and rainfall in January for a observation, and hindcast ensemble
mean of b 0-month lead, c 1-month lead, and d 4-month lead. Correlation coefficients between ST
and rainfall over eWMCand f EMCinwet seasonmonths.R12,R1,R2, andR3 represent correlation
coefficients in the observations for December, January, February, and March, respectively. Black,
red, green, and blue lines represent correlation coefficients in hindcast ensemble mean of different
leads for December, January, February, and March, respectively. Values significantly exceeding the
90%, 95%, and 99% confidence levels are shaded in (a)–(d). Dotted straight line in e and f denotes
the 90% confidence level. The domains ofWMC and EMC are outlined with black boxes in (a)–(d).
After Zhang et al. (2016b)

(Fig. 8.16). The CFSv2 also unrealistically predicts the relationship between ENSO
and rainfall variation over the WMC. The model overestimates (underestimates) the
local ST-rainfall relationship over the EMC in December (in March), and unrealis-
tically predicts the local ST-rainfall relationship over the EMC in January–February
(Fig. 8.16). On the other hand, the ENSO-rainfall relationship over the EMC is well
predicted by the model, contributing to much higher skills for the EMC rainfall
compared to those for the WMC rainfall.

The problem of model’s poor performance for the WMC rainfall during the wet
season is not limited to the NCEP model (Zhang et al. 2016a, b, c). The complicated
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relationship (or poor correlation) between WMC rainfall and ENSO, which may be
due to the lack of internal spatial coherence of rainfall, the rapid sign change of
local SST anomalies once the wet season commences, and the complicated air-sea
and wind-terrain interactions over the WMC during wet season, is difficult for the
models to capture (Haylock and McBride 2001; Hendon 2003; Chang et al. 2004;
Zuo et al. 2013, 2016). Thus, higher resolutions and better representation of air–
sea coupling processes in the model are important for better MC rainfall prediction,
especially for the WMC rainfall (Zhang et al. 2016b).

In the dry season, the entire MC rainfall is significantly correlated with ENSO.
When the ENSO influence is excluded, the local ST-rainfall relationship over the
WMC is still significant, but SST signals almost disappear over the EMC, suggesting
that the dry-seasonWMCrainfall variation is significantly related to both local STand
ENSO forcing while the EMC rainfall is mainly affected by ENSO. The relationships
of the entire MC rainfall variation with local ST and ENSO are both well predicted
by the NCEP CFSv2 in all lead months, contributing to high prediction skills for the
entire MC rainfall in the dry season.

8.3 Subseasonal Prediction of Rainfall and Atmospheric
Circulation in SEA and Its Adjacent Regions

8.3.1 Subseasonal Prediction of Atmospheric Variability Over
the Extratropical Northern Hemisphere

1. The Arctic Oscillation

The AO is the dominant mode of atmospheric variability over the extratropical
Northern Hemisphere. It is usually defined as the first mode of an Empirical Orthog-
onal Function applied to the sea-level pressure north of 20° S. The AO exhibits
out-of-phase variation of sea-level pressure between the polar region and the mid
and high latitudes, which extends from the surface to the stratosphere (Thompson
andWallace 2000). The AO exerts significant impact on global climate. For example,
a positive winter AO is accompanied by above-normal temperature over the high lati-
tude of theEurasian continent andmost ofNorthAmerica, below-normal temperature
over eastern Canada, North Africa, and Middle East (Thompson and Wallace 2000).
The AO also plays an important role in rainfall variability over East Asia. A positive
winter AO is associated with a northward shift of East Asian jet stream, a shallow
East Asian trough, above-normal temperature from Siberia to northern China, Korea,
and Japan (Chen andKang 2006). TheAO also affects climate in other seasons. Gong
et al. (2001) reported that the spring AO could affect summer rainfall anomalies over
the middle and lower reaches of the Yangtze River.

The prediction of AO by the Beijing Climate Center Atmospheric General Circu-
lation Model version 2.2 indicates that the prediction skill for monthly AO exhibits
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strong seasonality (Zuo et al. 2016). The highest skill is found for winter AO
(December, January, February, and March), and the lowest for autumn AO (August,
September, October, and November). The prediction skill of 1-pentad lead by the
model for monthly AO is higher than the persistent skill of observations except for
June. However, the prediction of 2-pentad lead only exhibits skill for the AO in
December and January. As for the daily AO, the model can predict it skillfully when
the lead time is shorter than nine days, compared to the lead time of four days for
persist prediction skill.

The variability of AO is associated with winter storm track and related synoptic
eddies (Hurrell 1995; Ren et al. 2009), because the feedback of synoptic eddies
maintains and enhances low-frequency atmospheric variability (Lorenz and Hart-
mann 2003). The synoptic eddies simulated by the BCCmodel are obviously weaker
than the observation (Zuo et al. 2016). On the other hand, the downward propagation
of stratospheric polar vortex anomalies is an important source for predicting climate
anomaly in the troposphere (Sigmond et al. 2013; Tripathi et al. 2015). The prediction
by the BCC model indicates that it has a high skill for daily AO prediction when it is
initiated on the weak phase of a polar vortex (Zuo et al. 2016). The model simulates
a stronger-than-observed coupling between the troposphere and stratosphere. There-
fore, improvement in the simulation of storm track activity, synoptic eddy feedback,
and troposphere–stratosphere coupling in the Northern Hemisphere may enhance its
skill for S2S prediction of winter AO. Besides, some studies reported that ensemble
of large size could improve the prediction of AO (Riddle et al. 2013).

2. The Northern-Hemisphere Blocking

Theblocking is one of themost important atmospheric phenomena in the extratropics.
The formation and collapse of the blocking are accompanied by significant changes
in atmospheric circulation over a very large region. The blocking is quasi-stationary
and sometimes moves westward. The life cycle of the blocking is normally 5–7 days,
but sometimes is more than 20 days. Due to its quasi-stationary and long life cycle,
the blocking can cause extremely cold conditions in winter, heat waves in summer,
and severe flooding. The blocking affects climate not only over the regions it covers,
but downstream and upstream as well.

Jia et al. (2014) reported that the CFSv2 captures the observed features of longi-
tudinal distribution of blocking activity, but underestimates blocking frequency and
intensity. The intensity and number of blocking decrease as lead time increases. The
frequency of blocking is similar to the climatology when the lead time is shorter than
three weeks. The number of blocking over the Pacific sector is slightly higher than
that over the Euro-Atlantic sector in the observation. Within 14-day lead time, the
prediction skill for blocking over the Euro-Atlantic sector is higher than that over the
Pacific. Taking the hit rate of 50% as a criterion (Fig. 8.17), the CFSv2 can predict
the blocking over the Euro-Atlantic sector nine days in advance, but it is only seven
days over the Pacific sector. The prediction skill for blocking over the Euro-Atlantic
sector is lower than that for the Atlantic sector when the lead time is longer than two
weeks (Fig. 8.17).



382 8 Subseasonal to Seasonal Prediction …

Fig. 8.17 Skill scores for sector-blocking forecast in a the Euro-Atlantic sector and b the central
Pacific sector by CFSv2 with lead times from 1 to 45 days. After Jia et al. (2014)

The predicted sector-blocking episodes decrease as lead time increases. The fore-
cast skill of sector-blocking episodes is slightly higher for the Euro-Atlantic sector
than for the Pacific sector. In the Euro-Atlantic sector, more than 50% of sector-
blocking episodes can be predicted up to eight days, whereas it is seven days for
the Pacific sector. The model has little skill in predicting sector-blocking episodes
in both sectors when the lead time is longer than two weeks. The CFSv2 can well
predict block onset when the lead time is shorter than five days.

For the Euro-Atlantic sector, when the lead time is shorter than about 10 days, the
tropics and subtropics are dominated by negative geopotential height biases,while the
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extratropical and polar regions are dominated by positive geopotential height biases,
which may play an important role in the maintenance of relatively high blocking
frequency. On the other hand, the mid-to-high latitudes in the North Pacific sector
are dominated by weak negative geopotential height biases, which is unfavorable for
maintaining high blocking frequency. Note that CFSv2 shows low skill in predicting
wave train patterns associated with the blocking.

3. Cold Surge

Cold surges are the most conspicuous weather events during winter in East Asia.
During the occurrence of cold surge, cold air breaks out and moves southward,
resulting in severe weather events such as a large temperature drop, strong wind,
and heavy freezing rain or snowfall over East Asia. Previous studies investigated
the characteristics of cold surges and associated large-scale circulation (Chang and
Lau 1980, 1982; Ding and Krishnamurti 1987; Jeong et al. 2006), which focused
on the factors that affect the occurrence of cold surge and addressed the influence
of large-scale climate phenomena on cold surge. The variability of cold surges is
associated with the Siberian high, the AO, ENSO, and the MJO (Jeong and Ho 2005;
Takaya and Nakamura 2005; Hong et al. 2008; Park et al. 2010, 2014).

The assessment of winter cold surge prediction by CFSv2 indicates that the model
can well predict the frequency, intensity, and location of cold surge at a lead time of
about two weeks (Li et al. 2017; Fig. 8.18). When the lead time is longer than two
weeks, the model predicts fewer-than-observed cold surge days. The evolution of
tropospheric circulation and some surface variables associated with the cold surge
occurrence are well captured by CFSv2. However, the model can only skillfully
predict precipitation for the lead time less than one week. It has systematic wet biases
over the South China Sea, the Philippine Islands, and the Northwest Pacific, and has
dry biases over India, the Indo-China Peninsula, and most high-latitude regions. The
differences in wave train-like patterns of geopotential height and wind associated
with the cold surge occur on both sides of 35° S in the prediction is consistent with
the observation. A weaker-than-observed Siberian high and weaker northerly wind
over eastern China are found in the predictions, especially with longer lead times.

Fig. 8.18 Number of cold surge days in observations and CFSv2 predictions at different lead times.
After Li et al. (2017)
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Initial conditions are the key factor affecting the model’s ability in predicting cold
surges.

8.3.2 Subseasonal Prediction of the Tropical Climate
Variability

The subseasonal prediction of precipitation and circulation in the ASM region is
influenced by the intraseasonal evolution of summer monsoon, showing apparent
differences in different stages of summer. By taking CFSv2 as an example, we inves-
tigated the bias characteristics of the 850 hPa monthly mean wind and precipitation
predicted by the model at the beginning of each month (Liu et al. 2013). The results
showed that the model basically captured the major evolution features of the ASM,
including the eastward retreat of the WPSH and the onset of the ASM in May, the
development and prevalence of the ASM in June and July, and the weakening and
retreat of theASM inAugust and September. These characteristicswere similar to the
observations in terms of spatial pattern, center location, and precipitation intensity.
However, some systematic biases were obviously in model predictions, including
the southerly wind bias near Somalia, the westerly wind bias over the eastern trop-
ical IO, the easterly wind bias over the Indian Subcontinent, and the Indo-China
Peninsula, the northerly wind bias over SEA, and the cyclonic wind bias over the
Northwest Pacific, etc. Corresponding to these wind field biases, the eastern tropical
IO had more precipitation while the Bay of Bengal, SEA, and the western edge of
the WPSH had less rainfall. Besides, apparent wet biases were found over the south
edge of the Tibetan Plateau, the Indian Subcontinent, and the west coast of the Indo-
China Peninsula. The causes for these biases might be that, due to limited spatial
resolution, the model could not properly reflect the impact of local topography. Note
that the prediction biases always changed with time. For example, the easterly wind
bias over the eastern tropical IO in April–May was replaced by westerly wind bias
in June–August, and the bias center in the Northwest Pacific showed the feature of
moving in the north–south direction, similar to that of the WPSH.

Further analysis was carried out, aiming at intraseasonal precipitation and wind
fields predicted in different pentads of the summer season at different lead times (Liu
et al. 2013). Their findings suggested that for the forecasts with 0–4 day lead times,
although the prediction skill was higher, biases were still formed rapidly. Almost
in the whole summer, predictions were featured by easterly biases over the South
and Southeast Asian monsoon regions, cyclonic wind bias over the western Pacific,
and less rainfall over the Indian Subcontinent, the Bay of Bengal, and SEA. When
the lead time is increased to 35–40 days, the easterly bias over South Asia and the
cyclonic wind bias over the western Pacific were greatly strengthened. At the same
time, the wet bias over the equatorial IO and the cyclonic bias center over the western
Pacific also developed obviously. However, the dry bias on thewest side of theWPSH
showed different developing trend, which strengthened in May–June but weakened
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in July–August with increasing lead time. In general, the model prediction for the
ASM showed an increasing trend of wet bias but a decreasing trend of dry bias,
although in some areas (such as the Indian subcontinent and the Bay of Bengal), the
biases were not seen to increase noticeably.

Liu et al. (2013) evaluated the characteristics of monsoon forecast errors in
summer with different lead times by using the ensemble prediction spread and root
mean square error (RMSE). The results demonstrated that the growth of the ASM
circulation and precipitation forecast biases depended notably on the developing
stage of the predicted object and prediction lead time. The period from the end
of June to the beginning of July was an obvious time shift point. The prediction
biases of monsoon circulation and precipitation changed greatly around this time
(Liu et al. 2013). To investigate the distributions of circulation factors for ASM
prediction biases and their dependence on prediction lead time, the 850 hPa wind,
precipitation, and surface temperature biases predicted in 0–40 day lead times were
analyzed with the multivariate empirical orthogonal function (EOF) (Fig. 8.19; Liu
et al. 2014). It was found that the first EOF mode embodied the typical distribution
characteristics of the ASM biases, that is, the easterly bias over the Indian subcon-
tinent and the Bay of Bengal; the cyclonic wind bias over the northwestern Pacific
and the anticyclonic wind bias over the western tropical IO agreed with the situation
with less rainfall over the Indian subcontinent and the Bay of Bengal but more rain-
fall over the western tropical Pacific and eastern IO. Meanwhile, the SSTs near the
Bay of Bengal and Northwest Pacific coast were warmer. These features indicated
that the predicted WPSH and the South Asian monsoon were weak comparatively.
Characteristics of the first principal component (PC1) at each prediction lead time
corresponding to this mode indicated that the bias of first EOF mode gradually
increased from the end of May to the beginning of July, but decreased slowly from
July to September. The evolution process matched with the developing, prevailing,
and declining processes of the South Asian summer monsoon and WPSH. Changes
of the second EOF mode and its principal component (PC2) denoted that an obvious
time shift occurred in the prediction bias field, i.e., there was an anticyclonic wind
bias over the Indian subcontinent and equatorial IO, and a tropical cyclonic wind bias
and subtropical anticyclonic wind bias over the Northwest Pacific before the end of
June. From July onwards, distributions of these biases gradually turned into opposite
directions, and their corresponding precipitation bias and surface temperature bias
were reversed as well. Moreover, these biases changed exactly at the time when the
South Asian monsoon reached its peak, starting to decline, and the WPSH began to
jump northward. Although the variance contribution of the secondmodewas smaller,
the PC2 value attained its maximum when the PC1 was quite small in summer, so
the prediction bias developing in the whole ASM region can be clearly reflected.
In addition, different from the bias from the first mode, which grew rapidly below
one-week lead time, the second mode bias basically remained unchanged, but began
to increase gradually at the lead time over 10 days. This characteristic, to a certain
extent, reflected the impacts of biases from the slowly varying part of the climate
system. Overall, the above findings showed that the subseasonal prediction biases of
the SAM were closely related to the development of the monsoon climate system,
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Fig. 8.19 MultivariateEOFanalysis of the predictedpentadwind, precipitation, and surface temper-
ature biases at 850 hPa during May–September a, b are wind and precipitation characteristics in
EOF mode; c, d are wind and surface temperature characteristics in EOF mode, in which vectors
represent wind, colored area represents precipitation or surface temperature; e, f are the principal
components corresponding to modes, and the forecast lead times of 0–40 days are marked by the
solid line from red to blue in order). After Liu et al. (2014)

causing clearly different bias features in different periods of the summer at different
prediction lead times.

In terms of subseasonal variability of monsoon circulation and rainfall, the predic-
tions also showed the features of large spatial differences and sensitive skills to the
prediction lead time. Thus, we analyzed the ability of the model in predicting the
temporal evolution features of the 850 hPa zonal wind fromMay to September using
the NCEP CFSv2 reforecast outputs (Liu et al. 2014). The multiyear average results
showed that the forecast skill of zonal wind at 850 hPa gradually decreased with
increasing lead time. When the lead time was shorter than one week, the model
showed high skill for prediction of circulation over the entire ASM region, the corre-
lation coefficient of prediction and observation passed the 99%confidence test.When
the lead time was longer than two weeks, the high-skill area was reduced apparently,
and the highly correlated areas were located mainly in the western tropical IO, South
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China Sea, and MC. And when the lead time was longer than three weeks, high
correlation skills only existed in scattered areas near the MC. This suggested that
the CFSv2 can predict atmospheric circulation over the Southeast Asian monsoon
region skillfully with a lead time of about 2–3 weeks. In contrast, the prediction skill
of precipitation decreased rapidly with increasing lead time. When rainfall forecast
was made one week in advance, the prediction skills were no longer significant over
most regions (Liu et al. 2014). This indicated that the precipitation bias grew faster
than the circulation bias, so the upper limit of precipitation predictability was reached
earlier. The main reason for this result was that the precipitation was restricted by the
complex physical processes of cloud and convection in addition to the influence of
circulation. Thus, the large uncertainty in rainfall prediction also means faster bias
growth rate and lower predictability of precipitation.

The subseasonal predictability of atmospheric circulation and precipitation was
further investigated in the key areas of Southeast Asian monsoon (100°–130° E,
5°–25° S). According to the definition by Wang and Fan (1999), the SEA monsoon
index was calculated, and the prediction skill for the subseasonal variability of the
SEA indexwas evaluated using the reforecast outputs by the CFSv2. It was found that
themultiyear-averaged skill can bemore than twoweeks, but in some individual years
the maximum skill can reach more than five weeks; and the lowest skill is only about
10 days. By analyzing the relationship between the SEA index and the circulation and
precipitation, we learned that the enhancement of the SEA index usually corresponds
to cyclonic convergence anomalies of local winds over this region, westerly anoma-
lies from the Indian subcontinent to the Philippines, convection enhancement over
the western tropical Pacific, and the convection inhibition over the MC. Moreover,
as the prediction lead time increased, this relationship would gradually be replaced
by the response features of the large-scale circulation, making it more and more
difficult to reflect the localized response characteristics. Therefore, for those years
when the monsoon index itself was closely correlated with large-scale circulation,
the prediction skill was higher, while for the years when the monsoon index was only
related to the local circulation, the prediction skill was lower. Thus, we can see that
predicting precipitation over the Southeast Asian monsoon region is more difficult
than predicting circulation in the region. For the subseasonal variability of regional
average precipitation, CFSv2’s multiyear-averaged forecast skill was about 10 days,
while in individual years it could reach up to three weeks. For the spatial variability
of regional precipitation, the average prediction skill was about two weeks, and the
highest and the lowest prediction skills were about four weeks and 10 days, respec-
tively (Liu et al. 2014). These results indicated that there are significant interannual
differences in subseasonal prediction skills of the Southeast Asian monsoon, which
may be affected somewhat by the signals of interannual variability.

A representative feature on the subseasonal scale is the tropical ISO, which is
usually referred to as the MJO that propagates from west to east throughout the year
in the equatorial region and as the boreal summer intraseasonal oscillation (BSISO)
that prevails in summer in the Northern Hemisphere and propagates eastward and
northward in the ASM region. Both MJO and BSISO are considered to be important
sources of subseasonal predictability. Their predictability in different statistical and
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dynamic models is a hot issue for many operational centers and research institutions.
In recent years, predicting ISO is regarded as one of the major targets of the S2S
Prediction Project. For MJO, its forecast skill in most statistical prediction models is
usually about two weeks, while that in some other models can exceed three weeks.
Compared with the statistical model that focuses on predicting the characteristics
of MJO index, the climate model is able to predict the temporal and spatial varia-
tion of MJO and to depict the physical relationship between MJO and other climate
phenomena, and thus has become a main tool for the current MJO forecasting oper-
ation. According to the definition by Wheeler and Hendon (2004), multivariate EOF
analysis was performed on the 15° S–15° S averaged outgoing longwave radiation,
the 850 hPa zonal wind, and the 200 hPa zonal wind. The obtained first two EOF
modes represent the spatial structure of the MJO, and the first two principal compo-
nents (PCs) represent the time variation characteristics of the MJO. According to
the distributions of the two PCs in the quadrant space, the MJO state can be divided
into eight phases, and the cyclic evolution of these phases reflects the process of
MJO’s initiation, eastward propagation, and extinction in the equatorial region. The
commonly used index for evaluating theMJO forecast skill of amodel is the bivariate
correlation coefficient and the RMSEs of the first two PCs between prediction and
observation, in which the correlation coefficient decreases with the prolongation of
lead time while the RMSE increases with the prolongation of lead time. When the
former declines to 0.5 or the latter, to 1.414, the corresponding prediction lead time is
considered to be the upper limit of the useful skill for theMJO (Lin et al. 2008). Based
on this index, MJO prediction skill in the NCEP CFSv1 was only 10–15 days, while
that in the CFSv2 was increased to 20–21 days (Kim et al. 2014; Wang et al. 2014).
The MJO forecast skill in the Australian Climate Prediction System was 21 days
(Rashid et al. 2011). In comparison, the MJO forecast skill by the ECMWF forecast
system kept increasing in the last decade and has now reached 27 days (Kim et al.
2014;Vitart 2014). During the S2S Prediction Project, the prediction system based on
the coupled BCC_CSM had an overall forecast skill of 15 days for MJO prediction.
After improving initial atmospheric and oceanic conditions, the overall forecast skill
of the MJO had been improved to 21 days (Fig. 8.20a; Liu et al. 2017). By analyzing
the temporal variation of the improved prediction skills, we can see that the overall
prediction skills have significant seasonal differences: the lowest in summer is about
17 days and the highest in autumn and winter can reach 26 days. In some historical
periods, the skill even reached above 40 days. In addition, for each phase of theMJO,
the forecast skill can be improved somewhat by improving the initial conditions, and
especially the forecast skill for initial phase 2 has been improved from 16 to 27 days.
This indicates that the improved initial conditions make the predicted propagation
characteristics of the MJO over the IO better, although the model still has deficiency
in portraying the MJO propagation across the eastern tropical IO and the MC.

The BSISO is a phenomenon active in the tropical to subtropical regions of Asia in
summer. It is highly related to the activities of the ASM. According to the definition
by Lee et al. (2013), we performed multivariable EOF analysis on the daily 850 hPa
zonal wind and outgoing longwave radiation in the (40°–160° E, 10° S–40° S) region
fromMay to October. The obtained 1st and 2nd EOF modes and their corresponding
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Fig. 8.20 Prediction skills of MJO, BSISO1, and BSISO2 by the BCC_CSM that participates
in the S2S Project (S2S_HST, S2S_IEXP1, and S2S_IEXP2, respectively, represent the original
hindcast experiment, the experiment to improve atmospheric initial conditions, and the experiment
to improve atmospheric and ocean initial conditions. For the hindcast experiments, once snapshot
every five days is taken from the period 2000–2013; horizontal dashed line is the upper limit of
useful forecast skills, defined as prediction lead time corresponding to skill value equal to 0.5

PCs represent BSISO1, while the 3rd and 4th modes and their corresponding PCs
represent BSISO2. The multiple models participating in the S2S Prediction Project
show obvious differences in their BSISO predictions. The forecast lead time when
the bivariate correlation coefficient of PCs between prediction and observation equal
to 0.5 is taken as the maximum useful skill. For the BSISO1 whose oscillation period
is about 30–60 days, prediction skills in most models range from one to two weeks,
but the prediction skill in the ECMWF model is as high as 24 days, while that in the
Russian Hydrometeorological Center model is only six days. For the BSISO2 with
oscillation period about 10–30 days, the prediction skills in multiple models range
from 6 to 14 days (Fig. 8.21; Jie et al. 2017). Focusing on the strong BSISO events,
most models show that the forecast skills for BSISO1 and BSISO2 are relatively low
when they are in phases 3–5, which indicates that the BSISO1 is difficult to predict
when the convection signal propagates from the IO to theMC and thewestern Pacific,
and that the BSISO2 is also difficult to predict when its convection center lies in the
area from the Bay of Bengal to the South China Sea and the Northwest Pacific. For
the BCC_CSM model used by the BCC for participating in the S2S Project, the
overall prediction skills of BSISO1 and BSISO2 were initially nine and eight days,
respectively; but after improving the initial conditions, the skills were improved to
13 and nine days, equivalent to the performance of most models in the S2S project
(Fig. 8.20b, c). With the improvement of initialization scheme in the BCC_CSM,
the most significant improvement in BSISO1 forecast skill is found in the 8th to the
2nd phase, that is, in the stage of convection weakening over the western Pacific and
convection strengthening over the IO. The most significant enhancement of BSISO2
forecast skills is in the 6th to the 7th phase, that is, in the dry phase period when
convective inhibition occurs mainly over the IO and the western Pacific.
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Fig. 8.21 Prediction skills of BSISO1 and BSISO2 by multiple models participating in the S2S
Project (the skill is measured by bivariate abnormal correlation coefficient). For the hindcast experi-
ments, twice a week snapshots are taken fromMay toOctober each year during 1999–2010. Colored
dashed line represents the deterministic forecast; colored solid lines represent ensemble prediction
results; horizontal dashed line is the upper limit of useful prediction skills, defined as the prediction
lead time corresponding to the bivariate correlation skill equal to 0.5. After Jie et al. (2017)

8.3.3 Subseasonal Prediction of the Climate Variation Over
Southeast Asia

1. Prediction of MC rainfall variation and associated circulation patterns in the
wet-dry transitional seasons

The seasonal evolution of MC rainfall is clearly characterized by a wet season and
a dry season, with asymmetric seasonal transitions (Li and Philander 1996; Hung
et al. 2004; Chang et al. 2005b; Aldrian et al. 2007). In summer, the maximum
convection is located north of the MC, and gradually moves southeastward to the
southern MC and northern Australia along the “land bridge” during the boreal fall
(Chang et al. 2005a). However, the maximum convection does not return to the north
of theMC in the same way during the boreal spring (Chang et al. 2005a). The wet-to-
dry seasonal transition is quick but the reversed process is relatively gradual. Chang
et al. (2005a) suggested that the asymmetric low-level divergence over the MC, and
the mass distributions between the two transitional seasons may contribute to this
asymmetry. Matsumoto and Murakami (2000) indicated that this asymmetry was
due to the respective annual variations of the equatorial basic flows over the IO and
western Pacific, and that the cold surges originated from East Asia during the boreal
fall were stronger than those originated from Australia during the boreal spring. On
the other hand, although dynamic models showed major improvements in weather
and climate forecasts during the past decades, prediction of MC rainfall is still a big
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challenge due to the complex terrain, land-sea distribution, and interaction over the
region (Mori et al. 2004; Ichikawa and Yasunari 2006; Rauniyar and Walsh 2012).

Figure 8.22a shows the time series of climatological (2000–2010) pentad-mean
rainfall over the MC (98°–145° E, 9°–1° S; plus 98°–120° E, 1° S–7° S). In the
observations, minimum (maximum) value of pentad-mean rainfall over the MC is
below 4 mm/day (above 10 mm/day) in the 44th (73rd) pentad, with an annual mean
around 6.5 mm/day (Fig. 8.22a). The wet-dry seasonal transitions show asymmetric
features, with a sudden decrease in rainfall (about 4.5 mm/day) from the 26th to the
28th pentad and a gradual increase in rainfall (about 2 mm/day) from the 58th to the

Fig. 8.22 a Climatological pentad-mean rainfall (mm day−1) averaged over the MC (98°–145° E
9°–1° S; plus 98°–120° E, 1° S–7° S) for observations (GPCP; black line) andCFSv2 LD0 (red line).
bDifference of climatological pentad-mean rainfall (mm/day) betweenCFSv2LD0 and observation
(GPCP). The horizontal black line and red line denote the annual mean values for observation and
CFSv2, respectively. After Zhang et al. (2016c)
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60th pentad (Fig. 8.22a). To better reflect different features between the two seasons,
the transition date from dry to wet season (DTW) is objectively defined as the pentad
that satisfies the following criteria: (1) the initial pentad when the above annual mean
rainfall occurs during 17th–37th pentads; (2) in three consecutive pentads, rainfall is
above the annual mean; (3) rainfall averaged in the initial pentad and the following
five pentads is above the annual mean. The pentad that satisfies the opposite criteria is
defined as the transition date from wet to dry season (WTD). According to the above
definition, the DTW occurs around the 59th pentad and the WTD occurs around the
27th pentad (Fig. 8.22a). Using the pentad data from the Climate Prediction Center
Merged Analysis of Rainfall (CMAP), climatological pentad-mean rainfall during
1979–2014 is also calculated, which shows similar results as that in Fig. 8.22a,
demonstrating that the above results are reliable. Note that part of the northeastern
MC is included in the Asian-Pacific summermonsoon regime, which shows different
features of rainfall variation compared to those in the other MC regions; thus, the
northeastern MC is not included in this study.

As shown in Fig. 8.23, before theWTDoccurs, there are the easterlies (westerlies)
over the equatorial Pacific Ocean (IO) and the southeasterly wind from the Australia
high, which convergence over the MC, favoring rainfall over the MC. During the
WTD, there are decreasing in rainfall over the MC accompanied by enhancement of
southwesterly wind from the Arabian Sea to the South China Sea, weakening of east-
erly wind and westerly wind over the equatorial IO and the equatorial Pacific Ocean,
and weakening of the Australia high (Fig. 8.23). This anomalous circulation pattern
contributes to anomalous divergence over the MC at low levels and to anomalous
convergence at high levels, reducing rainfall over the region. Before theDTWoccurs,
the easterlies from the western Pacific Ocean to the Indo-China Peninsula and the
westerlies over the northern IO converge around the South China Sea, and a weak
cyclonic circulation forms over the Bay of Bengal, leading to heavy rainfall north
of the MC. During the DTW, the cyclonic circulation over the Bay of Bengal disap-
pears, the Mascarene high weakens, an anomalous anticyclonic circulation appears
to the northeast of the Philippines, and an anomalous convergence appears over the
northern IO. As a result, negative rainfall anomalies appear north of the MC, and
rainfall increases over the MC. Note that the patterns between the DTW and WTD
are not completely opposite, and there is late DTW over the southeastern MC due
to a gradual increase in rainfall from the WMC to the WMC, and from the northern
MC to the southern MC.

The subseasonal variation of MC rainfall is well captured by the CFSv2 of 0-
day lead, particularly during the dry season and from the 65th to the 73rd pentad.
The model well predicts the features of the WTD, but predicts a late DTW and a
weaker-than-observed amplitude of rainfall variation in 0-day lead. The amount of
MC rainfall from the 19th to the 73rd pentad is well predicted, but it is overestimated
from the 1st to the 16th pentad in 0-day lead. Correspondingly, major features of
rainfall and atmospheric circulation pattern related to the WTD and the DTW are
generally captured by the CFSv2, including the shifting of rain band, development of
the southwesterly monsoon, and weakening of the Australia high during the WTD.
However, rainfall over the MC is underestimated (overestimated) from the 25th to
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Fig. 8.23 Climatologicalmean rainfall (GPCP; shading;mm/day) and850hPawind (CFSR; vector;
m s−1) for a the 25th pentad; b the 26th pentad; c the 27th pentad; d the 28th pentad; and e the 29th
pentad. f Differences between 28th–29th pentad mean and 25th–26th pentad mean. The domain of
the MC is outlined by red lines. After Zhang et al. (2016c)

the 28th (from 27th to the 29th) pentads, leading to smaller than the observed change
in rainfall during the WTD in 0-day lead. Besides, the NCEP CFSv2 of 0-day lead
shows underestimation of rainfall over the MC during the 60th–61st pentads.

The CFSv2 can well predict the major features of rainfall and related atmospheric
circulation about two (three) weeks in advance for DTW (WTD). The amplitude of
rainfall changes during the two transition seasons, which is underestimated in longer
lead days. For the WTD, the related atmospheric circulation in the model shows
similar features as those in the observation for lead time of 10 days or shorter. When
the lead time is longer than 25 days, rainfall increases over the southeastern MC
(but it decreases in the observation), the southwesterly monsoon circulation shifts
southward compared to that in the observation, and variation of low-level winds
over the western tropical Pacific is nearly opposite to that in the observation. For
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the DTW, the CFSv2 shows generally good skill for rainfall variation and related
atmospheric circulation when the lead time is less than 15 days. However, the model
predicts weaker-than-observed changes for the Mascarene high and the atmospheric
circulations over the western Pacific for lead time of 15 days of longer, contributing
to underestimation ofMC rainfall change during the DTW. Pattern correlations of the
change in rainfall over (60°–160°E, 30° S–30° S) during theDTWandWTDbetween
the observation and the NCEP CFSv2 outputs of different leads are calculated to
provide a quantitative assessment of the model’s prediction skills. The prediction
skill gradually decreases as the lead time increases, and it is obviously lower for the
DTW than for the WTD in all leads. The correlation coefficient is lower than 0.5
when the lead time is longer than 23 days (15 days) for the WTD (DTW).

It is noticeable that the transition dates for wet and dry seasons, as well as predic-
tion skills of rainfall and related atmospheric circulation during the WTD and DTW,
vary year to year. The times of the WTD (DTW) are the 27th, 26th, 27th, 27th, 33rd,
21st, 37th, 28th, 27th, and 32nd pentads (64th, 59th, 62nd, 56th, 65th, 58th, 69th,
59th, 59th, and 63rd pentads) during 2000–2009. The CSFv2 well predicts rainfall
and related atmospheric circulations in 2006 during the WTD and DTW 10 days
in advance. On the other hand, the CFSv2 well predicts rainfall and related atmo-
spheric circulations in 2008 within five days during WTD but 30 days in advance
during DTW. Therefore, understanding of MC seasonal transition features and their
prediction in different temporal and spatial scales need to be further investigated.

2. Prediction of early-season rainfall over southern China and associated
atmospheric circulation pattern

Southern China is a main rice production area in China, which is usually referred
to the region of (110°–120° E, 20°–30° S). The early-season rainfall (ESR) over
southern China occurs from late-March to early-April and lasts until late-June, which
has great impact on the agriculture and economy of southern China. An accurate
prediction allows the farmers to choose the best time to plant crops and manage
water resources (Yim et al. 2013). In this section, we discuss the hindcast skill of the
NECP CFSv2 in predicting ESR. Results show that the CFSv2 can well capture the
main features of the ESR at LD0 (LD0, LD1, LD2,…andLD44 represent 0-day lead,
1-day lead, 2-day lead, … and 44-day lead, respectively), including the period of the
ESR from pentad 19 to pentad 36, the magnitude of rainfall from 6 to 12 mm day−1,
the northward movement and expansion of rainfall center from 20° S in pentad 27
to 30° S in pentad 36, the southwest–northeast pattern, and the transformation of
atmospheric circulation associated with the ESR (Fig. 8.24). The model generally
overestimates the ESR (Fig. 8.24b).

The CFSv2 at LD0 can well predict the atmospheric circulation during the ESR at
both lowandhigh levels frompentad19 to pentad36.At the low level, the anticyclonic
and cyclonic circulations appear over the tropical-subtropical northwestern Pacific
and eastern Tibetan Plateau, respectively. As a result, southern China is under the
control of convergent southwesterly wind, which gradually weakens when it reaches
higher latitude. At the high level, the strong westerly prevails from Asia to the
Northwest Pacific, and high-level divergence can also be found. The model well
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Fig. 8.24 a Time series of pentad-mean precipitation (mm/day) averaged over southern China
(110°–120° E, 20°–30° S) using GPCP data, its yearly mean, and CFSv2 precipitation in LD0.
b Differences in precipitation between GPCP and CFSv2 prediction of LD0 (the latter minus the
former). After Zhao and Yang (2014)

captures the low-level southwesterly wind, which contributes to the high prediction
skill of the outbreak and development of the ESR.

The CFSv2 can well predict the features of rainfall during the ESR by two weeks
in advance. Themagnitude of rainfall center exceeds 6mmday−1 during the outbreak
of the ESR in pentad 19. The range of rainfall gradually extends from south to north
after the outbreak of the ESR, especially from pentad 30 to pentad 35. The ESR
decays around pentad 36. All the above features are well captured by the CFSv2 at
LD0. Compared with the observation, the model also exhibits obvious discrepancy
with increasing lead time. The rainfall center exceeding 4 mm day−1 occurs earlier
in the model. Moreover, the model significantly underestimates the magnitude of
the ESR, which drops from 12 to around 10 mm day−1 for lead times of two weeks



396 8 Subseasonal to Seasonal Prediction …

or longer. Significant overestimation of rainfall during pentads 19-27 and slight
underestimation of rainfall during pentads 27-36 result in the overestimation of the
ESR at short lead times. However, significant underestimation of rainfall during
pentads 27-36 and slight overestimation of rainfall during pentads 19-27 result in
underestimation of the ESR at long lead times.

The model can well capture low-level southwesterly wind before LD16, but
significantly underestimates the southwesterly wind after LD16, contributing to the
obvious underestimation of the ESR at long lead times as shown in Fig. 8.25. Mean-
while, the tropical easterly strengthens in late-summer and early-autumn, which
contributes to the strengthening of the contemporaneous rainfall. The prediction
discrepancies of zonal wind and meridional wind at both low and high levels become
larger with increasing lead time. The zonal wind at the low level is well captured by
the model within two weeks’ lead time, but the westerly wind weakens after LD14.
With respect to the high-level zonal wind component, weakened westerly appears at
all lead times. Meanwhile, the northerly wind is weakened within two weeks’ lead
time. After LD14, the northerly wind is unrealistically predicted by the model.

In summary, the model can well capture the ESR and its associated atmospheric
circulation two weeks in advance. However, the low-level anticyclone over East
Asia, the low-level southwesterly wind over South Asia, the low-level convergence,

Fig. 8.25 Time–latitude cross-sections of pentad-mean precipitation (shading; mm/day) and
850 hPa wind (vector; m/s) along 110°–120° E from the 3rd to 71st pentad (x-coordinate) predicted
by CFSv2 in LD1, LD4, LD7,… LD40, and LD43, respectively. After Zhao et al. (2015)
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the high-level divergence over southern China, and the high-level westerly jet are
all underestimated by the model after LD14. The above-mentioned underestimation
results in underestimated ascending motion over southern China, which contributes
to the underestimation of rainfall during the ESR after LD14. In all, the skill of the
CFSv2 in predicting the ESR over southern China is higher than that over the other
regions in East Asia from April to June.

8.4 Predictability of Climate Variation Over SEA and Its
Adjacent Regions

8.4.1 The Most Predictable Patterns of Rainfall
and Atmospheric Circulation on Subseasonal
and Seasonal Scales

1. Seasonal dependence of the most predictable low-level atmospheric circula-
tion patterns over the Indo-Pacific region

In general, the ensemble mean for ensemble simulations is composed of predictable
signals and the residual of unpredictable internal noise. The EOF analysis with maxi-
mized signal-to-noise ratio (MSN EOF hereafter) can effectively minimize the effect
of internal noise, thus maximizes the signal-to-noise ratio in a moderate ensemble
size (Allen and Smith 1997; Venzke et al. 1999; Chang et al. 2000; Sutton et al. 2000;
Huang 2004; Liang et al. 2009). When applying to an ensemble hindcast, the leading
MSN EOF modes represent the most predictable patterns. The seasonal dependence
of the most predictable patterns of monthly 850 hPa zonal wind over the trop-
ical Indo-Pacific region is examined using the ensemble reforecasts by both NCEP
CFSv2 and Project Minerva (a collaborative project between the Center for Ocean-
Land-Atmosphere Studies and the European Centre for Medium-Range Weather
Forecasts).

The spatial patterns of the first MSN EOF (MSN EOF1) modes in different lead
times and target months mainly show opposite zonal wind over the equatorial Pacific
and IO. As an example, the MSN EOF1 modes of March in 0-month lead, 3-month
lead, 6-month lead, and 9-month leads are shown in Fig. 8.26. The percentages of
variance of the ensemble mean 850 hPa zonal wind anomalies explained by these
MSN EOF1s are around 50–60% in different leads. There are obvious similarities
among the MSN EOF1 modes for zonal wind over the equatorial Pacific, but zonal
wind over the equatorial IO becomes weaker as the lead time increases, suggesting
a relatively lower predictability for the IO region (Fig. 8.26a, c, e, g). The peaks
and valleys of MSN PC1s in March generally correspond to El Niño (i.e., 1983
and 1998) and La Niña (i.e., 1999–2001) events, respectively (Fig. 8.26b). To eval-
uate the prediction skill of these predictable patterns identified by the MSN EOF
and to determine whether the highly predictable patterns are robust, the 850 hPa
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Fig. 8.26 Left: The MSN EOF1 modes of the CFSv2 reforecast 850 hPa zonal wind (m/s) for
lead months of 0, 3, 6, and 9 in March. In the right panels, the solid black lines are the PCs of
ensemble means. The solid red lines and dashed black lines represent the PCs that are computed
by projecting the 850 hPa zonal wind in observation and ensemble members on to the MSN EOF1.
R represents the correlation coefficient between ensemble mean PC and projected observational
PC. R1 represents averaged correlation coefficient between ensemble mean PC and projected PCs
for individual members. SD represents averaged standard deviation of the projected PCs from the
ensemble members. After Zhang et al. (2018a)
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Fig. 8.27 Correlation coefficients between ensemble mean PCs and projected observational PCs
for MSN PC1 (left panel) and MSN PC2 (right panel). Values exceeding the 90, 95, and 99%
confidence levels are shaded. The x-coordinate indicates the corresponding lead months, and the
y-coordinate indicates the corresponding months. After Zhang et al. (2018a)

zonal wind anomalies in observation and individual members are projected onto the
MSNEOF1 patterns, respectively. As shown in Fig. 8.26, correlation coefficients (R)
betweenMSNPC1s and their corresponding projected observational PC1s, and aver-
aged correlation coefficients (R1) between MSN PC1s and corresponding projected
ensemble member PC1 exceed the 99% confidence level for all leads (R (R1) =
0.93 (0.95), 0.74 (0.89), 0.50 (0.87), and 0.48 (0.82) for LM0, LM3, LM6, and LM9,
respectively). Themost predictable pattern of 850-zonal wind is well predicted by the
NCEP CFSv2 nine months in advance, except for those in June–July, which reflects
the spring predictability barrier (Figs. 8.27a, 8.28).

In contrast, the secondmost predictable atmospheric low-level circulation patterns
are more seasonally dependent. The monthly evolution of the predictable patterns
during borealwinter and spring is characterized by a southward shift ofwesterlywind
anomalies, which is generated by the interaction between the annual cycle and the
ENSO signals (i.e., the combination-mode) and contributes to rapid termination of
major El Niño events. The NCEP CFSv2 well predicts the most predictable pattern
five months in advance for boreal spring, but shows lower skill for boreal winter
(Fig. 8.27b). In boreal summer, the spatial pattern of MSN EOF2 is characterized by
opposite variations of anomalous zonal winds around the WNP and its surrounding
regions before 4-month lead, and by opposite variations of anomalous zonal winds
over the equatorial Pacific and over the regions to its west, north, and south after
4-month lead (i.e., in July) (Fig. 8.27). The NCEP CFSv2 can well capture these
predictable patterns in summer (Fig. 8.26b). For example, in July the correlation
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Fig. 8.28 Same as Fig. 8.26, except for MSN EOF2 for July. After Zhang et al. (2018a)

coefficients between ensemble mean PC1 and projected observational PC1 in 0-
month lead, 3-month lead, 6-month lead, and 9-month lead are 0.64, 0.58, 0.52,
and 0.48, respectively (all exceeding the 99% confidence level). The second most
predictable patterns in autumn can be predicted threemonths in advance (Fig. 8.26b).

Note that there are similar results by the NCEP CFSv2 and Project Minerva. For
example, in Project Minerva with T639 resolution, the most predictable patterns
during May–November, which are using May initial conditions (ICs), are char-
acterized by anomalous westerlies over the central–eastern equatorial Pacific and
anomalous westerlies over the IO to the MC, similar to those by the NCEP CFSv2.
The peaks and valleys of MSN PC1s mostly correspond to El Niño and La Niña
years, respectively. The centers of easterly loadings over the equatorial IO are gener-
ally weaker during summer months. The variances explained by the MSN EOF1
in May–November are 36.2%, 38.9%, 39.2%, 44.5%, 48.5%, 53.2%, and 56.1%,
respectively. Correlation coefficients between ensemble mean PC1s and projected
observational PC1s, and averaged correlation coefficients between ensemble mean
PC1s and projected ensemble member PC1s for May–November all exceed the 99%
confidence level, suggesting high predictability of these predictable patterns. For the
second most predictable patterns with May ICs in Project Minerva, the predictable
signals are mainly located over the WNP, similar to those in the NCEP CFSv2. The
spatial patterns of the MSN EOF2 by Project Minerva are characterized by a north-
ward shift of the WNP anomalous anticyclone/cyclone in summer and a southward
shift in autumn.
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2. The most predictable rainfall patterns on subseasonal time scales over the
Indo-Pacific region

The ISO is one of the most important components of the tropical atmospheric vari-
ation, which significantly affects the global atmospheric circulation as well as the
local weathers and climate. It mainly comprises theMJOwith a spectral peak around
30–60 days and the quasi-biweekly oscillation (QBWO) with a characteristic period
of 10–20 days. By applying MSN EOF analysis, we investigate the most predictable
patterns and predictability of precipitation over the Indo-Pacific region on subsea-
sonal time scales. The reforecast product from the 45-day hindcasts (1999–2014) by
the NCEP CFSv2 is used, along with several observational data sets.

The features of most predictable patterns of precipitation over the Indo-Pacific
region on 30–60-day time scale exhibit seasonality. The most predictable patterns
show tropical zonal dipole during boreal winter and spring, but a meridional dipole
during boreal summer and fall. The predictability of predictable patterns is also
seasonally dependent, which is the worst in summer but better in the other seasons.

As shown in Fig. 8.29, the most predictable pattern of regional precipitation in
boreal winter on the 30–60-day time scale shows a dipole pattern over the northern
IO and to the south of the MC. The MSN EOF1 in boreal winter explains 20%–
30% of the total variance, 10% higher than the second most predictable pattern. The
model shows good prediction of both variability and magnitude of the variation at
short leads, and the pattern at LD29 is still predictable with R exceeding certain
confidence level (Fig. 8.29f). A sustaining high R1 implies that the most predictable
pattern in boreal winter is still quite robust at different leads. The most predictable
pattern in boreal spring exhibits similar distribution as that in boreal winter, which
shows dipole from the equatorial IO and the main part of the MC to the South China
Sea, the eastern Bay of Bengal, and north of Australia. The MSN EOF1s in boreal
spring explain at least 20% of the total variance at short leads and around 30% at
long leads. Pattern shift can be found after LD30 in boreal spring and after LD25 in
boreal winter. For example, the tropical zonal dipole changes to consistent variation
after LD25 in boreal winter. Due to the influence of initial memory, the pattern in
boreal spring before one week’s lead is unstable. After LD7, the pattern in boreal
spring remains stable at different leads (Fig. 8.30).

The most predictable pattern of regional precipitation on 30–60-day time scale in
summer is quite different from those for boreal winter and spring with a meridional
dipole from the eastern Arabian Sea, Bay of Bengal, South China Sea, and Northwest
Pacific to the equatorial IO and the MC. The MSN EOF1s explain 40%–50% of the
total variance,which is obviously larger than that for borealwinter half of the year and
that for the second most predictable pattern. The prediction skill for boreal summer
is significantly weaker than that for boreal winter and spring with only 20 days in
advance. The most predictable pattern for boreal summer is also robust due to high
R1 at different leads. In boreal autumn, the pattern is similar to that in boreal summer
but the meridional dipole is weaker over the western Pacific, which is associated with
the relatively earlier retreat of monsoon activity over East Asia.
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Fig. 8.29 The MSN EOF1 modes and PCs of precipitation (mm/day) predicted by the CFSv2 for
lead days of 0, 6, 12, 18, 24, and 29 in boreal winter on 30–60-day time scale. The solid black
lines represent the PCs of the ensemble means, the dashed grey lines represent the PCs of different
ensemble members, and the solid red lines represent the PCs that are computed by projecting the
observed precipitation onto the spatial distribution of the MSN EOF1. R represents correlation
coefficient between the solid red line and solid black line. R1 represents averaged correlation
coefficient among ensemble members. After Dong et al. (2020)

In summary, the most predictable pattern during boreal winter half of the year
with tropical zonal dipole mainly implies the eastward propagation of MJO, while
the one during boreal summer half of the year with meridional dipole mainly implies
the northward propagation of BSISO. Pattern shift only occurs in boreal winter and
spring at long leads when the spread of ensemble members is large.

The prediction skill is the worst in boreal summer but better in boreal winter and
transitional seasons. The skill drops with increasing lead time. However, the skill
in boreal spring bounces at LD30, which is related to pattern shift in boreal spring.
The prediction skill for the second most predictable pattern shows relatively weaker
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a

b

Fig. 8.30 Correlation coefficients between ensemble mean PCs and projecting PCs (computed by
projecting the observed precipitation upon the MSN EOF modes) for a MSN EOF1 and b MSN
EOF2 on 30–60-day time scale. The black straight line represents the correlation coefficient at the
95% confidence level. After Dong et al. (2020)

seasonality. In short, the most predictable pattern shows higher predictability than
the second one.

The features of associated atmospheric circulation that is related to the most
predictable pattern are similar in boreal winter and spring. The regression of OLR
shows convective center over the IO. At the low level, the westerly can be found
to the west of the convective center while the easterly can be found to the east of
the center. What is more, cyclonic circulations appear to the north and south of the
westerly. At the high level, the easterly can be found to the west of the convective
center, while the westerly can be found to the east of the center; and anticyclonic
circulations appear to the north and south of the easterly. The above features are
associated with the Gill response. The convective center lags warm SST center by
about 1/4 phase, which implies the eastward propagation of MJO. Moreover, the
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strong easterly over the MC accelerates the evaporation of nearby seas. Both the
evaporation-wind feedback and the Gill response in wind field help to verify that
the most predictable pattern during boreal winter half of the year mainly shows the
eastward propagation of MJO. The features of associated atmospheric circulation
during boreal summer half of the year are quite different from those for the winter
half of the year. In both boreal summer and autumn, the low-level winds exhibit
significant cross-equatorial flows, while the northeasterly wind prevails over the MC
and nearby areas at the high level. The lag between the convective center and warm
SST center also implies a northward propagation of BSISO. Moreover, the dominant
cold SST over the Indo-Pacific region exaggerates the land–sea thermal contrast,
which stresses the influence of monsoon activities. Both dominant cold SST and
wind fields help to verify that the most predictable pattern during boreal summer
half of the year mainly shows the northward propagation of BSISO associated with
monsoon activities.

8.4.2 Possible Impact Factors of Seasonal Climate
Predictability

The above analyses indicated that the most predictable patterns of atmospheric low-
level circulation over the Indo-Pacific region aremainly associatedwithENSOduring
the whole year, which is identified by significant correlation between MSN PC1 and
observational ENSO index (Fig. 8.31a). The ocean–atmosphere anomalies related
to the most predictable patterns of 850 hPa zonal wind also show features of ENSO
developing or maturing phase. These most predictable patterns have high prediction
skills for both the NCEP CFSv2 and Project Minerva, which mainly originate from
ENSO, suggesting that ENSO is the major source of predictability of low-level
atmospheric circulation variation over the tropical Indo-Pacific region. However, the
models show relatively lower prediction skills during boreal summer, due to the
spring predictability barrier.

In contrast, the second most predictable patterns of the atmospheric low-level
circulation over the Indo-Pacific region show strong seasonality.During borealwinter
and spring, the most predictable patterns are mainly associated with ENSO decaying
phase,with significant correlation betweenMSNPC2s andNiño-4 index (Fig. 8.31b).
Both the NCEP CFSv2 and Project Minerva have high prediction skills for the
second most predictable patterns during boreal spring, but show lower prediction
skills in winter. In boreal summer, the second most predictable patterns are associ-
ated with WNP monsoon in shorter leads, and associated with ENSO in longer leads
(Fig. 8.26b, c). Correlation coefficients of MSN PC1 and WNP anticyclone/cyclone
(WNP-AC) index exceed the 95% confidence level of the t-test for 0-month lead to
4-month lead, and correlation coefficients of MSN PC1 and Niño-4 index exceed the
95%confidence level of the t-test for 5-month lead to 9-month lead.Actually, themost
predictable pattern and the second most predictable pattern switch order from short
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Fig. 8.31 Correlation coefficients between Niño-3.4 index and ensemble mean PC1 (a), between
Niño-4 index and ensemble mean PC2 (b), between WNP-AC index and ensemble mean PC2
(c), and between IOD index and ensemble mean PC2 (d). Values exceeding the 90, 95, and 99%
confidence levels are shaded. The x-coordinate indicates the corresponding lead months, and the
y-coordinate indicates the corresponding months. After Zhang et al. (2018a)

to long leads, due to the effect of “spring barrier,” which limits the predictability of
ENSO. Themodels generallywell capture the secondmost predictableWNPpatterns
in summer, but the prediction skill is lower than that for predictable ENSO patterns
(Fig. 8.31). The secondmost predictable patterns are mainly associated with the IOD
as well as the WNP-AC in autumn, but can only be well predicted by the models less
than three months in advance (Fig. 8.31c, d). The relatively lower prediction skills
for the predictable WNP patterns and predictable IOD patterns are partly due to the
seasonal nature of the IOD and the WNP monsoon.
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Besides the predictable signals, predictability of the tropical Indo-Pacific climate
variation is also influenced by noise (i.e., the intra-ensemble variability). Using the
Project Minerva hindcasts, we examine the intra-ensemble variability of 850 hPa
zonal wind within the tropical Indo-Pacific region, to identify the most likely
disrupters of seasonal prediction. Figure 8.32 shows the first EOF modes of model

Fig. 8.32 The first EOF modes of model noise data for 850 hPa zonal wind (m/s) in different
lead months for T639 with ICs in May. In the right panels, the dashed black lines represent the
corresponding PCs for ensemble members, and the red line represents the standard deviation of the
ensemble members. After Zhang et al. (2018b)
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noise 850 hPa zonal wind fromMay toNovember (May ICs) with T639 resolution. In
May, the large model spread, which likely originates from the southern extratropics,
is mainly located south of 15° S to the east of Australia (Fig. 8.32a). During the
boreal summer months, the location of large model spread appears to the north of
the equator, with westerly wind anomalies from north of the equator to about 15° S
extending from the IO to the WNP region, and with easterly wind anomalies further
to the north (Fig. 8.32c, e, and g). During the boreal autumn months, the spatial
patterns of noise EOF1 are characterized by the opposite wind anomalies over the
equatorial Pacific and the IO (Fig. 8.32i, k, and m). There is large resemblance in
spatial structure between the first noise EOFmodes and theMSNEOF2modes in the
summer months, and between the first noise EOF modes and the MSN EOF1 modes
in autumn, implying that the noise-induced feedback generates the difference in the
evolution of the predictable signals among ensemble members during summer and
autumn. The interannual variation of the noise level is weak (strong) in late-spring
and summer (autumn) (Fig. 8.32).

To identify the mechanisms associated with the intra-ensemble variability during
summer and autumn, we calculate correlations (regression) of noise SLP/rainfall
(850 hPa wind/SST) with (against) noise PC1s in different lead months. In May, the
intra-ensemble variability is mainly related to strong negative SLP anomalies with
an anomalous cyclonic circulation south of 20° S to the east of Australia, which
seems to have extratropical origin. During the summer months, those correlation and
regression patterns are mainly characterized by a dominant WNP cyclone, accompa-
nied by upstream positive SLP anomalies expanding from the IO into the MC and a
downstream wave train through Japan. Correspondingly, mildly cold SST anomalies
extend from the northern IO to theWNP, and precipitation is generally reduced under
the anticyclonic circulation over the IO but increased in the cyclonic circulation over
the WNP. These results are consistent with those in Ma et al. (2017). During the
boreal autumn months, the intra-ensemble spread of 850 hPa zonal wind is mainly
associated with the SST anomalies over the central–eastern equatorial Pacific, and
the variation of the Walker circulation. This WNP-IO variation described above can
trigger the equatorial wind anomalies in the central Pacific during the boreal autumn
season, and then the equatorial wind anomalies seem to evolve via the ENSO-like
coupled dynamics (Huang andShukla 2007;Larson andKirtman2015).Consistently,
the atmosphere–ocean anomalies related to the intra-ensemble variability are similar
to those related to the second most predictable patterns and the most predictable
patterns in summer and autumn, respectively.

Figure 8.33 shows the first EOF modes of model noise 850 hPa zonal wind with
November ICs (for target months of May–November). In November, the largest
model spread is mainly located over the extratropical Northern Hemisphere, with
opposite wind anomalies between north and south of 15° S (Fig. 8.33a). The wind
anomalies over theNorth Pacific expand southward in the next twomonths, triggering
wind anomalies over the central equatorial Pacific and the equatorial IO in February
(Fig. 8.33c, e, and g). The equatorial zonal wind anomalies are enhanced during the
boreal spring season (Fig. 8.33i, k, m). The most striking feature in these correlation
and regression patterns for the noise PC1 is the dipole sea-level pressure (SLP) pattern
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Fig. 8.33 Same as Fig. 8.32, except for November. After Zhang et al. (2018b)
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over the North Pacific from November to the following March, which bears a strong
resemblance to the North Pacific oscillation (Rogers 1981). The SLP anomalies
first expand southwestward in November–December, and positive SLP anomalies
establish over the equatorial IO and western Pacific during January–February. The
equatorial zonal pressure gradient is established. Weak positive SST anomalies first
appear over the central and eastern subtropics of the Northern Hemisphere in winter,
and propagate toward the equator. This process is similar to the seasonal footprinting
for ENSO triggering (Vimont et al. 2001, 2003). In comparison to those for May ICs,
the northern extratropical perturbations affect the tropical circulationmore effectively
than the southern ones, and may play a major role in prediction uncertainty during
the winter half of the year (Zhang et al. 2018a).

The ocean–atmosphere–land interaction is strong over SEA, due to the warmest
SST and complex land–sea distribution. The model’s skill in predicting the climate
variation over this region largely depends on its performance in simulating the ocean–
atmosphere–land interaction. Thus, the prediction skill of climate variation over SEA
depends on the representation of the air–sea coupling and land surface processes.

Jiang et al. (2013a) analyzed the role of ocean–atmosphere coupling in ASM
prediction, indicating that in the absence of the ocean–atmosphere coupling, the
model reproduced overall weaker-than-observed ASM. The authors also showed
lower skill in predicting annual cycle of rainfall. On the other hand, despite the
coupled model showing higher skills in predicting climatological ASM, it did not
necessarily lead to better representation of interannual variation of the ASM. This
was because the coupled model did not show any advantage in depicting the physical
processes associated with the interannual variability of ASM. Jiang et al. (2013b)
reported that the coupled model showed better skill in predicting the climatological
Asia winter monsoon (EAWM), due to its better representation of rainfall over the
westernMC.Their results also indicated that the better performance ofmodel in simu-
lating climate variation over SEA led to improved skill for SEA’s surrounding regions.
Better representation of air–sea coupling processes can contribute to enhanced skill
in simulating responses of EAWM to ENSO, which is generally overestimated in
the model. However, air–sea coupling not only contributes to enhanced skill for
climate variation over several regions but also generates some biases in the model.
For example, the NCEP CFSv2, which is a fully coupled model, shows larger biases
in simulating rainfall andwinds over the westernMC and tropical IO compared to the
uncoupled model. From the above analyses, ocean–atmosphere coupling apparently
contributes to better simulation and prediction of the Asia monsoon, but coupled
models need improvement (i.e., the NCEP CFSv2).

Both convection over the MC and heating over the Asia continent are linked to
the land surface process; thus, the ability of the model in simulating the land surface
process can have an impact on simulation and prediction of climate variation over
SEA and its surrounding regions. Yang et al. (2011) pointed out that the model
showed improvements in cold bias over the Asia continent, and in simulation of Asia
monsoon circulations and rainfall,when theNoah land surfacemodelwas replaced by
theOregon StateUniversity (OSU) land surfacemodel in theNCEPCFSv1.Actually,
the Noah land surface model showed higher skills not only for climatological Asia
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monsoon but also for its interannual variability, including the onset of the spring
monsoon andmagnitude of the summermonsoon. Seasonal prediction ismore closely
related to the land surface model compared to ICs. Moreover, the NCEP CFSv2
shows improvements in cold bias over the Asia continent and simulation of the Asia
monsoon compared to theNCEPCFSv1,with the four-layerNoah land surfacemodel
in the CFSv2 but the two-layer OSU land surface model in the CFSv1 (Jiang et al.
2013a).

Generally, increase in horizontal resolution contributes to enhanced simulation
and prediction skills of climate models, but there is disagreement in results for SEA
climate prediction. The atmospheric general circulation models generally produce
dry bias over the MC, and there is no improvement in this dry bias even with a
threefold increase in horizontal resolution (Neale and Slingo 2003). Neale and Slingo
(2003) argued that the diurnal cycle over the islands and the complex circulation
patterns generated by land–sea contrast were crucial for the energy and hydrological
cycles of the MC and for determining the mean climate. On the other hand, using
UKMet Office UnifiedModel with different horizontal resolutions, Rashid and Hirst
(2017) indicated that the model’s skill in simulating climate mean rainfall over the
MC is enhanced (thus the dry bias is reduced) by increasing horizontal resolution.
Better representation and steeper orography at higher resolution lead to enhanced
vertical circulation, favoring rainfall over the islands. From above, there are several
issues that need to be further investigated: towhat extent the prediction ofMC rainfall
is influenced by the horizontal resolution, and what the associated mechanisms are.

8.4.3 Possible Impact Factors of Subseasonal Climate
Predictability

The predictability of subseasonal climate variability is, first of all, linked to the
nature of climate events themselves. It is shown that the predictability of strong
MJO events is higher than that of weak MJO events, and the MJO forecast skills are
affected apparently by changing seasons. Usually, forecast skill in winter is superior
to that in summer. Such characteristics are closely related to the seasonal change of
MJO intensity (Lin et al. 2008; Wang et al. 2014; Liu et al. 2017). Moreover, the
predictability of MJO depends highly on the initial or target phase. All the prediction
models may have higher skills in forecasting MJO in some phases but lower skills in
other phases. For example, both the NCEP CFSv2 and BCC_CSM revealed that the
prediction skills are relatively lower for MJO target phases 4–5 with the convection
center over the MC. This indicates that it is difficult to predict the propagation of
MJO convection from the IO across the MC to the western Pacific (Wang et al. 2014;
Liu et al. 2017). However, this commonMC prediction barrier does not exist in some
climate models (Rashid et al. 2011), which suggests that the dependence of MJO
predictability on phase is model-dependent. The predictability of BSISO also relies
on the intensity of the event itself, the occurrence time, and the state of the initial
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Fig. 8.34 MJO prediction
skills in positive and negative
phases of ENSO and IOD
reforecasted by the
BCC_CSM. Skill index is
the bivariate correlation
coefficient between
prediction and observation.
After Liu et al. (2017)

and target phase (Liu et al. 2015; Jie et al. 2017). For instance, the multiple models
participating in the S2S Project all showed that the forecast skill of strong BSISO
is superior to that of weak BSISO; moreover, most of the models performed poor in
forecasting the BSISO1 events at phases 4 and 5.

The predictability of subseasonal climate variability is connected to large-scale
climate background features. Using the S2S hindcast experiments by BCC_CSM,
we investigated the relationship between MJO prediction skills and ENSO/IOD. It
was found that the prediction skill of MJO in the ENSO positive phase (El Niño) is
higher than that in the ENSO negative phase (La Niña); similarly, it is higher in the
IOD positive phase than in the IOD negative phase (Fig. 8.34; Liu et al. 2017). This
is because MJO has different characteristics in different phases of ENSO and IOD.
When MJO propagates from the eastern IO and the MC to the western Pacific, its
intensity in the ElNiño stage ismuch greater than in the LaNiña stage; when theMJO
convection is initially located over theWesternHemisphere, it propagatesmuch faster
and further in the La Niña stage than in the El Niño stage. Also, the convection signal
propagates much farther in the negative IOD phase than in the positive IOD phase.
In addition, when the MJO propagates from the western Pacific across the Western
Hemisphere to Africa, its intensity in the positive IOD phase is greater than in the
negative IOD phase, and so on. Such characteristics indicate that MJO activities are
very sensitive to the ocean–atmosphere background state. Because a climate model
always has some errors in the prediction of MJO itself and also in the prediction
of relationship between MJO and climate background, the impact of the large-scale
ocean–atmosphere background features on the predictability of subseasonal climate
significantly depends on the model itself. In the BCC_CSM, the close correlation
between IOD and MJO predictability revealed by the hindcast experiment is related
to the overestimation of the relationship between IOD events and MJO intensity in
the model.
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In addition to the predictability of large-scale climate phenomena, the
predictability of climate variability at local scale and its impact factors are also
worthy attention. Liu et al. (2015) pointed out that the subseasonal predictability of
precipitation over local oceans and continental areas in the ASM region is related to
local ocean–atmosphere or land–atmosphere coupling characteristics as well as the
relationship between local variability and large-scale circulation. Among them, the
subseasonal variability of precipitation over the Arabian Sea, the Bay of Bengal, and
the South China Sea is affected by strong local ocean–atmosphere coupling process
and is more closely linked to large-scale circulation, resulting in higher predictability
of precipitation. In contrast, the land–atmosphere coupling process is relatively weak
over the India subcontinent, the Indo-China Peninsula, and southern China, and these
links between regional precipitation and large-scale circulation on subseasonal scale
are not close; so the predictability of precipitation over these areas is lower. The rela-
tionship between local climate variability and large-scale circulation also determines,
to some extent, the predictability of local climate, which is bound to be affected by
the predictability of large-scale climate events. Figure 8.35 shows the correlations
between the prediction skills of subseasonal precipitation over the South China Sea
in the NCEP CFSv2 and the average amplitude and occurrence frequency of each
phase of BSISO1 and BSISO2. It can be seen that when the BSISO1 events in the 1st
and 2nd phases have large amplitude and high frequency of occurrence, the forecast
skills of precipitation over the South China Sea are high, and vice versa. This is
because the predictability of BSISO1 at phases 1 and 2 is higher in the model, and
the South China Sea controlled by the two phases is a central region for convective
inhibition, thus making the BSISO event itself closely related to the predictability of
South China Sea rainfall (Liu et al. 2015).

Fig. 8.35 Correlation between forecast skill of the South China Sea rainfall by NCEP CFSv2,
and the mean amplitude (red bar) and occurrence frequency (yellow bar) of the observed BSISO1
and BSISO2 in each phase. The regional rainfall forecast skill is defined as the time correlation
coefficient of pentad regional average precipitation between prediction and observation in May–
September in summer, and the value is the averaged result during the lead times of 0–10 days. Green
and blue dashed lines represent the 90% and 95% confidence levels, respectively. After Liu et al.
(2015)
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Of course, what needs to be emphasized is that the actual predictability of subsea-
sonal climate revealed by a climate model is undoubtedly affected by the perfor-
mance of themodel itself. The ICs of prediction, themodel physical parameterization
processes, and prediction schemes can determine the subseasonal predictability to a
certain degree. For example, the original forecast skill of MJO by BCC_CSM partic-
ipating in the S2S Prediction Project was only 15 days. After the initial atmospheric
condition was improved, the prediction skill improved by 1–2 days. Successively,
after the ocean initial condition was further improved, the forecast skills at lead
times above one week were improved, and the useful skill was eventually improved
by four days to reach 21 days (Fig. 8.20). These results clearly demonstrate the
sensitivity of MJO predictability to atmospheric and oceanic ICs. The merits of the
model physical parameterization schemes determine the performance of the model
in predicting stage, and their impacts on the subseasonal climate prediction have
been revealed by many studies. For the BCC_CSM, to reduce the model errors in
MJO simulation, we optimized the key physical parameters in the parameterization
schemes of cloud and convection processes, including the adjustment time scale and
precipitation efficiency for shallow convection, the relative humidity thresholds for
low and high clouds, the humidity condition for convection triggering, the precipita-
tion efficiency and precipitation evaporation rate for deep convections, among others.
By doing so, we improved the climatology background, variance distribution, spec-
trum, spatial structure, and propagation characteristics of MJO in the model to some
degree. Applying the optimized physical schemes to the predictionmodel can further
increase the MJO prediction skill by 1–2 days, compared to the schemes that only
improve the ICs. This demonstrates the contribution of model bias improvement to
the enhancement of MJO prediction skill. Ensemble prediction is another important
factor that determines the prediction skill of a model. In the multiple models of the
S2S Project, the validity of the BCC_CSM ensemble prediction scheme is limited,
and there is no apparent difference in the prediction skills of BSISO between the
single-member experiments and the ensemble-member experiments. Comparatively,
the ensemble forecast of the ECMWF model can improve BSISO skill by about one
week compared to the deterministic forecast (Fig. 8.21). These results jointly demon-
strate the importance of accurate ICs, reliable physical parameterization schemes,
and reasonable prediction schemes for understanding the upper limit of subseasonal
climate predictability based on climate models.

8.5 Conclusions and Discussion

The weather and climate over SEA exhibit strong temporal and spatial variability
due to its special geographical location and complex distribution of land and sea. The
variability of rainfall and atmospheric circulation over SEA has strong interaction
with ocean and atmosphere in its neighboring regions. The strong variability of rain-
fall and atmospheric circulation over SEA always result in flood, drought, and other
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meteorological disasters. Therefore, accurate prediction of the rainfall and atmo-
spheric circulation over SEA is vital for social and economic development not only
over SEA but also over its adjacent regions where weather and climate are signifi-
cantly affected by convection over SEA. As significant advances in climate system
model have been achieved in the recent decade, the outputs of climate prediction
system are the most important references for operational climate prediction. Thus,
we analyze and review the S2S predictions of rainfall and atmospheric circulation
by advanced climate systems, mostly by the CFSv2 from the NCEP and the CSM
from the BCC. We also discuss the predictability and its source of S2S prediction of
rainfall and atmospheric circulation over SEA.

The climate models have considerable skills for S2S prediction of rainfall and
atmospheric circulationoverSEA.Theyhave abetter skill for atmospheric circulation
than for rainfall. The seasonal mean rainfall and atmospheric circulation over the
tropics are better predicted than those over the extratropics. The models predict
seasonal mean climate more skillfully for oceanic regions than for land regions,
with higher skill for the Pacific than for the IO. The model’s skill in predicting
interannual variability of seasonal mean climate mostly comes from the model’s
skill in predicting ENSO and associated teleconnections, but the climate impacts of
ENSO are overestimated by the models. The ENSO can affect climate over SEA
and its adjacent regions by climate anomalies over both the Pacific and IO. The
models’ prediction skills for seasonal mean rainfall and atmospheric circulation tend
to increase as the magnitude of ENSO increases. The prediction skills for the eastern
Pacific ENSO and the central Pacific ENSO, as well as their climate impacts, are
different, and depend on their phases. The IOBW and its impacts on climate over
SEA and its adjacent regions can bewell predicted. However, the summer IOD can be
predicted only at a very short time lead. The winter climate over SEA is significantly
affected by the extratropical climate variability. However, the climate models show
low seasonal prediction skill for the most dominant extratropical atmospheric mode,
the AO.

The climate models basically can predict most of the dominant subseasonal
atmospheric modes two weeks in advance, including the North Atlantic oscillation,
blocking, BSISO over the Asian monsoon region, the transition between dry and
wet seasons over the MC. However, the MJO can be predicted about 3–4 weeks in
advance, which is longer than the prediction for the other subseasonal atmospheric
variability. As the MJO has an important role in subseasonal variability of extratrop-
ical climate variability, the improvement in simulation of the MJO and its climate
impacts is the key to enhance subseasonal prediction skill. Note that the predic-
tion skill for MJO and BSISO over the Asian monsoon region exhibits apparent
differences for different phases, which is very low when the signals are located over
the MC. Thus, improvement in representation of land–sea–atmosphere interaction
over the MC is important for the enhancement of subseasonal prediction by climate
models.

A climate model is the most powerful tool for predicting climate variability
on various time scales. However, climate model’s skill in S2S prediction is low,
and is only useful under some specific conditions. Thus, how to improve the S2S
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prediction is a big challenge for scientific, operational, and user’s communities. A
WWRP/THORPEX/WCRP joint research project has been conducted to improve
forecast skill and understanding on the S2S time scales, and promote its uptake
by operational centers and its exploitation by applications community (http://s2spre
diction.net). This project has collected the data related to the S2S prediction from
major climate centers worldwide, which provides an unprecedented opportunity for
studying S2S prediction (Vitart et al. 2017). An improvement in understanding of the
prediction and predictability of subseasonal prediction of rainfall and atmospheric
circulation over SEA will be achieved by future studies using this database.

Most of the meteorological centers are using different systems for mesoscale
prediction, synoptic-scale prediction, and S2S prediction. However, there are strong
interactions among the systems with various time scales and spatial scales in the
real world, and the MC is just a typical region for studying such interactions. Thus,
simulation and prediction of the systems of various temporal and spatial scales are
intimated linked, and need to be carried out in a unified framework. Some current
studies focus on developing a unified framework for weather and climate prediction.
A unifiedmodeling and prediction framework has several clear scientific advantages.
For example, having a single numericalmodel at the heart of the prediction system,we
can trace the evolution of error growth across multiple space and time scales to help
unravel the key error sources responsible for the failure of the model to adequately
capture major modes of climate variability (Brown et al. 2012). Liu et al. (2013)
analyzed the daily prediction of the CFSv2, and found that the model-simulated
synoptic WPSH was weaker than that in the observation. Jiang et al. (2013a) also
found that the CFSv2 simulated a weaker-than-observed seasonal meanWPSH. This
is a clear illustration that bias can evolve from synoptic scale to climatological scale.
The development of UK Met Office models has exhibited that improvement in the
bias at short time scales led to improvement in climatological bias (Brown et al.
2012). Convection is very active over SEA and interacts with the MJO. The large
heat source over SEA is also maintained by convection. Therefore, the improvement
in the simulation of convection over SEA is essential for the enhancement of S2S
prediction. The increase in model horizontal resolution can generally improve the
simulation of convection over the MC because of its more realistic description of
the complex distribution of land and sea as well as the complex terrain. Therefore, a
better S2S prediction will be achieved by a unified model system.
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